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A photograph by G. K. Gilbert of the surface rupture produced by the 1906 San
Francisco earthquake. (Photo courtesy of the US Geological Survey.)
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. . . and then there would not be friction any more, and the sound would
cease, and the dancers would stop. . .

Leonardo da Vinci

From a notebook dated September, 1508
MacCurdy, E. 1958. The Notebooks of Leonardo da Vinci, p. 282, New
York: George Braziller
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Preface to the first edition

It has now been more than thirty years since the publication of E. M. Anderson’s The Dynamics
of Faulting and C. F. Richter’s Elementary Seismology. Several generations of earth scientists
were raised on these texts. Although these books are still well worth reading today for their
excellent descriptions of faults and earthquakes, the mechanical principles they espoused are
nowwell understood by the undergraduate student at the second or third year. In themeantime
a great deal has been learned about these subjects, and the two topics, faulting and earth-
quakes, described in those books havemerged into one broader field, as earthquakes have been
more clearly understood to be one manifestation of faulting. During this period of rapid
progress there has not been a single book written that adequately fills the gap left by these
two classics. As a result it has become increasingly difficult for the student or active researcher
in this area to obtain an overall grasp of the subject that is both up-to-date and comprehensive
and that is based firmly on fundamental mechanical principles. This book has been written to
fill this need.

Not least among the difficulties facing the researcher in this field is the interdisciplinary
nature of the subject. For historical reasons earthquakes are considered to be the province of
the seismologist and the study of faults is that of the geologist. However, because earthquakes
are a result of an instability in faulting that is so pervasive that onmany faults most slip occurs
during them, the interests of these two disciplines must necessarily become intertwined.
Moreover, when considering the mechanics of these processes the rock mechanicist also
becomes involved, because the natural phenomena are a consequence of the material proper-
ties of the rock and its surfaces.

It is a consequence of the way in which science is organized that the scientist is trained by
discipline, not by topic, and so interdisciplinary subjects such as this one tend to be attacked in
a piecemeal fashion from the vantage of the different specialties that find application in study-
ing it. This is disadvantageous because progress is hindered by lack of communication between
the different disciplines, misunderstandings can abound, and different, sometimes conflicting,
schools of thought can flourish in the relative isolation of separate fields. Workers in one field
may be ignorant of relevant facts established in another, or,more likely, be unaware of the skein
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of evidence that weights the convictions of workers in another field. This leads not only to a
neglect of some aspects in considering a question, but also to the quoting of results attributed
to another field with greater confidence than workers in that field would themselves maintain.
It is not enough to be aware, secondhand, of the contributions of another field – onemust know
the basis, within the internal structure of the evidence and tools of that field, upon which that
result is maintained. Only then is one in a position to take the results of all the disciplines and
place them, with their proper weight, in the correct position of the overall jigsaw puzzle.
Because the literature on this topic has become both large and diverse, a guide is useful in
this process, together with some unifying mechanical principles that allow the contours of the
forest to be seen from between the trees.

Although I have dabbled, to one degree or another, in the various different disciplinary
approaches to this problem and therefore have a rudimentary working knowledge of them, my
own specialty is rockmechanics, and so this approach is the onemost emphasized in this book.
Faults are treated as shear cracks, the propagation of which may be understood through the
application of fracture mechanics. The stability of this fault movement, which determines
whether the faulting is seismic or aseismic, is determined by the frictional constitutive law of
the fault surface, and so that is the secondmajor theme applied throughout this treatment. The
application of these principles to geology is not straightforward. One cannot actually do a
laboratory experiment that duplicates natural conditions. Laboratory studies can only be
used to establish physical processes and validate theories. To apply the results of this work
to natural phenomena requires a conceptual jump, because of problems of scale and because
both the nature of the materials and the physical conditions are not well known. In order to do
this one must have constant recourse to geological and geophysical observations and, working
backwards, through these physical principles determine the underlying cause of the behavior
of faults. For this reason, much of this book is taken up in describing observations of natural
cases.

Because rock mechanics is not taught universally in earth science curricula, the first two
chapters present an account of brittle fracture and friction of rock, beginning from first
principles. These chapters provide the basis for the later discussion of geological phenomena.
The subsequent chapters assume a beginning graduate level understanding of the earth science
disciplines involved. In these chapters the results of geology, seismology, and geodesy are
presented, but the techniques employed by the various specialties are not described at any
length. The emphasis is on providing an overall understanding of a scientific topic rather than
teaching a specific craft. A goal was to describe each topic accurately, but at such a level that it
could be understood by workers in other fields.

A book may be structured in many different ways. In this case, I found it difficult to choose
between organizing the book around the physical mechanisms or around the natural phenom-
ena in which they are manifested. The latter scheme would be more familiar to the earth
scientist, the former to the mechanicist. Ultimately, I adopted a system arranged around
mechanics, but which still retains many of the more familiar traditional associations. Because
some mechanisms are important in a number of different phenomena, which might otherwise
be considered quite distant, and some earthquakes provide examples of several phenomena,
there are oftenmore than two connections to other topics. Therefore, it was not always possible
to present the subject matter in a serial sequence. I consequently adopted a system of cross-
referencing that allows the reader to traverse the book in alternative paths. I hope this system
will be more helpful than confusing.

When I first entered graduate school twenty-five years ago, most of the material described
in this book was not yet known. The first generation of understanding, outlined in Anderson’s
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and Richter’s books, has been augmented by a second generation of mechanics, much more
thorough and quantitative than the preceding. This has been a most productive era, which this
book celebrates. I owemy own development to associations withmany people. My first mentor,
W. F. Brace, set me on this path, and the way has been lit bymany others since. I have also been a
beneficiary of an enlightened systemof scientific funding during this period, which has allowed
me to pursuemany interesting topics, often at no little expense. For this I particularly would like
to thank the National Science Foundation, the US Geological Survey, and NASA.

Many have helped in the preparation of this book. In particular I acknowledge the assistance
of my editor, Peter-John Leone; Kazuko Nagao, who produced many of the illustrations; and
those who have reviewed various parts of the manuscript: T.-F. Wong, W. Means, J. Logan, S.
Das, P. Molnar, J. Boatwright, L. Sykes, D. Simpson, and C. Sammis. Particular thanks are due to
T. C. Hanks, who offered many helpful comments on the text, and who, over the course of a
twenty-year association, has not failed to point out my foibles. I dedicate the book to my wife,
Yoshiko, who provided me with the stability in my personal life necessary for carrying out this
task.

Preface to the first edition xiii
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Preface to the second edition

When the first edition of this bookwas completed in 1989 the study of earthquakes and faulting
was still developing rapidly and has continued to do so in the intervening years. It thus seemed
necessary, in order to keep this work useful, that an extensively revised and updated new
edition be prepared.

Progress during these dozen years has not, of course, been uniform. There have been rapid
developments in some areas whereas others have been relatively static. As a result, some
sections and chapters have been extensively revised while others remain almost the same,
undergoing only minor updating. A goal in this revision was to retain the same overall length,
and this has been largely successful. This necessitated the removal of material which in hind-
sight no longer seemed as vital as it once did or which had been superseded by more recent
results.

The two major themes of the first edition have been further developed in the interim. The
first of these is the intimate connection between fault and earthquake mechanics. Fault
mechanics in 1989 was still in a primitive state, but rapid progress during the 1990s has
brought the discovery of the main fault scaling laws, the nature of fault populations, and how
these result from the processes of fault growth and interaction. This new knowledge of fault
mechanics provides a fuller appreciation of faulting and earthquakes as two aspects of the
same dynamical system: the former its long-timescale and the latter its short-timescale man-
ifestation. One major development along these lines is the realization that neither faulting nor
earthquakes behave in an isolatedmanner but interactwith other faults or earthquakes through
their stress fields, sometimes stimulating the activity of neighboring faults, sometimes inhibit-
ing it, the totality of such interactions resulting in the populations, of both faults and earth-
quakes, that are formed.

The second major theme is the central role of the rate–state friction laws in earthquake
mechanics. These friction laws are now known to not only produce the earthquake instability
itself but to result in a gamut of other earthquake phenomena: seismic coupling and decou-
pling, pre- and postseismic phenomena, earthquake triggering, and the relative insensitivity of
earthquakes to transients such as earth tides. Thus the friction laws provide a unifying strand
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for understanding the commonality of many phenomena previously thought to be disparate.
Meanwhile the physics behind these friction laws has become better understood, rendering
them less opaque than previously.

The development and deployment of telemetered networks of broadband digital seism-
ometers and of space-based geodesy with GPS and InSAR has provided far more detailed
descriptions of earthquakes and the earthquake cycle than ever before. These observations
have allowed for their inversion for the internal kinematics of large earthquakes in well mon-
itored regions like California as well as detailed descriptions of interseismic loading and
postseismic relaxation, all of which has improved our understanding of the underlying
dynamics.

Many people have helped in my preparation of this revised edition. I am particularly
indebted to Masao Nakatani, who offered many comments on shortcomings of the first edition
and who helped me to better understand the physical basis of the rate–state-variable friction
laws.

Palisades, New York, April, 2001
C. H. S.

xvi Preface to the second edition
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Preface to the third edition

It has been almost 30 years since I put the finishing touches on the first edition of this book.
Since that time there has been enormous progress made on many aspects of the study of
earthquakes and faulting. This has required major revisions to be made of all but the first
chapter of this book. It is gratifying that these many developments have provided a deeper and
broader understanding of brittle tectonics under the unifying application of the principles of
rock mechanics. Many of the gaping holes in our understanding that were obvious in the first
edition have now been filled and new phenomena have been discovered.

Extensive study has been made of the friction of lamellar minerals such as phyllosilicates.
This work has revealed why and under what conditions friction of such materials may be
anomalously low compared to the friction of bulk-structure rocks and minerals. This provides
a framework for understanding why there are two classes of faults: those that are weak and
creeping, and those that are strong and seismogenic. This work also provides a better under-
standing of the seismogenic properties of subduction zones.

The widespread implementation of the space-based geodetic technologies CGPS and InSAR
have provided unparalleled new observations of all stages of the crustal deformation cycle, as
well as the discovery of slow slip events in subduction zones and elsewhere. Seismological
imaging of earthquakes in the digital age has provided details of the statics and dynamics of
earthquakes in greater detail than ever before. These technical developments have come to
fruitionwithin a period of the strongest flurry of great subduction earthquakes since the 1960s.
The result has been a re-evaluation of the mechanics of these greatest of all earthquakes.
Oceanic earthquakes have also been the subject of renewed attention, both through global
teleseismic studies and, with the advent of OBS and hydrophone deployments, close-in studies.
Whereas the seismogenic properties of continental faults are largely determined by the fric-
tional properties of quartzo-feldspathic rocks and that of subduction zones by friction of
metamorphosed phyllosilicates, the distinctive seismogenic properties of oceanic faults can
be understood as consequences of friction of mafic and ultramafic rocks.

The preparation of this book has been greatly assisted by reviews of various chapters by
colleagues who are experts in those subject areas. Many thanks to Emily Brodsky, Roland

xvii
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Bürgmann,MarkAnders, JeffMcGuire, andGiulioDi Toro for those reviews.Many thanks also to
Maureen Anders, who has drafted many of the new figures in this edition. I particularly am
indebted to my wife, Yoshiko, who has supported me in many ways during the preparation of
this book.

New York, January, 2018
C. H. S

xviii Preface to the third edition
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Symbols

A listing is given of the most important symbols in alphabetical order, first in the Latin, then in
the Greek alphabets. The point of first appearance is given in brackets, which refers to an
equation unless otherwise noted. In some cases the same symbol is used for different mean-
ings, and vice versa, as indicated, but the meaning will be clear within the context used.
Arbitrary constants and very common usages are not listed.

a atomic spacing [(1.1)], direct frictional velocity parameter [(2.28)]
a(H20) chemical activity of water [(1.55)]
a-b combined frictional velocity parameter [(2.28)]
Ar real area of contact [(2.1)]
b steady-state frictional velocity parameter [(2.28)], stress dependence of sub-critical crack

velocity [(1.55)], exponent in Gutenberg–Richter relation [see below (4.19)]
B exponent in earthquake size distribution inmoment [(4.19)], Skempton’s coefficient [para-

graph following (4.23b)]
c crack length [(1.5)]
C exponent in fault size distribution [(3.9)]
C0 uniaxial compressive strength [(1.37)]
d contact diameter [(2.18)]
ds jog offset [Section 3.5.1]
D sliding displacement [(2.21)], specimen size [(1.51)], fault displacement [see below (3.6)]
Dmax maximum fault displacement [(3.5)]
Dave average fault displacement [Figure 3.12]
DC critical slip distance [(2.27)]
E Young’s modulus [(1.2)]
E effective modulus [(1.9)]
E* activation energy [(1.55)]
EF frictional work in earthquake [(4.5)]
EG, G fracture energy [(4.5)]
ER seismic radiated energy [Section 3.3.1]
Fij(θ) stress function [(1.19)]
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Fi(θ) displacement function [(1.20)]
F shear force [(2.2)]
FSA sea anchor force [(6.16)]
FSU slab suction force [(6.16)]
G energy release rate [(1.21)], fracture energy [(3.6)]
GC fracture energy [(1.24)]
h hardness parameter [(2.18)]
k, K stiffness [(2.27)], aftershock productivity [(4.20)]
Kn, K stress-intensity factor [(1.19)]
KC critical stress-intensity factor [(1.24)]
L length of fault or earthquake rupture, length of slipping patch [(2.36)]
LC nucleation patch length [(2.37)]
Mo seismic moment [(4.1a,b)]
M magnitude [(4.21)]
MW moment magnitude [(4.2)]
n stress-corrosion index [(1.52)]
N normal force [(2.1)]
N(L) size distribution of lengths [(3.9)]
NA Avogadro’s number [(2.32)]
p, pp pore pressure [(1.46)], [(6.26)], exponent in Omori law [(4.20)]
p penetration hardness [(2.1)]
PS seismic flux [(6.9)]
PT tectonic flux [(6.11)]
PG seismic flux accumulation [(6.12)]
Q activation energy [(2.32)]
R gas constant [(2.32)]
s shear strength [(2.2)]
s breakdown zone length [Figure 3.10]
th healing time [Section 4.2.2]
tr rise time [(2.41)]
T temperature [(1.55)], thickness of gouge layer [(2.22)], earthquake recurrence time [Section

5.2.2]
T0 uniaxial tensile strength [(1.39)]
T1,T2,T3,T4 transition temperatures in crustal strength model [Section 3.4.1]
u, ui displacements [(1.20)]
Du mean slip in earthquake [(4.1a)]
Δui slip in earthquake [(4.1b)]
v subcritical crack tip velocity [(1.52)], load point velocity [(2.32)], particle velocity [(2.40)]
vr, VR rupture velocity [Section 2.3.5, (4.14)]
vpl, vp plate velocity [Figure 5.11, (6.11)]
ΔV/V volumetric strain [Figure 1.17]
U total energy [(1.6)]
Ue strain energy [(1.6)]
Us surface energy [(1.6)]
V sliding velocity [(2.28)], volume of wear material [(2.21)]
W work [(1.6)]
WF work of faulting [(4.5)]
VP, α p wave velocity [Section 4.2.2]
VS, β shear wave velocity [Section 4.2.2]
β shear wave velocity [Section 4.2.2]
γ specific surface energy [(1.4)]
Γ Irwin’s energy dissipation factor [(1.27)]
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δ joint closure [(2.7)]
δij kronecker delta [(1.45)]
εij strain [(6.2)]
ν Poisson’s ratio [(1.38)]
η seismic efficiency [(4,7)], viscosity of plastosphere [Section 5.2.2]
ηR radiation efficiency [(4.9)]
ζ scaled energy [(4.8)]
θ state variable [(2.28)]
θs angle of jog [Section 3.5.1]
κ wear coefficient [(2.22)]
μ friction coefficient [(2.3)], shear modulus [(1.28)], coefficient of internal friction [(1.34)]
μ0 base friction coefficient [(2.28)]
μd dynamic friction coefficient [(2.31a)]
μs static friction coefficient [(2.31b)]
μss steady-state friction coefficient [(2.30)]
ρ radius of curvature [(1.5)], density [(3.2)]
λ pore-pressure ratio [(3.2)]
σ,σij stress [(1.1)]
σt theoretical strength [(1.1)]
σf Griffith strength [(1.12)]
σc contact normal stress [(2.33a)], critical normal stress [(2.35)]
σ1 Initial stress [(4.6)]
σ2 final stress [(4.6)]
σA apparent stress [(4.10)]
σF frictional stress [see below (4.5)]
σn normal stress [(1.33)]
σij effective stress [(1.45)]
Δσs static stress drop [(4.3)]
τ shear stress [(1.33)], asthenospheric relaxation time [Section 5.2.2]
τ0 cohesion [(1.34)]
τc contact shear stress [(2.33b)]
χ seismic coupling coefficient [(6.11)]
Φ angle of internal friction [(1.35)], dip of subduction interface [(6.16)]
Ω activation volume [(2.32)]
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CHAPTER

ONE

Brittle fracture of rock

Under the low-temperature and pressure conditions of Earth’s upper lithosphere, silicate rock
responds to large strains by brittle fracture. The mechanism of brittle behavior is by the
propagation of cracks, which may occur on all scales. We begin by studying this form of
deformation, which is fundamental to the topics that follow.

1.1 THEORETICAL CONCEPTS

1.1.1 Historical

Understanding the basic strength properties of rock has been a practical pursuit since ancient
times, both because of the importance of mining and because rock was the principal building
material. The crafting of stone tools required an intuitive grasp of crack propagation, andmining,
quarrying, and sculpture are trades that require an intimate knowledge of themechanical proper-
ties of rock. The layout and excavation of quarries, for example, is a centuries-old art that relies
on the recognition and exploitation of preferred splitting directions in order to maximize effi-
ciency and yield. One of the principal properties of brittle solids is that their strength in tension is
much less than their strength in compression. This led, in architecture, to the development of
fully compressional structures through the use of arches, domes, and flying buttresses.

Rock was one of the first materials for which strength was studied with scientific scrutiny
because of its early importance as an engineering material and in mining. By the end of the
nineteenth century the macroscopic phenomenology of rock fracture had been put on a scien-
tific basis. Experimentation had been conducted over a variety of conditions up to moderate
confining pressures. The Coulomb criterion and the Mohr circle analysis had been developed
and applied to rock fracture with sufficient success that they remain the principal tools used to
describe this process for many engineering and geological applications.

1
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The modern theory of brittle fracture arose as a solution to a crisis in understanding the
strength of materials, brought about by the atomic theory of matter. In simplest terms,
strength can be viewed as the maximum stress that a material can support under given
conditions. Fracture (or flow) must involve the breaking of atomic bonds. An estimate of
the theoretical strength of a solid is therefore the stress required to break the bonds across a
lattice plane.

Consider a simple anharmonic model for the forces between atoms in a solid, as in
Figure 1.1, in which an applied tension σ produces an increase in atomic separation r from
an equilibrium spacing a (Orowan, 1949). Because we need only consider the prepeak region,
we can approximate the stress–displacement relationship with a sinusoid,

σ ¼ σt sin
2πðr � aÞ

λ

� �
ð1:1Þ

For small displacements, when r ≈ a, then

dσ
dðr � aÞ ¼

E
a
¼ 2π

λ
σt cos

2πðr � aÞ
λ

� �
ð1:2Þ

but because (r − a)/λ ≪ 1, the cosine is equal to 1, and

σt ¼ Eλ
2πa

ð1:3Þ

where E is Young’s modulus. When r = 3a/2, the atoms are midway between two equilibrium
positions, so by symmetry, σ = 0 there and a ≈ λ. The theoretical strength is thus about E/2π.
The work done in separating the planes by λ/2 is the specific surface energy γ, the energy per
unit area required to break the bonds, so

2γ ¼
ðλ=2
0

σt sin
2πðr � aÞ

λ

� �
dðr � aÞ ¼ λσt

π
ð1:4Þ

which, with σt ≈ E/2π, yields the estimate γ ≈ Ea/4π2.
The value of the theoretical strength from this estimate is 5–10 GPa, several orders of

magnitude greater than the strength of real materials. This discrepancy was explained by the

Fig. 1.1. Sketch of an anharmonicmodel of interatomic
forces, showing the relationship between stress and
atomic separation (solid curve) and a sinusoidal
approximation (dashed curve).
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postulation and later recognition that all real materials contain defects. Two types of defects
are important: cracks, which are surface defects; and dislocations, which are line defects. Both
types of defects may propagate in response to an applied stress and produce yielding in the
material. This will occur at applied stresses much lower than the theoretical strength, because
both mechanisms require that the theoretical strength be achieved only locally within a stress
concentration deriving from the defect. The twomechanisms result in grossly different macro-
scopic behavior. When cracks are the active defect, material failure occurs by its separation into
parts, often catastrophically: this is brittle behavior. Plastic flow results from dislocation
propagation, which produces permanent deformation without destruction of the lattice
integrity.

These two processes tend to bemutually inhibiting, but not exclusive, so that the behavior
of crystalline solids usually can be classed as brittle or ductile, although mixed behavior,
known as semibrittle, may be more prevalent than commonly supposed. Because the litho-
sphere consists of two parts with markedly different rheological properties, one brittle and
the other ductile, it is convenient to introduce two new terms to describe them. These are
schizosphere (literally, the broken part) for the brittle region, and plastosphere (literally, the
moldable part) for the ductile region. In this book we will assume, for the most part, that we
are dealing with purely brittle processes, so that we will be concerned principally with the
behavior of the schizosphere.

1.1.2 Griffith theory

All modern theories of strength recognize, either implicitly or explicitly, that real materials
contain imperfections that, because of the stress concentrations they produce within the
body, result in failure atmuch lower stresses than the theoretical strength. A simple example,
Figure 1.2(a), is a hole within a plate loaded with a uniform tensile stress σ∞. It can be shown

Fig. 1.2. Stress concentration around (a) a circular hole, and (b) an elliptical hole in a
plate subjected to a uniform tension σ∞.
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from elasticity theory that at the top and bottom of the hole a compressive stress of magni-
tude −σ∞ exists and that at its left and right edges there will be tensile stresses of magnitude
3σ∞. These stress concentrations arise from the lack of load-bearing capacity of the hole,
and their magnitudes are determined solely by the geometry of the hole and not by its size.
If the hole is elliptical, as in Figure 1.2(b), with semiaxes b and c, with c > b, the stress
concentration at the ends of the ellipse increases proportionally to c/b, according to the
approximate formula

σ ≈ σ∞ 1þ 2 c=bð Þ

or

σ ≈ σ∞ 1þ 2ðc=ρÞ1=2
h i

≈ σ∞ðc=ρÞ1=2 ð1:5Þ

for c≫ b, where ρ is the radius of curvature at that point. It is clear that for a long narrow crack
the theoretical strength can be attained at the crack tip when σ∞ ≪ σt. Because Equation (1.5)
indicates that the stress concentration will increase as the crack lengthens, crack growth can
lead to a dynamic instability.

Griffith (1920; 1924) posed this problem at a more fundamental level, in the form of an
energy balance for crack propagation. The system he considered is shown in Figure 1.3(a) and
consists of an elastic body that contains a crack of length 2 c, which is loaded by forces on its
external boundary. If the crack extends an increment δc, work W will be done by the external
forces and there will be a change in the internal strain energy Ue. There will also be an

Fig. 1.3.Griffith’smodel for a crack propagating in a rod (a), and the energy partition for
the process (b).
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expenditure of energy in creating the new surfaces Us. Thus, the total energy of the system, U,
for a static crack, will be

U ¼ �W þ Ueð Þ þ Us ð1:6Þ

The combined term in parentheses is referred to as the mechanical energy. It is clear that, if
the cohesion between the incremental extension surfaces δc were removed, the crack would
accelerate outward to a new lower energy configuration. Thus, mechanical energy must
decrease with crack extension. The surface energy, however, will increase with crack extension,
because work must be done against the cohesion forces in creating the new surface area. There
are two competing influences; for the crack to extend there must be reduction of the total
energy of the system, and hence at equilibrium there is a balance between them. The condition
for equilibrium is

dU=dc ¼ 0 ð1:7Þ

Griffith analyzed the case of a rod under uniform tension. A rod of length y, modulus E, and
unit cross section loaded under a uniform tensionwill have strain energyUe = yσ2/2E. If a crack
of length 2 c is introduced into the rod, it can be shown that the strain energy will increase an
amount πc2σ2/E, so that Ue becomes

Ue ¼ σ2ðy þ 2πc2Þ=2E ð1:8Þ

The rod becomes more compliant with the crack, with an effective modulus E = yE/(y +
2πc2). The work done in introducing the crack is

W ¼ σy σ=E � σ=Eð Þ ¼ 2π2c2=E ð1:9Þ

and the surface energy change is

Us ¼ 4cy ð1:10Þ

Substituting Equations (1.8)–(1.10) into Equation (1.6) gives

U ¼ �πc2σ2=E þ 4cy ð1:11Þ

and applying the condition for equilibrium (Equation (1.7)), we obtain an expression for the
critical stress at which a suitably oriented crack will be at equilibrium,

σf ¼ 2Eγ=πcð Þ1=2 ð1:12Þ

The energies of the system are shown in Figure 1.3(b), from which it can be seen that
Equation (1.12) defines a position of unstable equilibrium: when this condition is met the
crack will propagate without limit, causing macroscopic failure of the body.

Griffith experimentally tested his theory by measuring the breaking strength of glass rods
that had been notched to various depths. He obtained an experimental result with the form of
Equation (1.12) fromwhich he was able to extract an estimate of γ. He obtained an independent
estimate of γ by measuring the work necessary to pull the rods apart by necking at elevated
temperatures. By extrapolating this result to room temperature, he obtained a value that was
within reasonable agreement with that derived from the strength tests.

Griffith’s result stems strictly from a consideration of thermodynamic equilibrium.
Returning to our original argument, we may ask if the theoretical strength is reached at the
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crack tip when the Griffith condition is met: that is, is the stress actually high enough to break
the bonds? This question was posed by Orowan (1949), who considered the stress at the tip of
an atomically narrow crack, as described before. Combining Equations (1.3) and (1.4), we
obtain

σt ¼ Eγ=að Þ1=2 ð1:13Þ

This stress will exist at the ends of a crack of length 2 cwhen themacroscopic applied stress
σf is (Equation (1.5))

σt ¼ 2σf c=að Þ1=2 ð1:14Þ

so that

σf ¼ Eγ=4cð Þ1=2 ð1:15Þ

which is very close to Equation (1.12). The close correspondence of these two results demon-
strates both necessary and sufficient conditions for crack propagation. Griffith’s thermody-
namic treatment shows the condition for which the crack is energetically favored to propagate,
while Orowan’s calculation shows the condition inwhich the crack-tip stresses are sufficient to
break atomic bonds. For a typical value of γ ≈ Ea/30 (Equation (1.4)), commonly observed
values of strength of E/500 can be explained by the presence of cracks of length c ≈ 1 μm.
Prior to the advent of the electron microscope, the ubiquitous presence of such microscopic
cracks was hypothetical, and this status was conferred upon them with the use of the term
Griffith crack.

Griffith’s formulation has an implicit instability as a consequence of the constant stress
boundary condition. In contrast, the experiment of Obriemoff (1930) leads to a stable crack
configuration. Obriemoff measured the cleavage strength of mica by driving a wedge into a
mica book using the configuration shown in Figure 1.4(a). In this experiment the boundary
condition is one of constant displacement. Because the wedge can be considered to be rigid,
the bending force F undergoes no displacement and the external work done on the system is
simply

Fig. 1.4. The configuration of Obriemoff’smica cleaving experiment (a), and the energy
partition for this process (b).
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W ¼ 0 ð1:16Þ

From elementary beam theory, the strain energy in the bent flake is

Ue ¼ Ed3h2=8c3 ð1:17Þ

and, using Us = 2cγ and the condition dU/dc = 0, we obtain the equilibrium crack length

c ¼ 3Ed3h2=16γ
� �1=4 ð1:18Þ

The energies involved in this system are shown in Figure 1.4(b). It is clear that in this case the
crack is in a state of stable equilibrium; it advances the same distance that the wedge is
advanced. This example shows that the stability is controlled by the system response, rather
than being amaterial property, a point that will be taken up in greater detail in the discussion of
frictional instabilities in Section 2.3. In this case the loading systemmay be said to be infinitely
stiff, and crack growth is controlled and stable. Griffith’s experiment, on the other hand, had a
system of zero stiffness and the crack was unstable. Most real systems, however, involve
loading systems with finite stiffness so that the stability has to be evaluated by balancing the
rate at which work is done by the loading system against the energy absorbed by crack
propagation.

Obriemoff noticed that the cracks in his experiment did not achieve their equilibrium length
instantly, but that on insertion of the wedge they jumped forward and then gradually crept to
their final length. When he conducted the experiment in vacuum, however, he did not observe
this transient effect. Furthermore, the surface energy that hemeasured in vacuumwas about 10
times the surface energymeasured in ambient atmosphere. He was thus the first to observe the
important effect of the chemical environment on the weakening of brittle solids and the
subcritical crack growth that results from this effect. This effect is very important in brittle
processes in rock and will be discussed in more detail in Section 1.2.4.

1.1.3 Fracture mechanics

Linear elastic fracturemechanics is an approach that has its roots in theGriffith energy balance,
but that lends itself more readily to the solution of general crack problems. It is a continuum
mechanics approach in which the crack is idealized as amathematically flat and narrow slit in a
linear elastic medium. It consists of analyzing the stress field around the crack and then
formulating a fracture criterion based on certain critical parameters of the stress field. The
macroscopic strength is thus related to the intrinsic strength of the material through the
relationship between the applied stresses and the crack-tip stresses. Because the crack is
treated as residing in a continuum, the details of the deformation and fracturing processes at
the crack tip are ignored.

The displacement field of cracks can be categorized into three modes (Figure 1.5). Mode I is
the tensile, or opening, mode, in which the crack wall displacements are normal to the crack.
There are two shearmodes: in-plane shear, Mode II, in which the displacements are in the plane
of the crack and normal to the crack edge; and antiplane shear, Mode III, in which the displace-
ments are in the plane of the crack and parallel to the edge. The latter are analogous to edge and
screw dislocations, respectively.

If the crack is assumed to be planar and perfectly sharp, with no cohesion between the crack
walls, then the near-field approximations to the crack-tip stress and displacement fields may
be reduced to the simple analytic expressions:
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σij ¼ Knð2πrÞ�1=2fijðθÞ ð1:19Þ

and

ui ¼ ðKn=2EÞðr=2πÞ1=2fiðθÞ ð1:20Þ

where r is the distance from the crack tip and θ is the angle measured from the crack
plane, as shown in Figure 1.6. Kn is called the stress-intensity factor and depends
on mode, that is, KI, KII, and KIII, refer to the three corresponding crack modes.
The functions fij(θ) and fi(θ) can be found in standard references (e.g. Lawn, 2010), and
are illustrated in Figure 1.6. The stress-intensity factors depend on the geometry
and magnitudes of the applied loads and determine the intensity of the crack-tip stress
field. They also can be found tabulated, for common geometries, in standard references
(e.g. Tada, Paris, and Irwin, 1973). The other terms describe only the distribution of the
fields.

In order to relate this to the Griffith energy balance it is convenient to define an energy
release rate, or crack extension force,

G ¼ �d �W þ Ueð Þ=dc ð1:21Þ

which can be related to K by

G ¼ K2=E ð1:22Þ

(Lawn 2010, p. 29) for plane stress or

G ¼ K2ð1� v2Þ=E ð1:23Þ

for plane strain (ν is Poisson’s ratio). In Mode III, the right-hand sides of the corresponding
expressionsmust bemultiplied by (1+ ν) for plane stress and divided by (1 −ν) for plane strain,
respectively. From Equations (1.6) and (1.7), it is clear that the condition for crack propagation
will be met when

Gc ¼ K2
c =E ¼ 2γ ð1:24Þ

for plane stress, with a corresponding expression for plane strain. Thus Kc, the critical stress-
intensity factor, and Gc are material properties that, because they can be related to the applied

Fig. 1.5. The three crack propagation modes.
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stresses through a stress analysis, provide powerful and general failure criteria. Kc is also
sometimes called the fracture toughness, and Gc the fracture energy.

A simple and useful case is when uniform stresses σij are applied remote from the crack, as
in Figure 1.7. In this case the stress-intensity factors are given by

Fig. 1.6. The stress functions near the tips of the three modes of cracks, using both
Cartesian and cylindrical coordinates, as shown in the geometrical key. (After Lawn,
2010.)
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KI ¼ σyyðπcÞ1=2
KII ¼ σxyðπcÞ1=2
KIII ¼ σzyðπcÞ1=2

9>=>; ð1:25Þ

and, using Equation (1.22), the corresponding crack extension forces, for plane stress, are

GI ¼ σyy
� �2

πc=E

GII ¼ σxy
� �2

πc=E

GIII ¼ σzy
� �2

πc 1þ vð Þ=E

9>=>; ð1:26Þ

In plane strain, E is replaced by E/(1 − ν2) for Modes I and II.
Equation (1.25) may be compared with the approximate expression for the stress concen-

tration at the tip of an elliptical crack, Equation (1.5). However, inspection of Equation (1.19)
indicates that there is a stress singularity at the crack tip. This results from the assumptions of
perfect sharpness of the slit. This is nonphysical, both because it internally violates the
assumption of linear elasticity, which implies small strains, and because no real material can
support an infinite stress. There must be a region of nonlinear deformation near the crack tip
that relaxes this singularity. This can be ignored in the fracture mechanics approach, because it
can be shown that the strain energy in the nonlinear zone is bounded, and because the small
nonlinear zone does not significantly distort the stress field at greater distances from the crack.
It is, of course, of paramount importance for studies concerned with the detailed mechanics of
crack advancement, but it suffices here to state that linear elastic fracture mechanics is not
applicable at that scale or if there is large-scale yielding.

Within the nonlinear zone distributed cracking, plastic flow, and other dissipative processes
may occur that contribute to the crack extension force. To account for these additional con-
tributions we can rewrite Equation (1.24) as

Gc ¼ 2Г ð1:27Þ

where Γ is a lumped parameter that includes all dissipation within the crack-tip region.
This failure criterion is associated with the work of Irwin (1958). The fact that we do not
usually know the specific processes that contribute to G is not normally of practical sig-
nificance because G still can be evaluated if mechanical measurements can be made suitably
outside the nonlinear zone (because integration around the crack tip is path-independent
[Rice, 1968]).

Fig. 1.7. Geometry of a crack in a uniform stress
field.
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Measured values of fracture mechanics parameters for rocks and minerals are given in
Table 1.1. We can take the single-crystal data as representative values of the intrinsic
specific surface energies of the materials, that is, 1−10 J m−2. Measured values of fracture
energy Gc for rocks are typically orders of magnitude higher. This is because, as will be
discussed in detail in the following sections, in rocks the heterogeneous stress field at the
grain scale results in fracture becoming much more complex, in which microcracking occurs
within a process zone in front of and on either side of the macroscopic fracture. The fracture
energy Gc is therefore given by Equation (1.27) and includes the surface energy of all the
microcracks in forming the process zone. The values of Gc estimated from triaxial compres-
sion tests are much higher: in the range of 104 J m−2. In this case the high value of Gc is in
part because of the greater degree of brecciation involved in creating the shear zone, but
probably is mostly due to frictional work on sliding micro- and macrocracks, because there
is a large compressive normal stress present across the shear zone. The positive depen-
dence of Gc on normal stress, found in several studies (Wong, 1986; Cox and Scholz, 1988a),
is most likely due to this latter effect. Measurements of shear fracture energy made without
a normal stress yield values of GIIIc larger than that for Mode I fractures but much less than
the value obtained from triaxial compression tests (Cox and Scholz, 1988a). In this latter
case, it is important to point out that although the starter notch was in pure Mode III
loading, the fracture propagated as a process zone dominated by Mode I microcracks. As
will be discussed in the next section and again in Section 3.2, true shear cracks really do not
propagate in their plane as a single crack; at some scale they are arrays of Mode I cracks.
A shear rupture will propagate only along a weakness plane such as a preexisting fault.

Another problem for geological applications lies in the fracture mechanics assumption that
the crack is cohesionless behind the crack tip. In shear motion on a fault, friction will exist on
the fault, andwork done against this frictionwill become a significant term in an energy balance

Test Kc MPam1/2 Gc J m
1/2

Mode I
single crystals
quartz (1011) 0.28 1.0
orthoclase (001) 1.30 15.5
calcite (1011) 0.19 0.27
rocks
Westerly granite 1.74 56.0
Black gabbro 2.88 82
Solnhofen limestone (normal to

bedding)
1.01 19.7

Mode III
Westerly granite (no end load) 2.4 100
Solnhofen limestone (normal to

bedding, no end load)
1.3 35

Triaxial compression
Westerly granite 104

Earthquakes 106−107

Note:

References: Mode I, Atkinson (1984); Mode III, Cox and Scholz
(1988a); triaxial compression, Wong (1982); earthquakes, Li
(1987).

Table 1.1. Fracturemechanics para-
meters for somegeologicalmaterials
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describing this process. As will be discussed in more detail in Section 4.2.1, it is not possible to
evaluate this frictional work term and so solve for the energy partition in earthquakes. In terms
of the present context, this means that, for the shear modes, Equations (1.24) and (1.27) are
reduced to the status of local stress fracture criteria as opposed to global criteria tied to an
energy balance.

1.1.4 Crack models

Faults and joints are naturally occurring shear and opening mode cracks, and earthquakes,
which produce increments of slip within a limited area of a fault surface, may also be
represented as shear cracks. Because we often have data on the relative displacements
across such features, we wish to know the slip distributions expected from crack models
and the relationship of those to the driving stresses. A crack model is one in which a stress
drop is specified on a discontinuity within a stressed solid and the resulting displacements
of the crack wall calculated. In fracture mechanics the cracks are assumed to be cohesion-
less and so the stress drop is equal to the applied stress. When applying such models to
faults, we instead assume that the stress drop Δσ is the applied stress less the residual
friction stress on the fault. Notice the difference between a crack model and a dislocation
model. In the latter the displacements on the discontinuity are specified, and the resulting
deformations of the solid are calculated.

There are three types of crackmodels whichwewill consider in later chapters andwhichwill
therefore be introduced here.

Elastic crack model The theory of elastic cracks is treated in most standard textbooks in the
theory of elasticity. A useful review with applications to geological problems is given by Pollard
and Segall (1987). Consider a crack in an elastic body subjected to uniform stresses with the
geometry shown in Figure 1.7. Relative displacements across the crack walls for the three crack
modes are:

Mode I
Mode II
Mode III

Duy

Dux

Duz

8<:
9=; ¼

Dσyy

Dσxy

Dσzy

8<:
9=; 2 1� vð Þ

μ
c2 � x2
� �1=2 ð1:28Þ

Notice that the displacement distributions (Figure 1.8(a)) are elliptical for all modes, and
their magnitudes increase linearly with the driving stresses and with the crack half-length c.
The driving stress for the Mode I crack is the applied normal stress less the pore pressure in the
crack, p. The driving stresses for the shear modes are the applied shear stresses less the
residual friction stress σf. The displacement distribution for a circular crack of radius c is

Du x;yð Þ ¼ 24
7π

Dσ
μ

c2 � x2 þ y2� �� �1=2 ð1:29Þ

(Eshelby, 1957). Stress and displacement fields for elastic cracks are useful for analyzing crack
interactions and are given, for selected cases, by Pollard and Segall (1987).

As noted in the previous section, these models have a stress singularity at the crack tip.
Therefore, they are not applicable in the vicinity of the crack tip. As will be noted in Section 3.2,
displacement profiles for faults show a finite taper in the vicinity of the tip. This implies that
some inelastic deformation has occurred near the fault tip to relax the stress singularity.
Therefore, to study fault growth we need to examine crackmodels which include some yielding
in the tip region. The next two models discussed were originally developed for the Mode I case
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(which is the main topic of engineering fracture mechanics). But, noting the above observation
that the form of the displacement distribution does not depend onmode, here we discuss them
in reference to the shear case.

Dugdale–Barenblatt model This model (Dugdale, 1960; Barenblatt, 1962) attempts to over-
come the stress singularity problem of elastic crackmodels by assuming that there is a yielding,
or breakdown region s on the plane of the crack in the vicinity of the tip. It does so by assuming
that there is a cohesive stress, σy, equal to the yield strength of the material, which resists the
crack-driving stress in that region. For a shear crack with a residual friction stress σf, we
substitute (σ0 − σf) for σy (Cowie and Scholz, 1992a). The displacement distribution on the
crack is (Goodier and Field, 1963)

Du ¼ 1� vð Þ σ0 �σfð Þc
2πμ

cosθ ln
sin2 θ2 � θð Þ
sin2 θ2 þ θð Þ þ cos θ2 ln

sinθ2 þ sinθð Þ2
sinθ2 � sinθð Þ2 j

����� ð1:30Þ

where

cosθ ¼ 2x=c for jxj< c=2 and cosθ2 ¼ ðc � 2sÞ=c

Fig. 1.8. The slip distributions for three types of crack models.
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This displacement distribution is shown in Figure 1.8(b). Displacements near the tip taper
concavely toward the tip,maintaining the stresses in the breakdown region s at a constant finite
value σ0. Notice that, as in the elastic crack model, the displacement magnitudes scale linearly
with stress drop (σ0 − σf) and with crack half-length. This model reduces to the elastic crack
model in the limit that σ0 tends to infinity.

The double curved form of this slip distribution is due to the contrived way in which the
yielding is assumed to occur only in the plane of the crack. This form is seldom seen in real fault
displacement profiles, which more often exhibit linear tapers in the tip region (Section 3.2.2).
Furthermore, in Section 3.2.2 we also present evidence that inelastic deformation occurs within
a volume surrounding fault tips. We need to consider, then, a model which contains those
features.

CFTT model Numerical models have been investigated in which yielding is allowed
to occur within a volume surrounding the crack tip. Such “small-scale yielding” models
(Kanninen and Popelar, 1985; Wang et al., 1995) have displacement distributions as
illustrated in Figure 1.8(c). The magnitude of the displacements scales in the same way as
in the other crack models, but now the displacements taper linearly toward the tips. The
slope of this taper is called the crack-tip opening angle (CTOA) in the Mode I case, and here
we will refer to it as the fault tip taper, FTT, for the shear case. It is found to be propor-
tional to the yield strength of the material. A constant CTOA model most accurately
duplicates experimental results of crack propagation in ductile materials such as stainless
steel, where the CTOA is observed to be constant during crack growth and the J-resistance
(a measure of G) is observed to increase linearly with crack length. As we shall see in Section
3.2.2, both of these properties are observed for fault growth. Therefore, a constant FTT (or
CFTT) model is the most realistic model for fault growth. Because these models cannot be
expressed analytically, they have not found much use in the fault mechanics literature.
Nevertheless, we will find it useful to use their properties in interpreting data regarding
displacement gradients near fault tips.

1.1.5 Macroscopic fracture criteria

The theory of fracture discussed above specifies the conditions underwhich an individual crack
will propagate in an elastic medium. We will show in Section 1.2, however, that only in one
special case, that of tensile fracture of a homogeneous elastic material, do these theories also
predict the macroscopic strength. In describing the strength of rock under general stress
conditions, we are forced to use criteria which are empirical or semi-empirical. Such fracture
criteria had been well established by the end of the nineteenth century and hence predate the
theoretical framework that has been described so far.

In formulating a fracture criterion we seek a relationship between the principal stresses
σ1 > σ2 > σ3 (compression is positive) that defines a limiting failure envelope of the form

σ1 ¼ f σ2;σ3ð Þ ð1:31Þ

with some parameters with which we can characterize the material.
One such criterion, which experiment shows is generally adequate, is that tensile failure will

occur, with parting on aplane normal to the least principal stress, when that stress is tensile and
exceeds some value T0, the tensile strength. Thus,

σ3 ¼ T0 ð1:32Þ
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Shear failure under compressive stress states is commonly described with the Coulomb
criterion (often called the Navier–Coulomb, and sometimes the Coulomb–Mohr criterion). This
evolved from the simple frictional criterion for the strength of cohesionless soils,

τ ¼ μσn ð1:33Þ

by the addition of a “cohesion” term τ0. Thus

τ = τ0 + μσn (1.34)

where τ andσn are the shear and normal stresses resolved on any planewithin thematerial. The
parameter μ is called the coefficient of internal friction and is often written tanϕ,ϕ being called
the angle of internal friction. This criterion is shown in Figure 1.9, together with a Mohr circle
from which the relationships between the failure planes and stresses can be deduced readily.
From the Mohr circle it can be seen that failure will occur on two conjugate planes oriented at
acute angles

θ ¼ π=4�ϕ=2 ð1:35Þ

on either side of the σ1 direction and will have opposite senses of shear. From the geometry of
Figure 1.9 one also can derive an expression of Equation (1.34) in principal axes, which, after
some trigonometric manipulation, is found to be

σ1 μ2 þ 1
� �1=2 � μ
h i

� σ3 μ2 þ 1
� �1=2 þ μ
h i

¼ 2τ0 ð1:36Þ

which is a straight line in the σ1, σ3 plane with intercept at the uniaxial compressive strength,

C0 ¼ 2τ0 μ2 þ 1
� �1=2 þ μ
h i

ð1:37Þ

This criterion is defined only for compressive stresses. To form a complete criterion, we can
specify this and combine Equation (1.36) with the tensile strength criterion, Equation (1.32)
(Jaeger et al. 2007, pp. 90–94).

Fig. 1.9. Illustration of the Coulomb fracture criterion bymeans of a Mohr diagram. The
relationships between the parameters at failuremay be worked out from the geometry
of the figure. On the right is shown the angular relationship between fracture planes
and the principal stresses.
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σ1 μ2 þ 1
� �1=2 � μ
h i

� σ3 μ2 þ 1
� �1=2 þ μ
h i

¼ 2τ0

when

σ1 > C0 1� C0T0=4τ
2
0

� �
and

σ3 ¼ T0 ð1:38Þ
When

σ1 < C0 1� C0T0=4τ
2
0

� �
This criterion is strictly two-dimensional: there is no predicted effect of the intermediate

principal stress σ2 on the strength.
The simple criterion for cohesionless soils, Equation (1.33), can be understood in terms of a

microscopic failure process. The parameter μ is the friction coefficient between adjacent grains,
which, in principle, can be determined independently of the criterion. Also, ϕ has a physical
meaning: it is the steepest angle of repose that thematerial can support. In contrast, the coefficient
of internal friction in the Coulomb criterion cannot be identified with any real friction coefficient,
because the failure surface does not exist prior to failure. For the same reason, one cannot simply
interpret the cohesion termas a pressure-independent strength that can be added simultaneously
to this friction term. The Coulomb criterion thus may be viewed as strictly empirical.

Griffith (1924) developed a two-dimensional fracture criterion in terms of his theory of
crack propagation. The underlying assumption of this criterion is that macroscopic failure can
be identified with the initiation of cracking from the longest, most critically oriented Griffith
crack. He analyzed the stresses around an elliptical crack in a biaxial stress field and found the
most critical orientations that yielded the greatest tensile stress concentrations. He compared
these results with that for a crack in uniaxial tension by normalizing them to the uniaxial tensile
strength. The resulting criterion is

σ1 �σ3ð Þ2 � 8T0 σ1 þ σ3ð Þ0 ¼ 0
and

σ3 ¼ �T0 if σ1 < �3σ3

if σ1 > �3σ3

9=; ð1:39Þ

The corresponding Mohr envelope is a parabola,

τ2 ¼ 4T0 σn þ T0ð Þ ð1:40Þ

(Jaeger et al., 2007, pp. 90–94). For the tensile fracture portion of this failure envelope, the
most critically oriented crack is normal to σ3. For the shear portion, it is inclined at an angle θ

from the σ1 direction given by

cos 2θ ¼ 1
2

σ1 � σ3ð Þ= σ1 þσ3ð Þ

This criterion is based on a microscopic failure mechanism. It has the attractive feature of
combining tensile and shear failure in a single criterion. It predicts that C0 = 8T0, which, though
smaller than generally observed, is of the correct order. Like the Coulomb criterion, it does not
predict a σ2 effect.

McClintock and Walsh (1962) pointed out that, under compressive stress states, cracks
would be expected to close at some normal stress σc and thereafter crack sliding would be
resisted by friction. They reformulated the Griffith criterion to admit this assumption and
obtained the modified Griffith criterion

16 Brittle fracture of rock
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½ð1� μ2Þ1=2 � 1� σ1 �σ3ð Þ ¼ 4T0 1þ σc=T0ð Þ1=2 þ 2μ σ3 �σcð Þ ð1:41Þ

which has the corresponding Mohr envelope

τ ¼ 2T0 1þσc=T0ð Þ1=2 þ 2μ σn � σcð Þ ð1:42Þ

This criterion, like the Coulomb criterion, predicts a linear relationship between the stres-
ses. If we assume further that σc is negligibly small, we obtain the simplified forms

1� μ2� �1=2 � μ
h i

σ1 �σ3ð Þ ¼ 4T0 þ 2μσ3 ð1:43Þ

and

τ ¼ 2T0 þ μσn ð1:44Þ

which are identical with the Coulomb criterion, with τ0 = 2T0, and μ now identified with the
friction acting across the walls of preexisting cracks. This led Brace (1960) to suggest that this
formed the physical basis for the Coulomb criterion.

These several criteria are compared in Figure 1.10 in (σ1, σ3) and (τ, σn) coordinates. They
all, to an extent, account for the first-order strength properties of rock and cannot be distin-
guished on the basis of experimental data. Whereas the Coulomb criterion is strictly empirical,
the generalized forms of the Griffith criterion are attempts to predict macroscopic failure
based on a correct description of themicromechanics. However, as we show in the next section,
none adequately describes the complexity of the process, and under compressive stress states
the micromechanics assumed in the Griffith formulations is incorrect.

1.1.6 Laws of effective stress

If we describe the behavior of a crack using linear elastic fracture mechanics (Section 1.1.3) for
the case in which the crack contains a fluid at pressure p, we can superimpose linearly this
pressure on the applied stresses σij and find that the stress-intensity factor depends only on
the difference

Fig. 1.10. Comparison between the forms of the Coulomb criterion (C) and the Griffith
and modified Griffith (G and MG) criteria in (a) (σ1, σ3) and (b) (τ, σn).
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σij ¼ σij � pδij ð1:45Þ

where δij is the Kronecker delta. The tensor σij is called the effective stress.Most of the physical
properties of porous solids obey a law of effective stress, which means that they change in
response to changes in the effective stress, as opposed to solely the externally applied stress.
The nature of the effective stress law depends on the property under consideration, P, and
generally takes the form

P σij
� � ¼ P σij �αpδij

� � ð1:46Þ

(Nur and Byerlee, 1971; Robin, 1973). In the case of strength, we are concerned with the
behavior of cracks, which are generally in frictional contact. In that case (see Equation (2.16)),
α= (1 − Ar/A), where Ar is the real, and A the nominal, area of contact. Because in most cases
Ar ≪ A, so that α ≈ 1, the simple effective stress law (Equation (1.45)) can be used. Because
this effective stress law governs the behavior of cracks, we can expect it to govern the
macroscopic strength as well, so rewriting the Coulomb criterion, we should expect the
strength of rock to follow

τ ¼ τ0 þ μ σn � pð Þ ð1:47Þ

which agrees very well with experiment.

1.2 FAILURE PROCESSES IN ROCK

Whendiscussing the strength of rock in termsof both theoretical concepts andgeological applica-
tions, it is important to keep in mind the vast range of scales over which we must consider this
phenomenon. Thus, beyond consideration of the scaling of strength, which will be discussed in
Sections 1.2.3 and 3.2.2, there are different regimes of scale for which it is convenient to con-
ceptualize the process of fracture in different ways, which basically embrace different levels of
approximation or complexity. This idea is illustrated in Figure 1.11. The large-scale feature in the
figure represents a fault. The small rectangle in the center represents a laboratory-scale rock
specimen undergoing brittle fracture, and Inset A shows microscopic cracking occurring in the
rock. When considering the propagation of the fault as a whole, it may be natural and useful to
discuss it in termsof fracturemechanics. This neglects thedetails of theprocess on the scale of the
laboratory specimen, at which scale the deformation is bound to be far too complex to apply
fracture mechanics and another approach must be used. On a still finer scale, on the level of an
individual microcrack (shown in Inset A, Figure 1.11, as a shear crack with tensile “wing” cracks at
its tips), fracturemechanics againmay be a useful technique. Inset B is a detail of the shear crack in
Inset A, to show that whatmay be treated as friction on the scale of Inset Amay involve fracture of
asperities on the scale of Inset B. Thus, these levels of complexity may be considered to be nested
within one another, and the approach used depends on the scale and degree of approximation
demanded.

The strength of rock is commonly measured in the laboratory by means of the uniaxial
and triaxial compression test. Tensile strength can be determined by one of several direct
and indirect means. Descriptions of the various experimental procedures used can be found
in standard texts (e.g. Jaeger et al., 2007; Paterson andWong, 2005). The two principal modes
of failure observed are sketched in Figure 1.12, namely (a) tensile failure involving parting on
a surface approximately normal to the σ3 axis, and (b) in uniaxial and triaxial compression,
shear on a surface inclined at an acute angle to σ1 given by Equation (1.35).
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1.2.1 Tensile failure of rock

Opening mode cracks are often called tension cracks, because they open and propagate in
response to a net tensile stress applied to their walls. This term is avoided by geologists, partly
because of a misunderstanding of the meaning of “net tensile stress” and partly due to an
historical aversion among geologists to the ascribing of structures to stress, which in this case

Fig. 1.11. An illustration of the way
fracture may be viewed on different
scales. The shaded form may repre-
sent a fault, and the rectangular
shape a laboratory-size specimen.
Inset A shows a microcrack within
the specimen and Inset B is a detail of
the surface contact on themicrocrack.

Fig. 1.12. Two modes of fracture observed in labora-
tory experiments: (a) tensile fracture; (b) shear failure
(faulting) in a compression test.
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is mistaken. In response, Pollard and Segall (1987) use the stress-neutral term “extensional
fracture.”

Rock fails in tension when the normal stress across any plane reaches the tensile strength
T0. For competent rocks, T0 is in the range –5 to –10 MPa.

Applying the effective stress law to the tensile fracture strength criterion (Equation (1.32))
results in

T0 ¼ σ3 � p: ð1:48Þ

This was first experimentally demonstrated by Secor (1965). Because p is always positive,
Equation (1.48) makes clear that σ3 need not be tensile for tensile fracture to occur. This
overcomes a problem among early geologists as to how joints could form at depths greater
than those at which one could expect absolute tension to exist.

Tensile fractures thus form normal to the σ3 direction and parallel to the σ1 direction.
Consequently, the orientations of joints are often used to map the local or regional directions
of σ3 or σ1 that prevailed at the time of joint formation (e.g. Engelder, 2014).

Assuming linear elastic fracturemechanics (LEFM), if we combine Equations (1.25) and (1.28)
we expect the following scaling relation for Mode I cracks

ΔUmax ¼ 1� vð Þffiffiffiffiffiffiffiffiffiffiffiffiffi
π=2μ

p KCL
1=2 ð1:49Þ

relating the maximum aperture Δumax and the length L = 2 c.
Experimental studies of Mode I crack growth in rock use either notched specimens in four-

point bending or double cantilever beam opening experiments similar to Obriemoff’s experi-
ments on mica. These studies find that in rock a Mode I fracture propagates within a cloud of
microcracks, as illustrated schematically in Figure 1.13. This zone of inelastic deformation, the
process zone, consists of a partially broken macrofracture supported by connecting ligaments
and frictional contacts preceding the open fracture, both of which are surrounded by zones of
microcracks (Peng, 1975; Swanson, 1987). The size of the process zone expands as the primary
fracture extends, which results in the fracture resistance parameters Kc and Gc increasing with
fracture length (Labuz et al., 1985; 1987; Peck et al., 1985a; 1985b). This results in what is called
R-curve behavior, in which Kc increases (at a steadily deceasing rate) with the extension of the
primary crack. R-curve behavior is observed not only in rock but is also a typical property of
polycrystalline ceramics (Evans, 1990; Evans et al. 1977). It is often assumed that R-curve
behavior will result in Kc reaching a steady-state value, but the range of crack lengths in
experimental studies is too narrow to properly test this hypothesis.

The observation that Kc increases with fracture length calls into question the L1/2 scaling of
Equation (1.49), which is based on the assumption that Kc is scale-independent. Figure 1.14
shows the relation between aperture and length for veins and dikes over a wide range of scales
(Vermilye and Scholz, 1995). The scaling is Dumax∝L for single segment veins and dikes. For this
to agree with Equation (1.49), Kc must scale with √L, which is consistent with the experimental
results described above.

The process zone for joints and dikes can often be observed as a mineralized halo that fills
the more permeable microcracked region surrounding the macrocrack (e.g. Engvik et al. 2005,
2009). Figure 1.15 shows the width of the process zone determined this way, as a function of
aperture for joints and dikes. They obey a linear scaling relation. With the assumption that the
process zone radius rp bounds the region where the tensile strength of the rock is exceeded,
Pollard and Segall (1987) derived the relation
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rp ¼ 1
4
L½Dσ= T0 � σrð Þ�2 ð1:50Þ

where σr is the regional applied stress. Because GC∝rP∝L, then from Equation (1.24), KC∝
ffiffiffi
L

p
,

which inserted in Equation (1.49) makes Δumax linear in L, in agreement with the observed
scaling of Figure 1.14. Using this result with Equation (1.50) yields the linear relation between
rp and aperture found in Figure 1.15.

Fig. 1.13. A sketch of the development of a process zone
around aMode I fracture in rock. (From Atkinson, 1987.)

Fig. 1.14.The relationship between Δumax and L for veins and dikes. (FromVermilye and
Scholz, 1995.)
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This scaling relation applies only to isolated fractures that are not interacting with other
nearby fractures through their stress fields. Such interactions may affect the relation
between crack displacement and length, as shown vis-à-vis faults in Section 3.2.3.
Macroscale Mode I fractures: veins and joints are often multisegment en echelon tension
crack arrays. As a result of the elastic interactions between the segments of en echelon
arrays, the scaling relation of such arrays is expected to be DU max∝L1=n (Pollard et al., 1982).
It is often found that n ≈ 2, as is the case for themultisegment veins in Figure 1.14. This result is
often misinterpreted as an affirmation of Equation (1.49) with KC constant (e.g. Olson, 2003;
Schultz et al., 2008a). A discussion of this point may be found in (Olson and Schultz, 2011;
Scholz, 2010b; 2011a).

1.2.2 Shear failure in compression

The effect of pressure on the compressive strength of rock is quite dramatic and is illu-
strated in Figure 1.16, where stress difference, σ1 − σ3, is plotted versus confining pressure
in triaxial compression tests. Although the pressure effect is often represented as being
linear, as in the Coulomb criterion (Equation (1.34)), the curvature shown in the figure is
more typical of careful studies. For the rock shown, Westerly granite, the linear Coulomb
criteria is a good approximation up to confining pressures of about 150 MPa. Also shown for
comparison are the stress differences required to initiate sliding on favorably oriented
sawcut faults.

The nature of the prefailure deformation may be understood by examining all strain com-
ponents. In Figure 1.17 axial and volumetric strain are plotted versus stress for a typical
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Fig. 1.15. A log–log plot of process zone width versus aperture for joints and dikes.
Fracture length given in brackets. Data sources: A: lab experiment on opening mode
cracks in granite (Swanson, 1987); B: joints in granite (Segall, 1984; Segall and Pollard,
1983a); C: dikes in gneisses (Engvik et al., 2005); D: dikes in sandstone (Delaney et al.,
1986).
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uniaxial compression test. These stress–strain curves can be divided into four characteristic
regions, as shown (Brace, Paulding, and Scholz, 1966). On initial loading (Stage I) the stress–
axial-strain curve is concave upwards and the rock undergoes more volume compaction than
would be expected from solid elasticity. This behavior is caused by the closing of preexisting
cracks, primarily those oriented at high angles to the applied stress. This stage is not observed
in triaxial compression tests, because the confining pressure closes the cracks before the
deviatoric stress is applied. After these cracks largely have closed, the rock deforms in a nearly
linear elastic manner, according to its intrinsic elastic constants (Stage II). At a stress C’,
commonly found to be at about half the fracture stress, the rock is observed to dilate relative
to what would be expected from linear elasticity (Stages III and IV). This is accompanied by a
reduction in the axial modulus, but is primarily due to inelastic lateral expansion of the rock

Fig. 1.16. The strength of Westerly granite as a
function of confining pressure. Also shown, for
reference, is the frictional strength for sliding on
an optimally oriented plane. Data sources are:
open circles, Brace et al. (1966) and Byerlee
(1967a); closed circles, Hadley (1975); friction,
Byerlee (1978). Stress difference is σ1 − σ3.

Fig. 1.17. Curves of stress versus axial strain (∊z), and
volumetric strain (ΔV/V) for a brittle rock in a com-
pressive test to failure.
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(not shown). This rheological property, in which volume dilation occurs as a result of applica-
tion of a deviatoric stress, is called dilatancy. Prior to the work of Brace et al. (1966), this was
primarily known only as a property of granular materials. Brace et al. (1966) interpreted it as
being due to the development of pervasive microcracking within the rock, primarily in a
direction parallel to σ1, with a concomitant increase in void space.

The acoustic emission (AE) that occurs during compressive failure experiments confirms
this interpretation of the strain data (Scholz, 1968a). As is shown in Figure 1.18, AE begins at the
onset of dilatancy and this activity accelerates in proportion to the rate of dilatancy throughout
Stage III. Stage IV is distinguished from Stage III because there is often an observed localization
of both deformation and acoustic emission in this stage (Scholz, 1968b; Lockner and Byerlee,
1977; Soga et al., 1978; Sondergeld and Esty, 1982). Stage IV thus appears to involve the
coalescence of microcracks leading to the formation of the macroscopic fracture.

Strain data such as in Figure 1.17 indicate that most of the microcracks responsible for
dilatancy are Mode I cracks nearly parallel to the maximum principal stress direction. Scanning
electronmicroscope (SEM) examination of specimens following their stressing to various stages
prior to failure has confirmed the preponderance of axial cracks among those that are stress
induced (Tapponnier and Brace, 1976; Kranz, 1979). In general, almost all grain scale micro-
fractures observed in rock are Mode I (Anders et al., 2014).

The few studies that have investigated the radial variation in dilatancy show that it is
probably rarely axially symmetric, even under an axially symmetric stress field. Hadley
(1975) and Scholz and Koczynski (1979) found in triaxial compression tests that the sample
cross section normal to the maximum compression deformed into an ellipse, with the axes

Fig. 1.18. Acoustic emission observed during the brittle fracture of rock in triaxial
compression. (After Scholz, 1968a.)
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of the ellipse corresponding with preexisting crack microstructure directions in the rock.
The orthorhombic symmetry of dilatancy becomes very pronounced under true triaxial
conditions, when σ1 ≠ σ2 ≠ σ3. Mogi (1977) showed that in true triaxial tests, as σ2 is
increased from σ3 to σ1, the dilatant strain parallel to σ2 is progressively suppressed until
eventually all dilatancy occurs by expansion in the σ3 direction. The dilatant cracks form
preferentially in the σ1, σ2 plane, with the degree of anisotropy being controlled by the
stress ratios. He also observed a marked effect of σ2 on strength. As σ2 was increased
above σ3 and dilatancy was suppressed in the σ2 direction, the strength rose, but at a lesser
rate than if σ3 and σ3 had been increased simultaneously (as in the pressure effect, Figure
1.16). The macroscopic fracture formed at an acute angle to σ1, striking parallel to σ2, in
accordance with the Coulomb criterion. The maximum lateral dilatancy direction is thus
normal to the fracture plane, and this was true also of the previously cited cases of
dilatancy anisotropy when σ3 = σ2 – that is, it appears that the fracture orientation is
controlled by the dominant orientation of microcracks, which is usually, but not always,
controlled by the stresses. This is particularly clear in studies of the strength of highly
anisotropic rocks (e.g. Donath, 1961). Serpentine, a very anisotropic rock, displays low
strength because of its weak (001) cleavage and fails without dilatancy (Escartin, Hirth,
and Evans, 1997).

The use of a dynamically stiffened testing machine allows for the observation of the
complete stress–strain curve (Figure 1.19). With normal testing apparatus the experiment
would be terminated by an instability just after the peak stress b, but in this case this has
been suppressed, using a method developed by Terada, Yanigadani, and Ehara (1984). In this
experiment, by Lockner et al. (1991), AE events were located in the specimen, and these loca-
tions are shown in Figure 1.20, keyed to the stages in Figure 1.19. Localization of AE occurs near
the peak stress (b) with what appears to be the nucleation of a fault inclined to the specimen
axis. As failure proceeds along the postyield curve (c–f), the AE events indicate that the fault

Fig. 1.19. The complete stress–strain curve for rock showing the breakdown from peak
stress through the postfailure region b–f. The plateau following f is the residual friction
on the fault that has formed in the postpeak-stress region. (From Lockner et al., 1991.)
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propagates gradually across the specimen until it completely transects the specimen (f). The
strength plateau after point f in Figure 1.19 represents the frictional strength of the fault that
has been created. Thus, in forming the fault, there is a substantial stress drop, from the yield
point to the residual frictional strength.

The apparent success of the macroscopic Coulomb criteria (Section 1.1.5) in qualitatively
predicting the gross features of rock strength requires some discussion, considering the
obvious failure of the microscopic Griffith theory. The Griffith-type criteria are “weakest
link” theories that are based on the assumption that macroscopic failure occurs when the
most critical Griffith crack propagates. This is clearly violated by the observation that dilatancy
begins at about half the failure stress and thatmicrocracking occurs pervasively throughout the
specimen prior to failure. This problem has been discussed by Paterson and Wong (2005,
pp. 56–57). Here we focus on two key points.

As discussed in Section 1.1.5, the most critically oriented Griffith crack in a compressive
stress field is a shear crack oriented at an acute angle toσ1. An analysis of the stress field about
such a crack shows that the maximum crack extension force does not lie in the plane of the
crack but is such as to deflect the crack into an orientation parallel to σ1 (Nemat-Nasser and
Horii, 1982; see also Lawn 2010, pp. 48–49). The result (depicted in Inset A of Figure 1.11) is that
tensile cracks propagate from the tips of the shear crack (Brace and Bombalakis, 1963). These

Fig.1.20. Acoustic emissions located in the specimen during the test shown in Figure
1.19. The nucleation andgrowth of the fault can be seen from the localization of the AE.
The lower panels are orthogonal to the upper ones. (From Lockner et al., 1991.)
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cracks become stable after propagating a short distance, and further loading is required to
cause further propagation. As the stress is increased, similar cracking will occur from other
nucleation sites, leading to an array of axial cracks that produce dilatancy, primarily by lateral
expansion (Figure 1.17), but which do not individually cause failure of the specimen. The shear
crack discussed as the initiator of such a microcrack should be taken as only an example; in a
rock there will bemanymore complex sites of initial stress concentration. Scholz, Boitnott, and
Nemat-Nasser (1986) found that Mode I cracks could grow stably for long distances from an
initial flaw in a direction parallel to σ1 in an all-around compressive stress field.

The most basic problem, which was anticipated in Figure 1.11, is that although rock, both
in the laboratory and in nature, is macroscopically observed to fail in compression by the
formation of shear fractures (faults) inclined at an acute angle to the σ1 direction, it has also
been found that it is not possible for a shear crack in an isotropic elastic medium to grow in
its own plane. Instead, the propagation of a shear crack inclined to σ1 occurs by the genera-
tion of Mode I cracks parallel to σ1, as shown in three dimensions in Figure 1.21. The upper
and lower tips of this crack, which are in a Mode II configuration, grow by propagation of
single Mode I cracks in the axial direction, as in the experiments of Brace and Bombalakis
(1963). The lateral edges, which are in Mode III, generate an array of Mode I cracks at 45° to
the shear crack (Cox and Scholz, 1988b). Whereas this behavior is expected from a stress
analysis, it poses major problems for the formation and growth of faults (Section 3.2).
Part of the answer to this problem was obtained by Cox and Scholz (1988b), who found
that although the initial cracks that propagated from a Mode III crack were as shown in
Figure 1.21, further shearing resulted in the array of Mode I cracks being broken through by
cracks parallel to the shear plane, which formed a shear process zone, the first stage in
forming a fault. The nucleation and growth of a fault by this process is shown by the AE
localization in Figure 1.20. This was documented by Moore and Lockner (1995), who found,

Fig. 1.21. Schematic diagram showing the
propagation of tensile cracks from the edges
of a shear crack in a brittle material. The pat-
terns at the Mode II and Mode III edges are
quite different.
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bymicroscopic examination of an experiment like that of Figure 1.20, but which was stopped
with the fault only partially propagated through the specimen, a concentration of Mode I
microcracks just in front of, and on either side of, the propagating fault. More detailed
results were obtained by Zang et al. (2000). Observations that document the same process
zone associated with a field-scale fault will be described in Section 3.2.2.

The other major factor that complicates brittle fracture of rock, emphasized by Mogi
(1962) and Scholz (1968a), is the importance of the heterogeneity of rock and its role in
promoting the development of a strongly heterogeneous stress field. Thus, stresses locally
within the rock can depart markedly from the applied stresses so that cracking can be
initiated at points of high local stress and inhibited from propagating into adjacent regions
of lower stress. Similarly, fracture toughness will be highly variable on the grain scale, due
to the presence of grain boundaries, cleavage, and so forth. This heterogeneity alone would
prohibit macroscopic failure from occurring by the propagation of a single crack. In the
case of the fracture of a polycrystalline material in tension, where the considerations
discussed in the previous two paragraphs do not apply, the effects of heterogeneity are
manifest in the formation of a process zone, as discussed in Section 1.2.1, and the occur-
rence of abundant AE prior to failure (Mogi, 1962), similarly to the prefailure behavior in
compression.

Griffith-type theories strictly predict only local crack initiation, so we may ask why rock
fracture, in obeying the Coulomb criterion, qualitatively mimics their predictions? A rationa-
lization is that the macroscopic fracture forms from a coalescence of microcracks, which
themselves initiate and develop further according to the Griffith theory. Therefore the whole
process scales in the same way as the Griffith theory predicts. In essence, the principle
espoused is that the property of the whole (the rock) is a function of the property of the parts
(the cracks). The functional relationship between the two has not been subject to rigorous
analysis because of the complexity of the process and of the microstructure of the rock. One
suggestion, for example, is that failure occurs at a critical dilatancy (Scholz, 1968a; Brady,
1969), which implies the self-similarity necessary for such a relationship, although the critical
dilatancy has been found to vary under widely different conditions (Kranz and Scholz, 1977).
There have been several attempts to develop a generalized law to describe the development of
dilatancy in rock deformation (Ashby and Sammis, 1990; Brantut et al., 2014; Lockner, 1998;
Zhao et al., 2016).

If we accept that, under given conditions, failure occurs when the density of microcracks
reaches some critical value, then fracture becomes a three-dimensional process, as opposed to
the behavior of an individual crack, which is two-dimensional. This view of fracture has an
advantage inasmuch as it allows us to understand intuitively theσ2 effect on strength, since the
effect of σ2 is to inhibit microcracking on planes at high angle to it and thus reduce the total
microcrack population at any given value of σ1.

In our treatment of the effective stress law (Section 1.1.6) we assumed that the applied
stresses and the local pore pressure are independent of one another, whereas in real cases they
may be coupled through deformation of the medium. One interesting example of coupling is
caused by dilatancy, which produces an increase in void space and therefore a reduction in the
pore pressure. If the rate of pore volume increase via dilatancy is faster than the rate fluids can
flow into the dilating region, which is governed by the permeability of the rock, then the pore
pressure will drop and dilatancy hardening will occur (Frank, 1965). This effect was demon-
strated by Brace and Martin (1968), and is illustrated in Figure 1.22. The strength of rock was
measured at various strain rates under two conditions: one with a confining pressure pc = p2

and pore pressure p = p1; the other with pc = p2 − p1, saturated, with p = 0. At low strain rates,
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the pore pressure remains constant and the strength under the two conditions was the
same. Above a critical strain rate, however, the strength measured under the first condition
became larger than that under the second, due to dilatancy hardening, and at sufficiently high
strain rates dilatancy hardening became complete and the strength approached the strength for
pc = p2, p=0. This effect is important in both localization and stabilization of dynamic faulting
(Rudnicki, 1984; Rudnicki and Rice, 1975). It also plays important role in dilatancy theories of
earthquake precursors (Section 7.3).

1.2.3 Effect of scale on strength

In any application of laboratory studies to geological processes, we must be concerned with
scaling to dimensions and times much larger than those accessible in the laboratory. The
problem of time effects on brittle fractures will be deferred to Section 1.2.4; here we will briefly
discuss the effect of size on strength. This topic is well covered in Jaeger and Cook (1976,
pp. 184–185) and Paterson andWong (2005, pp. 30–33). To summarize the important empirical
result, it is commonly found that if D is a characteristic dimension of a test specimen, the
compressive strength is found to decrease with D according to

σc ¼ mD�ς ð1:51Þ

where ζ is some constant less than 1 and m is a normalization factor. A typical example is
shown in Figure 1.23, where it is found that a value of ζ=1/2 fits the data over the range 0.05m
<D< 1.0 m. Similar relations where D is grain size apply to many materials and are referred to
generally as Hall-Petch relations. At the nanoscale the exponent is observed to change sign and
becomes what is then called an inverse Hall-Petch relation.

This behavior usually has been attributed to a dependence of flaw size on sample or grain
size, such flaws being cracks in the case of brittle fracture. Even though, as we have pointed out,
rock fracture is not well described by catastrophic failure of a weakest link, we can expect that
crack initiation and ultimate strength will be controlled by the longest preexisting cracks. If the
intrinsic strength of the rock is given by a fracture toughness Kc, which is scale-independent,

Fig. 1.22. An illustration of dilatancy hardening for a compact crystalline rock. Pc is
confining pressure and Pp is pore pressure. (After Brace and Martin, 1968.)
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and the mean length of longest cracks increases proportionally with D, Equation (1.51) is
predicted from Equation (1.25), with ζ = 1/2. This value agrees very well with the data in
Figure 1.23. In laboratory specimens, which usually are selected to be free of macroscopic
cracks, strength is often found to be dependent on grain size, with a form similar to Equation
(1.51) andζ=1/2 (Brace, 1961). This scaling can also be understood from the above argument if
the length of the longest cracks is proportional to the grain diameter.

The data shown in Figure 1.23 indicate a plateau at scales greater than 1m. Since that study
was explicitly of “unjointed” rock, thismay indicate a sampling bias inwhichmacroscopic flaws
larger than a certain size were avoided. Otherwise, the lower limit on rock strength determined
by scale is the frictional strength, in the case where the rock is completely broken into rubble.
The observation that the stress at the onset of dilatancy, C’ (Figure 1.17), is approximately the
same as the friction stress (Figure 1.16) supports the idea that the friction strength is the lower
limit for creep failure (Brantut et al., 2013; Heap et al., 2009). As will be discussed in Section 2.1,
friction itself has no size dependence, so that the lower limit on strength should be given by
laboratory friction values, shown in Figure 1.16 for comparison with strength. However, the
much higher stress drop for faulting than for frictional sliding suggests that this limit is never
reached in nature, i.e. the stress required to form a fault is considerably greater than that for
frictional sliding, just as in laboratory experiments such as shown in Figure 1.19. It will be
shown in Section 3.2.2 that at the field scale strength becomes scale-invariant and somewhat
higher than friction.

1.2.4 Time dependence of strength of brittle rock

It was mentioned in Section 1.1.2 that Obriemoff noticed an effect of the environment on
the cleavage strength of mica. This turns out to be a physico-chemical effect, in which
certain chemically active species in the environment react with the solid at a rate that is
enhanced by the tensile stress field at crack tips and at the same time, by virtue of the

Fig. 1.23. An illustration of the relationship between specimen size and strength. The
data are for quartz diorite from Pratt et al. (1972).
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reaction, locally reduce the fracture toughness of the solid (Orowan, 1944). This process
thus leads to the strength of the solid being inherently time-dependent as long as it is
subject to this environment. Water is the principal active species in the case of silicates.
Water is ubiquitous in the lithosphere of Earth, and displacement rates are very low in
geological processes, so this reaction must control the strength of rock in Earth. The
presence of water also enhances plasticity in silicates (Griggs and Blacic, 1965). In that
case, called hydrolytic weakening, the reaction takes place at the core of a dislocation rather
than at a crack tip. If the rate of geological loading were uniformly low, these processes
would not be noticed, as some equilibrium state would prevail. It is only when rates change
suddenly, such as at the time of earthquakes, that their effects become noticeable (Sections
4.4.2 and 4.5), and they result in a crustal response that is viscoelastic (Section 5.2.3). These
environmental effects on rock strength are important not only in brittle fracture, but also in
friction, discussed in more detail in Section 2.3. This time dependence of strength man-
ifests itself, in friction, in the velocity dependence of friction, which is the underlying cause
of the frictional instability that produces earthquakes. It also is what underlies the time
delay in the triggering of earthquakes, discussed in Section 4.5.

Stress corrosion and subcritical crack growth

If a crack is driven through rock or glass, a marked departure from the prediction of linear
elastic fracture mechanics is observed. The crack is found to extend, subcritically, at stress-
intensity factors much below KIc, with a well-defined relationship between K and v, the crack-
tip velocity. A typical plot of K versus v exhibits several regions of different behavior (Figure
1.24). The most dominant of these is Region II, in which the K–v relation is usually determined
experimentally as

Fig. 1.24. Schematic diagram showing a typical
relationship between crack-tip velocity and
stress-intensity factor for subcritical crack
growth in a brittle solid. K0 is the stress-corro-
sion limit, Region II is where the rate-controlling
process is the chemical reaction, and in Region III
the rate is controlled by diffusion of the reactive
species to the crack tip. At Kc the crack propa-
gates dynamically.
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v ¼ AKn
1 ð1:52Þ

where n is called the stress-corrosion index. From reaction rate theory the expression

v ¼ v0exp bK1ð Þ; ð1:53Þ

which is indistinguishable from Equation (1.52), can be derived (Freiman, 1984). In this
region the rate of crack-tip advance is controlled by the rate of a stress-enhanced chemical
reaction at the crack tip, termed stress corrosion. Although such reactions are many and
complex, the principle can be illustrated with the simple example of hydration of the Si–O
bond, given by

½Si�O� Si� þH2O↔χ→2½SiOH� ð1:54Þ

(Freiman, 1984), where χ is an activated complex. This type of reaction has two important
features: first, it produces a large extensional strain, so it is driven thermodynamically by the
high tensile stress at the crack tip and thus occurs preferentially there; second, it replaces a
covalent Si–O bond with a much weaker hydrogen bond that can then be broken readily
under the existing stress field. Based on the rate of this reaction, we can rewrite Equation
(1.53) as

v ¼ v0a H2Oð Þexp½ð�E� þ bKIÞ=RT � ð1:55Þ

where E* is an activation energy and the stress dependence (related to the activation volume) is
given by b (Freiman, 1984). Notice that crack velocity depends on temperature and the chemical
activity of water, a(H2O). These two effects are illustrated in Figure 1.25. Many of the observed
parameters in Equations (1.52) and (1.55) are tabulated in Atkinson (1984) and Atkinson and
Meredith (1987).

At higher crack velocities, in Region III (Figure 1.24), the rate-limiting process is the diffu-
sion of the chemically active species to the crack tip. Though well defined in glasses, it is less so
for rock, which may result from the more complex diffusion path afforded by the process zone
(Swanson, 1984). A stress-corrosion limit K0 is included in Figure 1.24, although it has been
very hard to demonstrate experimentally because of the very low crack velocities involved
(typically <10−9 m s−1). Atkinson (1984) suggests that it may be as low as 0.2Kc. Various
mechanisms, including crack blunting (Freiman, 1984) and healing (Atkinson, 1984) have
been discussed to support its existence, which is predicted from thermodynamics (Cook,
1986). This parameter determines the long-term strength of the material.

Brittle creep and static fatigue of rock

As a result of these environmental effects, rock andmany other brittlematerials have strengths
that are inherently time-dependent. If a glass rod is subjected to a uniform tension well below
its instantaneous breaking strength, it will fail spontaneously after a characteristic time〈t〉. This
behavior, called static fatigue, has been found for many materials, for example, for fused silica
glass in tension (Procter, Whitney, and Johnson, 1967) and for quartz in compression (Scholz,
1972a). Procter et al. found that this behavior did not occur in a vacuum, demonstrating the
importance of the environment. For quartz in compression the mean time to fracture is found
experimentally to be described by

〈t〉 ¼ f ½a H2Oð Þ�exp½ E � nσð Þ=RT � ð1:56Þ

32 Brittle fracture of rock

https://www.cambridge.org/core/terms. https://doi.org/10.1017/9781316681473.004
Downloaded from https://www.cambridge.org/core. Stockholm University Library, on 19 Dec 2018 at 17:31:53, subject to the Cambridge Core terms of use, available at

https://www.cambridge.org/core/terms
https://doi.org/10.1017/9781316681473.004
https://www.cambridge.org/core


The similarity with Equation (1.55) is obvious, andWiederhorn and Bolz (1970) showed that
this observed static fatigue law could be predicted by integrating Equation (1.52) or Equation
(1.55).

In triaxial compression experiments with rock in which the axial load is rapidly ramped up
and then held fixed at a level below its instantaneous fracture strength, time-dependent creep
strain occurs as shown in Figure 1.26. This is characterized by an initial period of decreasing
strain rate, primary creep, followed by a period of quasi-steady-state secondary creep, and
then a period of accelerating tertiary creep that is culminated by failure of the specimen in the
usual manner. The secondary phase is of various duration, depending on the applied load, and
is actually not a separate phase but a region of gradual inflection between the decelerating and
accelerating phases. The axial strain is convergent and the radial strain is divergent, such that
the volumetric strain is dilatant. The fact that the volume strains are dilatant and are accom-
panied by acoustic emissions (Heap et al., 2009; Yanigadani et al., 1985) indicates that the
micromechanism of this creep is brittle fracture, both through subcritical crack growth and
static fatigue of grain scale regionswithin the rock. The increase in crack density as indicated by
dilatancy both in conventional triaxial tests and creep tests is accompanied by a concomitant
decrease in P wave velocity (Brantut et al., 2014). Thus, although the rheology of the rock (the
macroscopic stress–strain–time behavior) has become viscoelastic, the underlying mechanism
is a brittle one.

Other than the time dependence of the deformation, the overall mechanism of dilatancy
and its role in macroscopic fracture for “creep loading” does not seem markedly different

Fig. 1.25. (a) plot of crack velocity versus stress-intensity factor for Crab Orchard
sandstone under different temperatures and water content; (b) a similar plot for a
dolerite. Data for (a) from Atkinson (1980); for (b) from Meredith and Atkinson
(1983); figure from Brantut et al. (2013).
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from that in triaxial compression. In particular, the tertiary creep stage, where there is an
acceleration of strain rate prior to failure, appears to be equivalent to the fault forming
process shown in stages b–f in Figures 1.19 and 1.20, in which AE measurements indicate
that a considerable localization of deformation occurs prior to final rupture (Lei et al., 2003;
Yanigadani et al., 1985).

The static fatigue law for rock has the same form as that described earlier for single
crystals and glass (Kranz, 1980a; Kranz et al., 1982). It shows the same logarithmic time
dependence on stress and the same dependence on temperature and water content, as
shown in Figure 1.27.

The static fatigue of glass rods in tension can be readily explained by the subcritical crack
growth of preexisting cracks, with failure occurring when one of the cracks reaches the critical
Griffith length. Due to the heterogeneity of rock, however, many cracks grow locally but do not
produce macroscopic failure of the specimen. The resulting brittle creep curve records the
progressive development of the population of growing cracks.

A simple model (Scholz, 1968d) assumed that the rock is composed of small regions
in which the local stresses are distributed according to a function f ðσ;σÞ and that each region
fails independently according to a static fatigue law given by Equation (1.56). This results in a
creep law

ε ¼ ζ f ðσ;σÞ=n

 �

lnðtÞ ð1:57Þ

which is a good representation of primary creep. Furthermore, this expression is compatible
with the observed stress dependence of primary creep if a power-law stress distribution,
f σ;σð Þ ∝ σm, based on uniaxial compression dilatancy curves, is used. Micromechanical

Fig. 1.26. The stages of brittle creep (∈z, axial strain; ∈r, radial strain; ΔV/V, volume
strain). Dilation is up in the figure. Stages I, II, and III are primary, secondary, and
tertiary creep. Brittle fracture occurs at the end of the tertiary stage.
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models based on “wing cracks” (as shown in Insert A in Figure 1.11) that grow independently
according to Equations (1.52) or (1.53) produce similar results (Kemeny, 1991; Lockner, 1993).

These models do not predict tertiary creep, which must result from a breakdown of the
“independence” assumption they employ. Experimental observations show that the onset of
tertiary creep occurs at a critical level of dilatant strain (Baud and Meredith, 1997; Heap et al.,
2009; Kranz and Scholz, 1977), which indicates a critical density of dilatant microcracks where
crack interactions begin to become important. Amitrano and Helmstetter (2006) developed a
numerical model with a heterogeneous distribution of elements that fail by static fatigue and
transfer part of their loads to adjacent regions, using a damagemechanics scheme. Theirmodel
includes tertiary creep, localization, and ultimate shear failure of the specimen. For a more
comprehensive review of brittle creep observations and models, see Brantut et al. (2013).

1.3 THE BRITTLE–PLASTIC TRANSITION

Purely brittle behavior in crystalline materials gives way, at sufficiently elevated pressures and
temperatures, to crystalline plasticity. There is usually a broad transition between these dis-
tinct regimes, in which the deformation is semibrittle, involving on the microscale a mixture of
brittle and plastic processes, and the rheology is macroscopically ductile. Thus, we might
anticipate that brittle faulting at shallow depths will give way, over a depth range that depends
largely on the lithology and thermal environment, to plastic shearing at greater depth. This
transition between the schizosphere and plastosphere marks a profound change in the
mechanical properties of Earth and limits the depth to which earthquakes and other brittle
phenomena normally can occur. Here we give an account of this transition without recapitulat-
ing the fundamentals of crystalline plasticity, which may be found elsewhere (e.g. Nicolas and
Poirier, 1976; Poirier, 1985). In what follows, we shall distinguish ductility, which is used to refer
to a rheology that allows large strain and is characterized by macroscopically homogeneous
deformation, regardless of the micromechanisms involved, from plasticity, which is taken to
imply that the underlying mechanism is some form of dislocation motion, perhaps diffusion
aided. The term brittle–ductile transition is therefore avoided, because it has produced

Fig. 1.27. (a) Time to failure versus differential stress for Barre granite for two tempera-
tures. (b) Time to failure versus differential stress at 200°C and two water contents.
(Data from Kranz, 1980b; Kranz et al., 1982, figure from Brantut et al., 2013.)

1.3 The brittle–plastic transition 35

https://www.cambridge.org/core/terms. https://doi.org/10.1017/9781316681473.004
Downloaded from https://www.cambridge.org/core. Stockholm University Library, on 19 Dec 2018 at 17:31:53, subject to the Cambridge Core terms of use, available at

https://www.cambridge.org/core/terms
https://doi.org/10.1017/9781316681473.004
https://www.cambridge.org/core


confusion between the mode and mechanism of deformation, which has resulted in a misun-
derstanding of this transition in themechanical behavior of Earth, especially as regards faulting
(Rutter, 1986). We use instead the term brittle–plastic transition to denote the entire transition
from purely brittle to purely plastic behavior, which therefore encompasses the intervening
semibrittle field. It is bounded on one side by the brittle–semibrittle transition and on the other
by the semibrittle–plastic transition.

1.3.1 General principles

The brittle–plastic transition for rock is only qualitatively understood. The transition occurs
under conditionswhere dislocations can propagate as easily as cracks. Thus, wemay regard it in
terms of a competition between cracking and dislocationmotion. Since cracking involves both a
volume increase and frictional work, it will be inhibited by increased pressure. Dislocation
glide, however, involves no volume change or friction, so it is insensitive to pressure. On the
other hand, the mobility of dislocations, because they are lattice defects, is enhanced by
thermal activation, so dislocation motion is favored by increased temperature. Surface defects
like cracks are not so affected, and therefore, if we ignore environmental effects, ease of stress-
induced cracking is temperature-insensitive. Hence, plastic flow is favored by both high tem-
perature and high pressure and the deformation of any crystalline solid will be marked by a
transition between brittle and plastic fields. This change in deformationmode is not abrupt, but
involves a gradual transition through a semibrittle field (Carter and Kirby, 1978; Kirby, 1983) as
shown schematically in Figure 1.28. There are a number of reasons for this gradual transition,
one of which is that the onset of plasticity in polycrystals is itself intrinsically gradual. The
onset of the brittle–plastic transition usually occurs at low temperatures where diffusion is
unimportant and the principal mode of plastic flow is dislocation glide (though diffusion-
assisted dislocation motion will become increasingly important farther into the semibrittle
field). With the exception of cleavage, which occurs on crystallographic planes of particularly
low specific surface energy, cracking is only weakly controlled by crystal structure. In contrast,
dislocation glide requires a bond to be broken and another to bemade following an incremental

Fig. 1.28. Diagram that schematically shows the brittle–plastic transition in P–T space.
A–B and C–D are experimental paths described in the text.
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vector shear offset b that connects two equivalent lattice sites. The Burgers vector b must
therefore be in a rational crystallographic direction on a rational crystallographic plane and
cannot contain any unstable transitional positions. Dislocation glide is consequently highly
restricted by crystal structure and only a limited number of slip systems are possible. This is
particularly true for silicates, which have complex structures dominated by the strong and
directionally restricted covalent bond, and which also have low symmetry, so that the number
of possible slip directions in any slip system is not greatly multiplied by symmetry. The critical
resolved shear stress required to produce glide in one slip system is independent of that for
another, so that under any given set of conditions there will always be a slip system which is
“easy,” as opposed to others that are “hard” and only activated at much higher stresses. For
fully plastic flow of a polycrystal, each grain must be capable of straining arbitrarily, which
requires the operation of five independent slip systems, a condition known as the von Mises–
Taylor criterion. The brittle–plastic transition can therefore begin when the easiest slip system
becomes active but cannot become complete until five independent slip systems are active or,
as is more often the case with silicates, when the temperature becomes high enough that
diffusion-controlled processes like climb and recovery partially obviate the constraints of the
von Mises–Taylor criterion.

There are important interactions between brittle and plastic processes within the transition.
Plastic flow will tend to be concentrated at crack tips because of the high stresses there and will
have the effect of both inhibiting and stabilizing the crack, because crack advance will then
involve thework of plastic flow, whichwill increase G, and because the plastic flowwill blunt the
crack, reducing the stress concentration there. On the other hand, plastic flow can also induce
cracking. When an insufficient number of slip systems are active, the crystallographic mis-
match at grain boundaries will often cause dislocation pile-ups that produce stress concentra-
tions which may nucleate microcracks (the Zener–Stroh mechanism).

The terms cataclastic flow or semibrittle flow refer to a type of distributed deformation
characterized by ductile stress–strain behavior, but which to some degree involves internal
cracking and frictional sliding. In the case of granular materials or high-porosity rocks, which
crush and become granular under load, cataclastic flow may be entirely brittle–frictional.
Cataclastic flow is also typical of the semibrittle behavior within the brittle–plastic transition,
where it is a mixture of brittle–frictional and plastic deformation. It can be experimentally
distinguished easily from fully plastic flow because it produces dilatancy and has a strongly
pressure-dependent strength.

1.3.2 The transition induced by pressure

Silicates are not known to become ductile at room temperature even at very high confining
pressure. The effect of pressure in inducing the brittle–plastic transition along the path A–B
in Figure 1.28 is therefore more conveniently demonstrated by experimenting with an
inherently more ductile mineral, such as calcite, which can deform plastically by mechanical
twinning at room temperature and pressure. Stress–strain curves for marble deformed at
several confining pressures are shown in Figure 1.29 (Scholz, 1968a; see also Edmond and
Paterson, 1972, who reproduced these results). The rock fails by crushing in uniaxial com-
pression, but becomes ductile when deformed at a confining pressure as low as 25MPa. Tests
at higher pressures show that this behavior, while ductile, is highly pressure-dependent.
Both the yield strength and the strain hardening index, defined as the slope of the postyield
stress–strain curve, increase strongly with pressure up to 300 MPa, above which there is no
further change. The volume strain is also plotted versus axial strain in the figure. At the lower
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pressures, axial strain in the postyield region is accompanied by a steady rate of dilatancy,
indicating that microcracking is occurring within the rock. The effect of pressure is to
suppress progressively the dilatancy until above 300 MPa, where the postyield deformation
occurs with no volume change. The ratio between dilatancy and axial strain mimics the effect
of pressure on the axial stress–strain curve, being greatest at low pressure and gradually
decreasing, with both vanishing at 300 MPa. The rock deforms cataclastically at lesser
pressures; there is a gradual reduction of the contribution of brittle processes to the defor-
mation as the pressure is raised until, at 300 MPa, the brittle–plastic transition is complete
and the rock becomes fully plastic.

1.3.3 The transition induced by temperature

The principles discussed in Section 1.3.1 are aptly demonstrated by a study of the brittle–
plastic transition of polycrystalline MgO by Paterson and Weaver (1970). Studies of
the deformation of single crystals of MgO show that at low temperatures only the easy

Fig. 1.29. The deformation ofmarble at a series of confining pressures passing through
the brittle–plastic transition, following path A–B in Figure 1.27. At the top are shown
stress–strain curves, exhibiting a strong pressure dependence at low pressures that
vanishes at high pressures. The bottompart of the figure is of volumetric strain plotted
versus axial strain, showing the progressive suppression of dilatancy by confining
pressure. The transition to full plasticity is complete at about 300 MPa. (After Scholz,
1968a.) (Pressures labeled in kb.)
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{110}〈110〉 slip system is active. The {100}〈110〉 slip system only becomes active at high
temperatures, where it shows a yield strength that is strongly temperature-dependent
(Figure 1.30). The {110}〈110〉 system provides only two independent slip systems, so
that the von Mises–Taylor criterion for polycrystalline plastic flow is not satisfied until the
{100}〈110〉 system becomes active. As a result, polycrystalline MgO is brittle at room
temperature and pressure.

Paterson and Weaver deformed polycrystalline MgO, at a variety of temperatures, at
pressures of 0, 200, and 500 MPa. The yield stresses are shown in Figure 1.30. At low
temperatures the deformation is cataclastic and there is a marked effect of pressure on the
yield strength. Above 300°C the yield strengths decrease with temperature and the effect of
pressure on the strength also begins to decrease. At 650°C the polycrystalline strength
curves have intersected the yield strength curve for activation of the {100}〈110〉 slip system.
At that point, the strengths at 200 and 500 MPa have converged and coincide with that for
activation of the {100}〈110〉 system, which they follow at higher temperatures. At this point,
there is no longer any pressure dependence of the strength and the behavior is fully plastic.
The transition to full plasticity thus does not occur until the von Mises–Taylor criterion is
satisfied.

The brittle–ductile transition in quartzite was studied experimentally by Hirth and Tullis
(1992; 1994). They found that the transition involved a gradual change from cataclasis to three
regimes of dislocation flow over a range of several hundred degrees C, independent of strain
rate, from a most primitive regime with little textural evidence of dislocation climb and recov-
ery to a high-temperature regime in which climb and recovery was dominant. In albite, similar
transitions occur at several hundred degrees higher (Tullis and Yund, 1987; 1991). These
results, summarized in Tullis (2002), are shown in Figure 1.31.

Fig. 1.30. The relationship between the brittle–plastic transition in polycrystalline MgO
and the single-crystal behavior. The easy glide system is activated in the {100} crystals,
the hard system in the {111} crystals. The polycrystals only become plastic when both
systems are active. (After Paterson and Weaver, 1970.)
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The situation becomes more complicated for rocks of more geologic significance, because
they are often composed of several mineral species that contrast markedly in their ductility.
This is the case with quartzo-feldspathic rocks, which have been studied in the region of their
brittle–plastic transition by Tullis and Yund (1977; 1980). Their study followed a path of
increasing temperature, like C–D in Figure 1.28. In these rocks, quartz undergoes the brittle–
plastic transition at temperatures several hundred degrees lower than feldspar, which
because of its complex structure and very low symmetry is highly resistant to plastic flow
(see Figure 1.31). At the strain rate used, 10−6 s−1, the granite they studied was brittle at the
lowest temperatures and pressures. At higher temperatures and pressures the rock became
cataclastic, and they observed the following changes in microstructure in both the quartz and
the feldspar as temperature was increased: abundant microcracks; abundant microcracks with
some dislocations inhomogeneously distributed in planar zones; higher but still inhomoge-
neous densities of tangled dislocations with fewer microcracks; a cellular substructure of
dislocations with rare microcracks; a lower uniform density of straighter dislocations with
subgrains and no microcracks; and a uniform density of straight dislocations with recrystal-
lized grains. In “dry” granite the transition between dominant microcracking and dominant
dislocation motion occurred at approximately 300–400°C in the quartz and 550–650°C in the
feldspar. Over all conditions the deformation was inhomogeneous because of the polyphase
nature of the rock.

Tullis and Yund (1980) found that the addition of 0.2 wt% water to granite deformed
under these same conditions produced a pronounced weakening and enhanced ductility.
This was not due to a pore-pressure effect but was the combined effect of stress corrosion
enhancing microcracking and hydrolytic weakening inducing dislocation mobility. Of these
two effects, hydrolytic weakening dominated, so that the temperature for the aforemen-
tioned stages in the brittle–ductile transition was reduced by about 150–200°C for both
quartz and feldspar. Water content is therefore an extremely important variable in

Fig. 1.31. Plot of temperature versus strain rate showing the relation of deformation
mechanisms observed in experimentally deformed albite aggregates (solid lines) to
those observed in quartzites (light broken lines). For the quartz lines, sbfa is semibrit-
tle faulting; sbf, semibrittle flow; and r1, r2, and r3, the three regimes of plastic flow.
In albite, regime 1 is the low-temperature plastic flow regime. The transition to the
high-temperature regime 2 in albite has not yet been observed in the laboratory. (From
Tullis, 2002.)
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determining the flow behavior of silicates, and one that is only beginning to be explored. It
has been found that the brittle–plastic temperature can be induced at high temperature
simply by the addition of water to quartzites (Mainprice and Paterson, 1984) and clinopyr-
oxenite (Boland and Tullis, 1986).

1.3.4 Extrapolation to geological conditions

We may summarize the transition by showing, in Figure 1.32, data for Solnhofen limestone at
pressures and temperatures simulating depth within Earth (Rutter, 1986). Two transitions are
indicated in the figure: one between brittle and semibrittle (cataclastic) behavior, and a deeper
one between semibrittle and plastic deformation. The latter transition corresponds with the
limit of dilational strain and with the peak in strength. The figure is drawn for a strain rate of
10−5 s−1. Because plasticity is strain-rate-sensitive, at lower strain rates the peak strength will
be less and the transitions at shallower depths.

Stipp et al. (2002a;b) found a remarkable field locale where the Tonale fault, a major
strike-slip fault, cut across the contact metamorphic aureole of a granitic pluton. As a result,
the entire brittle to plastic transition could be viewed in a single transect. Studying deformed
quartz veins, they found the three regimes of plastic deformation of quartz identified in the
lab experiments of Hirth and Tullis. The onset of the brittle–plastic transition, from catacla-
site to plastic regime 1, occurred at 280°C. The transition was complete at the transition
from intermediate form 2 to regime 3 at ~500°C. These results, at an estimated strain rate
of ~5x10−13 s−1 allow the extrapolation of the data of Figure 1.31 to natural conditions, as
shown in Figure 1.33.

More general geological observations can be used to estimate the conditions under which
the brittle–plastic transition occurs in nature. Since both quartz and feldspar have only limited

Fig. 1.32. Stage is the brittle–plastic transition
for Solnhofen limestonedeformedat10−5 s−1.
The rock has been deformed at a series of
pressures and temperatures consistent with
different depths of burial. A broad semibrittle
field is seen between the cessation of brittle
faulting and that of dilatancy, which occurs at
the peak strength. (After Rutter, 1986.)
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slip systems, fully plastic flow in those materials cannot occur by glide alone, but must be
associated with recovery and recrystallization. For quartz this appears at about 300°C (Voll,
1976; Kerrich, Beckinsdale, and Durham, 1977) and, for feldspar, at about 450–500°C (White,
1975; Voll, 1976). This temperature difference for the onset of plasticity in these minerals is
in good agreement with the lab data shown in Figure 1.31 with the quartz calibration of Figure
1.33. Thus quartz begins to flow at about the beginning of greenschist facies metamorphism,
but feldspar does not begin to flow until well into the amphibolite grade. Between these two
states quartzo-feldspathic rocks behave as composite materials, with the quartz flowing and
the feldspar responding in a rigid, brittle manner, forming porphyroclasts, a common textural
feature of mylonites (Section 3.3.2).
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Fig. 1.33. Strain rate versus temperature diagram showing correlations of recrystalliza-
tionmechanisms between the experimental data for water-added samples of Hirth and
Tullis (1992) and data for natural samples from the Tonale shear zone (Stipp et al.
2002b) and from the Ruby Gap duplex (Dunlap et al., 1997). BLG, SGR, andGBM refer to
quartz fabrics that correspond to regimes r1, r2, and r3 shown in Figure 1.31.
(Modified From Stipp et al. [2002b], fig. 8b., Used by permission of the Geological
Society of London.)
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CHAPTER

TWO

Rock friction

Once a fault has been formed its further motion is controlled by friction, which is a contact
property rather than a bulk property. In the schizosphere the micromechanics of friction
involve brittle fracture, but frictional behavior is fundamentally different from bulk brittle
fracture. Here we examine this property in some detail and, in particular, discuss the stability
of friction, which determines if fault motion is seismic or aseismic.

2.1 THEORETICAL CONCEPTS

2.1.1 Historical

Friction is the resistance to motion that occurs when a body is slid tangentially to a surface
on which it contacts another body. It plays an important role in a great variety of processes.
It is always present in machines in which there are moving parts, and a significant part of
people’s energy consumption is used in overcoming friction. Because friction plays a role in
everyday life, its basic properties are common knowledge and have been since ancient
times. The ancients employed simple methods of lubrication to decrease friction in
machines and other methods to increase friction on slippery surfaces. The wheel was an
important invention primarily because it substitutes rolling friction for the much higher
sliding friction. In spite of our familiarity with friction, its basic nature remained obscure
until recent times.

The first systematic understanding of friction was obtained in the late fifteenth century by
Leonardo da Vinci. By careful experimentation, he discovered the twomain laws of friction and
further observed that friction is less for smoother surfaces. Leonardo’s discoveries remained
hidden in his codices and were rediscovered 200 years later by Amontons. In his paper of 1699,
Amontons described the two main laws of friction:
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• Amontons’s first law: The frictional force is independent of the size of the surfaces in
contact.

• Amontons’s second law: Friction is proportional to the normal load.

In addition, he observed the general rule that the frictional force is about one-third the normal
load, regardless of surface type or material. Static rock friction, as we shall see, is about twice
that.

FromAmontons’s time through the time of Coulomb, nearly 100 years later, amechanismof
friction that could explain these two laws was vigorously sought. During this period the
importance of surface roughness in friction was recognized. The subject was dominated by
explanations for friction involving various types of interactions between protrusions on sur-
faces, called asperities. Amontons and his contemporaries thought the cause of friction was the
interaction of asperities, which acted as either rigid or elastic springs. In the first case, friction
was viewed as being due to gravitational work done in asperities riding up over one another.
In the second case, asperities were seen as being elastically bent over during sliding; the amount
of deflection and hence friction increased with the load. For a given load, the deflection of each
asperity would be inversely proportional to the number of asperities, so that the summed
resistance would be the same regardless of the number of asperities, in accordance with the
first law. Although the shearing through or fracture of asperities was also thought to occur
sometimes, its role in friction was considered minor. In that case, friction would depend on the
number of asperities sheared, and hence, it was thought, would depend on the size of the
surfaces in contact.

The difference between static and kinetic friction was also recognized at that time, and
various explanations for it were proposed. Coulomb noticed, particularly for wooden surfaces,
that initial friction increased with the time the surfaces were left in stationary contact.
To explain this he imagined that the surfaces were covered with protuberances like bristles
on a brush. When brought together the bristles interlocked, and this process became more
pronounced the longer the surfaces were in contact. Coulomb used this mechanism to explain
the general observation that static friction is higher than kinetic friction.

The principal weaknesses of these early theories of friction were that they failed to account
for the energy dissipation characteristic of friction and for frictional wear. Both of these point to
asperity shearing as an importantmechanism, but to establish that required twodevelopments:
a model for asperity shearing that is still compatible with Amontons’s first law, and micro-
scopes that would allow examination of the surface damage produced during friction.

2.1.2 The adhesion theory of friction

The modern concept of friction is generally attributed to Bowden and Tabor (1950; 1964), who,
in a large body of work summarized in their treatises, investigated many different frictional
phenomena for a wide range of materials. Central to their work was their adhesion theory for
friction ofmetals, andmany of their experimental studies were aimed at testing various aspects
of this theory. Its concept is at once simple and subtle. They envisioned all real surfaces as
having topography, as in Figure 2.1, so that when they are brought together they only touch at
a few points, or asperities. The sum of all such contact areas is the real area of contactAr, which
is generally much smaller than the apparent or geometric areaA of the contacting surfaces. It is
only Ar, not A, that is responsible for friction. In their basic model, they assumed that yielding
occurs at the contacting asperities until the contacting area is just sufficient to support the
normal load N, thus
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N ¼ pAr ð2:1Þ

where p is the penetration hardness, a measure of the strength of the material. They then
supposed that, due to the very high compressive stress at the contact points, adhesion occurred
there, welding the surfaces together at “junctions.” In order to accommodate slip, these junc-
tions would have to be sheared through, so that the frictional force F is the sum of the shear
strength of the junctions,

F ¼ sAr ð2:2Þ

where s is the shear strength of the material. Combining the two equations, we can describe
friction with a single dimensionless parameter, the coefficient of friction μ:

μ ≡ F=N ¼ s=p ð2:3Þ

These results are elegantly simple. The crucial step occurs in Equation (2.1), in which we see
that the real area of contact is controlled by the deformation of asperities in response to the
normal load. This idea, which was not contained in any of the classical theories of friction,
explains Amontons’s first law. Because any constitutive law governing the shear interaction of
asperities (Equation (2.2)) is bound to predict a shear force proportional to Ar regardless of the
exact mechanism assumed, Equation (2.1) implicitly satisfies the second law as well, as long as
the equation itself is linear in N.

Fig. 2.1. Schematic diagram, in section and plan view, of contacting surface.
The stippled regions in plan view represent the areas of asperity contact, which
together constitute the real contact area Ar.
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The friction coefficient as given by Equation (2.3) is the ratio of two different measures of
strength of the same material, being that of the softer material if two different materials are in
contact. Therefore, to first order μ should be independent of material, temperature, and sliding
velocity, because s and p, though both strongly dependent on those parameters, differ between
themselves by only a geometric constant. These predictions are, to first order, all borne out by
experiment (see Rabinowicz, 1965). Furthermore, dramatic and important exceptions to
Equation (2.3), as for example, in the case of various types of lubrication, usually can be
found to result from specific mechanisms that allow Equation (2.1) or Equation (2.2) to be
violated.

Although the adhesion theory of friction conceptualizes the physical essence of the
frictional interaction, in most cases it does not predict the correct value for μ. If the
materials are ideally plastic, which is close to true for the ductile metals, and have a yield
strength in compression σy, then p = 3σy and s = σy/2. In this case, then, Equation (2.3)
predicts μ = 1/6, whereas the unlubricated friction of metals is usually two or three times
that value. This is because overcoming junction adhesion is usually not the only work done
in friction. Asperities often plow through the adjacent surface, or interlock, requiring
additional deformation that needs to be specified with additional terms in Equation (2.2).
Furthermore, reflection shows that Ar, as defined in Equation (2.1), is a minimum value, and
that it may increase with shearing. In normally brittle materials like rock, it may be argued
that the basic assumption behind Equation (2.1), that the surfaces yield plastically, is
incorrect: perhaps their contacts are elastic. Moreover, in that case asperities may fail by
brittle fracture rather than plastic yielding.

The adhesion theory of friction therefore can be used only as a conceptual framework.
In studying the friction of any class of materials over any given range of conditions, one is
often concerned with interface deformation mechanisms that are specific to those conditions
and materials. One therefore needs to ignore the overall triumph of the adhesion theory in
explaining the general constancy of μ and to study in detail the effects on friction of variables
such asmaterial type, temperature, sliding velocity, and surface roughness. Thesemay provide
clues to the deformation mechanisms involved and may also be important in specific applica-
tions. It is especially important for geological applications, where, in order to scale from
laboratory to geological conditions, we must understand the micromechanisms involved in
the process.

In so doing, it is important to recognize that a constitutive law that describes μ, as in
Equation (2.3), is actually a combination of two constitutive laws that describe different pro-
cesses: the contact of the surfaces, as in Equation (2.1), and the shearing of contacting surfaces,
as in Equation (2.2). There may be different mechanisms involved in these two processes, and
their interactions may be complex.

2.1.3 Elastic contact theory of friction

The view that the contact of surfaces occurs entirely by the mechanism of plastic yielding of
asperities, as expressed in Equation (2.1), seems counterintuitive in many cases. Certainly for
the harder materials, such as the silicates, we might expect contact to be largely elastic. If this
were true, the contact area for an asperity would obey Hertz’s solution for contact of an elastic
sphere on an elastic substrate, and

Ar ¼ k1N
2=3 ð2:4Þ
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where k1 combines the elastic constants and a geometrical factor. Combining thiswith Equation
(2.2), we predict the friction law

μ ¼ sk1N
�1=3 ð2:5Þ

A formula of the same formwas derived byVillaggio (1979). Bowden andTabor (1964) found
that friction of a diamond stylus sliding on a diamond surface obeys Equation (2.5). In general,
however, friction on extended surfaces of the harder materials obeys a linear friction law,
similar to Equation (2.3).

A solution to this paradox was found by Archard (1957). He studied the contact of surfaces
with a model in which the surface comprised a large number of spherically tipped elastic
indenters, each of which was covered by smaller spheres, and so on. Although each sphere
obeyed Hertz’s equation, he obtained an asymptotic solution in the limit of a large number of
hierarchies of sphere sizes that produced a linear law,

Ar ¼ k2N ð2:6Þ

where k2 contains elastic constants and the geometrical properties of the sphere distribution.
Equation (2.6), when combined with a constitutive law of the form of Equation (2.2), predicts
a linear friction law.

Greenwood and Williamson (1966) developed a more realistic model for contact of a rough
surface with a flat surface in which the rough surface was described with a random distribution
of asperity heights. This result was generalized to the case of two rough surfaces in contact by
Brown and Scholz (1985a). The closure δ of the surfaces under the action of a normal stress σn

obeys a constitutive equation approximately given by

δ ¼ B þDlogσn ð2:7Þ

where B andD are constants that scale with the elastic constants and are otherwise determined
by the topography of the surfaces. An experimental result verifying Equation (2.7) is shown in
Figure 2.2. The first time such surfaces are loaded there is a certain amount of permanent
closure, due to brittle fracture or plastic flow of asperity tips. After several cycles the closure,
though hysteretic, becomes completely recoverable, so that the contact is indeed elastic.
In more ductile rocks, such as marble, the permanent closure becomes more pronounced and
flattening of asperities by plastic flow can be observed (Brown and Scholz, 1986). Greenwood
and Williamson (1966) evaluated the contact of spherical tips and found that plastic flow is
expected when the closure exceeds a critical value δp ≈ k3ρ(p/E″)

2, where p is the penetration
hardness, ρ is the radius of curvature of the tips. E″ is an elastic constant, and k3 is a geometrical
factor. Thus, under sufficiently high loads, asperities of small ρ may flow plastically even for
normally brittle materials of high p. This elastic contact model also predicts that Ar varies
nearly linearly with load, as in Equation (2.6), where k2 depends on the elastic constants and the
topography of the surfaces.

Because the constitutive laws that govern the elastic contact of surfaces under the
action of normal stress – Equations (2.6) and (2.7) – are largely controlled by the topo-
graphy of the surfaces, it is important to understand the nature of surface topography.
Brown and Scholz (1985b) made a general study of the topography of rock surfaces over
the spatial bandwidth 10−5 m to 1 m. They found, as is summarized in Figure 2.3(a), that
natural rock surfaces resembled fractional Brownian surfaces over this bandwidth, with
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a fractal dimension D that was a function of spatial wavelength. A fractal surface
has a power spectrum that falls off as ω−ξ, where ξ is between 2 and 3, ω is spatial
frequency, and (5-ξ)/2 = D (see Mandelbrot [1983]). Differences between surfaces could
thus be characterized by differences in D and a roughness κ0 defined at an arbitrary
wavelength. For such a surface, then, roughness cannot be specified by rms asperity
height or similar measures frequently used in engineering practice, without specifying
the size of the surface. In contrast, surfaces that have been prepared artificially with
grinding machines exhibit a “corner frequency” in their spectra, which generally occurs at
a spatial wavelength close to that of the dimension of the grinding compound used, with
a smaller influence of the composition and grain size of the rock (Figure 2.3(b)). Thus,
such ground surfaces differ fundamentally from natural surfaces in their scaling proper-
ties. Fault topography has similar properties as that of joints and will be discussed in
Section 3.3.1.

To develop a friction theory based on elastic contacts we must combine the contact model
described above with the theory of elastic contacts subjected to shear. The elastic properties of
contacting surfaces under combined normal and shear loads with no-slip conditions were
obtained by Yamada et al. (1978) and Yoshioka and Scholz (1989a,b). The slip behavior of
elastic spheres in contact under the action of normal and shear loads is given by the solution
of Mindlin (1949) and illustrated in Figure 2.4. The normal tractions have a maximum in the
center of the contact circle and go to zero at its edge. The shear tractions, in contrast, have,
under no-slip conditions, a singularity at the edge of the contact circle (because this

Fig. 2.2. The closure δ of two elastic surfaces in contact under the action of a normal
load. The theoretical fit is obtained from an independent analysis of the surface
topography, using amodified version of the Greenwood–Williamson theory for contact
of elastic surfaces. (From Brown and Scholz, 1985a.)
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corresponds to the tip of an exterior crack) and have a minimum at the center. Consequently,
upon the application of an infinitesimal shear load slip begins immediately at the edge. As the
shear load is increased the slipping region propagates inwards as an annulus until the entire
contact circle is fully slipping.

Boitnott et al. (1992) modeled the problem of initial friction of an extended surface by
applying Mindlin’s solution to the full contact obtained from the measured topography of
the surfaces using the method of Brown and Scholz (1985a). Their results are shown in
Figure 2.5, where they are compared with experiments. Slip begins at the onset of applica-
tion of the shear stress, and the friction curve is well fit by assuming a microscopic friction
coefficient of μ = 0.33. The model can fit the data for only the first few micrometers of slip
because after that point the majority of asperity contacts are fully sliding and the initial
conditions assumed in the model are no longer applicable. The frictional resistance to slip
continues to rise during subsequent slip, eventually reaching a steady-state value about
twice the initial value. This results from the additional effects of other frictional interac-
tions which were not included in this model.

Fig. 2.3. Power spectra of the topography of rock surfaces: (a) spectrum from 1 m
to 10 µm of a natural joint surface; (b) spectra (1 cm to 10 µm) of ground
surfaces of various roughnesses. (After Brown and Scholz, 1985b.) In (a) the
fractal dimension, proportional to the slope of the curve, is found to be different
over different scale ranges, denoted A, B, and C. In (b) the corner in the spectra is
a result of grinding and occurs approximately at the dimension of the grit size of
the grinding wheel.
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2.1.4 Other frictional interactions

The real area of contact Ar is thus predicted to increase linearly with the load regardless of
whether asperity deformation is elastic or plastic. As noted in Section 2.1.2, this alone can
explain Amontons’s laws, provided that the shear failure law for sliding is of the form of
Equation (2.2), but the value of μ in different cases depends specifically on that equation.
It was also noted that the shearing of adhered junctions, in the basic Bowden and Tabor
model, is seldom sufficient to account for the observed friction. There are usually additional
processes that come into play that increase the friction (Jaeger and Cook, 1976, pp. 54–55).
The most common effects are shown in Figure 2.6. In the first of these, a hard asperity
penetrates into a softer surface, which it then plows through during sliding. If p is the penetra-
tion hardness of the softermaterial, a spherically tipped asperity with radius of curvature ρwill
penetrate until the radius of contact r is given by

N ¼ πr2p ð2:8Þ

During sliding the asperity will plow a groove of cross-sectional area, as derived in Jaeger and
Cook (1976):

Ag ¼ 2r3=3ρ ð2:9Þ

The force necessary to plow this groove will be of the order pAg, and that necessary to shear the
junctions at the surface of the asperity will be of the order πr2s. Adding these and using
Equation (2.8), we obtain,

Fig. 2.4. Elastic spheres in contact subject to normal and shear loads. A small shear load
results in slipping over an annulus surrounding a nonslipping region.
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F ¼ sN=pþ 2N2=3=3π3=2p1=2ρ ð2:10Þ

The first term is called the shearing termand is the same as in Equation (2.3). The addition of the
plowing term thus increases the friction and alsomakes it nonlinear. If the surfaces are initially
mated at some wavelength and have irregular topography with long-wavelength asperities, as
the natural surfaces in Figure 2.3(a), then when sliding commences the asperities may ride up
on one another, so that sliding occurs at a small angle ϕ to the direction of the applied force
F and the mean plane of the surfaces. If the friction coefficient is µ, then

F ¼ ½μþϕð1þ μ2Þ�N ð2:11Þ

Fig. 2.5. Initial frictional behavior at small displacements for several roughnesses and
loads. Solid curves are data, dot-dash curves are predicted from contact theory.
Experiments s10 and m10 are smooth and medium roughness at 10 MPa normal
load. Exp. m20 is at 20 MPa, and g7 at 34.5 MPa normal loads. (From Boitnott et al.,
1992.)

Fig. 2.6. Several types of asperity interactions: (a) plowing; (b) riding up; (c) interlocking.
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for smallϕ, so that there is an apparent increase in friction. This effect will also produce “joint
dilatancy” during sliding, since a component of the motion will be normal to the mean sliding
surface.

With natural surfaces with topography as in Figure 2.3(a), asperities will occur on all scales
and asperity interlocking, such as shown in Figure 2.6(c), is likely to be common. If the inter-
locking distance is greater than a critical value (Wang and Scholz, 1994b), sliding will occur by
shearing through the interlocked asperities. The force required for this is

F ¼ sAa ð2:12Þ

where s is the shear strength of the asperity andAa is its area. SinceAa>Ar, the contact area, this
will result in a larger friction than predicted by Equation (2.2). This mechanism also predicts
a large amount of wear, which is typical of rock friction.

The effects of plowing and asperity interlocking in the case of friction of metals have
been evaluated by Challen and Oxley (1979) and Suh and Sin (1981). They analyzed these
effects by assuming plastic flow as the deformation mechanism and concluded that their
contributions to friction were, in common cases, each of similar magnitude as junction
shearing. The friction of silicate rock, on the other hand, must certainly involve
a considerable amount of brittle fracture of asperities, as was first pointed out by Byerlee
(1967a,b). The strongest evidence for this is that frictional sliding of rock produces abun-
dant angular wear particles.

Biegel et al. (1992) and Wang and Scholz (1995) studied the evolution of friction from the
initiation of slip until steady-state friction was achieved, which, for their relatively finely
ground surfaces, required about a millimeter of slip. Their findings are schematically repre-
sented in Figure 2.7. Initial friction occurs by slip of normally contacting asperities at a low
friction value of μ ≈ 0.33, as shown in detail in Figure 2.5. Once full sliding occurs, asperity
interlocking results in an increase in friction, as expected from the oblique contact model of
Mindlin and Deresiewicz (1953). This is followed by a period of slip hardening associated with
a steady increase in real contact area as the surfaces wear into each other. Steady-state friction,
about twice the initial friction level, is achieved after sliding a characteristic distance, which
depends on the initial topography of the surfaces. This characteristic distance also corresponds
to the change from transient to steady-state wear.

Fig. 2.7. The evolution of friction from initial sliding to steady-state. Dss is the displace-
ment of steady-state. (From Wang and Scholz, 1995.)
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2.2 EXPERIMENTAL OBSERVATIONS OF ROCK FRICTION

Friction studies aimed at understanding earthquakes are concerned with friction of faults,
which have unmated topography and abundant wear material, and the goal is to understand
“steady-state” friction, achieved after initial frictional yielding, and the stability of friction,
which determines whether the sliding is seismogenic or not. These studies usually start with
ground surfaces, sometimes covered with artificial gouge.

2.2.1 Friction of bulk-structure rocks and minerals

Frictional strength for ground surfaces of a variety of rocks composed of bulk-structure
minerals is summarized in Figure 2.8. The principal finding is that friction is independent of
lithology. Friction at high loads is nonlinear. Thus, if friction is defined in the usual way, μ =
τ/σn, one would find that μ decreases with σn. Alternatively, Jaeger and Cook (1976, p. 56)
suggested the law

τ ¼ μ0σ
m
n ð2:13Þ

where μ0 and m are constants. Byerlee (1978) fitted the data with two straight lines,

τ ¼ 50 þ 0:6σn ð2:14aÞ

(in MPa) for σn > 200 MPa, and

τ ¼ 0:85σn ð2:14bÞ

at lower normal stress. At low normal stresses the variations of roughness produce large
variations in initial friction. Steady-state friction (Figure 2.7) is more reproducible because
variations of initial roughness are diminished after some distance of sliding as the roughness of
the surfaces plus wear detritus reaches a steady-state in equilibrium with the sliding.

This friction law is independent of lithology for bulk-structure rocks and minerals. It holds
over a very wide range of hardness and ductility, from halite to carbonates to silicates. To first
order it is also independent of sliding velocity and roughness, and, for silicates, up to temperatures
of 350°C (Stesky et al., 1974; Blanpied et al., 1995). These results are expected from the cohesion
theory of friction, Equation (2.3), for the reasons explained there. It has become known as Byerlee’s
law. Because of its universality one can use it to estimate the strength of natural faults. The friction
values shown in Figure 2.8 are for peak friction following the initiation of sliding on clear ground
rocksurfaces. Thiswill eventually evolve to a lower steady-state friction as gougedevelops and the
topography of the surfaces comes into equilibrium with the sliding mode. Steady-state friction
values are typically in the range of 0.6–0.75. Figure 2.7 shows this evolution at a finer scale and for
lower normal stress (~5MPa) levels than those typical of Figure 2.8.

2.2.2 Friction of lamellar minerals

It has long been known that materials with a plate-like structure, such as graphite, talc, and the
other phyllosilicates, have low friction relative to bulk-structure rocks andminerals. These are
shown in Figure 2.8 as the exceptions to Byerlee’s law. Because these minerals are often the
products of hydrothermal alteration of the bulk-structure minerals, which takes place prefer-
entially in the finely ground material in the cores of faults, they often become major
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constituents of fault gouge. These minerals may in these cases determine the strength of such
faults. We therefore need to pay special attention to the frictional properties of thesematerials,
which are much more complex than those of the bulk-structure minerals and rocks.
The friction of these materials has been the subject of a series of papers by Moore, Lockner,
and their colleagues, summarized in Moore and Lockner (2004), from which much of the
following is derived.

The basic structural element of phyllosilicates is a sheet network of silica tetrahedra. This
silica sheet, called the tetrahedral layer, is combined with another sheet-like grouping of
cations in six-coordination with oxygen and hydroxyl anions (the octahedral layer).
The tetrahedral layer is quite strong relative to its bonding with the octahedral layer, and it is
this strength anisotropy that results in both the strong cleavage on the basal plane and the low
friction of these materials.

In a bulk aggregate, in which the lamellae are randomly aligned, these minerals do not show
particularly low friction. But with shearing the lamellae become preferentially rotated into
alignment with the shear plane, and the friction then drops to the low values commonly
associated with these materials. This is owing to their strength anisotropy. In terms of the

Fig. 2.8. Frictional strength for a wide variety of rocks plotted as a function of normal
load. The lettered data points refer to phyllosilicates as indicated in the key. (From
Byerlee, 1978.)
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simple adhesion theory, Equation (2.3), s is the shear strength of shearing on a basal plane and
p is the strength normal to that plane. Because for thesematerials s≪ p, thenµ≪1. The primary
variable among the phyllosilicates is the bonding strength of the layers, which is related to their
shearing resistance. In Figure 2.9(a) are shown the dry friction coefficients of a variety of
lamellar minerals plotted versus the electrostatic separation energy of their layers, i.e. the
energy necessary to part the layers, which is a major part of their surface energy. Their friction
coefficients range all the way from 0.2 for graphite up to the Byerlee range for materials like
lizardite (the most common serpentine mineral).

Most phyllosilicates have charged surfaces and are hydrophilic. They adsorb water between
their layers, resulting in thin structured water films that can withstand normal stresses of
several hundred MPa (Renard and Ortoleva, 1997) and have measurable shear strengths that
are a function of film thickness (Israelachvili et al., 1988). This has the effect of further reducing
their friction because shear then takes place within the water layers rather than by sliding
between the basal planes (Moore and Lockner, 2004). Wet friction is shown for a variety of these

Fig. 2.9.Values of dry (a) andwater saturated (b) room-temperature friction coefficients
plotted versus calculated electrostatic separation energies for a collection of lamellar
minerals, expressed in units of kcal/mol. (From Moore and Lockner, 2007a.)
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minerals in Figure 2.9(b), versus electrostatic separation energy. Water saturation reduces the
friction for all of these materials except for graphite, which has a neutral surface and is not
wetted by water. The friction again depends on the bond strength or charge of the tetrahedral
layer, because this determines the strength of adsorption of the interlayer water. A similar
relationship can be found between friction and another measure of bond strength, the nano-
hardness in the cleavage direction (Zhang et al., 2013).

There have also been studies of mixtures of phyllosilicates that might occur in fault gouges,
such as various clays with quartz (Tembe et al., 2010), talc–serpentine and talc–quartz (Moore
and Lockner, 2011), talc–calcite (Giorgetti et al., 2015), montmorillonite–illite (Morrow et al.,
1992), and muscovite–halite (Niemeijer and Spiers, 2006), as well as natural phyllosilicate-rich
fault gouges (Carpenter et al., 2015; Collettini et al., 2009; Lockner et al., 2011; Sone et al.,
2012; Tesei et al., 2012). The main results of these studies are presented in Figure 2.10.
In Figure 2.10(a), friction as a function of composition is shown for the mixture lizardite–talc,
an example of a mixture of two phyllosilicates. In Figure 2.10(b) is shown the quartz–talc
combination; an example of a mixture of a weak phyllosilicate with a bulk-structure material.
Also shown are two mixture models: the Voight (V) model, which assumes equal strain in the
mineral phases, and the Reuss (R or MR) model, which assumes equal stress. The Voight model
can be visualized as a case in which the phases are arranged in parallel with the stress, whereas
in the Reuss model they are in series. One might expect that a mixture with a random fabric
might act closer to the Voight model whereas one with phyllitic texture, in which the foliation is
parallel to the shear direction, might behave in a manner closer to a Reuss model.

(b)

Fig. 2.10. (a) friction of mixtures of lizardite and talc as a function of their talc composi-
tion. (b) friction of mixtures of quartz and talc. V, R, and MR refer to Voight, Reuss, and
modified Reuss models, respectively. The curve marked A is another model called the
equivalent area model with properties similar to a Reuss model (from Moore and
Lockner, 2011). Squares and pentagons: friction of powdered and intact samples,
respectively, of Zuccale Fault mylonites, in which total phyllosilicate content (smectite
plus talc) is plotted as talc content (data from Collettini et al., 2009). All experiments at
100 MPa normal load. Moore and Locker experiments at 200°C. Collettini et al. experi-
ments at room temperature.
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At all compositions the lizardite–talc mixtures develop a phyllitic texture and behave like
a modified Reuss model (MR; see Moore and Lockner, 2011). On the other hand, the quartz–talc
mixtures behave like the Voight model at low talc concentrations, but then follow an MRmodel
above a critical talc content of about 15%. A likely interpretation of the latter is that a talc
content above aminimummust be present before a through-going phyllitic texture candevelop
(Tembe et al., 2010). In contrast, mixtures of the stronger phyllosilicates illite, kaolinite, and
muscovite with quartz follow the more linear predictions of the Voight model (Tembe et al.,
2010; Moore and Lockner, 2011).

The Zuccale Fault is a low-angle normal fault that is exposed on the island of Elba off the
west coast of Central Italy that is within the tectonic regime of the Northern Apennines. Its core
is formed by amylonitic gouge composed of calcite, tremolite, smectite, and talc. Collettini et al.
(2009) measured the friction of powdered samples of this gouge and also of intact samples slid
parallel to their in situ foliation direction. Their results, for samples with two different con-
centrations of phyllosilicate minerals, are shown in Figure 2.10(b) for comparison with the
quartz–talc results. Here the calcite and tremolite play the role of the quartz, and the smectite
and talc play the role of the talc in the quartz–talc mixture. The powdered samples show
behavior quantitatively similar to the quartz–talc mixtures, but the intact foliated materials
have much lower friction. This illustrates a phenomenon not readily accessible in laboratory
experiments. At the very large shear strains in natural faults a separation of the mineral phases
occurs according to their mechanical properties. This results in the compositional banding
often seen in polymineralic mylonites. In the Zuccale mylonite the phyllosilicates have sepa-
rated from the bulk-structure materials in bands parallel to shear so that the latter no longer
contribute to the frictional strength. The Zuccale mylonite behaves as a smectite–talc mixture,
with the left-hand pentagon in Figure 2.10 having 30% talc and right-hand one 45%. This
tendency of weak phyllosilicates to form thin bands which localize shear accounts for their
efficiency in lubricating faults even at surprisingly low concentrations.

2.2.3 Effect of ambient temperature, pressure, and pore pressure on friction

Temperature and ductility

It is observed that ambient temperature has little or no effect on frictional strength of either
metals or rock over a very broad range (Rabinowicz, 1965; Stesky, 1978). Because the effect of
temperature is largely to change the hardness andductility of thematerials, which, as discussed
in reference to Equation (2.3), have scant effect on friction, this observation is consistent with
the concepts presented so far.

As an example, we show in Figure 2.11 the friction of granite gouge as a function of
temperature (Blanpied, Lockner, and Byerlee, 1995). Friction is insensitive to temperature
over a very wide range for the dry case. The wet gouge is also insensitive to temperature up to
350°C but then its strength rapidly falls and displays a very strong positive slip-rate depen-
dence. Similar behavior was observed for fine quartz gouge by Chester and Higgs (1992).

This pronounced change for the wet granite at ~350° represents the friction–plastic transi-
tion, to be discussed in Section 2.4. The behavior below that temperature is frictional and above
it shearing takes place by low-temperature plastic flow within the gouge layer. The gouge
fabrics developed in the cool–wet or hot–dry conditions show strong grain-size reduction
and localization in the formation of Reidel shears, whereas gouge deformed under the hot-
wet conditions showed little grain-size reduction and no localization in Reidel shears with
more uniform deformation, except for the formation of sliding-parallel shear zones near the
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gouge rock interface (Blanpied et al., 1995). The mechanism of internal deformation of the
gouge reflects brittle comminution and granular mechanics in the first cases and low-
temperature crystal plasticity in the latter. We shall later discuss this data again with reference
to the friction–plastic transition (Section 2.4).

While ambient temperature has little effect on friction of bulk-structure materials, it does
have a systematic effect on the friction of wet phyllosilicates, as shown in Figure 2.12. In most
cases, their friction increases with temperature, at varying rates for different materials. This is
thought to result from elevated temperatures driving off and depleting the adsorbed water
layer. Talc is the exception: it has neutral charge basal sheets, is hydrophobic, and does
not develop a water layer. Its friction decreases to a minimum of 0.1 at 300°C, then recovers
at 400°C. For the behavior of talc at higher temperatures, see Escartin et al., 2008.

Pressure

As was shown in Figure 2.8, friction is independent of pressure for bulk-structure rocks up to
200 MPa. However, for wet phyllosilicates there is a nonlinear effect of pressure, as shown in
Figure 2.13. This effect is due to pressure reducing the thickness of the water layer, thereby
increasing its shear resistance. Among these materials, talc is again the exception. Talc friction
does not increase with pressure because it has no water layer. For a larger compilation, see
Moore and Lockner, 2007b.

Pore fluids and pore pressure

Water reduces the strength of rock in both the brittle and ductile regimes through stress-
corrosion effects on cracks and dislocations, as discussed in Section 1.2.4. The effect of water
saturation on frictional strength, shown in Figure 2.14, is quite different. Saturation has no
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Fig. 2.11. Friction of wet and dry granite gouge as a function of temperature. (From
Blanpied et al., 1995.)
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Fig. 2.12. Temperature dependence of the friction of wet phyllosilicates. Data sources:
muscovite, Van Diggelen et al., 2010; talc, Moore and Lockner, 2008; chrysotile,
antigorite, and lizardite, Moore et al., 1997, Moore et al., 2004; Ca-smectite and illite,
Kubo andKatayama, 2015. All are at 100MPa effective stress except smectite and illite,
at 60 MPa.

Fig. 2.13. Room-temperature strengths of some 2:1 phyllosilicates as a function of
effective normal stress. (From Moore and Lockner, 2008.)
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effect on the friction of the bulk-structure silicates (tectosilicates, in this case): quartz, albite,
and laumontite. Its weakening effect is primarily found in the phyllosilicates, where the
adsorption of a water layer between the sheets reduces their resistance to shear, as discussed
in the previous section. The effect of water in weakening these minerals can be considered
a form of lubrication. In contrast, water does not lubricate bulk-structure rocks and minerals.

Dieterich and Conrad (1984) studied the effect of humidity on rock friction by conducting
experiments in an atmosphere of dry argon and comparing them with identical experiments
done at normal laboratory humidity. They found that the base friction coefficient μ increased
from 0.55–0.65 under humid conditions to 0.85–1.0 under dry conditions. They also found that
several of the time and velocity effects on friction, which are important in determining the
stability in slip, were suppressed under dry conditions. Frye and Marone (2002) studied the
effect of humidity in the range 5–100% R.H. on the friction of quartz and alumina gouges. They
found no effect on base friction, but a strong effect of humidity on increasing frictional healing
during quasi-stationary holds.

This effect of humidity is distinct from the lubricating effect of a liquid phase and is not
limited to the phyllosilicates. Because surfaces have unbalanced charge, they are normally
covered with a layer of molecules adsorbed from the environment that reduces adhesion
between contacting surfaces. Because Dieterich and Conrad cleaned and baked their speci-
mens in a dry atmosphere before testing, they probably drove off much of this adsorbed
layer. This resulted in higher adhesion between the surfaces and hence higher friction. They
observed friction to drop to normal levels once water vapor was admitted into their
experimental chamber. An example of this behavior is the friction of graphite, which in
vacuum is quite high, about 0.5, but decreases to its characteristic low value in the presence
of water vapor or other polar gases (Bowden and Tabor, 1964, pp. 186–193). In the case of
graphite it is not the neutral sheet surfaces that are affected, but the edges of the sheets,
which are highly charged. They become very adhesive in vacuum and that is lost when their
charge is neutralized by the adsorption of gas ions from the atmosphere (Deacon and
Goodman, 1958). This is related to the effect of water on reducing the surface energy of

Fig. 2.14. Percentage decrease in frictional strength from dry to water-saturated con-
ditions for a variety of minerals found in fault gouges. (From Morrow et al., 2000.)
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silicates: the effect first observed by Obriemoff (1930. See Section 1.1.2; see also Parks,
1984). The loss of the velocity effects on friction in a completely dry environment is
because these depend on the time dependence of rock strength, which, as discussed in
Section 1.2.4, and in more detail in Section 2.3, is an environmental effect. The results of
Frye and Marone (2002) demonstrate this effect.

As might be expected, there is an effective stress law for friction. If two surfaces are in
contact, subject to an applied normal stress σn, and a fluid pressure p exists within the
noncontacting interstice between the surfaces, then

σnA ¼ p A�Arð Þ þ σcAr ð2:15Þ

where σc is the mean stress on the asperity junctions (here we use σc rather than p to denote
amore general contact strength that is not constant, but a function of time and temperature, as
in a flow law, see Section 2.3.2). From Equation (2.1) or Equation (2.6), σcAr = N, and since
N=A ¼ σn , the effective normal stress that controls contact and friction is then

σn ¼ σn 1�Ar

A

� 
p ð2:16Þ

Equation (2.16) defines the effective stress law for friction. In most cases Ar/A≪1, so that
friction can be approximated quite well with the simple effective stress law

τ ¼ μ σn � pð Þ ð2:17Þ

2.2.4 Wear

Frictional sliding is always accompanied by damage and erosion of the surfaces, a process
that is known as wear. There are several important mechanisms involved, particularly
adhesive wear and abrasive wear (Rabinowicz, 1965). The term adhesive wear refers to the
process in which junction adhesion is so strong that junctions shear off part of the adjoining
asperity, rather than at the junction itself, resulting in transfer of material from one surface
to the other. When there is a hardness contrast between opposing materials, the harder
material may plow through the softer and gouge material out, a process known as abrasive
wear. Because rocks often contain minerals of differing hardness, this type of wear is often
more important than adhesive wear (c.f. Engelder and Scholz, 1976). Furthermore, under the
conditions in which the rock-forming minerals are brittle, the wear process may be domi-
nated by brittle fracture, forming loose wear particles with angular forms. In the rock
friction literature, such loose wear detritus is called gouge, adopting the geological term
for the same material found in faults. Under more ductile conditions, adhesive wear may
become more important, and may contribute to the formation of mylonites in ductile fault-
ing (Section 3.3).

A theory of wear was developed by Archard (1953), which, although quantitatively describ-
ing the main properties of the process, is not specific about the mechanism, and provides
a physical understanding of the process. We begin by assuming that Equation (2.1) determines
the real area of contact, where, following the results of Logan and Teufel (1986), we use an
unspecified hardness parameter h in place of p. Then assume that the contacts are circular, of
diameter d, so that there will be n contacts, given by
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n ¼ 4N
πhd2

ð2:18Þ

and that each contact junction exists for an effective working distance de. We assume that de =
αd, where α is a constant with a value near unity, for which there is some experimental
justification (Rabinowicz, 1965). Then each junction must be replenished 1/de times per unit
of travel, so that the number of junctions per unit of travel is

Nd ¼ n
de

¼ 4N
απhd2

ð2:19Þ

The probability that any junction is sheared off during sliding is k, and on the assumption
that the fragment formed by shearing is a hemisphere of diameter d, the wear rate (defined as
the volume V of wear material formed per unit slip D) is given by

∂V
∂D

¼ Kπd3

12
Nd ¼ KN

3hα
ð2:20Þ

so that the volume of wear fragments formed in sliding through a distance D is

V ¼ KND
3hα

ð2:21Þ

which, neglecting the porosity change, produces a gouge zone of thickness

T ¼ κσD
3h

ð2:22Þ

where σ is the normal stress and κ = k/α is a dimensionless parameter called the wear
coefficient. If σ is constant during sliding, then there will be a constant wear rate

T
D

¼ κσ

3h
ð2:23Þ

Different assumptions can be made concerning the mechanism of wear, which results in
different geometrical factors in the equations (Rabinowicz, 1965), but here such details can be
lumped into κ.

Experimental results for the wear during rock friction usually show, however, that steady-
state wear instead follows the form

T
D

¼ awσ
m ð2:24aÞ

(Hirose et al., 2012; Lee and Rutter, 2004). Hirose et al. made a compilation of observed
values of the parameters in Equation (2.24a). The exponent m is typically in the range 1–4 for
slip rates≤0.11m/s, with higher values formore porousmaterials and lower values formarble.
Lee and Rutter also observed that the wear rate increases with porosity approximately as
a power law.

At sliding velocities greater than 0.2 ms−1 Hirose et al. found that wear rate increases
exponentially with σ for granite and diabase. At such high velocities frictional heating becomes
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important and they proposed that additional damage due to thermal cracking resulted in the
higher wear rates, a conclusion supported by AE measurements in similar experiments
(Passelègue et al., 2016). In contrast, for carbonates, Boneh et al. (2013) found that wear obeyed
the Archard equation at low slip velocities, but that at velocities in excess of about 0.1 ms−1

wear rates dropped to very low values. At these high velocities the surfaces of the carbonates
became very shiny, similar to the mirror smooth surfaces of seismogenic faults in carbonates
(see Section 3.3.1).

Boneh and Reches (2017) observed wear rate to increase with slowness (inverse sliding
velocity) as a power law. Combining this with the power-law stress dependence, they obtained
the empirical relation

T
D

¼ a
τ

V


 �b
ð2:24bÞ

expressed in terms of shear rather than normal stress. The exponent b was close to 1 for all
rocks tested (sandstone, granite, carbonate).

Archard (1953) assumed two possible mechanisms: that wear occurs by milling off the top
of the contact junctions, or that it occurs by the removal of lumps ofmaterial. He found that the
latter was more in agreement with the available data. The wear detritus from rock friction is
comprised of angular fragments, suggesting that brittle fracture results in either breaking off of
asperities or the plucking of fragments from the substrate. Micro-indentation tests of brittle
materials leave well-formed indenter-shaped pits, indicating that the deformation beneath the
indenter is by low-temperature plastic flow. Brittle deformation beneath the contact is inhib-
ited by the large hydrostatic pressures there (Evans and Goetze, 1979). However, tensile stres-
ses at the edges of contacts result in the formation of cone (ring) fractures there (Brace, 1963;
Lawn, 2010, chapter 8). This is illustrated by a sketch of an indentation in quartz in Figure 2.15
(a). Figure 2.15(b) illustrates a wear groove in quartz made by a moving sapphire stylus.
The formation of the primary groove is by plastic deformation, but partial ring cracks can be
observed to form at the trailing edge of the stylus (Engelder and Scholz, 1976; Lawn, 1967).
The fragmentation of areas undermined by ring cracks is a likely source of the angular wear
detritus typically formed in rock friction. Thus, it seems that deformation of frictional contacts
is largely by plastic flow but wear is volumetrically dominated by brittle fracture enabled by the
growth of ring cracks and other contact-generated cracks. Ring cracks, though stable, can grow
subcritically by stress-corrosion cracking. This follows a power law in stress (Equation (1.52))
which led in Lee and Rutter (2004) to suggest that this was responsible for the power-law
behavior of wear as expressed in Equations (2.24a) and (2.2.4b).

The wear law described above is for the case of steady-state wear. A complete wear curve
(Figure 2.16) also contains a transient “running-in” phase, in which high initial wear rates decay
exponentially with sliding until a steady-state rate is finally achieved. Wang and Scholz (1994b)
modeled wear with a random surface contact model. They showed that the transient wear was
due to the shearing off of interlocking asperities, whereas the steady-state wear corresponds to
a steady removal of the uppermost surface of the remaining topography.

In most of the wear experiments described above, the wear material is continuously
removed during the experiment, so that the wear is of friction on bare rock surfaces.
The experiment shown in Figure 2.16 is an exception in which the wear material is prevented
from escaping frombetween the contacts with Teflon sleeves. In such a case, as wear continues,
the surfaces at some point will become completely separated by gouge, and the frictional
properties will then become more a property of the gouge than of the surfaces. Much of the
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shear then takes place as granular flow within the gouge and the wear rate from the rock
surfaces becomes diminished (so-called three-body wear [e.g. Boneh et al., 2014; Rabinowicz,
1965]). This is a more appropriate model for the wear of faults (although see Power et al., 1988,
who argued based on the fractal topography of faults that they should be in a perpetual state of
running-in wear). The cataclastic flow of the gouge is dominated by grain comminution and by
dilatancy during shear (Sammis et al., 1986; Marone, Raleigh, and Scholz, 1990). In experiments,
it is found that comminution produces a fractal, or power-law, size distribution of grains, also
observed in natural fault gouges (Sammis et al., 1986; Marone and Scholz, 1989). Once shear, or
grain-size reduction, has reached a critical level, further deformation becomes localized in
Reidel shears at an acute angle to the shear zone, or in localized bands parallel to the shear
plane, within which further grain-size reduction occurs. The dilatancy that accompanies the
shear of these granular materials has a strong stabilizing effect on their slip, which will be
discussed further in Section 2.3.3.

2.2.5 Friction at high sliding velocities

A typical slip velocity in an earthquake is ~1 ms−1. Frictional heating should be severe at such
velocities, and it has long been suspected that this might produce pronounced weakening
through such effects as thermal pressurization of pore fluids (Sibson, 1973) or melting

Fig. 2.15. (a) Drawing in cross section of a microindention in quartz, with a ring crack
emanating from one edge (from Brace, 1963). (b) A groove made by a sapphire stylus
moving from left to right across quartz, illustrating partial ring cracks. Width of field of
view is 0.02 cm. Stylus moved from left to right. The stylus was stick-slipping: partial
ring cracks formed at the trailing edges of stylus rest spots (from Engelder and Scholz,
1976).
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(McKenzie and Brune, 1972). With the advent of high-speed rotary friction apparatus it has
become possible to investigate these possibilities.

The results of such work, summarized by Di Toro et al. (2011), are shown in Figure 2.17.
Figure 2.17(a) shows friction as a function of sliding velocity for a wide variety of geologic
materials. In all cases friction, which at low velocities is in the Byerlee range, begins to fall, at
first gradually and then precipitously, at velocities in excess of 10−4ms−1, to values in the range
0.1–0.3 at coseismic slip velocities. Figure 2.17(b) shows that this weakening begins abruptly at
a power density of about 10−2 MWm−2, demonstrating the thermal nature of this transition.

In the high-speed experiments on bulk-structure materials friction was observed to drop
from the Byerlee value to a steady-state value over a thermal slip distance (see Figure 4.14(a)).
This varied with rock type (and weakening mechanism) but was empirically found to decrease
according to a power low in normal stress. Extrapolating the experimental results, which are at
low normal stresses, to seismogenic conditions (normal stress > 200 MPa) suggests that the
thermal slip distance may be of the order of 10 cm, which would make such weakening
realizable for moderate to large earthquakes.

There are a host of thermally driven mechanisms that produce weakening at high slip
velocities, many of which are listed in the legend to Figure 2.17 (for reviews, see Niemeijer
et al., 2012; Tullis, 2015). Experiments with gabbro produce frictional weakening through bulk
melting (Hirose and Shimamoto, 2005; Tsutsumi and Shimamoto, 1997). The details of these
observations are shown in Figure 2.18. There are two peaks in friction. The drop from the initial
peak through the thermal slip distance to the first minimum in friction is shown in expanded
scale in Figure 2.18(b). The weakening mechanism in this case is believed to be flash heating
(Beeler et al., 2008; Rice, 2006). The normal stress on contacts is very high, σc = σn(A/Ar), and
the corresponding shear stress τc = µσc is proportionally high, so even during the short

Fig. 2.16. A complete wear curve for Westerly granite, σn = 3 MPa. The initial exponen-
tial part is the running-in wear, which eventually evolves to steady-state wear at
a constant rate. The curve fitting the data is ∂V/∂D = k1[V0 − V(D)] + k2Ar, where V0 is
the initial excess roughness, Ar the real area of contact, and k1 and k2 are two wear
coefficients.
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intermittent duration of sliding on contacts, tc, the rise in their temperature Δt can be very high,
according to

DT ¼ τcV
ffiffiffiffi
tc

p

ρCp
ffiffiffiffiffiffiffi
πκ

p ð2:25Þ

Fig. 2.17. (a) Steady-state friction coefficient versus sliding velocity. There is a marked
weakening at slip speeds approaching coseismic velocities. (b) Steady-state friction
coefficient versus power density. (From Di Toro et al., 2011.) (A black and white
version of this figure appears in some formats. For the color version, please refer to
the plate section.)
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where V is sliding velocity, ρ is rock density, Cp specific heat and k is the thermal conductivity
(Rice, 2006).

Frictional weakening can thereby occur by local melting or another phase transition at the
contacts well before the occurrence of bulkmelting of the surfaces. Points c to d in Figure 2.18(a)
show a period of strengthening that is observed to follow the appearance of melt pools (Hirose
and Shimamoto, 2005). This is the result of “viscous braking”: the viscosity of dry silicatemelt at
the melting point is very high, so that when sliding first changes from slip between the solid
surfaces to shear within the melt the sliding resistance increases. The second peak of friction
occurswhen themelt layer becomes continuous. Shear then localizes because the viscosity of the
melt decreases exponentiallywith temperature, therebyproducing a “thermal runaway” instabil-
ity characterized by pronounced weakening (Fialko and Khazan, 2005; Fleitout and Froidevaux,
1980). A steady state is reached when the shear is concentrated to a thin sheet in which the
temperature is well above the melting point (Nielsen et al., 2008; 2010). In experiments on the
same gabbro at higher normal stress in the presence of water, the weakening was smoother;
evidently, the two weakening mechanisms merged because the first was delayed by the cooling
effect of the water, and the second advanced because of the higher frictional work (Violay et al.,
2014). Anotherway inwhichweakening can occurwell before bulkmelting is by the development
of hot spots. Any heterogeneity in normal stress (by, say, elevated topography) will preferentially
heat, which, because of the positive feedback of thermal expansion, can lead to a thermoelastic
instability and local melting (e.g. Brown and Fialko, 2012). This is a serious problem in the failure
of brake systems, and there is a large literature devoted to it (e.g. Zagrodzki, 2009).

In quartz-rich rocks undergoing shear the quartzmay become amorphitized and formsilica
gel in the presence of water. This seems to be the mechanism for the weakening of novaculite
(gray triangles in Figure 2.17) (Di Toro et al., 2004; Goldsby and Tullis, 2002; Nakamura et al.,
2012). The onset of this weakening occurs when the contact temperatures are still fairly low, at
lower velocities than other weakening mechanisms, but weakening progressively develops at
higher velocities. The reason for the strong weakening with increased velocity is poorly under-
stood but has been attributed to thixotropy of the silica gel. Reches and Lockner (2010) found
a pronounced weakening in granite friction at intermediate velocities, which they attributed to

Fig. 2.18. Friction of gabbro at a slip rate of 0.85 ms−1 and normal stress 1.5 MPa. (a)
Two episodes of slip weakening are observed, from a to b and from d to e. (b)
An expanded view of the weakening from a to b. (From Hirose and Shimamoto, 2005.)
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powder lubrication by the layer of gouge that had been formed. On the other hand, Yao et al.
(2016) studied friction of MgO nanograins sandwiched between materials of differing thermal
conductivity, so as to separate the variables velocity and temperature. They concluded that
“powder lubrication” by rolling of nanograins did not result in low friction. They found instead
that weakening at high velocities must be thermal in nature and favored a flash heating
mechanism.

Weakening of friction of carbonate rocks at high velocity takes place by frictional heating
causing decomposition of the carbonate to CO2 plus the oxides CaO and MgO at temperatures
between 700°C and 900°C (De Paola et al., 2011a, b; Han et al., 2007). In high-speed friction
experiments with dolomite, De Paola et al. observed twoweakening stages. In the first stage slip
resistance was very low and not dependent on normal stress. They attributed this to a high CO2

pressure contained between the sliding surfaces. This was followed by minor strengthening,
interpreted to mark the release of the CO2, up to a plateau in friction that was dependent on
normal stress. The decomposition reaction produced nanoparticles a few tens of nm in size that
form a mirror smooth striated surface, an example of which is shown in Figure 2.19(a).
Figure 2.19(b) shows the porosity that results from the decarbonization of the originalmaterial.
The second period of very low friction is believed to result from sliding on the nanoparticles,
but their precise role is debated. Han et al. (2011) argued that it is caused by rolling of the
nanoparticles, a form of powder lubrication. It has also been argued that the nanograins behave
superplastically by grain boundary sliding, a mechanism favored by their small grain size
(Green et al., 2015; Verberne et al., 2014a). Amorphous carbon is also produced during dec-
arbonization and may play an important role in the weakening during flash heating of carbo-
nates (Spagnuolo et al., 2015).

The frictional strengths of saturated clay minerals, though weak already, are further wea-
kened at high sliding velocities (Faulkner et al., 2011). This weakening is accompanied by
dilatancy (Ferri et al., 2010), which supports the idea that it results from thermal pressurization

Fig. 2.19. Micrographs of sliding surfaces produced on dolomitic marble slid at 1 m/s
with a normal stress of 10 MPa. (a) The mirror-like striated sliding surface can be seen
at the bottom. Above this are seen the very small grains (often ≤ 20 nm) covering the
surfaces. (b) Image at lower magnification showing the mirror sliding surface with
porosity due to decarbonation of the original grains underneath. Secondary electron
scanning electron microscope images by Andrea Cavallo, Elena Spagnuolo, and Giulio
Di Toro. (Courtesy of Giulio Di Toro.)
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of adsorbed water trapped by the low permeability of the clay, thereby reducing the effective
normal stress. Such thermal pressurization may be enhanced by fluids produced from clay
dehydration reactions induced by frictional heating (Brantut et al., 2010).

A common feature of all the thermally driven weakening mechanisms is that they are self-
limiting. If the friction drops too low, heating will be reduced so that friction will again rise, and
so forth, in a feedback loop. This is why, in high-speed friction experiments, friction reaches
a steady state rather than continuously dropping to lower values.

We can study these effects using a rock friction constitutive law that, because of observa-
tions like those shown in Figure 2.15, assumes that friction at the contact level is by low-
temperature plastic flow (Aharonov and Scholz, 2018a). Details of this model will be presented
in Section 2.3.2; here we discuss only the thermal weakening aspects. The particular weakening
mechanism assumed in these calculations is contact weakening due to flash heating, and the
material is assumed to be quartz.

Figure 2.20 shows the calculated steady-state temperature of contacts as a function of slip
velocity under conditions similar to that of the experiments in Figure 2.17 (normal stress 5 MPa
and ambient temperature 30°C). A suite of runs is shown that employ a range of plausible
mechanical and thermal variables. At velocities below a critical value of about 10−4 ms−1,
frictional heating is negligible, and above it the contact temperature rises rapidly.
The variation among themodels within this range is primarily from assumptions of the contact

Fig. 2.20. Steady-state contact temperature Tc as a function of sliding velocity calcu-
lated froma constitutive law (Aharonov and Scholz, 2018a). Ambient temperature 30°C
and normal stress 5 MPa. The material is quartz. Different runs are for a variety of
assumed parameters within plausible ranges. The parameters that most affect the
frictional heating regime are contact diameter and thermal diffusivity (contact dia-
meter for runs 7,5,2 were 15,10,10 µm, for 3,6,1, were 1 µm). (From Aharonov and
Scholz, 2018a.)
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diameter and the thermal diffusivity. A range of “weakening temperatures” was assumed for
quartz from 1000°C to 1400°C (Rice, 2006). When those temperatures are reached they are held
constant and friction is adjusted accordingly.

Steady-state friction versus velocity is shown in Figure 2.21. Note its close correspondence
with the data shown in Figure 2.17(a). At low velocities there is only a second-order velocity
effect on friction, as expected from the empirical rate/state friction law (Section 2.3.2). In the
intermediate velocity range, from 10−4 ms−1 up to ~10−2 ms−1 or somewhat higher, friction
drops because of the effect of temperature on the plastic flow laws governing contact deforma-
tion rather than any specific weakeningmechanism likemelting. Melting of the contacts occurs
at higher velocities and results in more pronounced weakening.

Although these calculations are for a specific weakening mechanism, the contact tempera-
ture rises so rapidly at high sliding speeds that any assumed thermally driven weakening
mechanism will produce results qualitatively similar to Figure 2.21. For example, if the
assumption was the weakening of marble friction due to the decomposition of calcite to lime
and CO2 at 720–900°C (Han et al., 2007), the calculations would predict weakening at only
slightly lower velocities than those of Figure 2.21.

The results of this sectionmake clear that friction of geologic materials measured at sliding
velocities in the coseismic range is much smaller than friction measured at low velocities.
In most cases this can be seen to be the result of frictional heating that triggers various
weakening mechanisms that operate at high temperatures.

The high-speed friction experiments demonstrate that frictional melting is expected
to occur in earthquakes if the shear is sufficiently localized. It is therefore important to
study the occurrence of natural friction melt in faults zones, pseudotachylyte (Lin, 2008).
The experimental friction-melting results can be extrapolated to natural pseudotachy-
lyte-bearing faults, indicating that this mechanism can operate in some earthquakes (Di

Fig. 2.21. Steady-state friction obtained from the same calculations as in Figure 2.20.
Three regimes are predicted: a regime dominated by the rate/state friction law at low
sliding velocities, a regime of intrinsic thermal weakening of the friction law at inter-
mediate velocities, and at high velocities the onset of specific weakeningmechanisms,
which in the case calculated, is fromflash heating. (FromAharonov and Scholz, 2018a.)
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Toro et al., 2006; Di Toro et al., 2009). However, pseudotachylyte appears to be quite rare
(Sibson and Toy, 2006), or perhaps present in too-small quantities to be easily recognized
(Kirkpatrick et al., 2009). This is possibly because melting occurs only locally from flash
heating, leaving only miniscule quantities of pseudotachylyte (Goldsby and Tullis, 2011;
Noda et al., 2009). Another similar mechanism, which would also leave only localized deposits
of pseudotachylyte, is weakening due to the development of hot spots. The overall evidence
points to bulk melting during earthquakes being volumetrically uncommon. Another reason
for the rarity of pseudotachylyte is discussed in Section 3.3.2.

There is no such difficulty with faults in carbonates. Natural surfaces of faults in
carbonates look very similar to those produced in high-speed friction experiments; com-
pare Figure 2.19 with Figure 3.31b. This suggests that the same processes are at work
(Siman-Tov et al., 2013). However, such mirror smooth surfaces can also be produced in
carbonates at subseismic velocities, so they are not diagnostic of earthquake slip (Verberne
et al., 2014b). In regions in which the fault zone is dominated by clay gouges, such as
subduction zones, thermal pressurization may be an important mechanism (Noda and
Lapusta, 2013), and this could weaken the fault and prevent melting. There is evidence
for this from earthquake observations (Viesca and Garagash, 2015), but experiments are not
conclusive on its efficacy (Proctor and Lockner, 2016; Violay et al., 2015).

2.3 THE STABILITY OF FRICTION: STICK-SLIP AND STABLE SLIDING

2.3.1 Introduction

If there is any variation of frictional resistance during sliding, a dynamic instability can occur,
resulting in very sudden slip with an associated stress drop. This often occurs repetitively: the
instability is followed by a period of nomotion duringwhich the stress is recharged, followed by
another instability. In such systems essentially all sliding occurs during the instabilities. This
common frictional behavior is called regular stick-slip. The conditions for an instability are
illustrated in Figure 2.22(a), where we consider a simple frictional slider loaded through
a spring with stiffness K. The spring stiffness may represent either the stiffness of the loading
machine used in the laboratory or the elastic properties of the medium surrounding a fault.
Suppose that the frictional resistive force F of the slider is like that shown in Figure 2.22(b) in
which it has a maximum followed by a decrease with continued slip. During the latter stage the
spring unloads following a line of slope −K. If a tangent point B is reached, Fwill decrease faster
with u than K, and an instability will occur because there will be a force imbalance that will
produce an acceleration of the slider. Beyond point C, F becomes greater than the force in the
spring and the slider decelerates, coming to rest at point D, where (in the absence of other
dissipation) the area between the curves between B and C is just equal to that between C and
D. The condition for instability,

∂F
∂u

���� ���� > K ð2:26Þ

is therefore a property of both the friction of the slider and the elastic properties of the
environment that is loading it (recall the discussion of the role of boundary conditions on the
stability of cracks, Section 1.1.2).

Notice that the stick-slip instability does not initiate at the peak friction in Figure 2.22(b).
It has been shown experimentally that under conditions of strong spatial stress gradients the
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instability can occur under various states of mean and local friction, rather than being defined
as occurring at a fixed static friction level (Ben-David et al., 2010a; Ben-David and Fineberg,
2011). Thus, static friction cannot be considered as a strength in the conventional sense. We can
only treat it as such under conditions of uniform stress.

Regular stick-slip is commonly observed in the frictional sliding of rock, which led Brace
and Byerlee (1966) to propose it as the mechanism of earthquakes. Because earthquakes are
recurring slip instabilities on preexisting faults that remain stationary between earth-
quakes, they are, by definition, a stick-slip phenomenon. The significance of the Brace and
Byerlee paper is in the emphasis on stability, not strength, in explaining the mechanism of
earthquakes. Their paper therefore initiated the modern era of earthquake mechanism
studies.

The frictional behavior in which strength falls with slip, as sketched in Figure 2.22(b), is
known as slip weakening. This type of behavior may sometimes be observed, and may result
in unstable slip. Early models of the stick-slip instability in rock friction concentrated on
this type of behavior (Byerlee, 1970). However, slip weakening does not intrinsically provide
a mechanism for the frictional strength to regain its prior level and hence will not lead to
regular stick-slip that oscillates around a mean friction level: a behavior that is often
observed in experiments and which is the type of behavior that is required to explain
earthquakes.

The idea fromCoulomb’s time is that a static friction coefficientμsmust be exceeded for slip
to commence, during which slip is resisted by a dynamic friction μd. If μs>μd, unstable slip will
occur. However, for regular stick-slip, there must be a mechanism for the friction to regain its
static value following the unstable motion. Such a “healing” mechanism was first shown by
Rabinowicz (1951; 1958), in that if two surfaces are held in stationary contact under load for
a time t, then μs increases approximately as log t.

Rabinowicz alsomade the crucial observation that there was a critical slip distanceDc in order
for friction to change fromonevalue to another. If a block in stationary contact onan inclinedplane
is impacted by a ball, it must slip a critical distance before friction breaks down from the static to
the dynamic value. In any friction experiment fluctuations occur in the friction force, and these are
only correlated at distances shorter than a critical slip distance,Dc, which he found to be approxi-
mately equal to the mean diameter of the contact junctions (Rabinowicz, 1956). These two phe-
nomena will lead to a slip instability when

Fig. 2.22. Schematic diagram illustrating the origin of frictional instability: (a) a block-
slider model; (b) a force–displacement diagram showing a hypothetical case in which
the frictional resistance force falls with displacement at a rate faster than the system
can respond.
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ðμs � μdÞσn

Dc
> K ð2:27Þ

Rabinowicz also found, in systems that exhibited regular stick-slip, velocity weakening: i.e.
at steady-state sliding velocity V, μd decreased with log V. The healing and velocity-weakening
effectswere first observed for rock friction byDieterich (1972) and Scholz,Molnar, and Johnson
(1972), respectively. The significance of the velocity dependence was not fully understood,
however, until Ruina (1983) showed that if a velocity-strengthening system undergoes a slip
instability, the unstable motion will be quickly damped down to a state of stable sliding.
A velocity-weakening system, on the other hand, will, no matter how carefully driven, always
exhibit growing oscillations and reach a state of regular stick-slip. The healing mechanism,
therefore, can result in slip instabilities if the conditions of Equation (2.27) aremet, but by itself
is insufficient to cause regular stick-slip: for the latter to occur, the friction must be velocity
weakening.

Fig. 2.23. (a) Measurements of the variation in static friction with hold time for initially
bare rock surfaces (solid symbols) and granular fault gouge (open symbols). (b)
Friction versus displacement showing static friction and Δμs in slide–hold–slide experi-
ments. Hold times indicated in seconds, and sliding velocity is 3 μm/s. (c) Dynamic
coefficient of friction shown versus sliding velocity. (d) Data showing the response to
a sudden increase of sliding velocity. There is first a transient increase, followed by
a decay to a new dynamic friction value. (From Marone, 1998a.)
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2.3.2 Rate effects on friction: the rate and state variable friction laws

The effects of time and velocity on friction are shown in Figure 2.23. Figure 2.23(b) shows
slide–hold–slide experiments in which steady-state sliding was followed by a quasi-static
holding for a hold time t, followed by a resumption of slip at the same slip velocity as before.
An increase of friction, Δμs, is observed upon reinitiation of sliding, followed by a decay to
the previous steady-state value: this is the healing effect. Thus, the static friction, μs,
increases logarithmically with hold time (Figure 2.23(a)). A velocity stepping test is shown
in Figure 2.23(d), in which the slip velocity is suddenly increased by an order of magnitude.
An immediate increase in friction occurs (the so-called direct effect), followed by a decay
over some sliding distance to a new (in this case smaller) steady-state value. The dynamic
friction, μd, depends logarithmically on sliding velocity. In the case shown the dependence is
negative: this is velocity weakening (Fig. 2.23c).

These observations were fit by an empirical constitutive law by Dieterich (1979a) and
subsequently put into a rate- and state-dependent friction (RSF) formulation by Ruina
(1983). RSF is described by two, coupled, first-order differential equations in two variables:
slip velocity V, and a state variable θ that describes the state of the contact, often interpreted as
being the real area of contact. Equation (2.28) describes the relationship of the frictional
strength with V and θ:

μ ≡ μ V ;θð Þ ¼ μ0 þ a ln
V
V0

� 
þ b ln

V0θ

Dc

� 
ð2:28Þ

where a and b are frictional properties,Dc is a characteristic slip-weakening distance, and µ0 is
friction at a reference velocity V0. This equation must be coupled with an evolution law for θ in
terms of the other variables. The form of this evolution law has been the subject of much
debate. The most widely used forms are:

_θ ¼ 1� Vθ

Dc
ð2:29aÞ

and

_θ ¼ �Vθ

Dc
ln

Vθ

Dc
ð2:29bÞ

where (2.29a) is called the Dieterich or Aging Law and (2.29b) the Ruina or Slip Law. The aging
law indicates that state increases when V = 0, whereas the slip law requires slip to occur: no
evolution in state occurs unless V ≠ 0.

Neither of these evolution laws is consistent with all the experimental data. Only the slip law
properly describes the response to velocity jumps, such as in Figure 2.23(d). On the other hand,
experiments such as Figure 2.23(b) and Figure 2.24 show that state can change with stationary
contact. These are serious deficiencies. The response to velocity jumps is critical to the form of
earthquake nucleation (Ampuero and Rubin, 2008), and its behavior during stationary contact
determines the healing during interseismic periods (Marone et al., 1995). This quandary led
Nagata et al. (2012) to propose a third evolution law:

_θ ¼ 1� Vθ

Dc
� c
b
θ

_τ

σ
ð2:29cÞ
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Fig. 2.24. Contact area between rough surfaces of acrylic plastic plates with a) increas-
ing normal load and b) increasing time of stationary contact. (From Dieterich and
Kilgore, 1994.) (A black and white version of this figure appears in some formats. For
the color version, please refer to the plate section.)

Fig. 2.25. Schematic diagram showing the response to e-fold velocity changes and
defining the terms in the rate–state friction law.
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which now includes a dependence on stressing rate and another constant, c. When c = 0 this is
identical to the aging law. For larger values of c it can fit the data for velocity steps as well as or
better than the slip law (Bhattacharya et al., 2015; Nagata et al., 2012). However, the debate
regarding the correct form of the evolution law is probably far from over.

This friction law (Equation (2.28)) applies not only to rock, but to a wide variety of materials
such as plastic, glass, and paper (Dieterich and Kilgore, 1994; Heslot et al., 1994; Baumberger,
Berthoud, and Caroli, 1999).

For all the evolution laws, steady-state friction occurswhenVθ ¼ Dc . The friction at steady-
state velocity V is then:

μss ¼ μ0 þ ða� bÞln V
V0

� 
ð2:30Þ

so that, if μd is defined as μss at velocity V, as in Figure 2.23(c), then

dμd

d lnVð Þ ¼ a� b ð2:31aÞ

In the static case, Equation (2.29a) reduces to θ = t, so for long hold times

dμs

d lntð Þ ¼ b ð2:31bÞ

These two relations are illustrated in Figure 2.25. The friction parameters a and b are always
positive quantities of the order 10−2. Upon a sudden jump in the loading point velocity from V1

to V2, as in Figure 2.23(d), the velocity of the slider reaches V2 at the peak of the response spike.
If the loading system is sufficiently stiff, this will take place with a time lapse short with respect
to the age of the contacts, θ1 = Dc/V1 so that the age can be considered constant. Thus, the
friction jump of the direct effect is given by

Dμ ¼ aln
V2

V1

� 
ð2:31cÞ

The response to a velocity stepping step is summarized in Figure 2.25. The slip distance over
which friction evolves from the direct effect to steady state is determined by Dc, which, for
laboratory samples, is in the µm range.

RSF is an empirically based formulation and is consequently rather opaque in terms of its
meaning regarding physical processes. This is a hindrance both in terms of interpreting experi-
mental results and extrapolating the use of the friction law to earthquakes and faulting. There
has been steady development toward a friction constitutive law based on the physics of contact
deformation (Baumberger et al. 1999; Baumberger and Caroli, 2006; Brechet and Estrin, 1994;
Chester, 1994; Heslot et al., 1994; Nakatani, 2001; Putelat andDownes, 2015; Putelat et al., 2011;
Rice et al., 2001). A constitutive law of this type (Aharonov and Scholz, 2018a), which was
discussed in the previous section with respect to thermal weakening, is useful toward under-
standing RSF.

The basic physical model is the same as the Bowden and Tabor model, Equation (2.3), except
that the shear and normal strengths s and p are no longer taken as constants but are the contact
shear andnormal stressesτc andσc givenbyappropriate flow laws.Observations such as shown in
Figure 2.15 indicate that the prominent mechanism of both shear and surface-normal

76 Rock friction

https://www.cambridge.org/core/terms. https://doi.org/10.1017/9781316681473.005
Downloaded from https://www.cambridge.org/core. Stockholm University Library, on 19 Dec 2018 at 17:32:41, subject to the Cambridge Core terms of use, available at

https://www.cambridge.org/core/terms
https://doi.org/10.1017/9781316681473.005
https://www.cambridge.org/core


deformation is plastic flow. The appropriate plastic flow law for these high-stress, low-
temperature conditions is exponential (Peierls) creep, based on rate theory (Poirier, 1985), in
which the equations for the sliding velocity in the shearing direction V and rate of normal
convergence dh/dt are

V ¼ Vs maxexp �Qs � τCNAΩs

RTC

� 
ð2:32aÞ

and

dh
dt

¼ �Vn maxexp � QV � σCNAΩV

RTC

� 
ð2:32bÞ

where NA is Avogadro’s number, R the gas constant, Tc the contact temperature, h asperity
height, Vsmax and Vnmax are reference (maximum) velocities, and Qs, Qv, Ωs, and Ωv are the
activation energies and volumes for the shear and the volumetric (normal convergence) creep
processes.

With the constraint that no volume strain occurs during plastic deformation, the rates of
change of σc and real contact area Ar can be related to dh/dt and Equations (2.32a) and (2.32b)
can be integrated to give

Fig. 2.26. Healing Δμ versus hold time th for slide–hold–slide experiments with quartz
gouge under hydrothermal conditions at several temperature. There is log timehealing
at long times following a cutoff time in which no healing occurs. (From Nakatani and
Scholz, 2004a.)
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σc tð Þ ¼ σ0
c 1� b0ln 1þ d

Vtc

� � 
ð2:33aÞ

τc tð Þ ¼ τ�
c 1þ a0ln

V
Vs max

� � 
ð2:33bÞ

Ar

A
¼ σn

σ0
c

1

1� b0ln 1þ d
Vtc


 �
 � ð2:33cÞ

Fig. 2.27. Friction and contact area as a function of sliding velocity. Conditions and
parameters are the same as in Figures 2.20 and 2.21. a) Friction coefficient, b) real area
of contact normalized to nominal area. (From Aharonov and Scholz, 2018a.)
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where d is the contact diameter and tc is a cutoff time below which convergence does not occur
(Figure 2.26) (Ben-David et al., 2010b; Berthaud et al., 1999; Nakatani and Scholz, 2004a; b;
2006). From this is obtained

μss ¼
τ

σn
¼ τc

σc
≈ μ0 þ a ln

V
Vs max

� 
þ b ln 1þ d

tcV

� 
ð2:34aÞ

where

a ¼ a0μ0 ¼ μ0
RTc

Qs
; b ¼ b0μ0 ¼ μ0

RTc

Qv
; μ0 ¼ τ�

c

σ0
c
¼ QsΩv

BQvΩs
ð2:34bÞ

B is a weighting parameter between 0 and 1 that must be experimentally determined.
Equation (2.34a)/(b) is an expression of the RSF law, Equation (2.28), in which all the

parameters are now defined in terms of physical processes and the thermodynamic con-
stants defining those processes. The parameters a and b are the rate parameters for the
shear and volume flow processes. They are always positive and differ only in the activation
energies for the two processes. If these were equal then friction would not depend on
sliding velocity.

To illustrate the underlying behavior of the RSF law, we show in Figure 2.27 a set of
calculations for steady-state friction as a function of sliding velocity, using plausible values
of the parameters in Equation (2.34b) for quartz (the same as used in Figures 2.20 and 2.21).
The contact stresses τc andσc always increase with V. Figure 2.27(b) shows that Ar/A decreases
with velocity at low velocities – this because the dwell time of the load on each contact decreases
with V. As a result, σc increases with V, in this case at a rate faster than τc, so that friction is
velocity weakening (Figure 2.27(a)). When the cutoff time is reached, at V>d/tc, Ar/A and thusσc

no longer decreases with V and so friction becomes velocity strengthening. The strong

Fig. 2.28. Stability diagram for a velocity-weakening material. This diagram shows the
velocity jump necessary to destabilize the system as a function of effective normal
stress. Above a critical normal stress the system will become unstable with respect to
a vanishing velocity perturbation: this is the unstable regime. Below that critical value
the system is stable under quasi-static loading but will become unstable if subjected to
a large enough velocity “kick”: this is the conditionally stable regime. (Based onGuet al.
1984 and Leeman et al., 2016.)
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weakening at higher velocities results from the weakening effects of shear heating discussed in
Section 2.2.5.

There are thus two processes: the shearing rate of the contacts, described by the “viscous
term” a, and the rate of change in real contact area, governed by the “healing term” b. It is the
interplay between these processes that determines the stability of friction, governed by a-b.

2.3.3 Frictional stability regimes

Consider a simple spring-slider system such as in Figure 2.22(a), in which the slider obeys RSF.
The stability of this system depends entirely on the effective normal stress, σn , τ, K, the friction
parameters (a−b), and Dc, and is independent of the base friction μ0. If the material is velocity-
strengthening, (a − b) ≥ 0, the system is intrinsically stable. If the material is velocity-
weakening, (a −b) <0, there is a Hopf bifurcation between an unstable regime and a conditionally
stable one. The bifurcation occurs at a critical value of the effective normal stress, given by:

σc ¼ KDc

a� bð Þ ð2:35Þ

As shown in Figure 2.28, for higher values of normal stress, the system is unstable under
quasi-static loading. For normal stress less than the critical value the system is stable under
quasi-static loading but unstable under dynamic loading if subjected to a velocity jump higher
than ΔV, as shown. This is the conditionally stable regime. The behavior of such a system as it
crosses this stability transition is illustrated in Figure 2.29(a). Near the bifurcation, self-
sustained oscillatory motion occurs, a detail of which is shown in Figure 2.29(b).

The consequences of these stability regimes for earthquake phenomena have been reviewed
in Scholz 1998a. At this point we need only say that earthquakes can nucleate only within the

elasti
c s

lope

10 sec

5 
µ

m

(b)(a)

Fig. 2.29. (a) Response of a spring-slider system being driven at constant load point
velocity. As normal load is decreased, the transition between stick-slip and stable
sliding is crossed, with a narrow region of oscillatory motion at the stability boundary.
(From Baumberger et al., 1999.) (b) Detail of the oscillatorymotion. (From Scholz et al.,
1972.)
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unstable regime. Theymay propagate into the conditionally stable field by dynamic loading, but
propagation into a velocity-strengthening region will be rapidly terminated by the negative
stress drop that so results. The oscillatory motion that occurs near the boundary between
unstable and conditionally stable motion is akin to the periodic slow slip events called episo-
dic tremor and slip (ETS) that occur at the lower stability boundary of subduction zones and is
discussed more fully in that context in Section 4.6.

For a two- or three-dimensional case, however, the stiffnessmust be inversely proportional
to a length scale. If the slipping region is treated as an elliptical crack, the shear stiffness is:

K ¼ E
2 1� v2ð ÞL ð2:36Þ

where E is Young’s modulus, ν is the Poisson’s ratio, and L is the length of the slipping region.
The stability transition will then take place at a critical value of L:

Fig. 2.30. Slip chronology of a nucleation episode prior to a stick-slip in granite. Stable
slip begins first on channel 5, indicated by a gradual strain drop. Stable slip propagates
at about 260 m s−1 to channel 2 (point B) when Lc is reached. Then dynamic slip
propagates over the surface at about 2 km s−1. At the end of the stick-slip, healing
propagates back across the surface at a near sonic velocity. Normal stress is 2.33 MPa.
(From Ohnaka et al., 1986.)
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Lc ¼ EDc

2 1� v2ð Þσn b� að Þ ð2:37Þ

This indicates that stable sliding will occur in a nucleation stage until the slipping region
grows to Lc and the instability occurs. An experimental observation of a nucleation process
is shown in Figure 2.30 (Ohnaka et al., 1986). A series of strain gages mounted close to the
sliding surface between two blocks of granite recorded the precursory nucleation stage
prior to a stick-slip event. An emergent strain release signal from slow stable slip was first
observed at channel 5, then propagated past gages 4,3, and 2 at a subsonic velocity of
~260 ms−1. When the slipping region reached the critical length Lc, the instability occurred
and propagated as a large impulsive strain drop across the test specimen at a velocity of ~2
kms−1. This nucleation process is of considerable interest in earthquake prediction theory
(Section 7.3.1).

Fig. 2.31. The rate–state friction parameters shown as a function of temperature for
granite and quartz. (Chester and Higgs data are for quartz, other data are for granite.)
In this analysis the data were fit with a two-state-variable formulation, hence b is
expressed as b1 + b2. (From Blanpied et al., 1998.)
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2.3.4 Frictional stability properties of rocks and minerals

The stability of frictional sliding of rock depends on the relative size of two competing effects
that are two aspects of the time dependence of rock strength, both of which are environmen-
tally dependent. These are expressed by the friction parameters a and b and stability depends
on the sign of (a-b).

Because a and b are material properties they must depend on lithology, the aqueous
environment, pressure, temperature, and sliding velocity. One can expect frictional sliding of
a givenmaterial to be characterized by fields of stability or instability, depending on the sign of
(a-b). The earliest attempt to map out such a stability field was done for granite by Brace and
Byerlee (1970), Byerlee and Brace (1968), and Stesky et al. (1974), who simply mapped out
regions in which either stick-slip or stable sliding were observed. They found that stability is
favored by high temperature and low normal stress and that there is a fairly sharp transition
between the fields of stick-slip and stable sliding. The following sections summarize current
knowledge from experimental studies of the frictional stability fields of various geologic
materials.

Granitic rocks

Granitic rocks constitute themajor components of the continental crust, hence their behavior is
the most relevant for determining the seismogenesis of continental crustal faults.

The friction parameters for wet granite and quartz are shown in Figure 2.31 as a function of
temperature for granite and quartz gouge measured under hydrothermal conditions. The base
friction for the granite in the same experiments is in the Byerlee range, increasing mildly with
temperature, as shown in Figure 2.11, as does quartz (Chester and Higgs, 1992). These data
were fit with an elaboration of the RSF law with two state variables, and hence two correspond-
ing values of b: b1 and b2. The data indicate that (a − b1 − b2) is nearly zero or slightly positive at
low temperature, indicating velocity neutral to velocity strengthening (VN and VS).
At temperatures above 90°C (a − b1 − b2) becomes negative, indicating velocity weakening
(VW), and then becomes strongly positive above 350°C. Almost all of this latter effect is due
to the a parameter switching from a small positive value typical of RSF to a high positive value
typical of plastic flow at the friction–plastic transition, to be discussed in Section 2.4.

The two transitions from stable to unstable regimes and the reverse are referred to as the
upper and lower stability transitions. Between them is the seismogenic window. In terms of
crustal faulting, these data thus indicate a seismogenic window within the temperature range
90–350°C, or from about 3–4 km to ~15 km. This agrees with the depth distribution of earth-
quakes on faults within the continental crust, as will be discussed in Section 3.4. It has tradi-
tionally been thought that the base of the seismogenic zone is controlled by the brittle–plastic
transition for crustal rocks (Macelwane, 1936), a view that has been revived more recently (e.g.
Sibson, 1982). Because earthquakes are a frictional instability, their depth limitation must be
controlled by a stability transition, rather than by a transition in bulk rock rheology. However, it
turns out that there is a close correspondence between these two transitions (see Section 2.4).

Ultramafic rocks

These rocks constitute the oceanic upper mantle. Their frictional properties are therefore
relevant to the seismogenic nature of oceanic faults, the deeper parts of subduction zones,
and to the occasional situations where continental faults transect obducted ophiolite bodies.
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Gabbro, under hydrothermal but nonsupercritical conditions (200 MPa confining pressure,
10 MPa pore pressure), exhibits a seismogenic window between ~200°C and 310°C, and under
conditions in which the water is supercritical (pore pressure 30 MPa) this extends up to 510°C
(He et al., 2007). At lower normal stresses, it is VW above 300°C, and continues to be so beyond
600°C (Mitchell et al., 2015). Those authors found its base friction coefficient, ~0.75, to be
independent of temperature over the entire range 25–600°C.

Olivine gouge, over the slip velocity range 1–50 µms−1, has a seismogenic window between
600°C and 1000°C, being VS below and above that range (Boettcher et al., 2007; King and
Marone, 2012). Boettcher et al. extrapolated their experimental data to geologic strain rates to
find that the transition from VW to VS should occur at approximately 600°C. This is consistent
with the depth distribution of earthquakes in the oceanic lithosphere (Section 6.4). Its base
friction remains at µ ~0.5 over that entire range.

Serpentinite is the decomposition product of ultramafic rocks under aqueous conditions
below 500–600°C. It is therefore themore likely wall rock for faults cutting ultramafic rock (e.g.
Auzende et al., 1989). A phyllosilicate, serpentine has three structural forms: antigorite, a platy
structure mineral that is the high-temperature form, and the two lower temperature forms,
lizardite, which also has a platy structure, and the fibrous form, chrysotile. Antigorite and
lizardite have high frictional strengths, µ = 0.5–0.6, over the range 25–200°C (Figure 2.12).
Chrysotile is much weaker, with µ ~0.15 at 25°C, owing to adsorbed water, but its friction
increases with temperature, to about 0.3 at 200°C and to 0.5 at 290°C, because elevated
temperatures drive off the adsorbed water (Moore et al., 1996). At room temperature, antigorite
and chrysotile are VS at low velocities andVWat high velocities (Reinen et al., 1992; Reinen et al.,
1994, who suggested that this would lead to stable sliding of faults). At higher temperatures, as
adsorbed water is driven off, chrysotile becomes VW over a wide velocity range (Moore et al.,
2004). Antigorite is VS to VN over the range 25–200°C, and lizardite is VS at the lower velocities
over the same temperature range. However, when serpentinite is slid against quartz-rich rocks
like granite, its frictional properties change dramatically (Moore and Lockner, 2013).
The friction coefficients of antigorite and lizardite drop from 0.5–0.6 to 0.3. This appears to
result from solution transfer processes occurring because of the higher solubility of serpentine
in quartz-rich fluids. Friction then becomes VS at all velocities and temperatures. Under the
more prolonged conditions of natural faulting, themetasomatic minerals saponite and talc will
be produced, which are even weaker and more VS. Moore and Lockner (2013) consequently
argued that faults juxtaposing such rock types, such as continental faults that cut ultramafic
bodies, are likely to be weak and creeping.

Carbonate rocks

In many areas, such as Greece and Italy, thick, carbonate-built sedimentary sequences exist.
Where these are tectonically active large earthquakes occur that can nucleate and propagate
entirely within the carbonate sequence (e.g. L’Aquila 2009; see Section 4.4.1). We thus need to
consider the seismic potential of such rocks.

Wet calcite gouge is VW between 100°C and 550°C, with an abrupt change to VS at 600°
(Verberne et al., 2015). The base friction was high, µ = 0.6–0.7, over this temperature range.
Under hydrothermal conditions it exhibits “non-Dieterich” type healing, which, unlike the
healing shown in Figure 2.23(b), has an increase in steady-state friction after the hold period
(Chen et al., 2015a). This behavior, also observed with quartz gouge under hydrothermal
conditions (Nakatani and Scholz, 2004a), is believed to result from the operation of
a pressure solution type mechanism. Chen et al. also found that (a-b) increases after such
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healing, a feature not expected from the standard RSF law. Results from studies of carbonate
gouges from the Longmenshan fault, site of the Mw 7.9 2008 Wenchuan earthquake, are
shown in Figure 2.32 (Chen et al., 2015b). The stability parameter (a-b) decreases with
temperature and increases with velocity in all except the dry case at 20°C, where it decreases
with velocity. The decrease with velocity in the dry, room-temperature case was also docu-
mented by Carpenter et al. (2016). The different velocity dependence of (a-b) under hydro-
thermal conditions is probably a result of the non-Dieterich type healing, which has a much
longer cutoff time than Dieterich type healing and consequently would favor (a-b) increasing
with velocity (Aharonov and Scholz, 2018a). The velocity dependence of (a-b) suggests that
the temperature windows of VW should be extrapolated to natural faulting conditions with
considerable caution.
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Fig. 2.32. The velocity and temperature dependence of (a-b) obtained from samples of
carbonate materials from the Longmenshan fault, China. The three frames are of (a)
wet gouge-derived material, (b) dry breccia-derived material, and (c) wet breccia-
derived material. (From Chen et al., 2015b.)
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Phyllosilicate-rich gouges

Phyllosilicates are often alteration products of protolithminerals or the products of retrograde
metamorphism and are often found in fault gouges. In cases where fault gouge is rich in
phyllosilicates, these minerals may dominate the frictional properties of the fault.

It is generally found that the weaker phyllosilicates, such as talc and the most of the clay
minerals, are velocity strengthening under all conditions that can be studied in the laboratory.
This is demonstrated in Figure 2.33, which shows the relationship between (a-b) and the
coefficient of friction for gouges of various minerals (Ikari et al., 2011). All minerals in which
µ<0.5 are velocity strengthening, and, as discussed in Section 2.2.2, all such frictionally weak
materials are phyllosilicates.

The primary reason for the velocity strengthening of phyllosilicates appears to be that the
tetrahedral sheets are quite resistant to healing. At room temperature, healing rates for phyl-
losilicate-rich gouges are markedly smaller than for gouges composed of bulk-structure
minerals (Tesei et al., 2012). The presence of phyllosilicates can also reduce healing in bulk-
structureminerals by coating them (Bos and Spiers, 2000). In Ca-Smectite at room temperature,
the healing parameter b goes to zero and the shear strength becomes independent of normal
stress at an effective normal stress of 30–40 MPa (Saffer and Marone, 2003). This indicates that
the real contact area has become saturated so that no further healing can occur. This occurs
precisely at the point where the material changes from VW to WS. Talc does not exhibit
significant healing over a wide range of experimental temperatures (Escartin et al., 2008;
Misra et al., 2014). Because the a term is always positive, the low healing rates in phyllosilicates
means that their b term is very small, ensuring that their (a-b) is positive.

However, when phyllosilicates are mixed with clastic grains such as quartz, more complex
behavior is observed. Mixtures of 65% illite 35% quartz at 170 MPa effective stress and tem-
peratures up to 600°C exhibit a VWwindow between 250° and 400° andmixtures ofmuscovite/
quartz in the same ratio, a VW window from 350° to 500° (den Hartog et al., 2012; 2013).

Fig. 2.33. Friction rate parameter (a-b) as a function of coefficient of friction µ for
a variety of gouges composed of different minerals. All measurements at room tem-
perature. (From Ikari et al., 2011.)
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The temperature ranges for those seismogenic windows decrease with decreasing velocity,
increasing normal stress, and increasing quartz fraction. Pure muscovite and illite show only
VS or VN behavior over the same range of conditions (den Hartog et al., 2014). Those authors

Fig. 2.34. Synoptic diagram of the experimental results for the friction of mixtures of
illite andmuscovitewith quartz. (a) Friction at yield point and at a shear strain of 50. (b)
(a-b) versus temperature. The curves for muscovite/qtz are solid, those for illite/qtz
are dashed. The region of the illite–muscovite transition is gray in (a), and the region
where the strength-controlling phyllosilicate is assumed to change from illite to mus-
covite is given by the hatching. The curves giving the net frictional behavior are shown
in black. (From den Hartog et al., 2013.)

2.3 The stability of friction: stick-slip and stable sliding 87

https://www.cambridge.org/core/terms. https://doi.org/10.1017/9781316681473.005
Downloaded from https://www.cambridge.org/core. Stockholm University Library, on 19 Dec 2018 at 17:32:41, subject to the Cambridge Core terms of use, available at

https://www.cambridge.org/core/terms
https://doi.org/10.1017/9781316681473.005
https://www.cambridge.org/core


developed a micromechanical model for this behavior that involves cataclastic flow and pres-
sure solution of the quartz with sliding in the phyllosilicate matrix, with each dominating over
different conditions (den Hartog and Spiers, 2014). A summary of their experimental results is
shown in Figure 2.34. They propose this as a model for the behavior of the metapelites that are
believed to line the contact interfaces of subduction zones.

Halite gouge

The strength of halite gouge sheared between sandstone blocks at three sliding velocities is
plotted versus normal stress in Figure 2.35 (Shimamoto, 1986). At lownormal stress the friction
is in the Byerlee range and the effect of velocity is second-order, as in RSF, with VWat the lowest
velocities. At intermediate normal loads the behavior is still frictional and now is VS at all rates.
At higher loads, the strength becomes less and less dependent on normal stress and develops
very strong VS, characteristic of plastic flow rather than friction. At 250 MPa normal stress the
halite is fully plastic and the shearing behavior is obeying the plastic flow law for halite
(Shimamoto and Logan, 1986). In this case the friction–plastic transition has been crossed
along an isothermal path, as compared with the isobaric path for the same transition in granite,
shown in Figure 2.11. Amodel for the brittle–plastic transition in halite that includes the effect
of temperature is given in Shimamoto and Noda (2014).

In tectonic areas with abundant salt, deformation is largely aseismic because the salt will
plastically flow at all but the shallowest depths. An example is the Zagros fold and thrust belt of
southern Iran, which is pervadedwith salt domes andwhere less than 10% of the deformation is
accommodated seismically (Jackson and McKenzie, 1988).

Fig. 2.35. Strength halite gouge sheared between sandstone forcing blocks at three
sliding velocities as a function of normal stress. (From Shimamoto, 1986.)

88 Rock friction

https://www.cambridge.org/core/terms. https://doi.org/10.1017/9781316681473.005
Downloaded from https://www.cambridge.org/core. Stockholm University Library, on 19 Dec 2018 at 17:32:41, subject to the Cambridge Core terms of use, available at

https://www.cambridge.org/core/terms
https://doi.org/10.1017/9781316681473.005
https://www.cambridge.org/core


2.3.5 Dynamics of stick-slip

An evaluation of the motion of the block-slider model of Figure 2.21(a) provides both a good
description of stick-slip motion observed in the laboratory and a one-dimensional analog of
earthquake motion. Consider a slider of mass m loaded through a spring of constant K that is
extended at a load point velocity v. The governing differential equation will be

m€u þ a _u þ F u; _u; t; t0ð Þ þ K u� vtð Þ ¼ 0 ð2:38Þ

where the first term gives the inertial force; the second is the damping, including seismic
radiation; the third is the frictional force during sliding; and the fourth is the force exerted by
the spring.

The simplest solution of Equation (2.37) (e.g. Jaeger et al., 2007, p 72; Nur, 1978) is for the
case when there is no damping and friction is assumed to drop from an initial static value μs to
a lower dynamic value μd upon sliding. At the onset of sliding (t = 0), the spring has been
extended an amount ζ0 just sufficient to overcome the static friction – that is, Kζ0 = μsN, with
N the normal load. The driving force is therefore the difference between the static and dynamic
frictions, F= ΔμN. If we further assume that the load point velocity is negligible compared with
the average velocity of the slider, Equation (2.38) simplifies to

m€u þ Ku ¼ DμN ð2:39Þ

with initial conditions uð0Þ ¼ _u ¼ 0: The solution is

u tð Þ ¼ Dμ
N
K

1� cos κtð Þ
_u tð Þ ¼ v ¼ Dμ

Nffiffiffiffiffiffiffiffi
Km

p sin κt

€u tð Þ ¼ a ¼ Dμ
N
m

cos κt

9>>>>>=>>>>>;
ð2:40Þ

where κ ¼ ffiffiffiffiffiffiffiffiffiffiffi
K=m

p
. The slip duration is given by

tr ¼ π

ffiffiffiffiffi
m
K

r
ð2:41Þ

after which static friction is reestablished and the loading cycle begins anew. The slip duration,
or rise time, therefore depends only on the stiffness and mass and is independent of Δμ and N.
In contrast, the total slip Δu= 2Δμ(N/K) and the particle velocities and acceleration are directly
proportional to the friction drop. The corresponding force drop is ΔF = 2ΔμN and the stress
drop is Δσ = 2(μs−μd)σn.

In applying this analysis to earthquakes, the radiation damping term becomes important.
This will be taken up in Section 4.2.1,

Experimental observations of the dynamics of stick-slip

Equation (2.40) provides a good first-order description of stick-slip motion observed in the
laboratory (e.g. Johnson, Wu, and Scholz, 1973; Johnson and Scholz, 1976). The velocity v in
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Equation (2.40) is the particle velocity, as distinguished from the rupture velocity vr, which is the
propagation velocity of the boundary between unslipped and slipping regions. In the experi-
ments, which were Mode II slip on granite surfaces, particle velocity was observed to increase
linearly with stress drop, as expected from Equation (2.40). Stress drop increases with total
stress, and rupture velocity is subshear at low stresses and becomes supershear at high
stresses.

An experimental study conducted with rock analogue materials in which Ar was measured
simultaneously with slip at a point during a stick-slip event is illustrated in Figure 2.36 (Ben-
David et al., 2010b). There is first a detachment event, phase I (Rubinstein et al., 2004), in which
the real contact area suddenly decreases (Figure 2.36(a)) accompanied by a slip fluctuation with
no net slip (Figure 2.36(b)). Rapid slip ensues in phase II, followed by a much longer period of
slow slip (phase III) (Figure 2.36(a),(c)). The durations of phase II and III are independent of the
slip amplitude in the stick-slip event (Figure 3.36(c)). Immediately following phase III, in phase
VI stationary healing ensues in which the real contact area increases logarithmically following
a cutoff time (Figure 2.36(d)), in the same form as Figure 2.26.

Fig. 2.36. The detachment process and evolution of frictional slip. (a) Measurements of
normalized change in real contact area A(X,t) (top panel) and slip δ(X,t) (bottom panel)
at point X during a single stick-slip event. Four stages were observed: Phase I, detach-
ment; Phase II, rapid slip; Phase III, slow slip; and Phase IV, stationary healing. (b)
Details of the detachment event. (c) The rapid and slow slip phases for many stick-
slip events normalized by their net slip δtot. Phase II and III each occur in a constant rise
time. (d) A(X,t) increases logarithmically in time during stationary healing following
phase III. Compare (d)with healing curve in Figure 2.26. (FromBen-David et al., 2010b.)
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Ben-David et al. (2010b) interpret phase I as an asperity-scale fracture event. It could
alternatively represent the unzipping of the contact by the mechanism shown in
Figure 2.4. The constant rise time of rapid slip, independent of slip amplitude, is as
expected from Equation (2.41) in the simple analysis presented above. The increase in
real area of contact during healing explains the concomitant increase in friction shown in
Figure 2.26.

2.4 THE FRICTION–PLASTIC TRANSITION

The brittle–plastic transition (BPT) discussed in Section 1.3 involved the evolution of themicro-
and macromechanisms of rock deformation from brittle to plastic; from crack to dislocation
propagation. However, the fracture strength of intact rock is realized only within the stress
concentrations at the tips of growing faults (or joints). Therefore, what is really wanted is
a theory for the friction–plastic transition (FPT) – i.e. the conditions in which the mode of
deformation changes from accommodation by frictional sliding on faults to plastic deforma-
tion within a shear zone. In this spirit a simplified strength envelop for the crust was devised by
combining a linear Coulomb friction law to describe the limiting stress of faulting with an
extrapolated laboratory-derived creep law for the plastically deforming lower crust (Brace and
Kohlstedt, 1980; Goetze and Evans, 1979). This familiar result is shown in Figure 2.37. The point
where the two curves meet is said to be the brittle–ductile transition (BDT).

As discussed in Section 1.3, this representation is overly simplistic. The laboratory creep
law used is power-law creep, a high-temperature rheology that is not expected to be the
appropriate flow regime at the low temperatures and high stresses near the FPT.
Furthermore, as discussed in that section, both laboratory and field data indicate that the
transition is gradual, involving an evolution of mechanisms that takes place over a depth

Fig. 2.37.A simplemodel of the strength of the lithosphere. In the upper part, optimally
oriented faults are assumed with a friction coefficient of 0.75 and hydrostatic pore
pressure. The lower part is extrapolated from an experimentally derived power-law
creep law for wet quartzite.
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range corresponding to several hundred °C, even for a single mineral such as quartz. In this
low-temperature, high-stress regime, a plastic flow law based on thermally activated glide,
such as Peierls creep, should be the operative one, rather than power-law creep, which
relies on rapid enough atomic diffusion to allow climb and recovery. Mei et al. (2010), in
a strength model of the lithospheric mantle, included a layer of this type of rheology
between the frictional and power-law regimes. These two- and three-layer models are
not theories of the BDT, however, merely criteria that constrain its position. A theory of
the BDT must include a mechanism that explicitly predicts it.

The physical quantity that is central in determining the shear strength of an interface is the
real area of contact, Ar. For any reasonable assumption of the rheology of the contacts, Ar will
increase with normal stress, temperature, and time. There must be a limiting (restricted) value
Ar

res ≤ A. Beyond that point, shear strength will no longer increase with normal stress, healing
will cease, and the rheology will become that of the contact shearing flow law. This is the
friction–plastic transition (FPT). The condition for this was evaluated by Aharonov and Scholz
(2018b), based on their friction model (Aharonov and Scholz, 2018a), which was outlined in
Section 2.3.2. They fit the data for wet granite gouge in Figure 2.11, using the parameters for
quartz established in their first paper. This leftAr the only free variable, whichwas estimated by
fitting that data to be 9.5% of A. This determination allows the FPT to be calculated for any
condition. At a given value of normal stress, it is a function of V and T, as shown in Figure 2.38
(compare with fig. 9 of Chester and Higgs, 1992).

Crustal strength profiles, as shown in Figure 2.39, were thus calculated for faults with three
slip rates, 30, 3, and 0.3 mm/yr−1, and corresponding ductile shear zone widths, W, for thrust
faulting with an assumed geothermal gradient of 25°C/km. The model predicts that friction
controls strength up to the FPTwhere the behavior changes to the exponential flow law for low-
temperature plasticity. This flow law predicts that strength decreases linearly with depth below
the FPT. At some greater depth this flow law intersects the high-temperature power-law creep
curve for quartz (Hirth et al., 2001), which defines the lower depth boundary of the

Fig. 2.38.Model results for steady-state friction as function of slip rate V (m/s), for various
ambient temperatures (T0 noted in degrees Celsius on each curve), atσn = 400MPa. Below
230°C sliding is fully frictional for sliding velocities higher than 10−9 m/s. At 240°C slip
becomes plastic for V< 5x10−8 m/s. At T0 450° sliding is fully plastic at all slip rates.
The drop in friction at higher velocities is due to frictional heating effects.
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brittle–ductile transition. The BDT is now seen as a zone about 7–8 km thick over which the
transition gradually takes place. This agrees with the lab and field observations reviewed in
Section 1.3. We can in particular compare these results with the observations of Stipp et al.
(2002b) for the Tonale fault. That fault is a thrust–thrust transform fault, part of the Periadriatic
fault system (Muller et al., 2001). It would therefore obey the strength criterion for a thrust fault
and fall into the category of a fast intraplate fault, ~3mm/yr. Its shear zone, about 300mwide,
exhibited the onset of plasticity at ~300°C and the transition to structures consistent with
power-law creep at about 500°C. At that slip velocity and width Figure 2.39 indicates a lower
transition point at 12 km and an upper transition at 18 km, corresponding to 300°C and 450°C,
in very good agreement with the observations.

These models are based on the physical parameters of quartz. These are appropriate for
application to the rheology of granite because quartz is themost ductilemajor phase in granitic
rocks and so should control its behavior in the ductile regime. Mylonites from quartzo-
feldspathic protoliths form compositional layering with layers of themost ductile components,
mica and quartz, separated from layers of the less ductile feldspars. This layering evolves with

Fig. 2.39. Quartz/granite shear strength as function of depth, for three different geo-
logical slip rates (0.3, 3, and 30 mm/yr) representing geologic slip rates for active
faults. These rates correspond to slow intraplate, fast intraplate, and interplate faults,
respectively. The solid lines are model calculations. The dashed lines are power-law
wet quartzite experimental flow laws (Hirth et al., 2001). Themodel shows a transition
from friction to exponential creep at a depth that increases with the slip rate, between
10−13 kms. Exponential creep then extends down until it intersects the power-law
creep flow law. The exact location of this transition between exponential creep and
power-law creep depends on slip rate, shear zone width, and other model parameters
(not shown). Below the exponential to power-law transition, power-law creep domi-
nates the deformation since it predicts lower strength for the same slip rate. Thus, the
BDT transition zone occupies a depth ranging from about 10 km to 18 km, depending
on conditions. This transition zone is characterized by plastically sliding shear zones,
which are observed to widen with greater depth.
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strain to become subparallel to the shear direction so that the strength is determined by
mineralogy of the weaker, more ductile layers.

The value of Ar
res and the conditions at which it is realized can be expected to be properties

of the material. We saw, for example in Figure 2.35, that the FPT is reached for halite at room
temperature and a normal stress of several hundred MPa. For smectite, shear strength became
independent of normal load and the b parameter went to zero at room temperature and 30–40
MPa normal stress (Saffer and Marone, 2003). In ice, friction becomes independent of normal
stress at a sliding velocity 5 × 10−8 ms−1, normal stress 40kPa, and temperature –10°C
(Schulson and Fortt, 2012).

2.5 FRICTION UNDER GEOLOGICAL CONDITIONS

The results of this chapter will form the basis for understanding the strength of and seismo-
genic properties of faults. There are three cases to be examined: faults in continental crust,
treated in Section 3.4; in oceanic crust, in Section 6.4; and subduction zone interfaces, in
Section 6.3. Extrapolating frictional strength to geological conditions appears to pose no

Fig. 2.40. Cross sections through the Rangely oilfield at various times during the
earthquake control experiment, showing seismicity and the location of the experimen-
tal wells. Fluid was injected during the period of the first frame, withdrawn in
the second and third, injected in the fourth and fifth, and withdrawn again in the
sixth. The time record is shown in Figure 2.41. (From Raleigh et al., 1976.)
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significant problems. The friction coefficient itself is dimensionless, and so extrapolating it to
geological scales involves nothing more than a reaffirmation of Amontons’s first law. For the
important case of faults that slip seismically we know that the rate effect on friction must be
negative, which says that “static” friction under geologic loading rates must be somewhat
higher than that measured in the laboratory. The coefficients of the rate effect measured in
the laboratory are small, however, amounting to only a small percentage change in friction per
order of magnitude change in rate (Figures 2.17 and 2.21), so that the difference in friction
between geological and laboratory rates is not large.

This comment regarding scaling of friction was confirmed in a large-scale field experiment
on induced seismicity conducted at Rangely, Colorado (Raleigh, Healy, and Bredehoeft, 1972,
1976). Intensive microearthquake activity had been observed on a fault within an oil field in the
vicinity of Rangely. It had been hypothesized that this activity was being induced by over-
pressurization of the field during secondary recovery operations. To test this, an experiment
was devised in which the fluid pressure at the hypocentral depth was controlled with a series of
wells fromwhich fluid could be injected or withdrawn. The state of stress wasmeasured in situ
at the earthquake depth, and from laboratory friction measurements on the reservoir rock,
knowledge of the fault orientation from earthquake focal mechanisms, and the application of
the effective stress law, the critical fluid pressure for frictional sliding was calculated. Cross
sections of the experiment for different time windows are shown in Figure 2.40 and the
seismicity and pressure record in Figure 2.41. It was found that reducing the fluid pressure
below the critical value brought about an abrupt cessation of seismic activity, and the seismicity

Fig. 2.41. The pressure and seismicity record during the experiment at Rangely.
The dashed line indicates the critical pressure for triggering estimated from the mea-
sured state of stress and frictional strength of the Weber sandstone. (From Raleigh
et al., 1976.)
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was observed to resume as soon as the pressure once again exceeded the critical level. This
experiment confirmed, in a natural environment, not only the effective stress law for frictional
sliding and its role in induced seismicity (see also Section 6.5), but also the applicability of the
laboratory-determined value of friction.

More evidence that the strength of the continental crust is governed by Byerlee friction is
given in Section 3.4. One cannot as confidently extrapolate laboratory values of the rate and
state variables that control stability, however. The RSF constitutive law (Equation (2.28)) con-
tains a critical sliding distance Dc that presumably scales with some characteristic length scale
of the mechanical contact. Rabinowicz (1951; 1956; 1958) found that Dc for metallic friction
corresponds to an average contact junction diameter, which could be determined from direct
observation or from the autocorrelation function of the friction force. In rock friction, labora-
tory values of Dc are typically of the order of 10 μm, similar to the roughness of the surface
topography, and Okubo and Dieterich (1984) found that it increases with surface roughness,
which is consistent with the model of Rabinowicz. In constructing models that both use this
constitutive law and simulate natural faulting phenomena, Tse and Rice (1986) and Cao andAki
(1985) found that they had to assume thatDc≈ 1 cm, or about three orders ofmagnitude greater
than the laboratory values.

Ground surfaces used in laboratory measurements have corner frequencies in their
topographic spectra, such as in Figure 2.3(b), which define a characteristic length scale for
these surfaces that may give rise to a critical slip distance Dc. As will be shown in Section 3.3.1,
natural faults have fractal topography, more like that shown in Figure 2.3(a), which does not
possess a characteristic length scale. This poses the problemof how theparameterDc scales from
laboratory measurements to geological scales. Although there have been attempts to solve this
scaling problem (Scholz, 1988a;Marone andKilgore, 1993), no consensus has arisen. This scaling
problem is key to the size of earthquakenucleation zones, andhence is particularly important for
some theories of earthquake prediction (Section 7.3.1).

An additional scaling problem is that the parameters a and b depend on the micromechan-
isms of friction, and it is not clear if these are the same in nature as in the laboratory.
The seismogenic windows of the various geologic materials, where (a-b) < 0, discussed in
Section 2.3.4, have been determined for only a limited range of parameters such as sliding
velocity, temperature, and fluid composition, andmay differ under natural conditions. The few
experiments conducted at sliding velocities comparable to plate tectonic rates suggest that the
stability regimes may differ from those measured at the usual experimental rates (Ikari et al.,
2015). In pursuing these questions, we need to see how experience gained in the laboratory
explains natural phenomena and to pay close attention to discrepancies that may arise.
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CHAPTER

THREE

Mechanics of faulting

Brittle tectonics may be considered on two timescales, in which earthquakes are the short-
timescale phenomena and faulting is the long timescale process. Faults grow anddevelop by the
cumulative action of earthquakes, and the faults therefore contain the history of past seismi-
city. In this chapter we discuss the mechanics of faults, which are treated as quasi-static shear
cracks with friction. We begin with a discussion of the elementary theory of faulting, followed
by a more modern treatment of the formation and growth of faults and a description of the
rocks and structures formed by faulting. Here we rely more heavily on geological observations
than elsewhere. We summarize with a discussion of the strength and rheology of faults,
finishing with the topic of heterogeneity and its role in faulting, which continues a subtheme
to be found throughout this book.

3.1 MECHANICAL FRAMEWORK

3.1.1 Anderson’s theory of faulting

In his seminal paper of 1905 and in his memoir of 1951, E. M. Anderson developed the modern
mechanical concepts of the origin of faults and emphasized their important role in tectonics.
His key contribution was to recognize that faults result from brittle fracture and to apply the
Coulomb criterion to this problem. This led him to expect that faults should sometimes form
conjugate sets, with planes inclined at acute angles on either side of the maximum principal
stress and which include the intermediate principal stress direction (Section 1.1.5, Equation
(1.35)). By applying the condition that near the free surface one of the principal stresses
is vertical, Anderson showed that the three major classes of faults – reverse, normal, and
strike-slip – result from the three principal classes of inequality that may exist between the
principal stresses.
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Anderson’s concept can be grasped readily by examining a section through a Coulomb
fracture surface, as shown in Figure 3.1(a). For convenience, we assume that the three princi-
pal stresses are oriented north–south, east–west, and vertically, denoted as σNS, σEW, and σV.
The section shown is at some arbitrary value of σV so as to illustrate, say, faulting at some
fixed depth. A six-sided figure, symmetrical about the line σEW = σNS, is obtained that
completely describes the fracture criterion at this value of σV. Side I of the figure is the
locus of failure for the conditions σNS>σV>σEW, described by the line of Equation (1.36).
This side therefore defines the conditions for strike-slip faulting on conjugate planes with
orientations labeled I in Figure 3.1(b). (We here assume that the angle of internal friction isϕ=
30°.) At the corner between sides I and II,σEW=σV. Beyond this,σEW becomes the intermediate
principal stress, so that side II defines the conditions for thrust faulting, on faults dipping 30°
with an EW strike, labeled II in Figure 3.1(b). Side III defines normal faulting under the
conditions σV>σNS>σEW, producing north–south-striking faults dipping 60°. Similarly, the
faults produced under the conditions defined by the other three sides of the fracture surface
section also are shown in Figure 3.1(b).

In support of his hypothesis, Anderson (1951) described many conjugate fault systems,
with examples from Britain in which the angular relationships conform to the expectations
of the Coulomb criterion. The theory, though, only relates the orientations of faults to the
stress field that existed at the time of their formation and it is usually not possible to
prove the simultaneity of origin of the old faults he discussed. A more illuminating
example is given in Figure 3.2. There we see the Izu Peninsula, Japan, in which the north-
ernmost part of the Izu–Bonin arc is presently colliding, in a NNW direction, with the Japan
arc (Somerville, 1978; Nakamura, Shimazaki, and Yonekura, 1984). Folding occurs in the
northernmost part of the peninsula, but the main tectonic features are conjugate systems
of strike-slip faults. These Holocene faults are presently active: major earthquakes, which
have ruptured these faults during the twentieth century, are indicated by dates and sense

Fig. 3.1. (a) Section through a Coulomb fracture surface at σv = constant. Each side of
the resulting figure, labeled in roman numerals, defines the relations between the
horizontal stresses for a different type of faulting. (b) These different faulting types
in map view (ϕ = 30°).
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of slip. In this case there is little question as to the simultaneity of the origin and period of
activity of these faults.

It is also of interest to note that the alignments of volcanic cones and flank eruption vents
locally bisect the angle between the conjugate faults and lie parallel to the maximum compres-
sive stress (σ1) direction (Nakamura, 1969). This observation conforms with Anderson’s other
major contribution to structural geology, which has to do with the formation of dikes by the
mechanism of hydraulic fracturing (Anderson, 1936; 1951). In this and similar tectonic envir-
onments, both of these features – the orientation of strike-slip faults and the orientation of
flank eruptions –have been used to infer the direction ofσ1 (Nakamura, 1969; Nakamura, Jacob,
and Davies, 1977; Lensen, 1981).

This example also provides several lessons about the limitations of this analysis. One may
notice in Figure 3.2 spatial variations in the strikes of both the faults and the flank eruptions,
so that even in this rather small region the orientation of the stress field is not constant;
extrapolation of stress orientations into regions in which data are lacking is consequently not
always justified. A second point is that the inferred σ1 direction in the northern part of the
peninsula is not normal to the strike of the adjacent subduction zones in the Suruga and
Sagami bays. The oblique slip of these zones is confirmed by other data, so that one cannot
use unambiguously the orientation of such structures, which are not faults (see Section 6.3,
introduction) and need not conform to a criterion of fracture in a homogeneous stress field, to
infer the orientation of stresses (or even plate motions, which may be oblique to the subduc-
tion zone).

Fig. 3.2. Map of the Izu Peninsula, Japan, showing the major active tectonic elements.
Curves with dates are rupture zones of large historic strike-slip earthquakes. Rows of
circles indicate the alignment of parasitic eruptions emanating from active volcanoes.
The Suruga and Sagami troughs are subduction boundaries between the Philippine Sea
plate, to the south, and the Eurasian plate, to the north. (After Somerville, 1978.)
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3.1.2 Hubbert–Rubey theory of overthrust faulting

A major class of faults not readily explained by Anderson’s scheme is low-angle overthrusts.
These are very shallow-dipping faults upon which thin sheets of rock, commonly of broad
lateral extent, have been transported horizontally, often over considerable distances. They do
not have the orientation predicted by Anderson’s theory, and they also present a fundamental
mechanical problem. The difficulty is illustrated in Figure 3.3, where we consider the forces
involved in pushing a block along a plane, resisted by a basal friction traction. Summing forces
in the horizontal direction for a block of unit width, length l, and thickness z, we obtain,
assuming the simple effective stress law,

F ¼ σhz ¼ σv � pð Þlμ ð3:1Þ

whereσh andσv are the horizontal and vertical stresses andμ is the friction coefficient. Letσv =
ρgz, the lithostatic load, and let the pore pressure p = λρgz, where λ is some constant. Then

σh ¼ 1� λð Þρglμ ð3:2Þ

and we can estimate themaximum length of block that can be pushed withoutσh exceeding the
strength of the rock,C. If we suppose that p is hydrostatic andρ=2.5, thenλ=0.4;C=200MPa,
andμ=0.85, whichwemight consider to be normal conditions, we find fromEquation (3.2) that
l = 16 km. More elaborate calculations produce essentially the same answer (Jaeger and Cook,
1976; Suppe, 1985).

The problem is that the length of many overthrust sheets can be observed to be in the range
50–100 km. In the case of decollements, where the thrust moves on a layer of a very weak and
ductile material, like gypsum or salt, the right-hand side of Equation (3.1) may be replaced by
τmaxl, whereτmax is the shear strength of the ductilematerial. For thesematerials,τmax≪C, and
the observation that l ≫ z therefore does not present a mechanical problem. Decollements are
special cases, however, so this does not provide a general solution. An alternative loading
possibility is that the fault is driven by gravity. If the basal tractions are the same as given in
Equation (3.2), this would require that the fault be inclined at an angleθ= tan−1[(1 −λ)μ] (Jaeger
and Cook, 1976, p. 417). Under hydrostatic pore-pressure conditions, λ= 0.4 and this requires
a slope of 30°!

Hubbert and Rubey (1959) hypothesized that under some conditions the pore pressuremay
greatly exceed the hydrostatic head, and even approach a value close to the lithostatic load. This
offers a solution because, as λ approaches 1, Equation (3.2) shows that the frictional resistance
to sliding (and thus the constraint on the length of the overthrust sheet) vanishes. This propo-
sition created a major controversy centered around the origin of such overpressures, as they
are called. Reprints of the key papers and discussions of the relevant issues have been collected
in Voight (1976).

Fig. 3.3. Diagram illustrating the force balance in overthrust faulting.
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Price (1988) pointed out that the Hubbert–Rubey constraint does not apply if the overthrust
slips in patches. The argument may be made by analogy to moving a carpet over the floor. One
way is to put a ruck of length Δl in the carpet and push it with a force f so that it propagates
across the carpet like an inchworm, moving the entire carpet a distance Δl. Another way is move
the carpet the same distance by pulling it from one end by a force F. The work donemust be the
same, so fl = FΔl, and thus f ¼ Dl

l F , very much smaller than the analogous force assumed by
Hubbert and Rubey. This will be the case if the overthrust moves by a sequence of earthquakes
in patches, or by slow slip events such as are observed deep within subduction zones (Section
4.6). However, if the overthrust moves by steady-state aseismic slip, as is more commonly
observed for creeping faults (Section 3.4.2), then the entire surface will be in motion and the
Hubbert–Rubey constraint applies.

Although Hubbert and Rubey’s application of the effective stress law to this problem was
novel at the time, this was not the central issue of the debate, which revolved around the
mechanism of the generation and maintenance of the “overpressure.” Two mechanisms have
emerged as likely candidates. The first, proposed by Hubbert and Rubey and supported by
abundant oilfield data, results from the compaction of saturated sediments capped by low-
permeability rock such as shale. This possibility is therefore limited to sedimentary basins, but
as these are typical geological sites for overthrusts, this mechanism is a likely explanation for
many cases. The major seismotectonic environments that may be affected by this process are
foreland fold and thrust belts and shallow parts of subduction zones. In the latter case,
discussed further in Section 6.3.1, this overpressurization mechanism is augmented in the
accretionary wedge by tectonic transport and compaction of sediments by the subduction
process.

A second mechanism, less frequently discussed, is the generation of high pore pressure
through dehydration reactions in metamorphism. This has been suggested as a way of gen-
erating high pore pressure locally on the San Andreas Fault (Irwin and Barnes, 1975), but has
been more commonly discussed in terms of regional metamorphism at midcrustal depths (e.g.
Fyfe, Price, and Thompson, 1978; Etheridge et al., 1984). In a study of fluid–rock interactions in
detachment zones, for example, Reynolds and Lister (1987) concluded that high fluid pressures
existed within the ductile zone but were vented above the brittle–plastic transition. The depth
at which progrademetamorphism is likely to occur overlaps the lower part of the schizosphere,
however, so this mechanism may play an important role in the strength of faults (taken up in
Section 3.4.2).

The term detachment, more commonly used to describe near-horizontal ductile faults in
the crystalline basement, is also applied to overthrusts. In the former case, Anderson’s theory
does not apply, because ductile shearing will occur on planes of maximum shear stress rather
than at the Coulomb orientation and because at those depths the near-surface boundary
condition need not apply. If the flow is fully plastic, the Hubbert–Rubey concept does not
apply either, because the strength is then independent of pressure.

The departure from Anderson’s idealized fault orientations with depth from the free
surface is illustrated in the loading models of Hafner (1951) and Sanford (1959) which
produce stress trajectories predicting listric faults for Coulomb failure. This is because at
the base of their models, which represent some depth horizon in Earth, they assume shear
stress or displacement boundary conditions, which require that the maximum principal
stress dips 45° or shallower. However, studies of normal fault earthquakes show that such
faults do not typically become listric within the schizosphere (Braunmiller and Nabelek,
1996). At sufficient depth beneath the schizosphere in either extensional or compressive
environments the maximum shear stress plane may be horizontal. This favors the
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formation of detachments. If a detachment occurs within the schizosphere, however, the
Hubbert–Rubey constraint applies.

The term detachment has also been much used to refer to “low-angle” normal faults. Such
normal faults have been proposed, based on geological reconstructions, to actively move on
planes dipping as low as a few degrees (e.g. Wernicke and Burchfiel, 1982). The Hubbert–Rubey
mechanism does not offer a solution in this case, because the vertical (and nearly fault-normal)
stress is now the maximum principal stress σ1, but p cannot exceed σ3, which will be the
horizontal stress. The problem is akin to trying to pull the block in Figure 3.3. A possible
solution to this problem will be discussed in Section 3.4.2.

3.1.3 Fault rotation, reactivation, and friction

Anderson’s theory predicts only the orientation of faults with respect to the stresses in which
they formed. The frictional strength of faults is less than the stress necessary to form them, and
once formed they constitute planes of weakness thatmay be reactivated in stress fields that are
not optimally oriented. This leads to ambiguity in inferring the stress-field orientation from the
orientation of active faults or earthquake focal mechanisms.

There are a number of ways in which faultsmay becomemisorientedwith respect to the stress
field. One such, called “Internal rotation,” is intrinsic to themechanismof faulting itself. An elastic
crackwill rotate in the opposite sense of its shear (Martel, 1999), as a result of the second couple in
the double-couple mechanism of faulting. For dip-slip faulting, this results in the so-called
“domino” or “bookshelf” style of faulting (e.g. Anders et al., 1993; Cladouhos and Allmendinger,
1993; Garfunkel and Ron, 1985), but such rotations can occur for strike-slip faults as well (e.g.
Jackson andMolnar, 1990;Nur andRon, 2003). Thismechanismalways rotates the fault away from
the direction of σ1 and therefore increases the normal stress on the fault. Another mechanism is
reorganization of the regional or local tectonics, which may result in “external rotation” in which
the stress-field orientation becomes rotated with respect to the faults.

Faults can therefore become misoriented with respect to their stress fields. Two questions
then arise: at what point will other, more favorably oriented faults form, and at what point will
the original fault cease to be active? This problem is illustrated in Figure 3.4 with a Mohr
diagram with two strength envelopes: a frictional one that represents the strength of a fault;
and a Coulomb envelope that represents the condition for forming a new fault in the surround-
ing rock. Mohr circle A shows the condition for themost favorably oriented fault, at an angleθR

*

to σ1. Mohr circle B shows the condition when the fault has rotated an angle α either toward or
away from the σ1 direction such that a new fault forms in the optimum orientation. This new
fault is called a first-order splay fault (Scholz et al., 2010), and the critical angle for its forma-
tion is

α ¼ sin�1 τ0

σ1 �σ3ð Þ cos 90� θ
�
R

� �� �1=2
ð3:3Þ

which is typically in the range 10–20°. Examples of strike-slip splay faults are the Marlborough
faults of the South Island of New Zealand, which are splays of the Alpine fault; the splays of the
San Andreas Fault, such as the San Jacinto, Elsinore, and Calaveras faults; and the Totshunda
fault, a splay of the Denali fault, illustrated in Figure 4.19. Examples of dip-slip splay faults are
given in Scholz, 2011.

For the two-dimensional case, the stress condition for reactivating a fault inclined at an angle
θR to σ1 is
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σ1 � pð Þ
σ3 � pð Þ ¼

1þ μ cot θRð Þ
1� μ tan θRð Þ ð3:4Þ

(Sibson, 1985), where p is pore pressure and μ is the friction coefficient. The minimum value of
this stress ratio gives the optimum angle for fault reactivation θR*, the same as given by
Equation (1.35). The stress ratio forms a broad minimum around this value and goes to infinity
at 2θ�

R. This is the lock-up angle, the limiting value that is approached as p approaches σ3 but
may not be exceeded, because p cannot exceed σ3 without the occurrence of hydrofracturing
and the consequent draining of the pore fluid. The Mohr circle C in Figure 3.4 illustrates this
condition.

Figure 3.5 shows the dip angles of large normal and reverse-fault earthquakes in
which the fault plane is known unambiguously from aftershock locations, geodetic data,
or surface faulting evidence (Collettini and Sibson, 2001, Jackson, 1987; Sibson and Xie,
1998). Also shown are the optimum and lock-up angles for two cases corresponding to
friction coefficients 0.6 and 0.2. The first corresponds to faults bound by bulk-structure
rocks which have Byerlee friction values, and the second is representative of faults with
weak phyllosilicate-rich gouges that are characterized by much lower frictional
strengths. For both normal and reverse faults the earthquake dips tend to be concen-
trated near the optimum angle for µ = 0.6 and to not exceed the lock-up angle for that
friction value.

It has been proposed, based on geological reconstructions, that normal faults exist that
have moved on planes dipping at 10° or less (Axen, 1992; Wernicke and Burchfiel, 1982).

Faultin
g

Frictio
n

A

B

C

2α

2θR4θR

2α

τ

(σ−p)

Fig. 3.4. Mohr diagram with two failure envelopes, one for fault formation (Coulomb
failure) and one for slip on a preexisting fault (friction criterion). TheMohr circle A is for
a fault with the optimum orientation for sliding on the preexisting fault. Mohr circle B
shows that when an optimally oriented fault is rotated an angle α toward or away from
the σ1 direction the conditions are met for the formation of a (new) first-order splay
fault in the optimumorientation. Circle C shows the conditions for a fault at the lock-up
angle, 2θR, beyond which the (old) fault cannot be reactivated.
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As can be seen in Figure 3.5a, for such faults to move, friction must be very low, ~0.2
(Forsyth, 1992), and their slip must be aseismic (presumably as a result of the velocity-
strengthening nature of such low-friction materials). These are both found to be true in
some cases, discussed in Section 3.4.2.
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Fig. 3.5. Histograms of the dips of large dip-slip earthquakes with unambiguously
determined fault planes. (a) Normal fault earthquakes (data from Collettini and
Sibson, 2001). (b) Thrust fault earthquakes (data from Sibson and Xie, 1998). The
optimum and lock-up angles for a friction coefficients of μ = 0.6 and 0.2 are indicated
in each case.
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3.2 THE FORMATION AND GROWTH OF FAULTS

3.2.1 The problem of fault formation

Whereas Anderson’s application of the Coulomb criterion to faulting provides an adequate and
useful phenomenological understanding, we are still left with the difficulty discussed in Section
1.2.2 concerning the inability of shear cracks to propagate within their own planes. How, then,
do faults form and grow to their often great lengths?

There are well-documented cases in which faults form by the linking together of joints
(Granier, 1985; Martel and Pollard, 1989; Segall and Pollard, 1983b; Segall and Simpson, 1986).
The initiation of faults at preexisting planes of weakness such as joints, bedding planes, and
veins is common in sedimentary rocks in the upper crust (Crider and Peacock, 2004).
Nevertheless, the general problem of fault formation discussed in Section 1.2.2 must be
addressed. Figure 1.21 showed that a shear crack under load will, rather than propagate it its
own plane, produce tensile cracks arrays along its edges. At the Mode II edge, “wing cracks” are
produced in the crack-tip stress field. Such crack arrays can be observed in the field, where they
are called “horsetail” fans. An example is shown in Figure 3.6. The echelon sets of tensile cracks
produced at the Mode III edges are called “tension gash” arrays (Etchecopar et al., 1986; Pollard
et al., 1982). An example is shown in Figure 3.7, in which the primary crack is presumably just
below the exposed surface. These two types of macrofractures are typically observed in the
vicinity of fault tips (McGrath and Davison, 1995). The “tension gash” type of crack array was

Fig. 3.6. Photograph of a horsetail fan termi-
nating a Mode II fracture in granite. Sense
of shear on the principal crack is right lateral.
Lateral field of view is about 2m. (Photograph
by Therese Granier.)
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observed to emanate from the tip of a Mode III crack in the experiments of Cox and Scholz
(1988a,b) and the “wing crack” type in experiments of Wibberley et al. (2000b).

Natural examples of Mode III structures just beyond the fault tip can be found in the
South Iceland seismic zone where there are several cases of fractures in recent lava beds
that seem to have resulted from single strike-slip earthquakes at depth (Einarsson and
Eiriksson, 1982). A sketch map is shown in Figure 3.8 of part of the surface expression of
the M 7 1912 earthquake. This north–south striking earthquake produced ~2 m of right-
lateral offset across this fractured region, which could be traced for 9 km along strike
(Bjarnason et al., 1993). The en echelon structures, in previously unfractured basalt, are in
two orders: tension fracture arrays 10–100 m long at an angle of 20° from the overall fault
trace, and the tensile fractures themselves, typically a meter in length and striking 40° from
the fault (Belardinelli et al., 2000). Thus, the tensile cracks have the proper orientation to
have formed in the Mode III stress concentration of the dextral fault at depth, and the
tensile crack arrays have the orientation of Reidel shears.

In Section 1.2.2 it was shown that the development of a shear fracture in the laboratory
begins with the formation of a process zone of microcracks that somehow coalesce to form a
fault. The observations just described suggest that the same sort of process must occur in the
natural situation.

3.2.2 Fault formation and growth

The observations in the field and laboratory point to faults being formed by a gradual break-
down process beginning with a process zone largely composed of Mode I cracks. Cowie and
Scholz (1992a) applied the Dugdale model (Section 1.1.4) to model this process. They inter-
preted the evolution within the breakdown zone s in the way shown in Figure 3.10.

For a self-similar Dugdale model, in which s∝L, the scaling relation between maximum
displacement Dmax and fault length L is

Fig. 3.7. Photograph of a tension gash array in an incipient shear zone, Hartland Quay,
Cornwall. Sense of slip: left lateral. (Photograph by Simon Cox.)
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Dmax

L
¼ 1� υð Þ σ0 �σf

� �
2πμ

cosθ2ln
sin θ2 þ 1ð Þ2
sin θ2 � 1ð Þ2

$ %
ð3:5Þ

where σ0 is the shear strength of the intact rock, σf is the residual frictional stress on the fault, µ
is the shear modulus and θ2 = cos−1(1–2(s/L)). Fracture energy G is given by

G ¼ 2 1�vð ÞL σ0�σfð Þ2 cosθ2

πμ ½ln secθ2ð Þ� (3.6)

Equation (3.5) shows thatDmax scales linearly with Lwith a scaling parameter dependent on
the ratio of material properties σ0/µ. This conflicts with the assumptions of linear elastic

Fig. 3.8. Map of part of the rupture zone of an earth-
quake of 1912, South Iceland seismic zone.
Movement was right-lateral strike-slip on an N–S
plane, and cuts a recent basalt flow in which there
was no preexisting fault. Mound-like features are
push-ups at the compressional end of crack arrays.
(From Einarsson and Eiriksson, 1982.)
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Fig. 3.9. Photograph of an array of push-ups and tension fissures cutting a recent lava
flow and forming a strike-slip rupture in a single earthquake, South Iceland seismic
zone. The push-up in the foreground is about 1.5 m high. Sense of shear given by the
arrows, tension fissures highlighted by dashed curves and push-ups by dotted ones.
These features can be followed for about 10 km. (Photograph by author.)

Fig. 3.10. Interpretation of the Dugdale model for fault formation. Within the break-
down zone s the structure evolves from the outer edge: 1) a process zone of tensile
cracks, 2) partially formed fault with interlocking segments and intermittent gouge
zones, 3) a continuous cataclasite zone forms the fault which shears by cataclastic
flow.
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fracturemechanics, in which K∝Δσ√L (Equation (1.25)), andwhich, since Δσ∝D/L, predicts that
D∝√L if K is a constant, as assumed in the Griffith theory. The resolution of this is given by
Equation (3.6), which shows that G∝L, so that K∝√L. G increases with L because it is propor-
tional to the size of the breakdown zone s, which increases with L. SinceG∝L the surface energy
term in Equation (1.11) depends on c2 so that the fracture strength becomes a constant and
there is no longer a Griffith-type instability. This finding, which also applies to joints and dikes,
is the most significant difference between the fracture mechanics of natural geologic fractures
and the predictions of LEFM. Faults are in quasi-static equilibrium. The only instability asso-
ciated with them is the frictional instability that results in earthquakes.

Confirmation of the scaling law of Equation (3.5) was obtained by Dawers et al. (1993) who
measured displacement profiles for normal faults that ranged over almost 3 orders of magni-
tude in length in the Bishop Tuff of the Volcanic Tablelands, eastern California. Figure 3.11
shows Dmax and Dave plotted versus L for these data. They define linear relationships with an
offset in scaling occurring at about 400 m. Dave/L is 1.1x10−2 for faults of length <200 m and
8x10−3 for faults > 600 m. This change in scaling is also apparent in the shape of the displace-
ment profiles: in Figure 3.12 are shown the displacement profiles for a) faults < 200 m and b)
faults >600 m, each normalized to their length and stacked. The shorter faults show peaked
profiles and the longer ones are more flat-topped. In each case, the profiles collapse into a
similar form, indicating self-similarity for each set. The Bishop Tuff is comprised of a single
unit of welded tuff ~200 m thick deposited on a layer of unconsolidated air fall ash and
alluvium, so it appears that this breakdown in scaling occurs at about twice the brittle layer
thickness. The shorter faults can be interpreted as growing as 3D circular cracks within the
layer and the latter as 2D rectangular cracks trapped within the layer boundaries at top and
bottom and propagating only horizontally. A similar scaling change occurs from small to large
earthquakes, defined the same way, and is discussed in Section 4.3.1. Earthquakes that are
no longer than a few times the seismogenic thickness tend to have displacement profiles that
are triangular with rounded tops, similar to those of the short faults in Figure 3.12(a)
(Manighetti et al., 2005). On the other hand, very long earthquakes, such as the 1857 Tejon
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Fig. 3.11. Maximum and average displacement versus length for normal faults in the
Bishop Tuff, Volcanic Tableland, eastern California. (Data from Dawers et al., 1993.)
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Pass, California earthquake (Figure 5.25) and the 2001 Denali, Alaska earthquake (Figure 4.20)
tend to have more flat-topped profiles, with perhaps a local maximum, such as the profiles in
Figure 3.12(b). These changes reflect differences in the dimensionality between the large and
small ruptures – they belong to different fractal sets.

A larger compilation of Dmax versus L data is given in Figure 3.13 (Schlische et al., 1996).
These data indicated linear scaling over eight orders of magnitude. The scatter for the shorter
faults is much greater than in Figure 3.11 owing to strength variations among the rock types at
shallow depths. Those with very low Dmax/L ratios are for faults in soft sandstones and shales;
faults in crystalline rocks tend to havemuch higher values. The longer faults rupture the brittle
crust and all have largerDmax/L ratios because they reflect greater strength of rocks under high
confining pressure at depth. Most recently, the linear scaling between D and L has been
reaffirmed by measurements over 5 orders of magnitude in L for strike-slip faults in granitic
rocks in Chile (Cembrano et al., 2018).

The tapered regions at the end of the long profiles in Figure 3.12b can be used to estimate
s/L as ~0.2. Using the ratio Dmax/L of 1.1x10−2 and a shear modulus for tuff of 6.5 GPa
(Martin et al., 1995), we can use Equation (3.5) to calculate the stress drop (σ0-σf) to be 230
MPa. This value is several orders of magnitude greater than the stress drop for earthquakes,
because here it is the difference of the strength of intact rock to the residual frictional
strength of the fault. This is the difference between the fracture and friction curves in
Figure 1.16. This stress drop is not released in a single slip event, like in earthquakes. The
applied stress σa necessary for the fault to grow will be much less than σ0 and need not be
much greater than the frictional stress. The strength σ0 is reached only within the fault tip
stress concentration.

Displacements accrue on faults and they consequently grow in length through a progression
ofmany earthquakes (Cowie and Scholz, 1992b). The relative increment of fault grown, r, due to
the ith earthquake that ruptures its entire length is

r ¼ DLi

Li�1
¼ α

γ
ð3:7Þ

.02
(a) (b)

.01

0

D
/

L
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Fig. 3.12. Displacement profiles along normal faults in the Volcanic Tableland, eastern
California, normalized to fault length. (a) faults of lengths from 24 to 182 m, (b) faults
of lengths from 696 to 2210 m. (From Dawers et al., 1993.)
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where α and γ are the Dmax/L ratios for earthquakes and faults, respectively. The former are in
the range of 1.5–6.5x10−5 and the latter of 5x10−3 to 5x10−2, which places r in the range 0.03–
1.5%.

Displacement profiles for faults, such as those shown in Figure 3.12, typically end in linear
tapers toward the tips, as summarized by Cowie and Shipton (1998). This is distinct from the
doubly curved shape expected from theDugdalemodel and indicates that something is amiss in
that model. There have been several attempts to explain this. Bürgmann et al. (1994) showed
that an elastic crack model in which the frictional resistance is assumed to decrease linearly
from the center would produce an approximately linear displacement taper. Cowie and Shipton
(1998) developed a “slip patch” model in which small areas within the fault rupture randomly
and develop a profile that is triangular in shape. The CFTT model (Section 1.1.4) has a profile
with linear tapers at the tips and a rounded interior. That is a numerical model in which it is
assumed that inelastic deformation occurs in a volume surrounding the crack tip. Numerical
experiments have shown that the fault tip taper remains constant with growth of the crack and
has a steepness that is proportional to the strength of the fractured material (Kanninin and
Popelar, 1985). Both of these predictions were verified by Scholz and Lawler (2004). Figure 3.14
shows fault tip taper versus length for the Volcanic Tablelands faults. It is clear that this is a

Fig. 3.13. Maximum net slip D plotted versus fault length L for several data sets from
different tectonic settings. (After Schlische et al., 1996.)
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scale-independent parameter. The fault tip taper is a very sensitive indicator of interactionwith
the stress field of adjacent faults (see Section 3.2.3). The problemwith theDugdalemodel is that
it is a 2Dmodel in which all inelastic deformation is prescribed to occur within the plane of the
crack, an unrealistic assumption.

The breakdown from rock to fault schematically shown in Figure 3.10 has been studied by
the examination of the microcrack structures in rock near fault tips (Anders and Wiltschko,
1994; Vermilye and Scholz, 1998; 1999). Themicrocrack density within the damage zone of two
strike-slip faults formed at a depth of 7 km in quartzite is shown in Figure 3.15 (Vermilye and

Fig. 3.14. Fault tip tapers versus fault length for normal faults of the Volcanic Tablelands,
California. (Data from Dawers et al., 1993, figure from Scholz and Lawler, 2004.)

Fig. 3.15.Microcrack density versus distance from the fault for two strike-slip faults of
different lengths in Shawangunk Quartzite, New York. (From Vermilye and Scholz,
1998.)
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Scholz, 1998). It decreases exponentially with distance from the fault. If we interpret the
damage zone as the wake of a process zone, the zone of inelastic deformation formed in the
stress concentration of the propagating fault tip, this is the expected form of the falloff with
distance from the fault (Scholz et al., 1993). This interpretation is supported by the observation
in Figure 3.16, which shows the orientations of tensile intergranular microcracks in the vicinity
of dextral strike-slip faults exposed in quartzite on a vertical cliff face. Figure 3.17(a) is a
photomicrograph of quartzite grains showing healed microcracks and pressure solution sel-
vages from this site. The stereographic projections in Figure 3.16 are contoured pole plots
projected onto the horizontal plane. Background microcracks measured several meters from
the fault (MC16) show a girdle pattern. These are interpreted as dilatant microcracks parallel to
the regional stress, inclined about 25° from the fault. The near-fault microcracks (MC1 and
MC2) showdifferent orientations on either side of the fault: oriented closer to the fault strike on
the NE side, and farther from the fault strike on the NW side. This is consistent with a dextral
Mode II crack tip having propagated toward the viewer, becausemicrocracks should be oriented

Fig. 3.16. Stereographic projections of the poles to microcracks in several locations
relative to small strike-slip faults. The cracks several meters from the fault (MC16)
show agirdle pattern indicative of dilatantmicrocracks oriented parallel to the regional
σ1 direction. The near-faultmicrocracks (MC1andMC2) are consistentwith the fault tip
stress field. The fault tip cracks are fault parallel, indicating release of fault dilation
during unroofing. (From Vermilye and Scholz, 1998.)
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at an angle closer to the fault plane in the compressional stress quadrant and farther from it in
the tensional quadrant (Scholz et al., 1993). These same features have been observed in a
process zone formed in the laboratory in the same type of experiment as shown in Figures
1.19 and 1.20 (Moore and Lockner, 1995; Zang et al., 2000). For a review of microfractures in
rock and their role in faulting, see Anders et al. 2014.

At the fault tip, microcracks are concentrated fault parallel (MC5). This phenomenon was
also observed by Moore and Lockner and is interpreted as tensile cracking arising from the
relaxation of the fault-normal stress during unroofing, driven by the dilation of the fault.

Macroscopic features in the process zone, such as secondary shears, pressure solution
cleavage, and tension fractures, also show the same falloff with distance but are less ubiquitous
than the microcracks (Vermilye and Scholz, 1998). This is because the disorder in the stress
field is primarily at the grain scale.

The data in Figure 3.15 are for two faults in the same quartzite, one 40m long and the other
0.8 m long. The maximum microcrack density at the edge of the cataclasite fault core is a
constant value independent of fault length. Figure 3.17(b) shows the sharp contact between
highly microcracked quartzite and the quartz cataclasite that forms the core of the fault. At a
critical microcrack density the integrity of the rock breaks down to form a cataclasite. This
occurs at a critical stress and hence does not depend on fault length.

The width of the process zone wake, WP, increases with fault length. Combining those
results with data from other sources led Vermilye and Scholz to conclude that the scaling of
WP with L is linear. Because the fracture energy per unit fault length increment should be
proportional to the damage zone halo size, this scaling relationship is direct evidence for G
scaling linearly with L, as concluded earlier. This scaling is not surprising. For an elastic, purely
plastic material, the radius of the zone of yielding at the crack tip is

Fig. 3.17. (a). Photomicrograph of microfractures in the Shawangunk Quartzite. (b).
Photograph of the contact between the damage zone and fault core of a strike-slip fault
in the Shawangunk Quartzite. Fault length, 40 m, and displacement, 30 cm. (Photo
courtesy of Jan Vermilye.) (A black and white version of this figure appears in some
formats. For the color version, please refer to the plate section.)
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ry ¼ 1=2πð Þ K=σ0ð Þ2 ¼ L
8

σa

σ0

� 2

ð3:8Þ

(Atkinson, 1987), where σ0 is the yield strength and σa is the applied stress, both of which are
scale-independent for self-similar faulting. Of course, we are not dealing with a plastic mate-
rial here, but many high-toughness ceramics, which have a polycrystalline, rock-like fabric,
exhibit “R-curve” behavior in which G increases with crack length (Evans, 1990). Although
measurements have not been made over a great scale range, typical R-curve behavior indicates
that K∝√L, which implies thatG∝ L. In the CFTTmodel, which predicts both linear scaling ofD
with L as well as the observed constant linear FTT, J-resistance (G) is observed to increase
approximately linearly with crack length (Kanninen and Popelar, 1985, pp. 367–371). Thus, this
model encapsulates all the important observations made about faults.

The conclusion that fault-driving stresses are scale-independent allows us to conclude the
discussion of Section 1.2.3 on the scale dependence of strength. The size dependence discussed
there applies only to the laboratory scale. On the macroscopic scale of faults, strength is scale-
invariant, and must be slightly higher than friction, because of the extra work consumed in
fracture energy in fault tip growth.

The damage discussed above is that produced within the process zone created by the fault
tip stress field. The cataclastic core shown in Figure 3.17(b) is the initial breakdown core that
forms the nascent fault. As the fault continues to accrue slip during its history it also accumu-
lates more damage that contributes to the growth of the fault core and damage zone. This
broader topic will be discussed in Section 3.3.1.

Faulting in high-porosity rocks

Thus far we have discussed faulting in low-porosity rocks. High-porosity clastic rocks such as
aeolian sandstones respond differently to shear deformation. Whereas in low-porosity rock
shear results in dilatant processes such as microcrack growth on the microscale and fault
growth in the macroscale, in high-porosity rock it induces a collapse of pore structure and
densification, resulting in features known as deformation bands. There are several types of
deformation bands (Antonellini et al., 1994; Fossen et al., 2007), but for brevity we will discuss
here only the classic form, the cataclastic deformation band, which is the type most commonly
associated with faults (Antonellini et al., 1994).

Individual cataclastic deformation bands are linear features with thicknesses and shear
offsets in the mm range and with variable lengths up to a few hundred meters (Aydin, 1978).
They also occur in zones of many closely spaced deformation bands which are parallel and
straight in the shear direction and inosculating is sections perpendicular to shear (Aydin and
Johnson, 1978). These zones have shear offsets in the cm to dm range. A slip surface may then
develop onone edge of the zone, which acts then like a fault and can accumulatemanymeters of
offset.

Individual deformation bands have displacement profiles similar in shape to those of the
faults shown in Figure 3.12, but with displacements (relative to length) about an order of
magnitude smaller (e.g. Wibberley et al., 2000a). However their scaling law is quite different –
it is Dmax∝L0:5 (Fossen and Hesthammer, 1997).

A sketch of the tip region of a deformation band is shown in Figure 3.18. The rock is
undeformed outside the region marked “outer zone.”Within the outer zone porosity reduction
occurs by grains rotating and shifting. Within the inner zone, grain crushing occurs from grain
contact stresses, resulting in the reduction of grain size and an increased angularity of grains
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with a consequent densification of the rock. This allows shear displacement to occur across the
deformation bands, but the densification results in strain hardening that resists further shear
(Aydin and Johnson, 1983). Aydin and Johnson go on to reason that the deformation band then
acts as a stiff inclusion, producing a stress concentration that initiates the formation of
adjacent deformation bands. When the zone becomes wide enough, there is a strong enough
contrast in elastic properties that a slip plane may form along the margin.

Deformation bands are observed to develop in triaxial compressive tests with porous
sandstone (Lockner et al., 1992; Mair et al., 2002; Mair et al., 2000). These experiments confirm
some parts of the picture presented by Aydin and Johnson. The Mair et al. results show that the
number of deformation bands in a zone increases linearlywith shear strain, indicating that each
one accommodates a discrete increment of slip, after which a new one forms. The Lockner et al.
experiments include acoustic emissions (AE) observations like those shown for granite in
Figures 1.19 and 1.20, but which for porous sandstone show a different pattern. A thick linear
concentration of AEs forms on the loading portion of the stress–strain curve, grows into a
progressively wider zone up to peak stress, and then on the unloading portion of the curve
lengthens and becomesmuch narrower, comparable in width to the granite experiments at that
stage. This can be interpreted as indicating that a zone of deformation bands forms early and
gradually thickens as strain hardening occurs. The rapid weakening in the last stage and the
lengthening and narrowing of the linear concentration of AEs indicates localization in forming
the fault.

Shipton and Cowie (2001) studied two ~4-km-long normal faults in the Navajo
Sandstone (20% porosity) of Utah. A schematic diagram of their findings is shown in
Figure 3.19. The faults consist of closely spaced and linked sets of slip surfaces with
down-dip striations. The slip profiles are triangular, with maximum slips ~30 m and with
linear displacement gradients of 0.014 (considerably smaller than those for the Bishop Tuff,
Figure 3.14, as might be expected for the weaker sandstone). The damage zones consist of
deformation bands and local slip surfaces subparallel to the faults. Damage zone width
increases linearly with fault throw, with a ratio of 2.5:1. The damage has a width of ~10 m

Fig. 3.18. Sketch of the tip region of a cataclastic deformation band. (From Aydin,
1978.)
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at the fault tip and extends several tens of meters beyond the fault tip. Shipton and Cowie
interpret this as the fault tip process zone, but unlike those formed in low-porosity rocks, it
contains no microcracks but only macroscopic features in the form of deformation bands
and disconnected slip surfaces. Indeed, Anders and Wiltschko (1994) pointed out that even
when the Navajo Sandstone was in the immediate vicinity of a fault, it had very low micro-
fracture density, instead forming deformation bands parallel to the fault. Shipton and Cowie
interpret fault formation in such rocks as the progressive linking of slip surfaces until a
through-going set is produced that can accommodate large slip. The maximum deformation
density in the damage zone is constant along strike, as is thewidth of the fault core. The latter
is a narrow zone of highly deformed material with low grain size and porosity, usually
bounded on both side by slip surfaces. In a later paper (Shipton and Cowie, 2003), they
interpreted these features in terms of a modified version of the slip-patch model of Cowie
and Shipton 1998.

3.2.3 Fault interactions

In the previous section we discussed the propagation and growth of isolated faults. However,
faults usually occur in populations, in which the faults are often close enough together to
interact through their stress fields. Furthermore, faults themselves are segmented, and the
segments will interact with adjacent ones. Such interactions may promote or inhibit fault
nucleation and growth, distort fault slip profiles, produce fault linkage and coalescence, and
result in anomalous scaling of fault parameters.

A population growing within a uniform strain environment will initially consist of sets of
conjugate faults growing independently (Figure 3.1). Often one of the conjugate sets will

Fig. 3.19. Schematic diagram illustrating features of normal fault zones in the Navajo
Sandstone. FC: fault core, DZ: damage zone. Light lines, deformation band zones,
heavy lines, slip surfaces. (From Shipton and Cowie, 2003.)
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dominate, so that the fault population then consists of a set of subparallel faults sharing
the same slip vector. As growth continues, individual faults will begin to overlap, and if
their lateral separations are small enough, their tips will enter the stress fields produced
by the neighboring fault and their subsequent behavior will be influenced accordingly. In the
case of normal faults, such sites of interaction produce structures known as relay ramps
(Ferrill et al., 1999; Larsen, 1988; Peacock and Sanderson, 1991; 1994). Fault growth may also
produce secondary en echelon segments, which can later interact in the same manner
(Marchal et al., 2003; Walsh et al., 2003). The relay ramp is a particularly simple and well-
studied type of fault interaction, and will serve as an example to illustrate a few basic
mechanical concepts.

A relay ramp of two overlapping normal faults is shown in block and map view in
Figure 3.20. Figure 3.21(a) is a sketch of the stress field of fault F’ that is interacting with a
second fault F. Contours of stress drop are shown: positive if they impede the growth of the
adjacent fault, and negative if they enhance it (Gupta and Scholz, 2000a). When fault F begins to
approach fault F’, it will be first attracted to it by the stress concentration beyond the tip of fault
F’, but as the faults begin to overlap, they enter one another’s stress shadow in which their

Fig. 3.20. Schematic depiction of a relay ramp: (a) block diagram, (b) map view. (a) is
from Long and Imber, 2012; (b) is from Long and Imber, 2011.
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further propagation is impeded, the more so the deeper they enter the stress shadow. As they
do so, their fault tip tapers steepen, as in Figure 3.21(b).

This type of interaction between normal faults has been modeled with elastic crack models
byWillemse (1997) andWillemse, Pollard, and Aydin (1996), who found this same steepening of
the displacement gradients near the adjacent crack tips. To clarify the physics of this interac-
tion it is convenient to discuss it in terms of the CFTT crack model of a normal fault (Section
1.1.4). Recall that for thismodel the fault tip taper (FTT) can be considered to be proportional to
the stress concentration in the vicinity of the tip, which, for an isolated fault isσy –σa, whereσy

is the yield stress and σa is the regional applied stress. However, the right tip of the fault F in
Figure 3.21(a) is in the stress drop field of fault F0, so that the FTT at that endwill be proportional
to σy – (σa – Δσ), and therefore will be steeper than at its distal tip, as shown in Figure 3.21(b).
This tip steepening has been studied systematically in Gupta and Scholz (2000a) and Scholz and
Lawler (2004).

Relay ramps may occur over a wide range of scales, determined by the size of the faults
involved, but the overlap/spacing (O/S) ratio is found to be scale-independent and to lie within
the limits of 1 to 10, with a mean value of about 4 (Long and Imber, 2011). The lower limit defines
the point at which fault F enters the repulsion field of fault F’ and hence becomes likely to be
preserved in the geological record (the attractive phase being ephemeral). The limit towhich fault F
can intrude into the stress shadow is set by a critical stress drop value (Ackermann and Schlische,
1997; Gupta and Scholz, 2000a). This is illustrated in Figure 3.22, which shows an array of small
normal faults in siltstone. The larger faults, whichmust have occurred early in the sequence, show
an absence of small faults within their stress shadows. New faults cannot nucleate within that
region nor penetrate into it from adjacent regions. The boundary of that region defines the critical
stress drop. Note that this boundary does not define a specific O/S value, but a range of them
(Gupta and Scholz, 2000), and the size of the forbidden region depends on the size of the master
fault.

Fig. 3.21. Illustration of the interaction of two faults through their stress fields.
(a) Down-dip view of two parallel normal faults with separation S and overlap O. The
solid curves are stress drop contours and the dashed curves, contours of stress
increase. (b) Displacement profile of fault F, showing the steeper FTT at the proximal,
interacting, tip.
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To illustrate the temporal development of this type of fault interaction, Figure 3.23(a) shows
the displacement profiles at three different times of three normal faults of the main bounding
system of the Malawi rift, reconstructed from seismic profiles of Lake Malawi sediments
(Contreras et al., 2000). Notice that the overlapping tips have steeper displacement gradients
than the corresponding distal tips, and that as displacement continues to accrue on the faults
the interacting tips propagate little but the displacement gradients at those tips steepen
further. This interaction will affect the D/L ratio: notice that the central segment, which is
pinned on both ends, accumulates D without any corresponding growth in L. This effect may
accounts for some of the scatter in Figure 3.13. Figure 3.23(b) shows the summed slip profiles of
the three fault segments. As slip accumulates, the summed profile progressively resembles that
of a single fault of the same total length, shown by the dashed curve. The faults are thus
gradually linking to coalesce into a mechanical unit acting as a longer fault. In the coalescence
process there is an increase in the D/L ratio of the system as a whole from before and after
coalescence has been completed (Cartwright et al., 1995; Dawers and Anders, 1995).

Fig. 3.22. (a) Photograph of the footwall (FW) of a small normal fault with an absence of
smaller faults within its stress shadowed region, marked by an arc. Scale bar 10 cm. (b)
Along-strike view showing the stress shadow of several larger faults. Faultsmarked by
chalk for visibility. (From Ackermann and Schlische, 1997.)
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As the faults grow into each other’s stress shadow, the overall level of stress concentration
increases in the vicinity of the relay ramp. In response, secondary faults tend to form both
within and outside it (Dawers and Anders, 1995). These faults have a tendency to fill in the slip
deficit of the relay ramp. The displacement profile of the sum of all the faults within an
interacting system of faults increasingly resembles that of a single fault the length of the
whole system. Thus, the entire system increasingly acts as a single longer fault and the system
is said to have coalesced by means of “soft linkage.”

In other cases, the relay ramp may become breached by a fault or faults that cross it
(Figure 3.20b). This may occur at one or both ends of the relay ramp (e.g. Anders and
Schlische, 1994; Hemelsdael and Ford, 2016). This is called coalescence by “hard linkage.”
However, in three dimensions linkage is probably by a combination of the “hard” and the
“soft” mechanisms (Conneally et al., 2014; Crider and Pollard, 1998).

In the case systems of normal faults such as in rift basins, normal faults are often
observed to interact and link early and subsequently accumulate major slip (e.g.
Gawthorpe et al., 2003; McLeod et al., 2000). Observations of this type led to the hypothesis
that faults grow by accumulation of slip without any growth in length (Walsh et al., 2002).
They proposed that faults were inherited from some earlier structure and that these

Fig. 3.23. (a) Restored displacement profiles at three different times for three normal
faults in themain bounding fault systemof the centralMalawi rift of the East African rift
system. The south and north faults are both separated from the central fault by about
5 km on the hanging wall side. (b) Summed profiles of the faults at the different time
intervals. Dashed curve is the expected profile for a single fault of the same total
length. (From Contreras, Anders, and Scholz, 2000.)
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inherited faults were “underdisplaced” so that they could accumulate slip without growing in
length. An example of that mode of fault growth is described by Nicol et al. (2005). This
process as envisioned by Cowie and Roberts (2001) is shown in Figure 3.24. Short faults link
up such that their combined length is much greater than expected from their slips and the tip
displacement gradient is consequently too low for continued lengthening of the fault. Slip
accumulates within the interior of the fault until the equilibrium slip profile for the linked
fault length is reached. Figure 3.24(a) shows this when linkage has occurred early in this
readjustment process, Figure 3.24(b) when it occurs late. This readjustment requires that the
slip rates in the central segments become greater than those in the segments near the tips of
the combined faults. The time history of slip rates in the central segment is shown in Figure
3.24(c). This type of early linkage is favored in sites with high fault densities, such as rift
zones.

In these cases of normal fault interactions, the interacting crack tips are Mode III and
hence are symmetric and involve only shear stresses. In the case of strike-slip faults, the
interactions are antisymmetric and involve both shear and normal stresses (Segall and
Pollard, 1980). However, we should expect, in a general way, that the same processes
are involved. Pull-apart basins, which mark extensional jogs in strike-slip faults, share
some basic geometrical properties as relay ramps; viz. they are scale-independent and
their O/S ratios are limited to between 1 and 10 with a mean of about 3 to 4 (Aydin and
Nur, 1982). This similarity arises because the mechanics of interaction are basically the
same in both cases.

The interactions between faults through their stress fields thus results in a number of
phenomena. Fault pinning restricts the lengthening of faults but not their accumulation of
slip. Fault coalescence is the process, through various linkagemechanisms, wherein faults grow
by the knitting together of smaller faults into mechanically longer units. Stress shadowing
results in forbidden zones within which new faults cannot nucleate and into which faults
cannot penetrate. These processes, working together, result in faults forming populations
with distinctive statistical properties.

Fig. 3.24 Growth of an idealized extensional fault array. (a) Displacement profiles prior
to interaction and after displacement profile readjustment is complete. (b) Same as (a)
except linkage occurs late in the readjustment process. (c) Sketch showing the dis-
placement history of the central points, illustrating the enhanced displacement rate as
the readjustment occurs. (From Cowie and Roberts, 2001.)
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3.2.4 Fault populations

There are several types of fault populations with distinctive statistical properties. The most
common type exhibits a power-law size distribution, of the form:

N Lð Þ ¼ aL�c ð3:9Þ

where N(L) is the number of faults of length greater than L. Such populations are usually
established by mapping, which is intrinsically limited in scale range to within one order of
magnitude, so that the exponents in such relationships cannot usually be determined very
reliably, and in many cases it is possible to question whether they define a power law or not
(Cladouhos and Marrett, 1996). This situation can be remedied if one maps the same locality at
several scales, making it possible to extend the scale range over which the size distribution is
determined and hence improve the estimate of the exponent (e.g. Scholz et al., 1993). A more
definitive example is shown in Figure 3.25(a), fromaMagellan SAR image of normal faults on the
plains of Venus. There the data is taken from a scene of width of 200 km and pixel size 70m, so
the dynamic range is about four orders of magnitude. The result is shown as a frequency plot: it
is unequivocally a power law. (Usually such plots are shown as cumulative distributions
because of insufficient data. These have upper truncations thatmake themdifficult to interpret
in terms of power laws [Burroughs and Tebbens, 2001].) In the case shown, the exponent is –2,
which implies that exponent C ≈ 1 in Equation (3.9).

Faults are not single continuous surfaces, but are themselves composed of a mesh of
disconnected strands, or subfaults. The population of subfaults also has a power-law size
distribution, as shown in Figure 3.25b – in this case, C ≈ 2. These distributions are similar to
the Gutenberg–Richter relation observed for earthquakes. The fault and earthquake size dis-
tributions are related (see Section 4.3.2).

Not all fault populations have power-law distribution, however. Figure 3.26 shows the size
distribution of normal faults on the flanks of midocean ridges, obtained by sonar swath
mapping. These are clearly not power-law distributions, but aremore closely fit by exponential
distributions.

Soliva et al. (2006) found exponential size distributions for faults bound within a mechani-
cally strong layer. The spacings of fractures in the layer were distributed log-normally, but if
only the long strata-bound faults were considered they were found to be periodic, with an
average spacing Save~½ T, the layer thickness, which was found to be the general relationship
for layer thicknesses ranging over two orders of magnitude.

It has long been known that joints in sedimentary rocks have a regular spacing in which the
spacing is a function of bed thickness and rock type (e.g. Narr and Suppe, 1991; Price, 1966,
p. 144). This sort of regular spacing may sometimes be observed for crustal-scale faults. The
spacing of major range-bounding normal faults in the Basin and Range Province of Nevada is
about 30km (DePolo, 2008), and the spacing of the parallel strike-slip faults in the southern San
Andreas Fault system in southern California and theMarlborough system in the South Island of
New Zealand are also about 30 km (see Figure 5.5).

A numerical model of the extension of a brittle layer on a ductile substrate show that these
different fracture populations evolve continuously as a function of strain (Spyropoulos et al.,
2002). This model was validated with physical models (Ackermann et al., 2001; Spyropoulos
et al., 1999), as shown in Figure 3.27. After a critical strain is reached, cracks begin to nucleate
and their numbers increase rapidly. In this regime, dominated by nucleation and the growth of
individual fractures, the population is dilute enough that fractures have few interactions, and a
power-law length distribution develops. As the fracture density (and strain) increases further,
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crack interactions become increasingly important, the nucleation rate decreases as more
regions become stress shadowed, and coalescence becomes more common, resulting in a
decrease in the total number of fractures. In this coalescence regime the population evolves
toward an exponential length distribution. Finally, at high strain, the population evolves toward
a saturated state characterized by system-sized cracks evenly separated by a distance propor-
tional to the layer thickness. This progression agrees with the observations of the natural
systems: the power-law distribution (Figure 3.25) occurred at a strain of about 2%, whereas
the exponential distributions (Figure 3.26) were obtained at strains of 10–15%. This strain
transition is observed in the Asal Rift in Djibouti (Gupta and Scholz, 2000a), as shown in
Figure 3.28. Brittle strain is accommodated up to 6–8% by an increase of fault density with a
constant D/L ratio. Above that strain level, fault density remained constant and further strain
was accommodated by an increase in the D/L ratio, suggesting that the faults were mainly

Fig. 3.25. Fault length distributions in the form of power laws. (a) Frequency–length
distribution for normal faults on the plains of Venus obtained from a Magellan SAR
image (fromScholz, 1997a). The exponent of –2 in this frequency plot indicatesC≈ 1 in
Equation (3.9). (b) Cumulative length distribution of subfaults of the San Andreas Fault.
(From Scholz, 1998b, data from Wallace, 1989.)
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pinned, as in Figure 3.23. At low strain, the fault distribution was power law (Figure 3.29(a)): at
high strain it was exponential (Figure 3.29(b)). In the Corinth Rift, Poulimenos (2000) observed
the same pinning-induced increase in D/L ratio with strain, and Michas et al. (2015) found the
evolution there from a power law to an exponential distribution.

Fig. 3.26. The size distributions of normal faults from the flanks of midocean ridges.
These distributions appear to be exponential, rather than power law. (From Cowie
et al., 1993.)

Fig. 3.27. The development of a population of faults in the claymodel of Spyropoulos et
al. (1999). The number of faults first increases rapidly with strain in a regime domi-
nated by nucleation. At higher strain, coalescence and stress shadowing become
dominant, and the number of faults decreases. In the nucleation regime, the faults
have a power-law distribution; in the coalescence regime, they becomemore exponen-
tially distributed.
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An analog model of jointing (Rives et al., 1992) shows a similar evolution of joint spacing
populations. Most of what has been said here about fault scaling laws, interactions, and
populations applies also to joints, with differences only in the scaling parameters.

The saturated case has a classical solution: it is a two-dimensional case in which spacing is
determined by a stress shadowing length scale. This has been studied for the case of Mode I
cracks. The critical crack spacing to thickness ratio, Scr/T, is found to be ~1 for cracks within an
elasic layer bound between other elastic layers (Bai and Pollard, 2000a) and~3 for cracks within
a surface layer (Bai et al., 2000b; Hu and Evans, 1989). The other populations cannot be
explained directly from the properties of individual cracks. They are examples of self-
organized critical phenomena (see Section 5.5), in which many-body interactions through the
crack stress fields result in long-range organization. The power-law distribution is the cano-
nical result for an open system, such as the sandpile model of Bak et al. (1988) where there are
only short-range interactions. An example of this type of model applied to faulting is that of

Fig. 3.28. (a) Fault density versus brittle strain for normal faults in the Asal (closed
squares) and East African (open circles) rifts in the Afar depression, Ethiopia, and
Djibouti. The brittle strain was calculated by summing the fault moments. (b) Mean
displacement/length ratio versus strain for the same regions. (FromGupta and Scholz,
2000a.)
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Cowie et al. (1993). The exponential-like and periodic distributions evolve from a power law
because of long-range interactions that arise from the ductile substrate, as in the model of
Spyropoulos et al. (2002).

3.3 FAULT ROCKS, STRUCTURES, AND THEIR EVOLUTION

In this section the nature of fault structures is discussed, both in the brittle and ductile regimes.
We are particularly interested in understanding the mechanisms by which these structures are
formed and evolve and the role that they play in determining the mechanical properties of
faults. In some cases, fault structures can also reveal the presence of seismic slip and provide
information about earthquake properties and processes operating at seismic slip rates. This
latter topic has been the subject of reviews by Niemeijer et al. (2012) from the laboratory
viewpoint, and Rowe and Griffith (2015) from the field geology viewpoint.

3.3.1 Brittle fault structures

Figure 3.30 shows schematic representations of large crustal-scale strike-slip faults within the
brittle regime. Figure 3.30(a) represents a fault in a bulk-structure country rock like granite,
styled after the Punchbowl and San Gabriel faults, extinct members of the San Andreas Fault
system in southern California (Chester et al., 1993; Chester and Logan, 1986). It contains a thin
straight core of cataclasite within ~100 m wide damage zones of fractured rock. Within the
core, a principal slip surface, upon which most of the shear displacement has occurred, can
usually be defined as a narrower zone of ultracataclasite. The fault depicted in Figure 3.30(b)
represents one in phyllosilicate-rich country rock, styled after the Carboneras fault in southern

Fig. 3.29.Cumulative number of faults versus fault length for high-strain and low-strain
conditions from the Afar Rift. (a) Plotted in log–log coordinates. In this case the low-
strain case describes a power law beyond its short wavelength resolution limit. (b)
Plotted in semi-log coordinates. In this case the high-strain data fits an exponential
distribution. (From Gupta and Scholz, 2000a.)
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Spain (Faulkner et al., 2003). It is much wider, ~1 km, and contains a number of anastomosing,
meandering fault cores, each surrounded by a damage zone but which also interlace lenticular
blocks of undeformed bulk-structure rock, which may be locally faulted in a more brittle
manner.

Fault surfaces

Fresh exposed fault surfaces typically have a shiny “slickensided” aspect with grooves (“slick-
enlines”) oriented parallel to the slip direction, as shown in the examples in Figure 3.31. There is
often a multitude of sliding surfaces in anastomosing nested packets within a cataclasite layer
of varying thickness. Each sliding surface is a wafer of cohesive cataclasite about 100–500 µm
thickwith grain sizes in the range 0.01–10 µm (Power and Tullis, 1989; Sagy and Brodsky, 2009).
In the case of the Flower Pit fault, a normal fault in andesite with a net slip of ~100 m near
Klamath Falls, Oregon, the sliding surfaces are contained within a 0.1–5mm thick fine-grained
cohesive cataclasite layer overlying a coarser grained 10–20 cm thick cohesive cataclasite layer
(Sagy and Brodsky, 2009). That in turn overlies a 1–2 m thick incohesive cataclasite layer that
rests upon intact but fractured rock in which the fracture density decreases exponentially with
distance for about 50meters before the background fracture density is reached. The package of
fault surfaces and cataclasites constitute the fault core and the surrounding fractured rock the
damage zone, to be discussed in detail below.

Just as in the case of rock joints (Figure 2.3(a)), fault surfaces have fractal topography (Aviles
et al., 1987; Power et al., 1987). However, unlike joints, fault surfaces are anisotropic, being
smoother in the sliding direction than in the slip-normal direction. Measurements of a con-
siderable number of faults and earthquake ruptures traces show that their topographies have
the same spectral shape over a broad bandwidth (Candela et al., 2012). The profiles of such
surfaces have a power spectrum p λð Þ ¼ Cλ 1þ2ζð Þ where ϛ, the Hurst exponent, is related to the

Fig. 3.30. Cross sections of conceptual models of large strike-slip faults. (a) A fault in
bulk-structure country rock such as granite. (b) A fault within phyllosilicate-rich coun-
try rock. It is wider than the former and contains lenses of both the phyllosilicate rock
and of bulk-structure rock, which may be locally faulted. (From Faulkner et al.,2003.)
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fractal dimension by ϛ= 2-D. The profiles transform by δx→λδx;δz→λ
ζ
δz. If ϛ= 1, the surface

is self-similar, if <1, self-affine. Candela et al. found that faults of a variety of types, net
displacement, and lithology can be described to first order by a universal Hurst exponents of
~0.6 parallel to slip and ~0.8 perpendicular to slip. This scaling is shown in Figure 3.32 for the
slip-parallel direction. The various faults differ only in a scale-independent roughness ampli-
tude parameter.

This universal fault topography is a steady-state condition that has evolved through slip.
For faults with very low slip, the roughness parallel to the slip direction is very similar to the
slip-perpendicular roughness (Brodsky et al., 2011; Sagy et al., 2007). The anisotropy develops
with wear. The RMS heightH over a length scale L is given by KLϛ. By comparing the topography
of faults with different displacements it was found that for segment lengths of 0.5 m the slip
parallel H decreases with fault displacement D according to H = 3×10−3D−0.1 (Brodsky et al.,
2011). This very gradual smoothing is too small to account for the observed widening of the
fault core with displacement (see the next section). It was noted in Section 2.2.4 that most wear
is not from milling off the top of the asperities but by plucking out lumps of the substrate, a
process that would regenerate roughness and not result in surface smoothing. Furthermore,
the boundary between the fault core anddamage zone occurs at a constant fracture density that
marks the transition from intact to fragmented rock. The core-damage zone boundary thus
marks a critical point, and damage from continued fault displacement will result in the bound-
ary moving outwards. Growth of the fault core is probably dominated by this outward expan-
sion rather than from the addition of wear detritus from the interior.

(b)(a)

Fig. 3.31. Fault sliding surfaces: (a) Surface of theCoronaHeights fault, a normal fault in
chert in the Marin Highlands, California. Shoes at lower right for scale. (Photo from
Kirkpatrick and Brodsky, 2014.) (b) Viewof theArkitsa fault, a normal fault in carbonate
in Greece. (Jackson and McKenzie, 1999; photo courtesy of James Jackson.)
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In Figure 3.32 various values of asperity aspect ratios H/L are shown for reference. It can be
seen that H/L decreases with wavelength for the faults: it scales as KLζ−1. Brodsky et al. (2016)
argued that the critical failure strain for an asperity scales as H/L. This implies a scale-
dependent strength of the form σc∝L�0:4. This is an example of the Hall-Petch relation,
Equation (1.51). Thus, the stable fault topography is seen to be one in which it is everywhere
at the critical failure point at all length scales.

These spectral measurements contain no phase information so they do not reveal
geometrical features that may characterize fault surfaces. The most prominent of these
are slickenlines, grooves parallel to the slip direction that occur in a wide range of scales,
such as those displayed in Figure 3.31(a). There are a variety of processes that have been
proposed to account for slickenlines (Power and Tullis, 1989), but they must be various
forms of wear grooves, such as in Figure 2.19). They are closely aligned with the slip
direction and are not deviated by local bumps and swales in the fault surface (Kirkpatrick
and Brodsky, 2014).

The slickenlines, and the associated anisotropy of the surfaces, vanish at scales smaller
than 400–500 µm (Candela and Brodsky, 2016), although in laboratory experiments they are
still seen in carbonates at the nanoscale (Figure 2.19(a)). At finer scales there is, at least for
faults in carbonates, a greatly increased smoothing of the fault, shown in Figure 3.33, in
which ϛ increases from 0.6 to 1.5 (Siman-Tov et al., 2013). It is this fine-scale smoothness
which accounts for the mirror-like fault surfaces that occur primarily for faults in carbo-
nates like Figure 3.31(b). The inset Figure 3.33(b) shows the spectra of two faults compared
to the Rayleigh roughness criterion for specular reflectance. The smoother fault satisfies
this criterion, the other does not. This fine-scale smoothness of carbonate faults results
from the fault surface being composed of rounded nanograins of carbonate, as are also
observed in high-speed friction experiments with carbonate surfaces (Section 2.2.5 and
Figure 2.19).

Fig. 3.32. Compilation of power spectral density of the topographies of a collection of
faults. Lines of constant H/L are shown for comparison. (From Brodsky et al., 2016.)
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Another characteristic of fault surfaces is a checkerboard pattern of bumps and swales on a
scale of tens ofmeters (Sagy and Brodsky, 2009; Sagy et al., 2007). A typical bump is elliptical in
shape, with its long axis aligned with the slip direction and of dimensions ~20 m long, ~1 m
high and ~6 m wide. The underlying cataclasite layer has a pinch and swell structure in which
the layer thickness varies in tandemwith the overlying bump and swale topography, suggesting
a mullion or boudinage mechanism (Smith, 1975; 1977).

Fault cores

The fault core is defined as the zone of fragmented rock immediately surrounding the principal
slip surface. It consists of cataclasites ranging greatly in clast size frommeter-scale breccias to
clay-grainsize ultracataclasites. They may fine inwards on the same scale, or be fine-grained
throughout, probably depending on the protolith from whence they are derived. They typically
show a power-law grain-size distribution, as expected from comminutionmodels (Sammis and
King, 2007; Sammis et al., 1986) and experiments (Marone and Scholz, 1989). The contact of the
core with the zone of fractured but intact rock just surrounding it, the damage zone, may be
sharp, as in Figure 3.17(b), or more gradual for less competent and more variable country rock.
The term used by geologists in the field for gouge may refer to either an ultracataclasite
consisting of clay-size grains of the protolith or of a mixture of clay minerals. These two
materials differ greatly in their properties; which of them prevails will determine the strength
and seismogenic properties of the fault (a topic deferred until Section 3.4.2). To avoid confu-
sion, it is recommended that the term be used only for clay-rich gouge.

The manner in which fault cores develop with fault displacement is shown in Figure 3.34, in
which core thickness T is plotted versus D for a variety of low-porosity bulk-structure rock
types. T if found to scale linearly with D and the ratio T/D varies inversely with rock strength,
being smallest for themost cohesive rocks like quartzite, largest for shale, and intermediate for
rocks like well-lithified sandstone and granite. These properties are as predicted from

Fig. 3.33. (a) Surface roughness for a fault mirror from a normal fault in carbonate from
the Kfar Giladi quarry, Israel. (b) Rayleigh roughness criterion for specular reflectance
is shown as shaded area, compared with roughness spectra for two faults. At 550 nm
length scale, the criterion is <100nmRMSheight. This ismet by the Kfar Giladi fault, (x)
and not by the Nahal Uziyahu fault (boxes), which does not exhibit fault mirrors. (From
Siman-Tov et al., 2013).
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Archard’s wear model, Equation (2.23). This shows that the growth of the fault core is a linear
wear process, without specifying a particular mechanism of wear.

This presentation has been criticized because one can observe a considerable spatial varia-
tion of T for a given fault, even when D is approximately constant (Blenkinsop, 1989; Evans,
1990). How can such variations be reconciled with the simple wear law proposed above?
Blenkinsop described variations that result from linkages between offset fault segments in
which the geometrical constraints result in locally enhanced cataclasite production. This effect
is discussed in detail by Wibberley et al. (2008), who show how it effects plots such as Figure
3.34, and at a larger scale by Sibson (1986a). Evans discussed variations that seem to be due to
variations in normal stress and lithology, both parameters that affect thewear rate according to
the Archard model. The variations noted by Blenkinsop and Evans are around a factor of 10,
which are about the variations observed for each rock type in Figure 3.34. This degree of local
variation is precisely why very large ranges ofD and T are required to establish the relationship
shown in Figure 3.34.

It appears that the relationship shown in Figure 3.34 breaks down for large displacement
faults. The Punchbowl and San Gabriel faults, both inactive strands of the San Andreas Fault
system with net displacements of ~40 km, have fault cores with widths of only several meters
(Chester et al., 1993; Evans and Chester, 1995), much smaller than expected by extrapolating
the trends of Figure 3.34. Sagy and Brodsky (2009a) observed that the rate of increase of width
of the cohesive cataclasite layer (only a portion of the fault core) with displacement fell off
rapidly above a thickness ~10 cm. Perhaps as the core thickness approaches the amplitude of
the bumpand swale topography of the fault (~1m) thewear becomes 3-bodywear and thewear
rate consequently decreases greatly (see Section 2.2.4).

Data for high-porosity rocks have not been included in Figure 3.34. As discussed near the
endof Section 3.2.2, high-porosity rocks respond to shear in an entirely differentway than low-

Fig. 3.34. Thicknesses of fault cores plotted versus fault displacement for low-porosity
bulk-structure rocks. Sandstone data: Qda Carachi from Marrett and Allmendinger
(1990); other data from deep mines, from Robertson (1987).
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porosity rocks. Therefore the behavior of these two kinds of rocks cannot be compared directly.
For example, as shown in the case described by Figure 3.19, the fault core does not increase in
thickness with displacement, in contrast to the behavior of low-porosity rocks. Including these
data in a plot such as Figure 3.34 will result in considerably greater scatter and less confidence
in interpreting the results (e.g. Shipton et al., 2006; Wibberley et al., 2008). Faulting in high-
porosity sandstones has attracted great attention because of its importance in affecting the
permeability of oil reservoirs. Because of the rarity of such rocks in the schizophere as a whole,
however, this type of faulting is not emphasized here.

The results of Figure 3.34 should also not be applied to phyllosilicate-rich fault cores. Such
minerals, particularly the clays, will have a lubricating effect that reduces wear rate, and hence
extraordinary low values of T/D can be expected for such faults.

Fault damage zones

It is well established that faults are surrounded by a region of enhanced brittle deformation, at
both the microscale (e.g. Anders and Wiltschko, 1994) and the macroscale (e.g. Little, 1995).
There are several mechanisms that have been suggested to produce such damage zones.

The de novo formation of a core and damage zone during the breakdown stage of fault
formation was discussed in Section 3.2.2. The process zone, formed within the fault tip
stress field, will be left as a wake of inactive cracks to form a nascent damage zone as the
fault tip propagates away. As the fault accumulates slip, both the fault core and the damage
zone will develop further through additional mechanisms. One is through wear as the rough
fault surfaces rub past one another, as discussed in a general way in Section 2.2.4. That will
tend to produce microfractures orthogonal to the slip vector of the master fault (Chester
and Chester, 2000). If the fault is seismogenic, there will also be damage produced by the
repeated passage of earthquakes, through their dynamic crack-tip stress fields (Andrews,
2005; Rice et al. 2005).

The Punchbowl fault is an abandoned strand of the San Andreas Fault system in southern
California, exhumed from a depth of 2–4 km and with about 44 km of right-lateral displace-
ment. Its core is a one-meter thick zone of cataclasite containing a 0.3 m thick ultracataclasite
layer within which most motion is believed to have occurred. Figure 3.35 shows microcrack
density as a function of distance from the ultracataclasite layer (Wilson et al., 2003). This is
similar to the exponential falloff with distance of microcracks in the process zone (Figure 3.15)

Fig. 3.35. Microfracture density in the
Punchbowl formation sandstone as a func-
tion of distance from the ultracataclasite
layer of the Punchbowl Fault, California.
(From Wilson et al., 2003.)
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and typical of observations of damage zones, although some authors represent it as an inverse
power-law decrease, others as exponential. In the case of the Punchbowl fault, the width of the
damage zone, measured as the point at which the microcrack density disappears within the
background density, is about 150 meters. Low-velocity zones centered on faults are another
indicator of damage zones. These have full widths of 200–1500 meters and extend to ~10 km
depth (Cochran et al., 2009; Li et al., 2000; Li et al., 2014).

The various mechanisms mentioned above predict different microcrack orientations.
Figure 3.36(a) shows the orientations of poles of Mode I microcrack families for the different
mechanisms. Dilatant microcracks formed within the regional stress field are shown for two
extreme orientations of σ1 : in the optimum “Andersonian” orientation and at the lock-up angle
(both shown for an assumedµ=0.6). The two orientations for right-lateral Mode II fault tips are
at about 20° and 70° from the fault plane, depending on the direction of propagation of the fault
tip (Scholz et al., 1993). These can originate from the original passage of the fault tip or from
subsequent earthquakes. Finally, the orientation of wear cracks is shown – perpendicular to the
primary fault.

Figure 3.36(b) shows microcrack orientation data for the region of high microcrack density
in the inner part of the damage zone, 2.5 to 14.2 meters from the ultracataclasite.
Microfracturing in this region is dominated by thewear process. Figure 3.36(c) shows the region
from 10 to 480meters from the ultracataclasite, which encompasses both the outer part of the
damage zone and the region of background microfracturing well beyond it. There we see two
maxima: one centered on both the “Andersonian” and the shallow-dipping Mode II crack-tip
orientations, and the other centered on the wear and the steeply dipping Mode II crack-tip
orientations. This pattern can be interpreted in the following way: beyond the damage zone are
mainly dilatant microcracks parallel to σ1, which is oriented about 30° from the primary fault
(the “Andersonian” direction). The outer part of the damage zone is dominated by cracks
produced by fault tip stress fields (either from the original fault tip or by subsequent earth-
quakes) and the inner part is dominated by wear cracks.

(a) (c)
NN

N

fault normal

b-axis

slip direction

fault plane

(b)

N = 8442 N = 4335

Expected Orientation of Minimum Principal
Compressive Stress Along Faults

fault growth -
Andersonian

fault growth -
mode II tip

fault growth -
mode III tip

wear - frictional
sliding at lock-up

wear - sliding on
rough, weak fault

Fig. 3.36. (a) Orientations of microfractures predicted by models of fault growth and
wear for the Punchbowl fault. The great circle shows the orientation of the Punchbowl
fault; diamonds indicate its normal, slip vector, and b-axis. This is a lower-hemisphere
equal-area projection with north at top. (b) Comparison of fault model predictions and
the composite fabric of all microfracture types in the inner part of the damage zone 2.5
to 14.2 m from the ultracataclasite. (c) The same for the outer part of the damage zone
and the background region from 10 to 480 m from the ultracataclasite. (From Wilson
et al., 2003.)
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Structures that are thought to be an indication of seismic faulting are pulverized rocks
(Brune, 2001). These are rocks that retain their macroscopic texture but are intensely micro-
fractured at the grain scale or below. Their microfractures have no preferred orientation and
are accompanied by such little shear that the original grain shapes and margins can be
recognized. Pulverization occurs predominantly in crystalline rocks,most commonly granite,
and is found from 10s to 100s of meters from the fault core. It is believed that rock pulver-
ization is produced by the high dynamic stresses within the near field of earthquakes (Reches
and Dewers, 2005). High strain-rate compression tests with the split Hopkinson bar appa-
ratus show that disintegration of granite occurs at a strain rate of 200 s−1 and peak stresses of
200 MPa (Doan and Gary, 2009; Yuan et al., 2011), or at somewhat lower values on repeated
shocking (Aben et al., 2016). These high values have lead to the suggestion that shock waves
associated with super-shear rupture velocities are necessary to produce pulverized rocks by
this mechanism.

Pulverization is often found on only one side of strike-slip faults (Dor et al., 2006;
Mitchell et al., 2011). This occurs when dissimilar rocks are juxtaposed across the fault:
the pulverization is found in the stiffer (higher-velocity) rock. One hypothesis is that
rupture may have occurred by the wrinkle-pulse mode that can propagate on a bimaterial
frictional interface of contrasting elastic constants (Weertman, 1980) (see Section 6.3.3). In
this rupture mode more intense deformation is expected to occur on the stiffer side of the
fault (Ben-Zion and Shi, 2005). However, it has been argued that the wrinkle-pulse mode is
not possible for faults that are normally seismogenic (i.e. slip- or velocity-weakening)
(Andrews and Harris, 2005).

An alternative mechanism that has been experimentally demonstrated is one in which
pulverization occurs by internal hydraulic fracturing resulting from the dynamic decompres-
sion of saturated low-permeability rocks (Mitchell et al., 2013). Pulverization by this mechan-
ism does not occur in higher permeability rocks, which can explain why it is confined to
crystalline rocks and occurs only on the high-velocity side of bimaterial faults (since high
velocity and low permeability are usually correlated). As compared to other proposedmechan-
isms, this is a relatively low-energy process that can explain the seemingly pristine nature of
the microfabrics of the otherwise pulverized rocks.

Macrofractures in the damage zone are dominated by secondary faults. For the Awatere
fault, one of the right-lateral Marlborough faults of the South Island of NewZealand, these are a
conjugate set oriented according to a σ1 direction that is close to the optimum direction for the
master fault (Little, 1995), hence the dextral set are subparallel to the master fault. For the
Punchbowl fault, the secondary faults are at higher angles to the master fault, suggesting σ1

near the lock-up angle (Chester et al., 1993; Wilson et al., 2003). This is inconsistent with the
microcrack orientations shown in Figure 3.36.

Studies of damage zones of faults of the sinistral Atacama fault system of Chile produce
similar results (Faulkner et al., 2011; Mitchell and Faulkner, 2009). Microcracks were found
concentrated in the Mode II fault tip orientation as well as in other orientations less readily
explained. Minor faults had mineralized halos, which allowed their damage zones to be readily
mapped. The damage zone width of those faults increased linearly with fault displacement
from zero at the fault tip. The latter is apparently incompatible with the process zone model,
which predicts a finite damagewidth at the tip. Microcrack density nearest the fault for faults in
the same lithology (granodiorite) is independent of the displacement of the fault, as observed
by Vermilye and Scholz (1998) for process zones. Faulkner et al. (2011) also observed that
damage was asymmetric, extending farther on one side of the fault than the other. This is
suggestive of the experimental results of Samudrala et al. (2002, fig. 4), who found that
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secondary fractures at high angles to the fault form exclusively on the extensional side of Mode
II cracks during supershear rupture propagation.

The widths of damage zones, WD, in low-porosity bulk-structure rocks are plotted versus
fault displacement in Figure 2.37.WD increases linearly with displacement up to displacements
of several hundred meters (solid line in Figure 2.36), beyond which it levels out at a width of a
few hundred meters (Savage and Brodsky, 2011). A dashed line at a displacement of ~200 m
indicates the transition from small faults to large faults at L = W*, which may correspond to the
change of scaling for damage zone width. Beyond this point the fault width remains constant
with the damage zone width proportional to it.

The seismicity associated with a fault is not limited to a plane but occurs within a zone of
finite width (Powers and Jordan, 2010). The seismicity rate is observed to fall off as a power law
with distance from the fault. This is much wider than the ~100 m wide damage zone obtained
from microfracturing measurements for large displacement faults and the 200 m wide (full
width) low-velocity zone observed, for example, at Parkfield (Li et al., 2006) and in Figure 3.37.
Part of this difference may be from uncorrected variations from planarity of the fault along
strike. Powers and Jordan argue, however, that it indicates an “outer damage zone” consider-
ably wider than the “inner damage zone” identified from microfractures. This wider zone is
reflected in low-velocity zones and gravity anomalies observed in this part of the San Andreas
Fault (Feng andMcEvilly, 1983; Wang, 1986). Most of the earthquakes in this outer damage zone
have focal mechanisms congruent with slip on the master fault. This is consistent with the
observations of Little (1995), in which dextral secondary faults subparallel to the Awatere fault

Fig. 3.37.Damage zone widthWD for low-porosity bulk-structure rocks plotted against
fault displacement D. WD increases linearly with D up to several hundred meters and
then becomes constant. Solid line has slope of 1. The dashed line is the point where
L~W*, signifying the transition from small to large faults. Data are from Savage and
Brodsky (2011) and Faulkner et al. (2011).
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occur to lateral distances of more than 2 km from the fault, well beyond the 50mwide damage
zone. Perrin et al. (2018) showed that both the inner and outer damage zone widths decrease
with net fault slip over the range kms to 100s of kms, suggesting that more mature faults are
smoother as a result of wear.

Powers and Jordan explained the outer damage zone with a rough (fractal) fault model, akin
to that of Smith and Dieterich (2010). The same type of model could also be used to explain the
inner damage zone. Regardless of the details, damage zone scaling is determined by the sphere
of influence of the fault, as indicated by the lateral extent of its stress-drop region. This
increases linearly with L (and hence D) up to the point where L = W*, after which it becomes
constant, proportional to W*.

Estimates of surface energy in earthquakes

In this section we have discussed the damage produced during faulting. A much sought-after
quantity is the amount of surface energy expended in producing this damage relative to the
other forms of dissipation in the earthquake energy balance.

Chester et al. (2005) estimated the fracture energy for the Punchbowl fault by calculating the
surface area in the cataclasite core, the cataclasite cores of subsidiary faults, andmicrofractures in
the damage zone. The first term contributed about 90% of the total fracture area. Their resulting
estimate was EG = 7×108-5×109 J per unit fault area. The latter figure included the assumption
that about half of the fractures had healed and refractured. The seismic radiated energy can be
calculated using ER=Mo/2×104 (Hanks andKanamori, 1979), so that ER/A=µD/2×104, which for
D = 40 km gives ER = 6×1010 Jm−2. So their estimate indicates that EG is 1–10% ER.

This contrasts with estimates from rockbursts in deep mines, which indicate that EG is
comparable in size to ER (McGarr et al., 1979; Olgaard and Brace, 1983; Wilson et al., 2005).
This is a different situation in which a new fault is formed in intact rock, which produces
proportionately much more new surface area than slip on a preexisting fault. Wilson et al.
(2005) also calculated the surface energy required to produce the 100 m wide zone of pulver-
ized granite adjacent to the San Andreas Fault at Tejon Pass. In assuming the 100 m wide-
pulverized zone extends to depth, they then estimated that each earthquake would produce
EG = 2–3.6 MJm−2, as compared to ER = 6 MJm−2.

3.3.2 Ductile fault rocks and structures

The brittle–plastic transition has been depicted in Section 2.4 as a transition from sliding along a
frictional fault to shearing within a localized zone of plastic deformation: a ductile shear zone. In
deeply exposed terrain, ductile shear zones have been traced fromgreenschist grade all theway to
granulite grademetamorphism,well into the lower crust andwideningwith depth (Bak, Korstgard,
and Sorensen, 1975;Hanmer, 1988;Hanmer,Williams, andKopf, 1995). Formodern faults, seismic
profiles have shown that faults of the San Andreas Fault system offset the lower crust and crust/
mantle boundary (Henstock, Levander, andHole, 1997; Parsons, 1998). Geodetic data in California
also show that deep shear zonesmust extend2–3 times the seismogenic thicknessbeneath the San
Andreas Fault (Gilbert, Scholz, and Beavan, 1994). Mechanically, a fault must be considered
together with its deep ductile shear zone, as a feature extending through the crust.

Ductile fault rocks

The suite of rocks that are formed in ductile shear zones was first identified by (Lapworth,
1885), who coined the term mylonite to describe certain types of rocks associated with the
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Moine thrust of northwestern Scotland. Although the term literally means milled rock, the type
of rock to which Lapworth applied it is now recognized as a product of plastic deformation.
From Lapworth’s day to the present, a great deal of confusion has arisen over both a genetic
understanding of fault rocks and the terminology used to describe them, not the least of which
is caused by their great variety. It is possible, for example, to view Lapworth’s “type” mylonite
(flinty and finely laminated, with a single foliation and lineation) at the Stack of Glencoul on the
Moine thrust then walk in an up-dip direction for several hours to Knocken Crag, where one
finds the fault filled with an unfoliated finely pulverized rock flour without a trace of
recrystallization.

The confusion over the genesis of such rocks has a rich history. Christie (1960), alsoworking
with the Scottish Highland rocks, was the first to recognize the importance of recrystallization
in addition to cataclasis in forming these rocks and summarized the debate up to that time. It
was not until later, however, that it was shown that the grain-size reduction typical of mylo-
nites could be produced entirely by plastic flow, rather than by brittle comminution (Bell and
Etheridge, 1973). Although fault rocks must form a continuous series for a given starting
material (protolith), arguments over their subdivision and the preferred nomenclature continue
to the present.

Rocks that occur within fault zones provide primary evidence for the processes that
occur there. Because faults pass entirely through the schizosphere and, as ductile shear
zones, much of the plastosphere as well, there is a broad suite of deformation mechanisms
recorded in their fabrics, resulting in a rich variety of rocks. Furthermore, many such rocks
may have been subject to multiple periods of deformation, often under different condi-
tions. In studying fault rocks from deeper levels one must rely on the examination of
ancient faults that have been uplifted and exposed, and if fault movement continued
throughout that process there will be exposed in the fault zone a variety of fault rocks
formed under different conditions (e.g. Behr and Platt, 2011). Later structures and rock
types may obliterate earlier ones, and rocks formed during rapid seismic shear may be
geologically ephemeral. The task of reconstructing the deformation mechanisms and struc-
tural history of fault zones at different structural levels is difficult and only a simplified
account is possible at present. Sibson (1977) discussed the various types of fault rocks and
deformation mechanisms associated with them. His textural classification, with amend-
ments, is given in Table 3.1, and photomicrographs of some representative types are shown
in Figure 3.38. An excellent photographic atlas of such rocks is presented by Snoke, Tullis,
and Todd (1998).

The main textural divisions are between random fabric and foliated types, and
between cohesive and incohesive rocks. Subdivisions within the incohesive types are
based on grain size, from breccia to gouge. The cohesive types are divided based on
the tectonic reduction of grain size from that of the host rock and the fraction of fine-
grained matrix relative to lithic fragments and residual, coarse crystals. The latter, in the
mylonite series, are referred to as porphyroclasts. They are distinct from porphyroblasts,
which occur in blastomylonites and have experienced growth during or after plastic
deformation.

In Table 3.1, foliated gouge has been added to Sibson’s original list, because it occurs in
nature and can be produced in the laboratory (Chester, Friedman, and Logan, 1985). One
excellent exposure of this kind of rock known to the author is in the Linville Falls fault in the
Grandfather Mountain (North Carolina) window of the Blue Ridge thrust. There the fault is
marked by 1 m of fine quartzo-feldspathic sand, which though very friable, shows tabular
splitting and amylonitic foliation and lineation (a photomicrograph of a similar, nearby rock is
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shown in Figure 3.38(a)). In the Linville Falls locality also one can see a weak mylonitic foliation
in the wall rock (a granite gneiss) within a meter of the gouge zone.

Sibson classified the mechanisms that produce fault rocks into two main types, “elastico-
frictional,” in which the micromechanism is primarily brittle fracture, and “quasi-plastic,” in
which the mechanism involves some degree of crystalline plasticity. In the latter category he
included the various solution- and diffusion-aided processes. The elastico-frictional pro-
cesses include brittle fracture of the host rock, frictional (abrasive) wear, and cataclastic

Table 3.1. Textural classification of fault rocks
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deformation of the gouge or breccia. In this context, the term cataclastic flow refers to the
deformation of a granular aggregate involving grain rolling, frictional sliding at grain bound-
aries, and comminution by brittle fracture, rather than its more general usage for semibrittle
behavior noted in Section 1.4. The quasi-plastic processes include the various types of dis-
location creep with associated syntectonic recrystallization, pressure solution processes, and,
in certain cases, superplasticity (see Sibson, 1986b; see also Section 1.4).

Sibson attributed the formation of the incohesive rocks and the cataclasite series to the
elastico-frictional processes and the mylonite series to quasi-plastic ones. In general it
might be expected that, with increasing depth (hence increasing pressure and temperature),
the rocks encountered in a fault zone will follow some path from upper left to lower right in
Table 3.1. However, transitions within a given series do not necessarily reflect different
ambient temperature and pressure conditions. Sibson (1977) noted that as strain increases
toward the center of a shear zone one may find a transition from protomylonite to mylonite
to ultramylonite. Even for near-surface cases, where the strain profile is highly discontin-
uous, one often sees a transition frombrecciated rock to gouge to foliated gouge (Chester and
Logan, 1986; Chester, Biegel and Evans, 1993). Increasing strain may effect a transition from
the unfoliated types to the foliated types for both the cohesive and incohesive rocks. A
progressive reduction of grain size by cataclastic or plastic flow may also enhance the
solution- and diffusion-aided processes, because they are grain-size dependent (Mitra,
1984).

Beyond the general association of the cataclasites with the schizosphere and mylonites
with the plastosphere, one cannot estimate unequivocally the depth of formation of
these rocks based solely on textural evidence. Nonetheless, it is clear that such a progression
exists. Simpson (1985), for example, studiedmylonites formed from a granitic protolith over
a range of conditions from lower greenschist to amphibolite metamorphic grade (approxi-
mately 300–450°C; see Section 1.3). The sequence of rocks is shown in Figure 3.38(b)–(d).
Lower-greenschist mylonites were typified by plastic deformation of quartz, brittle fracture
of feldspar, and kinking of biotite. By themid- to upper-greenschist grade, recrystallization
of quartz, biotite, and orthoclase was evident, but there was only minor low-temperature
plasticity in the plagioclase. In the amphibolite grade and above, recovery and recrystalliza-
tion could be seen in all minerals. This sequence thus spans the brittle–plastic transition,
with the greenschist grade boundaries defining the limits of the semibrittle field, much in
the way described in Section 1.3. Using Sibson’s textural classification it is only possible to
say that the mylonitic series lies within the semibrittle field and the blastomylonites within
the plastic field. The transition between them is at approximately the greenschist–amphi-
bolite boundary (~450°C).

Sibson (1977; 1986b) has also tried to differentiate those types of fault rocks generated by
rapid seismic slip from those produced during slow deformation during other parts of the
seismic cycle. Prominent among the former are pseudotachylytes. These are very fine-
grained, usually dark rocks, often containing various amounts of lithic fragments, and
usually found at fault zones. Based primarily on veining relationships, Sibson (1975) argued
that they are the result of frictional melting during seismic slip. Although they can some-
times contain glass, they are usually devitrified so that their origin must be inferred from
veining relationships, texture, and flow structures (Maddock, 1983). Sibson and Toy (2006)
calculated that adiabatic heating would produce sheets of friction melt with thicknesses of a
few mms to a few cms for each meter of seismic slip. Observations clearly show that pseu-
dotachylytes are much too scarce to lend credence to this mechanism. Sibson and Toy also
reported that pseudotachylytes tend to be limited to one-time ruptures on bare surfaces of
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intact crystalline rock. Pseudotachylytes were found at the base of a large prehistoric land-
slide in the Austrian Tyrol (Erismann et al., 1977). In this case the total potential energy drop
was known, so the energy balance could be solved. This analysis indicated that the amount of
friction melt formed was several orders of magnitude too small to be produced by adiabatic
heating. Erismann et al. hypothesized that rapid internal motion of cataclasite particles
convectively dispersed the frictional heat so that local temperatures very seldom reached
the melting point of the clasts. This mechanism has been demonstrated experimentally by
Einav et al. (2018), who showed that transient granular vortices form in high-velocity shear of
granular materials, thus convectively transporting heat such that the temperature-induced
weakening mechanisms discussed in Section 2.2.5, including melting, would be prevented.
On bare surfaces of intact rock, with little or no cataclasite present, this mechanism would
not occur and pseudotachylytes can form, such as in the gneisses of the Outer Hebrides
(Sibson, 1975) and the tonalities of the Italian Alps (Di Toro and Pennacchioni, 2005). In these

Fig. 3.38. Photomicrographs of fault rocks, all formed from a granitic protolith. (a)
Foliated cataclasite in Striped Rock granite, in the Blue Ridge thrust below the Fries
thrust zone, Independence, Va. Field of view (FOV) 3.3 mm, plane light. Clasts of
quartz, feldspar, and lithic fragments in a fine-grained foliated matrix of phyllosili-
cates. (b) Granitic mylonite from the semibrittle field (upper-greenschist grade).
Fractured microcline surrounded by plastically deforming mica and quartz ribbons.
FOV 3.3 mm, crossed nicols. Borrego Springs shear zone section of the Peninsular
Ranges Mylonite Zone, southern California. (c) Granitic mylonite from the fully plastic
field (amphibolite grade). Dynamic recrystallization of Kspar with well-developed
quartz ribbons. FOV 3.3 mm, crossed nicols. Same locality as (b). (d) Hand specimen
of an S-C mylonite, lower amphibolite facies. From the Santa Rosa mylonite zone,
Eastern Peninsular Ranges Mylonite Zone, southern California. (Photographs by Carol
Simpson.)
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cases the pseudotachylyte veins typically show the scaling relation T∝ √D (Di Toro et al.,
2005; Sibson, 1975). From this scaling those authors showed that the shear stress acting on
the sliding surface, τf, must have decreased with displacement according to τf ∝ (√D)−1. This
is similar to the thermal weakening effect observed in the initial parts of high-speed friction
experiments (Section 2.2.5 and Fig. 4.14a).

Evidence of high temperatures produced within fault zones from coseismic slip can be
obtained from “biomarkers,” organicmaterials within the fault gouge thatmay record transient
high temperatures (Savage et al., 2014).Other structures result from rapid changes in pore
pressure induced by seismic slip, such as gouge-filled clastic dikes (Gretener, 1977). Sibson
(1986a, 1987) has identified “implosion breccias” which he inferred to have resulted from
sudden coseismic reductions of pore pressure.

Ductile fabrics and surfaces

Mylonitic rocks are characterized by an anastomosing shape fabric with a single lineation and
foliation. This forms the fluxion structure first described by Lapworth (1885). In addition, there
are a number of typical nonpenetrative structural elements of shear zones, all of which have a
distinctive geometrical relationship with the shear zone itself (Figure 3.39). Two nomenclatures
are used for these fabric elements. One was originated by Berthe, Choukroune, and Jegouzo
(1979), and the other, based on similar structures produced in the laboratory, by Logan et al.
(1992), following the terminology of Riedel (1929). Where they overlap, we use the latter,
indicating the former in brackets.

The primary foliation, referred to as the P [S] foliation, is found at any angle of 135–180°
from the shear zone. It is identified with the plane of maximum flattening in the finite strain
ellipsoid. In the simple shear case it forms initially at 135° andwith progressive finite shearmay
be rotated to near parallelism with the shear zone. The lineation lies in the P plane in the
direction of shear. Secondary Riedel shears are often seen in the R1 orientation, with the same
sense of shear as the zone itself, and antithetic shears, usually less well developed, can some-
times be found in the R2 orientation. The amount of slip on such planes is necessarily quite
limited by their geometry and confinement within the shear zone, but discrete slip surfaces,
with the same sense of shear as that of the overall shear zone, may also occur parallel to the
shear zone. In this way, they are not limited in the amount of slip that can take place on them.
These are referred to as Y [C] surfaces, and mylonites in which this fabric element is well

Fig. 3.39. Schematic diagram of a shear zone, showing the geometrical relationships of
the main structural elements and the orientations of the principal stresses with the
shear zone.
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developed are called S-C mylonites (Figure 3.38(d)). Many of these fabric elements can be seen
in the rocks shown in Figure 3.38, and in simulated gouges deformed in the laboratory.

The orientation of these features is thus consistent with a simple shear condition of the
fault, but the question then arises as to how this condition comes about. The answer was given
by Byerlee and Savage (1992), who showed that for a fault which contains a layer of material
which deforms by Coulomb plasticity, which could be either a granular layer or a layer of
plastically deforming rock, the maximum compressive stress within the layer will rotate to an
angle of 45° to the fault plane. Hence, the Riedel shears will now be the conjugate Coulomb
failure surfaces for that stress configuration, as given by Equation (1.35), and the starting
orientation of P is normal to the σ1 direction. Thus, the stress orientation in the interior of
the fault differs from the external applied stress directions, as shown in Figure 3.39. A further
consequence of this result is that the apparent coefficient of friction for the fault then becomes
μa = sin (tan−1 μ) (Lockner and Byerlee, 1993). The fault will thus be somewhat weaker than
expected. For example, if μ = 0.85, then μa = 0.70.

These fabrics thus reflect the geometry of the strain field in the shear zone and are not
diagnostic of a particular deformation mechanism. The P foliation, for example, may result
from the preferred orientation of platy minerals due to mechanical rotation, particularly in
clay-rich gouges (Rutter et al., 1986), whereas in high-grademylonites it results frompreferred
crystallographic orientation due to plastic deformation and recrystallization (Simpson and
Schmid, 1983; Lister and Williams, 1979). Similarly, the Y surfaces may be zones of concen-
trated slip in unconsolidated gouge (Chester and Logan, 1986), or thin zones marked by
recrystallized, finer-grain-size material in high-grade mylonites (Simpson and Schmid, 1983;
Lister and Snoke, 1984). Riedel shears were originally defined for brittle deformation with
which they are usually associated, but in ductile deformation a foliation or cleavage, called C0,
is sometimes developed in the R1 orientation.

Tensile fracture (gash) (T) arrays are also common. Initially, they form normal to the least
principal (interior) stress direction. Subsequently, they are rotated by finite strain into sigmoi-
dal shapes. These are noticed most often in low- and medium-grade metamorphic terranes,
where vein-filling material makes them prominent. They often occur early in the history of the
shear zone, and arrays of tension gashes can be seen to mark incipient shear-zone formation
(Knipe and White, 1979). Examples are shown in Figures 3.7 and 3.40. In Figure 3.40 a reverse
fault has formed a tensile gash array at its Mode III edge and then propagated through it,
deforming them into sigmoids.

The presence of such extension fractures in shear zones is sometimes taken to mean that
anomalously high fluid pressures were present, and that such fractures were formed by
hydraulic fracturing (e.g. Reynolds and Lister, 1987). However, this need not be the case for
arrays of tension gashes formed within the zone of strain localization associated with a shear
zone, because the local stress field there may deviate considerably from the ambient stress and
the tension crack arrays may form in a zone of stress concentration similar to their formation
along the edges of shear cracks (Sections 1.2.2 and 3.2.1). Thus, in cases such as that shown in
Figure 3.40, where veining is localized to tension gash arrays in incipient shear zones, an
argument that pore pressure exceeds one of the principal stresses in the surrounding rock is
unfounded.

As shear zones are sites of strain localization, strain increases toward the center of the zone.
The strain profilemay be either continuous or discontinuous. Schematic examples are shown in
Figure 3.41. If the strain is continuous (Figure 3.41(a)), the P foliation is deformed into a
sigmoidal form, from which the strain profile may be measured (Ramsay and Graham, 1970).
An example is shown in Figure 3.42. The limits of strain measurement are met in cases of
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Fig. 3.40. A tension gash array formed at the Mode III edge of a reverse fault and
subsequently ruptured through and offset by the fault. The fault is in gabbroic gneiss
of the Hudson Highlands, New York. (Photo by Bill Menke.)

Fig. 3.41. Schematic sketches and strain profiles for three types of shear zones: (a)
continuous; (b) discontinuous (S–C mylonite); (c) highly discontinuous (brittle).
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extreme strain, where the P foliation approaches parallelism with the shear zone. When Y
surfaces are present (Figure 3.41(b)), in the case of S–C mylonites, which may sometimes
develop progressively with shear (Simpson, 1984), strain is discontinuous. The total
strain across the shear zone can no longer be estimated without the use of offset markers.
The discontinuity of shear is most pronounced in the case of purely brittle faulting
(Figure 3.41(c)). The presence of discrete frictional offsets renders the usual concept of
strain meaningless, but one can still discern an increase in the intensity of deformation by
the increase of microfracturing as the center of the fault zone is approached. Another
principal characteristic of shear zones, both brittle and ductile, are lenticular-shaped
masses of almost undeformed rock, which may occur on scales ranging from kilometers to
millimeters. The long axis of the lenticels lies roughly parallel to the slip direction. The

(a)

(b)

Fig. 3.42. Two brittle to ductile shear zones formed 30° to a preexisting mylonitic
foliation and between which the foliation forms a sigmoidal pattern: Whipple
Mountains, California–Arizona border region. (From Behr and Platt, 2011.)
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actively deforming finer mass, whether it be gouge zones on the map scale or the mylonitic
matrix on the microscale, appears to flow around them in an anastomosing pattern. On the
grain scale, these are called porphyroclasts, and they are usually composed of the materials
most resistive to deformation, typically feldspars in quartzo-feldspathic rocks. In mylo-
nites, porphyroclasts form asymmetric augen structures, often with trails of finer-grained
recrystallized material indicating rotation, which may be used to infer the sense of shear
(Simpson and Schmid, 1983).

Shear zone formation

Shear zones form as the result of an instability in plastic flow in which strain localizes
when it becomes easier to deform an already deformed zone than to initiate deformation
elsewhere (Poirier, 1980). There are a variety of ways by which such strain-induced
weakening can come about (Poirier, 1980; Rutter, 1999). Geometric softening occurs
when a slip system or deformable fabric element rotates with finite strain into a more
favorable orientation for deformation. Structural softening occurs when the structure of
the material becomes weaker through strain, such as by the development of a crystal-
lographic preferred orientation or, in a two-phase system, a rearrangement of the phases
so as to facilitate deformation. Strain softening, sensu stricto, occurs when the flow law
has a negative strain exponent, such as occurs by flow-induced grain-size reduction (Platt
and Behr, 2011; Walker et al., 1990). There is also reaction softening, when the products of
metamorphic reactions are weaker than the host assemblage, and thermal weakening
driven by shear heating.

Consider the stages of deformation of a granitic protolith such as is illustrated in
Figure 3.38. The two major phases are quartz and feldspar; the quartz being less plentiful
and more ductile and weaker than the feldspar. These phases play roles analogous to those of
the cement and the aggregate in concrete. The stronger phase, the aggregate, which amounts to
60–75% per volume, determines the strength of the concrete, the much weaker cement serving
only to hold together themixture. That is also the casewith granite, as long as it has an isotropic
igneous fabric. However, when granite is sheared, it develops a mylonitic fabric in which the
phases separate into layers, in which the more ductile minerals, the quartz and mica, become
segregated from the stronger feldspars. In that case the strength for shearing parallel to the
layers is determined by the weaker phase, the quartz.

This foliation first develops in the P (S) plane, which with finite strain rotates into a more
acute angle with the shear direction (Figures 3.41(a), 3.42). With this rotation there is both an
increase in the development of the foliation and a greater resolved shear stress parallel to it,
both of which have the effect of weakening the structure. This combination of geometric and
structural softening is called fabric softening (Rutter, 1999). With continued strain, Y (C)
surfaces develop, as in Figure 3.38(d), which allow increased strain to occur at the same stress,
thus causing an effective softening. Simultaneously, dynamic recrystallization will result in
further softening through the development of a crystallographic preferred orientation and
grain-size reduction.

Although shear zone rocks are markedly weaker than the surrounding host rocks, that is
true only for shearing in the plane of the shear zone and in the direction of shear that formed
them. This distinction needs to be made when considering postseismic relaxation mechanisms
(taken up in Section 5.2.3). Afterslip in deep shear zones is governed by a much lower viscosity
than is bulk viscoelastic relaxation of the lower crust. This is why afterslip usually dominates
the postseismic deformation of the lower crust.
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The brittle–plastic transition region

Within the brittle–plastic transition regime, pseudotachylytes can be observed to penetrate
into mylonites (Camacho et al., 1995; Hobbs, 1986; Lin et al., 2005; Passchier, 1984; Sibson,
1980a). As an example, Lin et al. (2005) describe pseudotachylytes in the Woodroffe thrust,
Australia, a 1.5 km thick mylonitized shear zone separating granulite facies from amphi-
bolite facies gneisses. The shear zone, exposed at a depth of 25–30 km, contains large
volumes of mm to cm scale pseudotachylyte veins. They are of two types: cataclasite-
related, similar to those described by Di Toro and Pennacchioni (2005), and mylonite-
related. The mylonite-related veins penetrate into mylonites and ultramylonites and are
themselves overprinted by subsequent mylonitization, with foliation parallel to that of the
mylonites.

This behavior can be explained in terms of the Aharonov–Scholz friction law in the vicinity
of the brittle–plastic transition (Section 2.4). A diagram of the friction versus sliding velocity for
a fault at some distance below the friction–plastic transition is sketched in Figure 3.43. There
are three regimes: (1) at low sliding rate where plastic shearing occurs, (2) at intermediate rates
in which the behavior is frictional, and (3) at high velocity where melting occurs. During the
interseismic period a fault at a depth below the friction–plastic transition will be in regime (1),
formingmylonites. A large earthquake nucleated above the friction–plastic transition (FPT) will
penetrate to depth by increasing the slip rate there so that the fault accelerates through the
frictional stage (2) to the melting stage (3), producing a pseudotachylyte intercolated with the
mylonites. It then returns to regime (1) and the cycle continues. The fault’s brief transit through
regime (2) during coseismic slip can result in the precursory cataclasites associated with many
of the pseudotachylytes.

3.4 STRENGTH AND RHEOLOGY OF FAULTS

More than 50 years ago, when developments in seismology allowed the accurate determination
of earthquake depths, it was discovered that most earthquakes were of shallow origin. It was
recognized then that this reflects the different rheological properties of the schizosphere and

Fig. 3.43. A sketch of steady-state friction versus sliding velocity, after Figure 2.35. A
fault below the friction–plastic transitionwill be in the regime of plastic flowduring the
interseismic period (1). A large earthquake that nucleates above the FPT can propagate
downward and increase the slip rate there, bringing it into the frictional regime (2).
This regime will foster unstable slip that will accelerate it up to coseismic velocities,
which will produce melting (3). (From Aharonov and Scholz, 2018b.)
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plastosphere. Macelwane (1936), in an address on progress on the geologico-seismological
frontier, stated the current understanding and a salient problem succinctly:

Geologists have been accustomed to speak of the zone of fracture near the surface of the
earth and of the underlying zone of flow. Now it has been found that the depth of first
yielding in most destructive earthquakes is not, as might be expected, near the top of the
zone of fracture but is at or somewhat below its base. The normal depth of focus of
earthquakes or depth of first significant radiation of earthquake waves seems to be
between ten and fifteen kilometers. (italics in the original)

These ideas and observations have not much changed to date. Only recently, however, can
more definitive statements be made concerning the zones of fracture and of flow, and the
question brought out by Macelwane regarding the initiation depth of earthquakes can be
understood also. From an understanding of the fracture and friction of rock, geological obser-
vations of faults, and relevant seismological observations, it is now possible to assemble a
reasonably detailed picture of the rheology and strength of faults in the schizosphere andmuch
of the plastosphere.

3.4.1 A synoptic shear zone model

A synoptic model of a continental shear zone shown in Figure 3.44 embodies many of the
concepts and observations of friction and faulting that have been discussed so far. This
particular example uses a temperature gradient based on a heat-flow model for the region of
the San Andreas Fault (Lachenbruch and Sass, 1980, model B), so the depths indicated on the
left of the figure are specific to thatmodel. Thismodel is for a quartzo-feldspathic crust, so the
important fiducial points are 300°C, marking the onset of quartz plasticity and hence the
brittle–semibrittle transition, and 450°C, marking the onset of feldspar plasticity and the
semibrittle–plastic transition. The first of these transitions is denoted T1 and the second T2.
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Fig. 3.44. Synoptic model of a continental shear zone. See the text for explanation.
(Modified from Scholz, 1988b.)
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If there is no change in the protolith, Equation (2.23) indicates that the fault thickness
should increase with depth, as drawn. However, because the protolith strength increases with
pressure, the thickness of the cataclasite layer may instead decrease with depth. Observations
of a vertical tabular low-velocity zone in the fault of the 1992 Landers earthquake, which most
likely represents the cataclasite zone, show that it thins from about 300 m width near the
surface to 100–150 m at a depth of 8 km (Li et al., 2000). At T1 there is a change in fault rocks
from cataclasites to mylonites and in wear mechanisms from abrasion to adhesion. At Τ1, the
cataclasite zone is shown as narrowing, because the wear coefficient for adhesive wear is
usually much smaller than that for abrasive wear (Rabinowicz, 1965), and then it widens
again, as the rock weakens with increased temperature (Platt and Behr, 2011). The asymmetric
hourglass shape of the fault zone shown is highly idealized, and only applies, at best, to a pure
strike-slip fault in rock of uniform properties.

The seismic properties of the fault are described with the rate variable A − B = (a-b)σn from
Equation (2.30). The fault is velocity-weakening and hence unstable where this variable is
negative, and velocity-strengthening and stable where it is positive. The model used is the
same as that shown in Figure 2.31, except near the surface, where (a-b) is assumed to become
positive, resulting in an upper stability transition T4. The presence of this upper transition was
first proposed by Scholz, Wyss, and Smith (1969) and is based on the observation that there are
both upper and lower seismicity cutoffs on well-developed faults (Figure 3.45). The upper
transition is most likely due to the presence of unconsolidated and phyllosilicate-rich gouge
in the fault zone at shallow depth –material that is generally found to be velocity strengthening
(Section 2.3.4). The observation of an upper cutoff in seismicity at about 2–4 km seems to be
limited to well-developed fault zones where a thick gouge layer is likely to be present (Marone
and Scholz, 1988). In regions where there are no well-developed faults, such as the central
Adirondacks of New York (Blue Mountain Lake), Miramichi, New Brunswick, and Meckering,
Australia, earthquakes occur up to very shallow depths (Figure 3.45). In contrast, in the Imperial
Valley, California, earthquakes occur only deeper than 5 km, below an unusually thick sequence
of unconsolidated sediments (Doser and Kanamori, 1986).

The lower stability transition occurs atT1, so that the seismogenic layer, which is the zone in
which earthquakes can nucleate, is bounded by T1 and T4. In this model, then, the base of the
seismogenic layer is marked by the 300°C isotherm and the first appearance of mylonites, in
agreement with the model of the friction–plastic transition shown in Figure 2.39 and in the
right-hand panel. Though T1 and T4 delimit the region in which earthquakes can nucleate, they
do not bound the region in which they can propagate. Clearly, a large earthquake that ruptures
the entire seismogenic zone can propagate dynamically through T4 and breach the surface.
Similarly, the depth to which that earthquake may propagate is not limited by T1, but the
earthquake will propagate to some greater depth T3 as shown in the models of Das (1982)
and Tse and Rice (1986), and as indicated by the observations of pseudotachylytes injected into
mylonites (Section 3.3.2). But the hypocenters of the aftershocks of that earthquake will be
limited byT1, so theywill not define the bottomof the rupture zone of themainshock (Jiang and
Lapusta, 2017).

We may now address the other question posed by Macelwane: Why do large earthquakes
typically nucleate near the base of the seismogenic zone, and not from near the top? Sibson
(1982) pointed out that the base of the schizosphere is the region of highest shear strain energy
and so is the most likely origin of large earthquakes. This qualitative idea has been filled out in
two ways. In their quasi-static frictional model of a fault zone, Tse and Rice (1986) (see also
Section 5.2.2) found that nucleation is most likely where A – B is minimum. In their model this
occurs in the lower part of the seismogenic zone. A different point wasmade by Das and Scholz
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(1983), who, using a dynamic model in which strength and stress-drop increase with depth,
found that ruptures that initiate in the shallow, low-stress environment are prevented from
propagating into the deeper, high-strength regions. Only ruptures that initiate in the deep
high-stress region are capable of propagating through the entire schizosphere.

This fault zone model is limited to a quartzo-feldspathic crust, and the depth scale is, of
course, dependent on the assumed thermal gradient. The results can be generalized, though
withmany fewer constraints, to two other principal seismotectonic terranes: subduction zones
and faults in oceanic lithosphere. These cases will be taken up in Sections 6.3.4 and 6.4.

3.4.2 Fault strength and stability

There is a long tradition in seismology that the stress drop in an earthquake (1–10 MPa)
completely relaxes the ambient shear stress and hence is a measure of the absolute value of
stress in the schizosphere. This dates from Tsuboi (1933; 1956), who identified the “ultimate
strain” of Earth with a geodetically measured coseismic strain drop. A more recent example is
the identification of the strength of Earth’s crust with earthquake stress drops by Chinnery
(1964). With the advent of the stick-slip theory of earthquakes this position became untenable,
but there is still a long-running dispute as to the absolute level of stress necessary to cause
faults to slip. Are faults weak, supporting shear stresses only of the level of earthquake stress
drops (~1–10 MPa), or are they strong, supporting stresses (~100 MPa) expected from typical
laboratory friction coefficient values in the range of 0.6–0.7? There is also an issue regarding the
stability of faults. It has long been known that some faults slip only in large earthquakes
whereas others move continuously by aseismic creep. What controls this behavior and which
of these faulting styles predominate?

Strength of the continental crust

The primary evidence for the strength of the continental crust is presented in Figure 3.46.
Figure 3.46(a) is a compilation of stress measurements made in deep boreholes in strike-slip
and normal faulting regimes (Townend and Zoback, 2000; Zoback and Townend, 2001). These
borehole studies also found that the fluid pressures were in all cases hydrostatic. The dashed
lines indicate the stresses required to initiate frictional sliding on optimally oriented faults with
the friction coefficients indicated. The calculations assume hydrostatic fluid pressure condi-
tions and a crustal density of 2,800 kg m−3. Figure 3.46(b) shows stress estimates made below
the friction–plastic transition in a region of extensional tectonics. Data is from paleo-piezo-
metry of quartz fabrics from the Whipple Mountains, California and Arizona (Behr and Platt,
2011). The line at the top is the failure profile for a normal fault with friction coefficient 0.85
and hydrostatic fluid pressure conditions.

Taken together, these observations provide a remarkable confirmation of the classical
models of crustal strength (Figure 2.37) (Brace and Kohlstedt, 1980; Goetze and Evans, 1979).
The straightforward interpretation is that stress in the continental crust is governed by ubi-
quitous suitably oriented faults with Byerlee-level friction and hydrostatic pore pressure,
which serves as the definition of strong faults. This is the expected condition. The buildup in
stress in any area will be limited to the stress required to initiate faulting, after which it will be
governed by the frictional strength required to initiate continued slip on those faults. Because
the stress drop in earthquakes is small relative to the fault strength, the stress in the crust will
always be found within a narrow zone just below the strength of the fault. It is also generally
observed that faults are locked except when they rupture in large earthquakes. From these
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observationswe take it that a representativemodel of a fault is one that is strong and seismically
coupled.

In the following sections we shall look for exceptions to this representative model, and
attempt to determine the conditions that give rise to such behavior.

Weak faults

Spurred by the weak San Andreas Fault hypothesis, which will be discussed in due course, there
has been a great effort made to find and study weak faults. By weak, it is meant weak relative to
the representative model as defined above. There are two generally accepted ways in which
such weakness may be achieved. One is by the presence of fluid pressures well above the
hydrostatic level. As discussed with regard to overthrust faulting (Section 3.1.2), such over-
pressures are most likely to be encountered in sites of active sedimentation and deformation,
such as fold and thrust belts and the accretionary prisms of subduction zones. Hydrostatic
fluid pressures are observed to be ubiquitous in deep boreholes in the crystalline crust. This has
been explained by the presence of open fractures in regions of active faulting that result in a
crustal hydraulic diffusivity that is too high to support super-hydrostatic pressure gradients
(Barton et al., 1995; Townend and Zoback, 2000).

The other possibility is for faults to be lined with weak gouge material. The experimental
results of Sections 2.2.2 and 2.2.3 for phyllosilicate friction are summarized in Figure 3.47.
These data indicate three catagories of fault strength. Strong faults are those faults lined with
cataclasites composed of bulk-structure minerals, typified by the granite shown. Weak faults,

Fig. 3.46. (a) A compilation of stress data from deep boreholes. Dashed lines are critical
failure lines for slip on favorably oriented faults with friction coefficients as indicated.
(From Townend, 2006.) (b) Stresses estimated from quartz paleo-peizometers in an
extensional tectonic regime, Whipple Mountains, California–Arizona. The line at the
top is the friction line for a normal fault with µ = 0.85 and hydrostatic fluid pressure
conditions. (From Behr and Platt, 2011.)
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with a crustal average friction coefficient of 0.15, are limited to those faults lined with talc. The
weaker smectites, such as saponite, are also in the weak category, but since they are stable only
to 150°C, they apply to only the shallow parts of faults. A mid-strength class of faults, with
friction coefficients in the range 0.5 ≤ µ ≤ 0.65, are those lined with any of the other phyllo-
silicates. It can be argued, of course, that the experimental studies are conducted at sliding rates
much faster than geological rates, and that at geological rates other thermal-hydro-mechanical
process are likely to further weaken faults (e.g. Bos and Spiers, 2002; Holdsworth, 2004). Such
processes are particularly applicable to faults with cores dominated by clays or micas.

There is little geologic evidence for the widespread occurrence of faults containing low-
friction gouges (Imber et al., 2008), and the number of documented active weak faults is
very few. The prime examples are the creeping faults of the San Andreas system in
Northern California. Figure 3.48 shows creep rates for the entire onshore length of the
San Andreas Fault, as measured by InSAR and other means (Tong et al., 2013). Creep rates
are nil over most of the length. The well-known creeping section is that part between San
Juan Bautista to just north of Parkfield. In that region the fault acts as a free-sliding end-
pinned crack, reaching the full plate rate of 32 mmy−1 in the center of the section (Tse et al.,
1985). The other creeping faults segments are the southern Hayward fault and the section
of the Calaveras fault that connects it with the creeping section of the San Andreas Fault.
The creeping section of the San Andreas Fault slides stably throughout its seismogenic
depth range except for a frictionally unstable inlier near the southern end (Harris and

Fig. 3.47. Strength profiles for a strike-slip fault with a core composed of a variety of
fault zone materials. From Moore and Rymer (2007) with added data for muscovite
(Van Diggelen et al., 2010), illite (Den Hartog et al., 2012), and Ca-smectite (Kubo and
Katayama, 2015).
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Segall, 1987) that ruptures every 30 years or so in an M 6 Parkfield earthquake (Murray and
Langbein, 2006) and a possible deep locked patch near the center of the section (Maurer and
Johnson, 2014). The seismic coupling of the Hayward and southern Calaveras faults is more
complex, with localized locked patches scattered within an otherwise creeping fault
(Chaussard et al., 2015; Lienkaemper et al., 2014). These have produced earthquakes such
as the 1868 M 6.8 earthquake on the northern Hayward fault and the 1984 M 6.1 Morgan
Hill earthquake on the southern Calaveras fault. The creeping areas produce frequent
small-magnitude earthquakes that illuminate the faults on seismicity maps but contribute
only a few percent to the moment release rate (Amelung and King, 1997). They result from
small unstable patches embedded in the creeping fault that often result in repeating earth-
quakes (Nadeau et al., 1995) which can be used to estimate local creep rates (Nadeau and
McEvilly, 1999) (see Section 4.6.3).

The possibility that these creeping faults are very weak was indicated by the analyses of
earthquake focal mechanisms that found an inferred direction of maximum compression at a
very high angle, ~80°, to these faults (Provost andHouston, 2001; 2003; Zoback et al., 1987). It is
long known that these creeping faults have a close correspondence with serpentinite bodies of
the Coast Ranges ophiolite (Allen, 1968; Irwin and Barnes, 1975; Louderback, 1942; Watt et al.,
2014) and that the presence of serpentinite and its reaction products in the fault zone may
result in both the creeping behavior (Reinen et al., 1991) and the extreme weakness of these
faults (Moore and Rymer, 2007).

Both of these hypotheses were borne out by observations made at the SAFOD borehole that
transited the southern part of the creeping section of the SanAndreas Fault at a depth of 2.7 km.

Fig. 3.48.Creep rates for the entire on-land portion of the San Andreas Fault, from Point
Arena in the north to the USA–Mexico border in the south. Circles, with one sigma error
bars, InSAR (Tong et al., 2013); other data, AA, alignment array, cm, creepmeter, cult,
offsets of cultural features. The section from San Juan Bautista to Parkfield is the main
creeping section. The area from Indio south contains the surface creeping sections in
the Coachella and Imperial Valleys. (From Tong et al., 2013.)
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Near-fault stress orientations indicated aweak fault (Hickman andZoback, 2004). The borehole
transect showed that creep was occurring on several parallel fault strands sliding on thin gouge
zones of saponite, an Mg-smectite that is the weakest member of the smectite family. It has a
friction coefficient of ~0.15 and is velocity strengthening, thus explaining the weakness and
sliding stability of the fault (Carpenter et al., 2015; Lockner et al., 2011). Saponite is the low-
temperature product of the reaction of silica-rich hydrothermal fluidswith serpentinite, so this
provides the link to the local geological conditions that result in creeping faults. Although
saponite is not likely to be stable above 150°C, the high-temperature reaction phase of ser-
pentinite, talc, is likely to be present at greater depths and to result in a weak and creeping fault
throughout the seismogenic thickness (Moore et al., 2016).

The second example is the Alto-Tiberina fault, an actively slipping low-angle normal fault
that dips 15° to the northeast beneath Tuscany in Central Italy. GPS data indicate that it is
slipping at its full geologic rate of 1.7 mm/yr−1 over most of its surface (Anderlini et al., 2016;
Hreinsdottir and Bennett, 2009). It also has the seismic signature of a creeping fault – it
produces abundant small-magnitude earthquakes that delineate most of its surface
(Chiaraluce et al., 2007) and are anticorrelated with its locked patches (Anderlini et al., 2016).
The mere fact that it is moving is testament to its weakness – the cutoff friction for a normal
fault to be sliding on a fault dipping 15° is µ = 0.27, so its friction must be equal or less than
that.

TheAlto-Tiberina fault is a sister fault of the Zuccale Fault, a now inactive low-angle normal
fault exposed on Elba, just offshore of Tuscany. As discussed in Section 2.2.2, the Zuccale Fault
has a core of talc-rich mylonite with very low friction (Collettini et al., 2009a). In this case the
talc results from the reaction of silica-rich hydrothermal fluids with dolomite. The Alto-
Tiberina fault also underlies a dolomitic basin and so it is very likely that it, too, owes its
weakness to the presence of talc in the fault core (Collettini and Holdsworth, 2004). The Alto-
Tiberina fault is the only known active low-angle normal fault. As noted by Collettini et al.
(2009b), the role of talc in lubricating the fault can explain not only how low-angle normal faults
can be active, but also why they do not generate large earthquakes, as indicated by Figure 3.5.
However, this does not seem a complete solution to the low-angle normal fault problem, as
many do not contain phyllosilicates (Collettini, 2011).

Creeping faults

From the above observations, and because phyllosilicate gouges are frictionally stable over
most conditions (Section 2.3.4), creeping faults are good candidates as potentially weak faults.
Harris (2017) reviewed the occurrence of creeping faults, particularly those containing locked
segments that can produce large earthquakes. A compendium of such cases is given there.

There are relatively few documented cases of continental faults that creep throughout their
seismogenic thicknesses. An example of a strike-slip fault that does so is the Chaman fault of
Afghanistan and Pakistan, that creeps at its full rate of 9–12mm/yr−1 in a 125-km-long segment
(Barnhart, 2017; Fattahi and Amelung, 2016). That segment has had no earthquake >M 7 in
historic times, but is adjacent to a 95-km-long locked segment that was ruptured in full in an
earthquake of 1892. There is a 35-km-long segment of the Haiyuan fault, China, on a leg of a
pull-apart basin just west of the M 8 earthquake of 1920 that creeps at its full rate of 5 mm/yr−1

(Jolivet et al., 2013). The Philippine fault is also creeping in a central section (Duquesnoy et al.,
1994).

In none of these cases was a study made of what local variations in lithology or structure
might differentiate the creeping from the locked sections of the fault. This situation is
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somewhat improved in the case of the Longitudinal Valley fault in Taiwan. This is the eastern-
most thrust in Taiwan and is creeping over much of its surface at its long-term slip rate
(Thomas et al., 2014a; Thomas et al., 2014b). Figure 3.49 shows the interseismic coupling
coefficient distribution on the fault. This quantity is 1 when the fault is locked and 0 when it
is slipping at its long-term rate. Shown also are the locations of large earthquakes – their
locations correlate with the coupled areas. The coseismic slip of the 2003 MW 6.8 Chengkung
earthquake is contoured. Its largest slip is centered within a locked patch, but its slip also
intrudes into adjacent creeping areas (Bilham and Yu, 2000).

The areas of surface creep on the Longitudinal Valley fault correlate with the location of the
Lichi mélange, a collisional mélange containing clay-rich sediments and fragmented bodies of
serpentinized ophiolite. Within that material the fault core has a foliated anastomosing phyl-
losilicate structure. Adjacent areas where the thrust cuts forearc sediments and volcanoclastic
materials are not creeping at the surface.

There are undoubtedly more faults that can be inferred to be aseismic on geologic
grounds. For example, Faulkner et al. (2003) argued that the Carboneras fault, a major
strike-slip fault in southern Spain which cuts through a sequence of phyllitic metamorphic
rocks, was probably aseismic when it was active. Oohashi et al. (2012) point to the presence
of graphite in the fault gouge as leading to creep of the western part of the Atotsugawa fault
in Japan.

Fig. 3.49. Interseismic coupling of the Longitudinal
Valley fault, Taiwan. ISC is interseismic coupling
coefficient, 1 is fully locked, 0 is fully creeping
at the long-term rate. Stars indicate large earth-
quakes. Contours are coseismic slip of the MW 6.8
Chengkung earthquake of 2003. (From Thomas
et al., 2014a.)
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Shallow fault creep seems to be more common (e.g. Harris, 2017). In southern California,
most of the strike-slip faults in the Coachella and Imperial Valleys exhibit creep in the upper
few kms (Lindsey et al., 2014; Louie, 1985) (from Indio south in Figure 3.48). As noted earlier,
these valleys are filled with 4–5 km of poorly consolidated, clay-rich sediments, and the fault
creep seems to be limited to those layers. In some areas creep is continuous at a small fraction
of the long-term slip rate of the faults, but more often it is stimulated by large nearby earth-
quakes (Allen et al., 1972; Rymer et al., 2011). A section of the North Anatolian fault near
Ismetpasa in central Turkey creeps in its upper 5 km (Bilham et al., 2016; Cetin et al., 2014).
That section ruptured in the M 7.4 Bolu/Gerede earthquake of 1944, followed by postseismic
afterslip. The current slip rate in the surface layer, 6.1 mm/yr−1, is dominated by steady-state
slip and is much less than the full fault slip rate of 25 mm/yr−1 (Reilinger et al., 2006). The
creeping region cuts through scattered bodies of serpentinite (Cetin et al., 2014), and surface
sampling indicates that the creeping section is dominated by phyllosilicate gouge whereas the
surrounding locked segments have gouge formed from bulk-structure rocks (Kaduri et al.,
2017).

This survey, though obviously incomplete, suggests that our representative model of
strong, seismically coupled faults is the norm for the continents. Creeping faults (except for
surface layers) appear to be uncommon for the continents. This is almost the opposite case for
oceanic faults. As discussed in Section 6.4.2, Boettcher and Jordan (2004) concluded that the
average seismic coupling coefficient of oceanic transform faults is 0.15, implying that 85% of
their motion is aseismic. Subduction zones lie somewhere in between, having large areas that
are seismically decoupled where others are highly coupled (Scholz and Campos, 2012). The
distinct behavior of oceanic faults is probably a result of lithology – most oceanic transform
faults are probably coated with serpentinite (e.g. Detrick et al., 1993; Francis, 1981). The
stability of subduction zones, on the other hand, seems to be a matter of variations of local
plate tectonic forces rather than lithological differences (Scholz and Campos, 1995). Oceanic
faults and subduction zones are taken up in Sections 6.3 and 6.4.

The weak San Andreas Fault hypothesis

The argument that the San Andreas Fault is weak is based on two observations: the lack of a
heat-flow anomaly adjacent to the fault, and that the directions of maximum compression are
at a very high angle to the fault. These two arguments are often improperly conflated. The heat-
flow argument is relevant to the dynamic strength of the fault whereas the stress orientation
refers to the static strength. The arguments themselves are simple but the data are controver-
sial. A very brief synopsis follows.

The original argument for a weak static strength of the San Andreas Fault (Zoback et al.,
1987) was largely based on the high angle σ1 makes with the fault adjacent to the creeping
section, discussed earlier. It is now known that the creeping section is indeedweak, but that this
results from local geologic conditions not applicable to the rest of the fault. There is also a
section of fault that extends 100 km south of the creeping section that has also been cited in
making this conclusion. In this area there is a system of folds on the NE side of the fault that
have been rotated up to 35° clockwise so that they are now tightly compressed against the fault,
with their fold axes nearly fault parallel (Miller, 1998). The anticlines serve as traps for oil
deposits, and boreholes there have breakouts that indicate σ1 directions perpendicular to the
fold axes, and hence the fault (Mount and Suppe, 1987). These breakouts are likely to represent
folding stresses and hence have been rotatedwith the folds. They represent finite strains rather
than instantaneous strains related to current plate motion (Teyssier et al., 1995). Earthquake
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focal mechanism in the same area indicate σ1 at 45–55° to the fault (Hardebeck and Hauksson,
1999).

Elsewhere there is no evidence for σ1 at high angles to the fault. In southern California,
Hardebeck and Hauksson (1999) found that the maximum compression direction everywhere
rotated to a more acute angle as the fault is approached, to 40–50° within 10 km of the fault.
Borehole measurements also showed such rotations as the fault is approached, to 25–45° near
the fault (Castillo and Hickman, 2000). I pointed out that this sense of stress rotation indicated
that the shear stress on the fault must be of a magnitude comparable to all other stresses in the
system (Scholz, 2000), i.e. that the fault must be as strong as the surrounding crust.

Townend and Zoback (2004) rebinned the data of Hardebeck and Hauksson and found no
rotations but a σ1 at 64–68° to the San Andreas Fault, which does imply a weak fault, since the
cutoff angle for µ = 0.6 is 60°. Hardebeck and Michael (2004) re-evaluated the situation and
found there was little difference in the orientations inferred from the data, but the disagree-
ment was one of interpretation. They concluded that with the exception of the creeping
section, the orientation of σ1 is everywhere about 50–55° to the San Andreas Fault, both in
Northern and Southern California. This finding, they argued, rules out the weak-fault
hypothesis and is consistent with a strong fault that is not optimally oriented in the stress
field. It is also possible, they reasoned, to consider a model in which all faults are weak.
However, the Cajon Pass borehole stress measurements showed that at least one fault
adjacent to the San Andreas Fault, the Cleghorn fault, is strong (Scholz and Saucier, 1993;
Zoback and Healy, 1992).

It is well established that the San Andreas Fault is indeed misoriented, in a transpressional
sense, with plate motions over much of its length, moderately so in the Coast Ranges and
severely so in the Transverse Ranges (Page et al., 1998; Spotilla et al., 2007). The fault-normal
compressional component is responsible for most of the uplift of those ranges. It is naïve to
apply a simple Andersonian model to faulting under such circumstances: one should include
both the deep ductile shear zone and upper mantle in the mechanical analysis (Teyssier and
Tikoff, 1998). The near-fault elastic loading measured geodetically is pure shear parallel to the
local strike of the San Andreas Fault, which varies greatly with geographical position, rather
than in the direction of plate motion (Gilbert et al., 1994). The interseismic loading of the San
Andreas Fault is thus from shearing of its ductile shear zone that is everywhere parallel to the
local strike of the fault, as indicated by shear wave splitting data that indicates an anisotropic
layer beneath the San Andreas Fault with a fast direction that follows the strike of the fault
(Özalaybey and Savage, 1995).

The heat-flow argument is another matter. The lack of a conductive heat-flow anomaly
centered on the San Andreas Fault has been cited to say that the depth-averaged shear stress
on the fault cannot be higher than 20 MPa (Brune et al., 1969; Lachenbruch and Sass, 1980;
1988). This result has been called the San Andreas heat-flow paradox. However, the fact that
no heat-flow anomaly whatsoever is observed is curious, as Sherlock Holmes remarked
about the dog in the night-time, and suggests that something might be amiss in the thermal
conduction model that is conventionally used to interpret these data. Advection of water in
the crust adjacent to the San Andreas Fault has been proposed as an important mechanism
for the redistribution of heat and the obliteration of a local heat-flow anomaly. Arguments
for and against this contention have been made (Fulton et al., 2004; Popek and Saffer, 2011;
Saffer et al., 2003; Scholz, 2006; Scholz and Hanks, 2004). Readers are invited to make up
their own minds.

However, the argument may be turned right around. The observation from high-speed
friction experiments (Section 2.2.5) that dramatic weakening may occur for frictional sliding
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of rock at coseismic sliding velocities suggests that seismogenic faults may indeed have very
low dynamic strengths. If this is correct the lack of a heat-flow anomaly centered on the San
Andreas Fault is not a paradox. The paradox is that seismogenic faults appear to be both
statically strong and dynamically weak, and the size of earthquake stress drops is insufficient
to bridge the gap between these two states. However, as discussed in Section 4.3.1, observed
scaling laws for earthquake stress drops do not show evidence for such thermal weakening and
the observed scaling of fracture energy suggest that thermal weakening in earthquakes ismuch
milder than that found in the experiments of Section 2.2.5. As discussed in Section 3.3.2 with
regard to the scarcity of pseudotachylytes, thermal convection due to transient vortices in
cataclasites during seismic shear may prevent such thermal weakening from occurring (Einav
et al., 2018). In this case the San Andreas heat-flow paradox remains unsolved: this problem is
still far from a solution that satisfies all observational constraints.

3.5 FAULT MORPHOLOGY AND MECHANICAL EFFECTS OF HETEROGENEITY

3.5.1 Fault segmentation and maturity

In the earlier discussion of the brittle structure of faults, we only briefly mentioned that faults
are not continuous surfaces but are made up of a nested mesh of strands, or subfaults. The
subfaults have a fractal size distribution (Figure 3.25(b)) and large strike-slip faults, i.e. those
which have breached the schizosphere have a maximum subfault length ~W*, the seismogenic
thickness (Klinger, 2010). The fault is thus segmented into subfaults of various lengths, each of
which is offset from the adjacent one by a variable distance orthogonal to the mean fault plane.
These offsetsmay act as impediments to rupture propagation andhencemay control the size of
earthquakes propagating on the fault.

There is no well-established nomenclature to describe these segment boundary structures.
We introduce here a descriptive system that has had long use in dislocation mechanics (e.g.
Weertman and Weertman, 1964). It has the advantage of being simple, mechanically rational,
and not overly conflicting with existing geological terminology.

Define as the slip plane an idealized plane onwhich the slip vector lies, andwhichwe take as
the local or regional mean of the actual fault plane. Deviations of the fault from the slip plane
have two special cases. If the line of deviation of the fault from the slip plane is normal to the
slip vector it is called a jog, and if parallel, a step, as shown in Figure 3.50. Themechanical reason
for this classification is obvious: any movement of a jog will require volumetric strain, and that

Fig. 3.50. Schematic diagram
illustrating the definition of
jogs and steps.
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of a stepwill not (rupturewill always encounter a jog as aMode II crack, and a step inMode III). A
jog will thus seriously impede slip whereas the effect of a step will be less. As will be shown in
the observations, the effectiveness of horizontal offsets of faults in stopping earthquake
ruptures, which are jogs for strike-slip and steps for dip-slip faults, is much greater for jogs
than steps. Just as in the definitions of shear crackmodes, the jog and the step are special cases.
They will in general be joined by regions that deviate obliquely from the slip vector. To
recognize this, and that the slip vector is not always well defined in practice, we retain the
geological term stepover to refer to any deviation from the slip plane regardless of its orienta-
tion with respect to the slip vector. These definitions are not restricted to any fault type.
Deviations from the slip plane of a strike-slip fault will be seen as jogs in map view and as
steps if viewed in cross section. The opposite will be true of dip-slip faults. Jogs have a sign
depending on the sign of the volume strain they induce: compressional (−) or extensional (+). A
step is neutral and has no sign. To find a rule for determining the sign, consider a strike-slip
fault in map view. If the sign of the stepover (right or left) is the same as that of the fault (right
lateral or left lateral), then the jog is extensional; if opposite, then it is compressional. The same
rulewill hold for dip-slip faults except that then onemust use a vertical reference frame instead
of the customary horizontal one.

Jogs and steps may vary in size, as measured by their deviation from the slip plane (ds in
Figure 3.50) and in their abruptness, as measured by the angle θs theymake with the slip plane.
Depending on the values of ds andθs and the total slip that has accrued since its formation, jogs
may take on different forms. An offset jog is one in which there is no clear connection between
the fault strands. They may have overlap or underlap, so θs may be larger or smaller than 90°.
The other forms, bend jogs and duplex jogs, may correspond to progressive stages of devel-
opment as slip accumulates. These same forms apply also to steps, except that step duplexes
are not known to form.

We may now note the correspondence of this terminology with that used by others. In the
case of strike-slip faults, Sibson (1986c) restricted the term jog to what we call offset jog and
used the terms antidilatational and dilatational for compressional and extensional. Crowell
(1984) used restraining and releasing for the samemeanings in the case of fault-bend jogs. King
(1986) used the terms nonconservative and conservative barriers with the same meanings as
our jogs and steps. The terminology used here therefore melds these several usages into one
systematic treatment not restricted to a specific fault type. As noted in Section 3.2.3, faults
when mapped in detail are found to be composed of discontinuous strands on all scales. As an
example, in Figure 3.51 sections of the surface rupture trace of the strike-slip Dasht-e-Bayez
(Iran) earthquake are shown at four scales. Similar features may be recognized at the different
scales, and may also be recognized in small experimental models constructed of clay and
deformed in the laboratory (Tchalenko, 1970).

Similar structures may be seen on dip-slip faults if they are viewed in vertical section
(Woodcock and Fischer, 1986). The structure of thrust faults often has a very different
appearance, however. The slip plane of thrusts cutting sedimentary strata is often fairly
close to the orientation of bedding, which constitutes a plane of weakness that is frequently
taken preferentially as the fault plane. This produces a staircase structure of flats and
ramps in which the fault alternately follows bedding and then cuts obliquely across it.
The same strength anisotropy favors duplex formation by the propagation of fault-bend
folds, so these are much more pronounced on thrusts that cut sedimentary sections than
on other faults.

Structures similar to that found in jogs occur at fault terminations, except they are not
culminated by an intersection with another strand. Examples are horsetail fans (Figure 3.6) and
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their compressional equivalents. See Kim and Sanderson (2006) for a review of strike-slip fault
terminations. Faults in extensional jogs of strike-slip faults have a normal component, and in
compressional jogs, a thrust component. As a result, sedimentary basins may be produced in
extensional jogs if they are sufficiently developed, the most notable being pull-apart basins
(Aydin and Nur, 1982). Push-ups, blocks elevated by crustal shortening, are the equivalent
features of compressional jogs (see Figure 3.8).

Splays also occur near the intersection of faults with the free surface, owing to the stress-
free boundary condition there. Because of the asymmetry of thrusts at that intersection, these
are typically restricted to the hanging wall, forming imbricate fans. Similar structures in strike-
slip faults are more symmetrical and are called flower structures.

It was noted in Section 3.3.1 that the characteristic features of faults such as roughness and
the widths of fault cores and damage zones evolve to reach steady-states by the time they have
accumulated a fewhundredmeters to a kilometer of displacement. Segmentation structure also
evolves with slip, but much more slowly. Figure 3.52 shows a measure of fault complexity, the
sum of jog offsets normalized to fault length

P
ds

L , plotted versus. D for continental strike-slip
faults. This shows a gradual smoothing of faults with slip, as first pointed byWesnousky (1988).
This smoothing leads to the concept of fault maturity.

3.5.2 Effects of fault segmentation on earthquakes

Jogs and steps and bends present impediments to rupture, as long noted (King, 1986; King and
Nabelek, 1985; Sibson, 1985), themagnitude ofwhich depends upon their severity, asmeasured

Fig. 3.51. Map of the surface trace of the Dasht-e-Bayez earthquake, shown at four
scales. Scale bars are (a) 10 km, (b) 1 km, (c) 500 m, (d) 100 m. (From Tchalenko and
Berberian, 1975.)
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by ds and θs. Since these features exist on all scales, they will result in heterogeneity in dynamic
rupture at all scales and, in extreme cases, rupture termination.

Jogs, because they require for slip either major distortion of the fault plane or pervasive
inelastic deformation in the surrounding volume, are much the more serious impediments to
rupture. Examples of the deformation within jogs are shown in Figure 3.53. Steps, which in
normal faults form relay ramps, were discussed in Section 3.2.3.

In earthquake hazard analysis one attempts to estimate the probability of an earthquake of
a particular length occurring along some section of a fault. This involves evaluation of the
probability of dynamic rupture terminating at fault segment boundaries. This need has gener-
ated a considerable body ofwork onmodeling dynamic propagation of earthquakes past jogs in
strike-slip faults (e.g. Duan and Oglesby, 2005; 2006; Harris and Day, 1993; Harris and Day,
1999; Segall and Pollard, 1980). There has been related modeling of the effects of fault bends
and splay fault junctions on earthquake propagation (Bhat et al., 2004; Kame and Yamashita,
2003; Poliakov et al., 2002).

Wesnousky (2006) and Biasi and Wesnousky (2016) have attempted to quantify this beha-
vior. They found that 2/3 of terminations of large strike-slip earthquakes were either at a jog or
a fault tip, with ~45% being at jogs. The probability of an earthquake jumping past a jog
decreased with the jog offset – no earthquakes were observed to pass jogs of 5 km or larger
(see also Barka and Kadinsky-Cade, 1988, re. the North Anatolian fault). The coseismic slip
gradient adjacent to the jog also affects the probability of the rupture passing the jog, as shown
in Figure 3.54 (Elliott et al., 2009; Oglesby, 2008). This is the dynamic equivalent of the effect of
the fault tip taper discussed in regard to Figure 3.21.

On the other hand, Biasi andWesnousky found that steps (in dip-slip faults) weremuch less
effective than jogs in stopping ruptures (the distinction between jogs and steps being made
apparent here). For dip-slip faults they found that 62% of earthquake terminations were either
at a fault tip or a step, but only 22% at a step. Furthermore, earthquakes could jump steps up to

Fig. 3.52. Sum of jog offsets normalized by fault length plotted versus fault displace-
ment for a collection of continental strike-slip faults. (Data from Stirling et al., 1996.)
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12 km wide, compared to 5 km for jogs. The efficacy of fault bends in stopping ruptures is
qualitatively similar to that of jogs and steps, with the bend angleθs playing a similar role to the
offset ds of steps in impeding rupture (Biasi and Wesnousky, 2017).

These findings are based on limited observations, and should be considered no more than
rules of thumb. They may be violated, as in the case of the 2016Mw 7.8 Kaikoura earthquake in

Fig. 3.53. Structures in fault jogs: (a) extensional: a right-stepping jog in a right-lateral
strike-slip fault, Martha Mine, New Zealand (from Sibson, 1987); (b) compressional: a
left-stepping jog in the right-lateral Coyote Creek fault, Ocotillo Badlands, San Jacinto
fault zone, southern California. (After Sharp and Clark, 1972, with additions by
N. Brown.)
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New Zealand. That astonishingly complex earthquake ruptured at least 13 faults, jumping
across gaps as wide as 20 km (Hollingsworth et al., 2017; Kaiser et al., 2017).

The smoothing of the fault (Wesnousky, 1988; Stirling et al., 1996) and decrease in damage
zone width and hence EG (Perrin et al., 2018) with net slip are the primary factors involved in
fault maturation. These factors may result in differences in the earthquake properties on
faults of different maturities. Manighetti et al. (2007), for example, have classified faults into
three maturity groups based on their displacement and/or length and duration of activity
and/or slip rate. There is a correlation between fault slip rate and total slip (and hence length)
so these parameters are not independent. They find that earthquakes that occur on more
mature faults have smaller slips, encounter fewer barriers (jogs or steps), and tend to become
longer than earthquakes on less mature faults. These findings appear to reflect two effects:
the inverse dependence of stress drop on fault slip velocity, as discussed in reference to
Figure 4.13 (see also Anderson et al., 1996), and the fault smoothing shown in Figure 3.52 as
well as the decrease in EG.

The slip distribution produced by an individual earthquake measured at the surface is
usually found to be quite irregular (c.f. Manighetti et al., 2001). This observation is
reinforced by seismic measurements of the moment release distribution in earthquakes.
From this we conclude that the previously mentioned cases of the effects of fault irregu-
larity on rupture are extreme and fairly obvious cases of processes that must occur on
many scales, as might be expected from the observation that faults are topographically
rough on all scales.

Fig. 3.53. (cont.)
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We need to ask how persistent are these features. Because wear is a smoothing process one
might expect that these fault irregularities will be gradually removed with progressive slip and
that faults will evolve to some smooth, simple geometry (as shown in Figure 3.52). The fault
topography measurements of Figure 3.32, however, indicate that faults remain fractal over all
wavelengths, suggesting that there are roughening processes too, that maintain that irregular-
ity. Movement on cross faults, for example, could lead to the growth of jogs. For further
discussion of the effect of fault segmentation on earthquake ruptures, turn to Section 5.4.1.
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Fig. 3.54. Stepover (jogs) size plotted versus adjacent coseismic slip gradient. All but
one of the jogs was passed when the slip gradient was 20 cm/km or greater. (From
Elliott et al., 2009.)
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CHAPTER

FOUR

Mechanics of earthquakes

Friction of faults is often unstable, and slip occurs rapidly as a rupture dynamically propagates
over the fault surface. These sudden motions generate seismic waves, and this is the mechan-
ism of the most common and important type of earthquake. Seismicity is thus the short-
timescale phenomenon of brittle tectonics. In this chapter we discuss the dynamics of faulting
and review the most important attributes of earthquakes from the point of view of the rupture
process.

4.1 HISTORICAL DEVELOPMENT

Duringmost of human history, people’s notion of the origin of earthquakes lay within the realm
ofmythology. Several of the schools of ancient Greek philosophy considered earthquakes to be
natural phenomena, although their speculations on the matter relied heavily on imagination
and do not bear much relationship with modern theories (see Adams (1938) for an excellent
historical account of thinking on this topic from the Greeks up through the Renaissance). It was
not until the middle and latter part of the nineteenth century that instrumental measurements
began to be made and note taken of the geological associations of earthquakes. Lyell (1868)
considered earthquakes to be an important agent in Earth dynamism, and was aware of both
faulting and permanent changes in elevation brought about by them. Although Lyell carefully
described the faulting anddeformation produced in several earthquakes, like his contemporary
Mallet, Lyell believed that the immediate cause of earthquakes was thermal, either a conse-
quence of volcanic activity or thermal expansion or contraction.

The first clear connection between earthquakes and dynamic faulting and its relationship to
tectonic processes wasmade by G. K. Gilbert. He had seen the immediate aftereffects, including
the surface faulting, of the 1872 Owens Valley earthquake in California, and in his extensive
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mapping in theGreat Basin had also remarked on the fresh-appearing scarps that so often front
the mountain ranges there. He concluded that the elevations of the mountains were produced
by repeated sudden ruptures along these faults. Thus, he stated (Gilbert, 1884):

The upthrust produces a local strain in the crust, involving a certain amount of
compression and distortion, and this strain increases until it is sufficient to overcome the
starting friction along the fractured surface. Suddenly, and almost instantaneously, there is
an amount of motion sufficient to relieve the strain, and this is followed by a long period of
quiet, during which the strain is gradually reimposed. The motion at the instant of yielding
is so swift and so abruptly terminated as to cause a shock, and the shock vibrates through
the crust with diminishing force in all directions. . . In this region amajority of themountain
ranges have been upraised by a fracture on one side or the other, and in numerous instances
there is evidence that the last increase of height was somewhat recent.

Gilbert claimed only that this theory of earthquakes applied to the Great Basin, but similar
connections between earthquakes and faulting soon were made elsewhere. McKay (1890) jour-
neyed to the site of a large earthquake of two years previous in the South Island of New Zealand
and discovered there a fresh strike-slip fault scarp on the Hope fault. Soon afterwards, a great
oblique-slip scarp was found at the site of the 1891 Nobi earthquake in Japan (Koto, 1893; see
Figure 4.1). Koto discussed at some length the debate among European geologists as to whether
faulting was the cause or effect of earthquakes, quoting extensively from Lyell, and argued
cogently for the faulting origin hypothesis. He was evidently unaware of Gilbert’s views on the
subject. The extensive rupturing of the San Andreas Fault during the 1906 San Francisco

Fig. 4.1. The famous photograph by Koto (1893) of the scarp of the 1891 Nobi (Mino–
Owari) earthquake, Japan. A more recent photograph of the same scene maybe found
in Bolt (1978, p. 41). Faulting in this locationwasmainly normal, with the north side up.
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earthquake, and the geodetic measurements that showed that this ground breakage was not
superficial, finally led to the dominance of the faulting theory of earthquakes, as expressed in
the analysis of that earthquake by Reid (1910).

That the vast majority of shallow tectonic earthquakes arise from faulting instabilities was
proven eventually by seismological observations, but this occurred only after a long delay.
Although the theory of radiation from a double-couple source was introduced first by Nakano
in 1923, there was slow progress in implementing this development. The determination of an
earthquake focal mechanism from its radiated field requires both substantial computation and
a widely distributed network of standardized seismometers, so progress awaited develop-
ments in instrumentation and computers.

Also, scientific opinion often was divided on the subject. Surface faulting can be observed
for only a very small fraction of earthquakes, namely those large earthquakes that occur on
land; even then, faulting often may be obscured by heavy vegetation, so it was quite possible to
deny this as a general mechanism. There was also a great debate about whether the double-
couple or the single-couple is the correct representation of earthquakes (see Kasahara [1981]
for a recounting of this issue). In retrospect this argument seems futile because the single-
couple does not connect two equilibrium states and hence is not physically possible.

The modern era of earthquake source studies began with the installation of the Worldwide
Standardized Seismic Network in the early 1960s and with the widespread use of computers. It
was only then that dynamic faulting gainedwidespread acceptance as the origin of themajority
of seismic events.

4.2 EARTHQUAKE PHYSICS

In this section an account of the basic physics of earthquakes is presented. An excellent
introduction to this topic is given by Kanamori and Brodsky (2004). Here we give an abbreviated
treatment in which the rupture aspects are emphasized and less is said about the radiation of
seismic waves.

4.2.1 The dynamic energy balance

An earthquake may be considered to be a dynamically running shear crack, so we begin our
discussion, as in Chapter 1, with the energy balance for this process. The energy balance,
Equation (1.6), may be rewritten by the inclusion of terms for the kinetic energy and the
frictional work done on the crack surface behind the tip.

An earthquake produces a sudden slip of average amount Du over a rupture area A. This
results in a drop of stress from an initial value σ1to a final value σ2where (σ1 − σ2) = Δσs is called
the static stress drop and (σ1 + σ2)/2 = σm, the mean stress. All these quantities are quite
variable over the rupture surface, perhaps fractally so, and so these values are the spatial
averages.

The linear measure of an earthquake is the seismic moment (Maruyama, 1963),

Mo ¼ μDuA: ð4:1aÞ

This is the scalar magnitude of the seismic moment tensor

Moij ¼ μ DuinjDujni
� �

A ð4:1bÞ
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where Dui is themean slip vector averaged over the rupture areaAwith unit normal ni . We use µ
in this case to denote shear modulus rather than friction coefficient. This usage should be
apparent from its context.Mo is routinelymeasured from the seismic radiation or geodetic data
(Lay and Wallace, 1995), and earthquake size is reported using a magnitude scale that is based
on moment,

MW ¼ log10Mo

1:5
� 6:07 Mo in N mð Þ ð4:2Þ

Rupture area A can be estimated by various means: inversions of seismic or geodetic data,
aftershock area for large earthquakes, the corner frequency of the body wave spectrum for
smaller earthquakes, or the rupture length for large continental earthquakes. Stress drop is
related to strain drop by

Dσs ¼ Cμ
DueL ð4:3Þ

where C is a geometric constant of order one and eL is a characteristic length scale of the rupture.
Frommeasurements of A andMo, Du can be estimated. eL can be approximated as A1/2, and Δσs

can then be calculated. We can correspondingly express Δσs as

Dσs ¼ CMoA�3=2 ¼ CMo
eL�3 ð4:4Þ

The dynamic energy balance is

WF ¼ ER þ EF þ EG ð4:5Þ

where the work of faulting, WF ¼ σmDuA, is the net potential energy drop. (This neglects
gravitational work, which may be important in dip-slip faulting [Savage and Walsh, 1978;
Walsh and Rice, 1979].) The frictional work EF ¼ σFDuA, where σF is the average frictional stress
resisting sliding. ER is the energy radiated in seismic waves and EG is surface energy and the
energy loss resulting from other types of permanent damage in forming the rupture. ER can be
estimated from seismic waves (e. g. Boatwright and Choy, 1986) or from an empirical relation to
moment.

The work of faulting can be expressed as

WF ¼ σ1 þσ2

2
DuA ¼ σ1 � σ2

2
DuAþ σ2DuA ð4:6Þ

The first term,ðððσ1 � σ2Þ=2ÞDuAÞ, can be determined by seismological means as outlined
above, whereas the second term, σ2DuA, cannot because it requires knowledge of the absolute
value of stress.

Seismic waves are responsible for the damage caused by earthquakes and hence it is of
primary importance to characterize the relative importance of ER to other quantities. We define
the seismic efficiency η as

η ¼ ER

WF
ð4:7Þ

which cannot be determined because, asmentioned above,WF depends on the absolute value of
stress. We can also define
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ζ ¼ ER

Mo
¼ 1

μ

ER

DuA
ð4:8Þ

which defines a scaled energy per unit slip and area. The radiation efficiency, ηR is defined as

ηR ¼ ER

ER þ ES
ð4:9Þ

The quantityσA ¼ μζ ¼ σmη is called the apparent stress (Aki, 1966;Wyss and Brune, 1968).
It may be shown (Savage and Wood, 1971), neglecting surface energy losses, that

σA ¼ σm � σF ¼ σ1 �σ2ð Þ
2

� σF � σ2ð Þ ð4:10Þ

and, because we assume that friction stops the fault sliding, σF>σ2. It is also clear that σF< σm,
therefore

0 < σA <
σ1 �σ2ð Þ

2
ð4:11Þ

Theminimum value occurs when (σ1 − σ2) = 2(σ1 − σF), and ER = 0, which corresponds to the
simple case we explored in Section 2.3.5. At the other extreme, σ2 ¼ σF . This represents full
radiation damping and yields the maximum ER. The apparent stress can thus be seen as a
measure of radiation resistance. In the maximum case the driving stress does not fall below
the friction level in order to stop sliding, contrary to what was illustrated in Figure 2.16 – the
motion is instead damped by the radiation. Inserting this result in the energy balance (Equation
(4.4)) we find a simplified version

ER ¼ σ1 � σ2ð Þ
2

DuA� EG ð4:12Þ

Savage and Wood showed that the inequality (Equation (4.11)) is generally true – that is, the
apparent stress is always less than half the stress drop, i.e. less than the maximum value. In a
dynamic model of a circular crack with friction, Madariaga (1976) found that the driving stress
overshot the frictional stress by 20%.

Because Equation (4.12) reflects the maximum value of ER, the radiation efficiency is

ηR <
σ1�σ2ð Þ

2 DuA� EG
σ1�σ2ð Þ

2 DuA
ð4:13Þ

The relative value of EG is still under debate (see Section 3.2.2). Estimated values, obtained
from analyzing fault gouge, range from negligible tomajor contributions to the frictional work.

In illustrative models it is often assumed, for simplicity, that σ2 = σF, despite the issues just
raised. A simple model of that type is shown in Figure 4.2a, representing some point within the
earthquake rupture. Stress arising from the stress concentration of the approaching rupture
front increases to a valueσy, above the initial valueσ1. The frictional resisting stress on the fault
follows the curved friction weakening path from σy to B, where it reaches μDσn ¼ σ2. The
shaded area under that curve represents EG, which includes surface energy as well as other
permanent deformation processes. Note that the energy balance implicitly dictates that this
scales with rupture area, so that it must include permanent deformation occurring during
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sliding, such as plastic deformation at the contact scale, chemical reactions such as calcining in
the case of carbonate faults, and damage over the fault surface (wear).

The diagram for a slip event is shown in Figure 4.2(b). The area of the entire figure, ABCDA, is
WF. The applied stress follows the elastic unloading line AB. ABE is the first term on the RHS of
Equation (4.6) and is composed of EG plus ER, as indicated in Equation (4.12). The rectangle
EBCDE is the second term in Equation (4.6) and represents the frictional work that is lost in heat.

More realistic cases are discussed by Kanamori and Rivera (2006). For example, overshoot is
likely, so that σ2 < σF . The assumption that all damage occurs in the crack-tip region is also
oversimplified, as was discussed in Section 3.2.2.

4.2.2 Dynamic rupture propagation

Earthquakes are often modeled with kinematic models in which the displacement history of
motion is prescribed with some suitably few parameters. Often-used models of this type are
the propagating dislocation model of Haskell (1964) and the Brune (1970) model, the latter of
which, though employing an infinite rupture velocity, has the advantage of being rationalized in
terms of the dynamic properties of the source. While such models may provide quite detailed
descriptions of earthquakes they do not yield a physical insight into the rupture process itself,
which is of prime concern here. For this purpose, we need to examine some of the results of
dynamicmodels, bywhich ismeantmodels that satisfy the dynamic equations of elasticity with
the only prescription being that of a fracture criterion. We only discuss some pertinent results
of the simplest models of this type. For a more rigorous and detailed mathematical treatment
see, for example, Aki and Richards (2002), Kostrov and Das (1988), and Freund (1990).

The mechanism of rupture in unstable slip has so far been described in two different ways:
as brittle fracture in Chapter 1, and as a stick-slip friction instability in Chapter 2. The two are
mathematically equivalent in relating motion in the medium to a drop in shear stress on the
fault surface, but have traditionally differed in the way in which the rupture process is con-
sidered. In theoretical fracturemechanics it is assumed that a characteristic fracture energy per
unit area, a material property, is required for the crack to propagate. In the stick-slip model, on
the other hand, rupture is assumed to occur when the stress on the fault reaches the static
friction value and the condition for dynamic instability exists. In the fracture model, stresses at
the crack tip may be arbitrarily high, but in the stick-slip model no energy is dissipated in the
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Fig. 4.2. A diagram showing the energy balance for a simple illustrative case. (a): a slip-
weakeningmodel inwhich the friction follows the path AFB. (b): a diagram showing the
energy balance for a slip event with slip-weakening friction.
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crack tip and the stresses there must remain finite. These differences mainly have arisen
historically out of the idealizations involved in the two approaches. Experimental studies
show that rupture in stick-slip friction propagates in the same manner as an elastic crack
(Svetlizky and Fineberg, 2014). Here we summarize some of the features of simple dynamical
rupture models.

Rupture initiates when the applied stress reaches the yield strength σY at a point on
the fault surface called the hypocenter. The rupture tip then propagates outwards at a
rupture velocity VR. At all other points the yield strength is greater than the applied
stress, but can be overcome by the stress concentration in front of the rupture tip, which
grows with rupture length x according to the stress-intensity factor K ¼ DσDx1=2, where
DσD ¼ σ1 �σF . At a point at a distance P1 from the hypocenter, as shown in Figure 4.3, slip
initiates at a high particle velocity vmax ∝ K, which decreases rapidly with K (as the rupture tip
recedes from the point) to an asymptotic value proportional to DσD. In a crackmodel, when the
crack stops propagating at the final rupture perimeter, the information on the finiteness of the
rupture propagates back into the rupture interior in a healing phase. When this information
arrives at each point at time th, slip at that point begins to decelerate to rest. The stress history
of such a point is shown in Figure 4.4(a). The behavior shown in Figure 4.4(a) may be considered
typical of a point where the friction is velocity weakening.

If, on the other hand, the rupture encounters a point characterized by velocity
strengthening, the behavior shown in Figure 4.4(b) would occur. Stress would rise after
slip is initiated, resulting in a negative stress drop. This would produce an energy sink
that will tend to impede further rupture propagation. Following cessation of slip, the
stress would be higher than initially, and quasistatic recovery would occur in the form of
afterslip.

The rupture velocity VR depends upon the energy expended in propagating the crack. In the
simplest case of pure shear, from an energy balance approach due initially from Mott (1948)
(see also Lawn [2010] and Kanamori and Brodsky [2004]) we have,

Fig. 4.3. Slip history at a point P: (a) The rupture (stippled) approaches P. (b) Slip history
at three points P0, P1, and P2 at successively greater distance from the point of rupture
initiation. Th denotes the arrival of a healing wave propagating back from the final
perimeter of the rupture.
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ηR ∝
V 2
R

β
2

ð4:14Þ

so that VR approaches the limiting value of the shear velocity β as EG approaches zero. An
increase in the relative value of EG results in a slower rupture velocity. A typical value for
earthquakes is ~0.75β (Kanamori and Brodsky, 2004).

Rupture velocity is limited by the speed atwhich stresses can propagate, which in the case of
Mode III cracks, where the crack-tip stresses are pure shear, this is β, the shear wave velocity,
although, since the propagation is along preexisting surfaces, it is CR, the Rayleigh wave
velocity. For Mode II cracks, normal stresses are present in the crack-tip stress field. In cases
where the rupture resistance, defined as a dimensionless strength

S ¼ σy � σ1
� �
σ1 � σFð Þ ð4:15Þ

is lower than about 1.2 (Dunham, 2007), slip may be induced by those components, resulting in
a transonic rupture velocity between β and the P wave velocityα. An example, from a numerical
model, is shown in Figure 4.5. Notice the steepening of the rupture front with time due to the

Fig. 4.4. Stress history during rupture at
points that exhibit: (a) velocity weakening,
(b) velocity strengthening. The dashed
curve is postseismic relaxation (afterslip).
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Lorenz contraction of the stress field. Rupture propagates at the Rayleigh velocity until the
stress-intensity factor becomes large enough that the normal stresses can initiate slip, which
produces a precursor that propagates at the P wave velocity. Transonic rupture velocities have
been observed in laboratory experiments (Rosakis et al., 1999; Samudrala et al., 2002) and for
earthquakes (e.g. Bouchon et al., 2001). This so-called “supershear” earthquake propagation
appears to be restricted to large strike-slip (Mode II) earthquakes, on relatively smooth and
straight fault sections, as expected from the theory (Bouchon et al., 2010).

Pulse-like, crack-like, and avalanche-like rupture propagation

Heaton (1990) pointed out, based on kinematic models available at the time, that the rise time
(the slip duration at a point) in earthquakes was considerably shorter than either the total
source duration or the time required for the arrival of a healing phase to terminate slip, as
sketched in Figure 4.3. He proposed that the rupture propagated as a self-healing pulse. An

Fig. 4.5. Propagation of a Mode II crackwith slip weakening and low rupture resistance.
(a) Slip contours of dimensionless slip during propagation of the crack. The shaded
region indicates the breakdown area inwhich slip is less than d0. Lines indicate the P, S,
and Rayleigh velocities. (b) Mesh perspective of the dimensionless slip in the same
coordinates. Azimuth of view is in the Rayleigh wave direction. (From Andrews, 1985.)
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alternative explanation is fault heterogeneity, in which local asperities control the local slip
duration (Beroza and Mikumo, 1996). There are several ways that pulse-like propagation can
be produced in models: with extreme velocity-weakening (Cochard and Madariaga, 1996),
with strong weakening from narrow shear-band formation (Daub et al., 2010), or with
thermal weakening of the type discussed in Section 2.2.5 (Bizzarri, 2010; Noda et al., 2009).
They can also arise as “wrinkle pulses” in sliding on a bimaterial interface when a Mode II
rupture propagates in the slip direction of the more compliant material (Ampuero and
Ben-Zion, 2008; Shi and Ben-Zion, 2006; Shlomai and Fineberg, 2016; Weertman, 1980).
The difference in the rupture modes is illustrated in Figure 4.6. Supershear crack propaga-
tion, in the top panel, is characterized by the forerunning rupture initiation pulse, propagat-
ing at the P wave velocity, as was seen in Figure 4.5. The pulse-like mode, shown in the lower
panel, differs from the crackmodes in that slip stops in the interior some distance behind the
rupture front, as shown in the lower right figure. The slip history at a point is shown in
Figure 4.7 for laboratory models of crack-like propagation (upper curve) and pulse-like
propagation for the two lower curves. In the latter two curves, the cessation of slip is marked
by circles. Kinematic inversion models can now distinguish pulse-like from crack-like pro-
pagation in simple cases (Konca et al., 2013), but are defeated in the presence of strong
heterogeneity. A problem with the pulse-like mode interpretation is that earthquake scaling
laws indicate that slip scales with rupture dimensions, which is expected from crack models
and difficult to explain with pulse models.

Rupture models in which strong heterogeneity in strength and/or stress dominates rupture
propagation in which the failures of nearby elements are triggered by elastic interactions are
called avalanche models (Ben-Zion and Rice, 1993; Dahmen et al., 2011; Fisher, 1998; Mehta et
al., 2006). These models predict a triangular moment rate–time function with a symmetrical
peaked form that scales with the event duration. This most closely resembles the source time
function of large subduction earthquakes (Meier et al., 2017).

4.3 EARTHQUAKE PHENOMENOLOGY

4.3.1 Earthquake scaling relations

The analysis of dynamic rupture models and of the block-slider model (Section 2.3.5) shows
that the dynamic characteristics of rupture, slip, velocity, and acceleration all scale linearly with
stress drop, which is therefore the single most fundamental scaling parameter. In principle,
measurements of any of these observables can be inverted for stress drop, but this turns out to
be difficult in practice.

Geodetic and/or fault slip and length data provide information on static stress drop, and
seismic measurements of slip, velocity, and acceleration on dynamic stress drop. Stress drop is
defined at a point, but the inversions always yield integral averages over some ill-defined
region of the fault. There are several reasons for this. First, in the general case of a hetero-
geneous distribution of stress drop on the fault, the slip history of any one point will be a
function of the distribution of stress drop over all nearby points, rather than of one point, and
both the functional dependence and the definition of “nearby” are not known. Second, the
observed seismic waveform is an integral property of the slip distribution, and measurements
of the slip parameters are themselves averages: temporal in the case of dynamic, and spatial in
the case of static measurements. This will result, in the case of dynamic measurements, in the
determination being a function of the period and type of seismic waves utilized. Finally, any
such inversion is highly model-dependent, because amodel must be used to relate radiation to
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Fig. 4.6. Illustration of the three rupture modes as plots of slip velocity versus distance
for three time increments: top panel, supershear crack; middle panel, sub-Rayleigh
crack; and bottom panel, pulse-like. (From Daub et al., 2010.)
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source parameters, and simplifying assumptions have to be made regarding the geometry of
the source.

However, within a givenmethod ofmeasurement, stress drop is scale-invariant, as shown in
Figure 4.8. There, corner frequency is plotted versusmoment for shallow earthquakes (Allmann
and Shearer, 2009). The dashed lines are for constant stress-drop scaling for values of 0.1, 1,

Fig. 4.7. Slip histories at a point from laboratory models of crack-like (top curve), and
pulse-like rupture propagation (bottom curves). (From Lu et al., 2010.)

Fig. 4.8. Corner frequency versus moment for shallow earthquakes. The dashed lines
show constant stress-drop scaling for 0.1, 1,10, and 100 MPa. (From Allmann and
Shearer, 2009.)
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10, and 100 MPa. Thus, although stress drop varies over three orders of magnitude, it is scale-
independent.

Apparent stress, like stress drop, is scale-independent (Ide and Beroza, 2001; Ye et al.,
2016a). These two parameters vary with tectonic environment, as discussed in Chapter 6 and as
shown in Table 4.1.

The scale invariance of stress drop and apparent stress with earthquake size has impor-
tant ramifications regarding the application to earthquakes of the thermal weakening of
friction observed in the high-speed friction experiments described in Section 2.2.5. Such
thermal weakening requires a critical slip distance before it is manifested (Figure 4.14(a)),
which at seismogenic depths is several tens of centimeters. This implies that thermal weak-
ening should gradually become apparent for earthquakes within the magnitude range of
about 4.5–5.5, where a dramatic increase in stress drop should be observed. However, no
such change in stress drop is observed over any scale range in Figure 4.8. Kanamori and
Heaton (2000) interpreted a change in the scaling of apparent stress over that magnitude
range as indicating the onset of thermal weakening, but the more recent results of Ide and
Beroza (2001) showed that no such scaling break in apparent stress exists. Thus, there is no
verification from seismological data that such pronounced thermal weakening occurs in
earthquakes.

If we take a circular rupture as a simplemodel of earthquakes, the relation (Equation (4.3)) is
known from the elastic solution for a circular crack of diameter L, and

M0 ¼ 2
7
DσL3 ð4:16Þ

If we also assume that the rupture propagates at a steady velocity VR, then the rupture
duration TR ≈L/VR. This leads to two scaling relations (Kanamori and Anderson, 1975;
Kanamori and Brodsky, 2004):

Mo ∝T3
R ð4:17Þ

and

Mo ∝L3 ð4:18Þ

Earthquake type Stress drop, MPa
Apparent stress,
MPa

Subduction Thrust 2.00 0.70
Continental Collision 2.63 0.43
Continental Transform 3.54 1.50
Oceanic Transform 6.03 4.48
Oceanic Intraplate 6.95
Oceanic Ridge 2.82 0.25
Tsunami Earthquakes 0.80 0.10

Data sources: Subduction, Denolle et al. (2016). Tsunami, Ye
et al. (2016a). Other stress drops, Allman and Shearer (2009).
Other apparent stresses, Choy and Boatwright (1995).

Table 4.1. Stress parameters for
earthquakes by tectonic type
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in which the scaling parameter in both cases is stress drop. In Figures 4.9 and 4.10 moment is
plotted versus duration and length for a large dataset of shallow subduction earthquakes (Denolle
andShearer, 2016).We see that the scaling laws expected from the circular crackmodel apply up to
aboutMW 7.5, above which they transition to scaling laws with exponent of about 2.

Fig. 4.9. The relation between the seismic moment M0 and seismic source duration,
assumed to be equal to rupture duration TR for shallow subduction earthquakes. The
equivalent MW is shown at the top of the figure. (From Denolle and Shearer, 2016.)

Fig. 4.10. The scaling relation between seismic moment M0 and rupture diameter L for
shallow subduction earthquakes. (From Denolle and Shearer, 2016.)
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The transition from cubic to squared scaling occurs when the width of the rupture becomes
restricted to the width of the seismogenic window, which ranges from 50 to 250 km for
subduction zones. Above that point the circular crack approximation no longer applies because
the rupture width is held constant while the rupture continues to grow in length. It thus
becomes necessary to divide earthquakes into two classes, called simply large earthquakes
and small earthquakes. Small earthquakes are all those events whose rupture dimensions are
smaller than the width W* of the schizosphere, as shown in Figure 4.11. They therefore
propagate and terminate entirely within the bounds of the schizosphere, and their behavior
may be described as rupture in an unbounded elastic brittle solid. A large earthquake, in
contrast, is one in which a rupture dimension equals or exceeds the width of the schizosphere.
Once an earthquake becomes large, it is constrained to propagate only horizontally, with its
aspect ratio increasing as it grows: its top edge at the free surface, and its bottom at the base of
the schizosphere. There are two reasons for making this distinction. The first, motivated by the
above observations, is that small and large earthquakes, so defined, are expected to obey
different scaling relationships. The second is that we generally need consider only large earth-
quakes when quantitatively considering the role of earthquakes in tectonics. Note that the
magnitude level where earthquakes change from small to large depends on the tectonic envir-
onment. For crustal faults like the San Andreas Fault, say, where the schizospheric width is only
about 15 km, this occurs at about M = 6.0, whereas in subduction zones, where the down-dip
width of the schizosphere is much greater, in the range of 50–200 km, it is about M = 7.5.

When we restrict ourselves to continental earthquakes, where W* is 15–20 kms, a similar
breakdown in scaling between small and large earthquakes becomes apparent. Figure 4.12
shows moment magnitude for continental strike-slip earthquakes plotted versus their area
(Hanks and Bakun, 2002; 2008), based on an updated version of the Wells and Coppersmith
(1994) data set. There is a clear break in scaling at aboutA=500 km2, or L~2W*, forW* = 15 km.
For earthquakes below the break, the correlation is MW = log A+3.98. This relation, as can be
seen from combining Equations (4.2) and (4.16), indicates that small earthquakes can be
considered circular ruptures with constant stress drops of ~2.7 MPa. For large earthquakes
the relationship is MW = 4/3logA + 3.07. This relationship is consistent with observation that

Fig. 4.11. Diagram illustrating the definitions of small (subseismogenic) and large
(supraseismogenic) earthquakes, showing hypocenter (H), epicenter (E), moment cen-
troid (MC), and the dimensions of rupture (a, L, and W).
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Du∝L andMo ¼ μαL2W � (Scholz, 1982; Shimazaki, 1986) and the fit to the data gives α = 2.3 ×
10−5 (Hanks and Bakun, 2002; 2008). Figure 4.13 shows mean slip versus rupture length for
large continental earthquakes. This plot shows the Mo∝L2 regime just described, and also
reveals the existence of a third scaling regime for earthquake with extremely long aspect ratios,
L>10 W*. In that regime, mean slip reaches a constant value as expected from the elastic
solution of infinitely long strike-slip or dip-slip fault (Knopoff, 1958), in which eL in Equation
(4.3) is W*. This implies that for constant stress-drop scaling, slip in such earthquakes is also
constant and that Mo∝ W �ð Þ2L. These three scaling regimes are listed in Table 4.2.

The interpretation of the Mo∝L2 scaling regime for subduction earthquakes, seen atMW >
7.5 in Figure 4.10, is not so straightforward, becauseW* is not constant for subduction zones.
Denolle and Shearer 2016 adopted the scaling relation of W ∝ L2/3 (Leonard, 2010). In that
case, if one makes the usual assumption that Δu ∝ W, then Mo∝L7/3, which would be indis-
tinguishable from the L2 case. That scaling is hard to reconcile with the idea that W is set by
the local value ofW* and that L is set by other factors such as the history of prior earthquakes.
We know that great subduction zone earthquakes can be both nearly equidimensional, such as
Tohoku-oki 2011, and be long and narrow, such as Sumatra 2004.

The Δu∝ L scaling of regime 2 is difficult to reconcile with the constant stress-drop scaling
of the other regimes. One suggestion is that large earthquakes progressively penetrate deeper
below the seismogenic layer as they lengthen (Das, 1982; Shaw and Wesnousky, 2008), so that
the actual width increases with length. There is at present no conclusive observational data to
confirm that suggestion (Hanks and Bakun, 2014), other than from pseudotachylites within the
ductile zone (Section 3.2.2), which so far have been observed to penetrate only a few kilometers
below the maximum seismogenic depth.

There are thus three scaling regimes for crustal earthquakes, as shown in Table 4.2. Regime
2 encompasses most large crustal earthquakes; events in regime 3 are quite rare, which is why
this regimewas not noticed for some time (Scholz, 1994c). The first two scaling regimes also are

Fig. 4.12. A plot of moment magnitude
versus area for continental strike-slip
earthquakes. The data is from the com-
pilation of Wells and Coppersmith
(1994) with updates of more recent
large earthquakes. Thick lines are the
bilinear relations of Hanks and Bakun
(2002), discussed in the text. Thin line
is the linear relation of Wells and
Coppersmith (1994). (From Hanks
and Bakun, 2008.)
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observed for subduction earthquakes, although the slip scaling relation for regime 2may differ,
as discussed earlier. Regime 3 may also occur for very large aspect ratio subduction earth-
quakes, as well, but there are too few examples to confirm that.

An important feature of Figure 4.13 is the difference in the scaling parameters between
interplate and intraplate earthquakes, the latter having about three times the slip at a given
length, as indicated by the different scales on either side of the diagram. In regime 2, the
proportionality factor α between Δu and L is 6.5 × 10−5 and 1.5 × 10−5 for intraplate and
interplate events, respectively. In regime 3, one can evaluate the stress drops for these two
catagories using a two-dimensional crack model: it is ~4 MPa for interplate and ~12 MPa for
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Fig. 4.13. Mean slip versus rupture length for large crustal earthquakes. Two approx-
imate scaling regimes are observed. Slip increases approximately linearly with length
for aspect ratios up to about 10, and is independent of length thereafter. There is a
broad crossover between these two regimes, which are listed as regimes 2 and 3 in
Table 4.1. Notice the difference in scale for intraplate versus interplate earthquakes.
(After Scholz, 1994c.)

Size regime Slip scaling Moment scaling

1. L<W* Δu ∝ L M0 ∝ L3

2. W*<L<10 W* Δu ∝ L M0 ∝ L2 W*
3. L ≥ 10 W* Δu ∝ W* M0 ∝ LW*2

Table 4.2. Continental earthquake scaling
relations
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intraplate events. This difference in stress drop between intra- and interplate earthquake is
thought to be a geologic slip-rate effect (Scholz et al., 1986, Kanamori and Allen, 1986),
resulting from the difference in healing during interseismic periods (e.g. Marone, 1998b;
Marone et al., 1995). It is seen also in the global data set for shallow earthquakes (Allmann
and Shearer, 2009), in which the average stress drops for interplate earthquakes is 3.31 MPa
versus 5.95 MPa for intraplate earthquakes.

The scaling in regimes 1 and 2 has the same form as that observed for faults (Figure 3.13 ).
The constant of proportionality for faults is several orders of magnitude larger than that for
earthquakes, however, because the associated stress drop is the difference between the
intrinsic fracture strength and the frictional strength, whereas for earthquakes it represents
the difference between the static and dynamic friction, a far smaller quantity. The displace-
ments on faults develop overmany cycles of earthquakes, the respective scaling laws of which
are compatible (Cowie and Scholz, 1992b). Regime 3 has not been observed for faults: the
maximum fault lengths in Figure 3.13 are about 100 km, and the down-dip width of faults,
including their ductile shear zones, is several times the seismogenic width, so the largest
aspect ratio for the faults in Figure 3.13 is only about 3, well below the crossover point (n.b.,
plate boundary faults, such as the San Andreas Fault, do not obey such scaling laws as they
have no defined ends).

Scaling of fracture energy

Abercrombie and Rice (2005) estimated EG (G) from seismological parameters under the
assumption of no overshoot and found that G = 5.25 x 106 Δu1.28 Jm−2. Nielsen et al. (2016)
estimated G by integrating under the frictional weakening curves from high-speed friction
such as in Figure 4.14(a). They compared these values, in red in Figure 4.14(b), with the
seismologically determined values of G, from Abercrombie and Rice and others, shown there
in other colors. The general finding is that G scales with slip with an exponent that is probably
not significantly different from 1. This agrees with the result, based on fault scaling laws, thatG
scales linearly with L (Section 3.2.2). The experimental values are smaller than the seismological
ones, with the discrepancy increasing with slip. Nielsen et al. attributed this difference to the
additional dissipation in off-fault damage (Section 3.3.1), which is not included in the experi-
mental values.

Viesca and Garagash (2015) provided a different explanation for the falloff of G in the
experimental data for displacements greater than ~1 m. They modeled this as due to thermal
pressurization under undrained conditions, resulting in a strength reduction with slip similar
to shown in Figure 4.14(a). The earthquake data, on the other hand, show amuch gentler falloff
in the growth of G at large displacements. This wasmodeled by Viesca and Garagash as thermal
weakening under drained conditions. In that case, the strength reduction would be much more
gradual with earthquake slip, remaining substantially greater than the experimental values out
to larger displacements. A more general explanation is thermal convection by transient gran-
ular vortices in the fault core that prevents strong thermal weakening during earthquakes
(Einav, 2018).

4.3.2 Earthquake size distributions

The other fundamental earthquake scaling relationship is expressed in their size–frequency
distribution. In any region it is found that during a given period the number N(M0) of earth-
quakes occurring of moment ≥M0 obeys a relation
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Fig. 4.14 (a) Friction coefficient as a function of normalized slip for high-speed friction
experimentswith a variety of rock types. The normalized slip displacementDth is the in
range 10-20 cm at seismogenic depths. (From DiToro et al., 2011.) (b) Fracture energy
from high-speed friction experiments (red) and from seismological measurements
(other colors). The dashed lines, for reference, have slopes of 0.5, 1, and 2. (From
Nielsen et al., 2016.) (A black andwhite version of this figure appears in some formats.
For the color version, please refer to the plate section.)
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N Moð Þ ¼ aM�B
0 ð4:19Þ

where a is a variable in time and space. When written in terms of magnitude this is histori-
cally known as the Gutenberg–Richter or Ishimoto–Aida relation. The exponent in the famil-
iar Gutenberg–Richter formulation, b, equals 3/2B, which can be obtained from Equation
(4.2). This type of power-law size distribution is typical of fractal sets. Many processes can
give rise to power-law size distributions (Newman, 2006; Sornette, 2003). Without consid-
ering process, it can be seen as simply a consequence the self-similarity of earthquakes: the
exponent B = 2/3 for the worldwide distribution and has been shown to be implicit from the
self-similar scaling of small earthquakes (Hanks, 1979; Andrews, 1980; Aki, 1981). However,
as shown in Figure 4.15, at the crossover between small and large earthquakes, as defined
earlier, B changes to 1 for the larger events (Pacheco, Scholz, and Sykes, 1992). This reflects
the break in self-similarity at that point, from 2D to 1D propagation (Rundle, 1989). At the
lower end, the size–frequency distribution has been found to extend down to M –4 (Kwiatek
et al., 2010).

Fig. 4.15. The frequency–size distribution for shallow earthquakes from the global
catalog of Pacheco and Sykes (1992): (a) frequency versus MS; (b) frequency versus
MW. Frequency given as the annual number of earthquakes of a given magnitude or
larger. A change in slope from ~1.0 to 1.5 is observed atM = 7.5, which corresponds to
the change from small to large earthquakes for subduction zone events, which dom-
inate this catalog. For strike-slip earthquakes, the transition occurs at M = 6. (From
Pacheco et al., 1992.)
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If the size distribution of earthquakes is determined for a single fault or fault segment,
however, it is found that the size of the large earthquake that ruptures the entire fault will be
greatly underestimated by the extrapolation of the size distribution of small earthquakes for
the same fault (Wesnousky et al., 1983; Singh, Rodriguez, and Esteva, 1983; Schwartz and
Coppersmith, 1984; Davison and Scholz, 1985; Stirling, Wesnousky, and Shimazaki, 1996). An
example of this is shown in Figure 4.16. This fractal “tear” occurs because of the different
scaling relationships for large and small earthquakes, resulting in their belonging to different
fractal sets (Scholz, 1994a). This type of distribution, often called the characteristic earthquake
distribution, has been reproduced with a cellular model of a heterogeneous fault, styled after
the Parkfield, California, region (Ben-Zion and Rice, 1993). This distinction is very important in
seismic hazard evaluation (Section 7.2). Although this distribution was first discussed in the
context of the characteristic earthquake model (Section 5.4.1), they are conceptually different
phenomena.

In laboratory experiments the b-value in the size–frequency distribution is found to
decrease with increasing stress (Amitrano, 2003; Goebel et al., 2013; Scholz, 1968c).
Observational studies have shown that the same stress dependence occurs for earthquakes
(Gulia and Wiemer, 2010; Mori and Abercrombie, 1997; Schorlemmer et al., 2005; Spada et al.,
2013). From the depth dependence of the b-value in different tectonic regimes shown in
Figure 4.17, the relationship is found to be b = 1.23 ± 0.06 – (0.0012 ± 0.0003)(σ1-σ3), where
the stress difference (σ1-σ3) is in megapascals (Scholz, 2015). Lab experiments also show that
the b-value is a function of surface roughness (Goebel et al. 2017).

The observations of earthquake populations are summarized in Figure 4.18, in which (a)
shows the distribution of earthquakes on a single fault for a single cycle of a single large
earthquake that ruptures the entire fault length Lf, and (b) shows the distribution for a region
containing a large number of faults. These distributions derive from the size distribution of

Fig. 4.16.Distribution of small earthquakes within the rupture zone of the 1964 Alaska
earthquake, normalized to the recurrence time of that earthquake. The 1964 earth-
quake is indicated by an arrow.Note that it is about 1.5 orders ofmagnitude larger than
the extrapolation of the small earthquakes would indicate. The roll-off at M0<3 × 1023

dyne cm is caused by the loss of perceptibility of smaller events. (From Davison and
Scholz, 1985.)
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Fig. 4.17. b-value for size distributions of earthquakes from a variety of tectonic
regimes. Stress-depth gradients are obtained from standard depth distribution of
stress from borehole measurements (Zoback and Townend, 2001). (From Scholz,
2015.)

Fig. 4.18. Diagram showing the cumulative size distribution of earthquakes, for (a) a
single fault or plate boundary segment and (b) a large region containingmany faults or
plate boundary segments. (From Scholz, 1997b.)
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faults, discussed in Section 3.2.4. If we convolve the earthquake distribution for a single fault
(Figure 4.18(a)) over the size distribution of faults, Equation (3.9), with C = 1 (Figure 3.25(a)),
we obtain the earthquake size distribution for the region, shown in Figure 4.18(b) (Scholz,
1997b). The size distribution for small earthquakes, with B = 2/3, on the other hand, can be
derived from the size distribution of subfaults (Figure 3.25(b)) for which C = 2 (Scholz,
1998b). This distribution of subfaults also explains the ω−2 high-frequency falloff on earth-
quake displacement spectra (Frankel, 1991).

4.3.3 Quantifying heterogeneity: the fractal nature of earthquakes

In Sections 3.31 and it was pointed out that faults are fractal features. They have surface
topographies that are self-affine fractals and the size distributions of faults and subfaults
both obey the power laws characteristic of self-similar fractals. As discussed in the previous
section, earthquakes also have fractal size distributions that can be attributable to the under-
lying fault distributions.

It should therefore not be surprising that the interior structure of earthquakes, in
terms of the distribution of slip and stress drop, should also be fractal-like. Direct
evidence for this is in the near-field strong ground motions, which exhibit a flat spec-
trum typical of white Gaussian noise (Baltay et al., 2013; Hanks and McGuire, 1981;
Hanks, 1979), as well as the related ω−2 high-frequency falloff on earthquake displace-
ment spectra (Frankel, 1991). Both of these are consistent with a fractal distribution of
slip within earthquakes (Candela et al., 2011b; Causse et al., 2010). Inversion schemes for
slip distributions within earthquakes produce long-wavelength approximations and do
not reveal these complexities.

There are various models of earthquakes that incorporate this fractality in several
ways. Gusev (2013) pointed out that the directivity effect could be seen only in the low-
frequency end of the radiation and not in the high frequencies, which resemble random
noise suggesting incoherent radiators. He proposed that the rupture front resembles a
propagating line at the macroscale and as a multiply connected disjoint fractal line at the
microscale. This kind of rupture front development has been observed in the laboratory
(Delaplace et al., 1999; Schmittbuhl and Maloy, 1997). Ide and Aochi (2005), on the other
hand, developed a model consisting of fault patches in which the frictional properties and
fracture energies follow power-law scaling. Similar heterogeneous fault rupturing models
have been used which simulate the broadband strong ground motion radiation discussed
earlier (Dunham et al., 2011; Ruiz et al., 2013). Candela et al. (2011a) related the roughness
of the fault to the distribution of stress drops. This provides a connection between the
measured topography of faults and the dynamic properties of the earthquakes that run on
them.

4.4 OBSERVATIONS OF EARTHQUAKES

4.4.1 Case studies of continental earthquakes

In this section a number of earthquakes are described in some detail, with particular attention
to the rupture process. These cases are not necessarily meant to be taken as typical, since there
is considerable variability in detail among earthquakes. The cases chosen represent the main
faulting types, and all occurred in a continental setting. For a description of subduction zone
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and oceanic earthquakes, go to Sections 6.3 and 6.4. The selections here weremade primarily of
earthquakes that have been unusually well studied.

Strike-slip: Denali, Alaska, November 3, 2002, MW 7.9

This earthquake ruptured 340 km of the Denali fault system, a right-lateral strike-slip fault
that marks the northern boundary of the Yakutat block and the southern Alaska margin of the
North American Plate (Figure 4.19) (Eberhart-Phillips et al., 2003; Haeussler et al., 2004).
Quaternary offsets and GPS data indicate that the geologic slip rate of the main branch of the
Denali fault is 8–13 mm/yr.

The sequence beganwith theMW 6.7 NenanaMountain earthquake of October 23, 2002. This
strike-slip earthquake ruptured 45 km of the Denali fault and terminated 10 km west of the
main Denali earthquake (Figure 4.19). The initial rupture of themain earthquake was an oblique
thrusting subevent on the previously unrecognized Sustina Glacier fault, followed by 218 kms
of primarily right-lateral rupture on the Denali fault. The rupture then propagated through a
14-km-long transfer zone to the Totshunda fault, where it continued for an additional 66 km.
Aftershockswere limited to depths less than 10 km, suggesting that themain slipwas restricted
to depths shallower than this. The horizontal slip distribution obtained by three methods is
shown in Figure 4.20. The surface slip distribution correlates well with the other estimates,

Fig. 4.19. Location map of the 2002 Denali earthquake. Focal mechanism of the fore-
shock and two subevents of the mainshock are shown. (From Haeussler et al., 2004.)
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which can be expected for such a shallow rupture. Vertical displacements were about 20% of the
horizontal displacements and were primarily north-side up. This reflects the transpressional
nature of the Denali fault with respect to the motion of the Yakutat block.

The slip maximum at about 200 km east of the epicenter corresponded to a strong pulse of
radiation and a locally super-shear rupture velocity of about 5 km/sec (Frankel, 2004) com-
pared to an average rupture velocity from a dynamical model of about 3 km/sec (Dreger et al.,
2004). The transfer of slip to the Totshunda fault results from its more favorable orientation
within the stress field (Bhat et al., 2004). The transfer zone connecting the faults consists of a
series of right-stepping right-lateral segments separated by extensional jogs with short nor-
mal fault segments (Haeussler et al., 2004). There was a local slip minimum within this zone
(light shading, Figure 4.20). The dynamic model of Dreger et al. (2004) suggested that the
rupture front may have jumped over the transfer zone onto the Totshunda fault proper.

The Totshunda fault is a first-order splay fault of the Denali (see Section 3.1.3). It has a
strike subparallel to the YAK-NAM slip vector and the Queen Charlotte-Fairweather fault
system, a portion of the PAC-NAM plate boundary further south (Figure 4.19). The quaternary
slip rate of the Denali fault east of its intersection with the Totshunda fault is 2–3mm/yr, much
less than the 8–13mm/yr rate to the west, indicating that transfer of slip to the Totshunda fault
is a long-term phenomenon.

This earthquake was notable for triggering earthquakes at great distances to the south and
southeast in North America, a topic that will be discussed in Section 4.5.3. The concentration of
these phenomena along strike in the rupture propagation direction demonstrates thedirectivity
effect, namely the amplification of seismic waves due to the relativistic contraction of the stress
field in the direction of rupture propagation.
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Fig. 4.20. Horizontal slip distribution for the Denali earthquake. Surfaces slip measure-
ments (data points) and the envelope of maximum slip (shaded) from Haeussler et al.
(2004). Slip inversions from GPS data from Hreinsdottir et al. (2003) and from strong
motion records from Frankel (2004). (Figure from Haeussler et al., 2004.)
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Thrust Faulting: Chi-Chi, Taiwan, September 20, 1999, MW 7.6

This was the largest earthquake to strike Taiwan in the twentieth century. It occurred on the
Chelungpu fault, a ramp fault in the fold and thrust belt of Taiwan (Figure 4.21(a)/(b)). The
Chelungpu fault rises at a 30° dip fromabasal decollement that is aseismically slipping at about
35 mm/yr (Hsu et al., 2003). It extends through a thick sequence of sedimentary rocks
(Figure 4.21(c)). The earthquake initiated near the base of the Chelungpu fault and exhibited a
complex rupture pattern, with several fault strands participating (Kao and Chen, 2000). It
initially propagated up-dip and bilaterally, but then continued mainly to the north, where the
largest moment release occurred. The rupture process was complex, involving many fault
segments and abrupt changes in rupture velocity (Ma et al., 2000), with an average rupture

Fig. 4.21. (a) Tectonic framework of Taiwan and location of the Chi-Chi earthquake. (b)
Generalized geologic map of Taiwan, with location of the Chi-Chi earthquake. (c)
Geologic cross section along line A–B. (From Lee et al., 2002.)
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velocity being about 2 km/sec (Ji et al., 2003). The earthquake rupture length was about 80 km
and produced surface ruptures over that entire length.

The slip was primarily up-dip thrust with a left lateral component. Inversion of GPS and
strong motion data indicate that slip was about 5 m in the hypocentral region, and increased
greatly to the north, where at shallow depths the slip reached a maximum of about 20 m
(Johnson et al., 2001; Ma et al., 2001; Wu et al., 2001; Zeng and Chen, 2001). Afterslip occurred
immediately after the earthquake, primarily in a region just below the hypocenter (Hsu et al.,
2002).

The initial part of the rupture radiated a normal amount of high-frequency energy, but
when the rupture entered the region of high slip at the northern end, it was greatly depleted in
high frequencies. This led Ma et al. (2003) to proposed that this latter behavior resulted from
hydrodynamic lubrication (Brodsky and Kanamori, 2001) in which the fault surfaces became
separated by a lubricating fault gouge layer such that collisions between asperities did not
occur during this part of the rupture.

Large coseismic thrust displacements were found at the surface exposure of the Chelungpu
fault. Such sharply defined surface ruptures with large offsets are unusual for thrust earth-
quakes, which more frequently result in a distributed monoclinal crush zone near the surface
with only minor localized surface breaks. In the Chi-Chi earthquake there were many places
where the hanging wall block was displacedmanymeters over the footwall rocks with very little
internal deformation (Bilham and Yu, 2000). This suggests that separation may have occurred
between the blocks, as observed in foam rubber models (Brune, 1996; Brune et al., 1993) and
much more convincingly in a laboratory fault in Homelite (Gabuchian et al., 2017). In such
models of shallow angle thrust faults the hanging wall block was observed to separate, rotate,
and flip over the footwall block. This is a different model for separation than that discussed
above, andmay also help explain the lack of high-frequency radiation in the northern region of
large slip. Such effects, including large slips and accelerations observed in the near-surface,
arise from the asymmetry of faulting – namely, the focusing of deformation in the acute wedge
of the hanging wall (Oglesby and Day, 2001).

Normal faulting: L’Aquila, Italy, April 6, 2009, MW 6.3; Amatice, Italy, August 24, 2016;
MW 6.0, and Norcia, Italy, October 10, 2016, MW 6.5

These earthquakes occurred along a NW belt of active normal faults that run along the western
edge of the Apennines (D’Agostino et al., 2008; Roberts et al., 2004; Roberts andMichetti, 2004).
The faults in this area had previously been ruptured in a series of three earthquakes in 1703 in a
SE progression over a period of 19 days (Guidoboni and Valensise, 2015). The first, on January
14, was anM~6.7 near Norcia, followed by anM~6.2 on January 16 nearMontereale and then an
M~6.7 on February 2 at L’Aquila. These ruptured all the active faults between Norcia and
L’Aquila (Galli et al., 2005). The present sequence could be said to have begun with the MW 6.0
Umbria–Marche earthquake sequence of 1997 (Amato et al., 1998), which ruptured the region
just to the north of Norcia. These latter earthquakes are shown in Figure 4.22(a).

The city of L’Aquila lies within an intermontane basin created by the normal fault that
hosted the 2009 earthquake. Figure 4.22(b) shows the coseismic displacement field represented
by fringes of an InSAR radar interferogram. The earthquake activated a group of normal faults
dipping ~50° to the SW (Figure 4.23). A swarm of small foreshocks began four months prior to
themainshock, as shown in Figure 4.24 (Chiaraluce, 2012). These occurred in a 4-km-long band
on the L’Aquila rupture plane at the depth (9 km) of the eventual mainshock hypocenter.
Following an MW 4.0 foreshock on March 30, activity switched to an antithetic fault plane,
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Fig. 4.22. (a) Map of the Northern Apennines seismic belt. Mainshocks, and their after-
shocks, of the recent earthquake are color coded: L’Aquila, magenta; Amatrice and
Norcia, green; and Umbria–Marche, blue; the active faults are in red. Historic earth-
quake ruptures are in yellow indicated with dates in black. (From Mildon et al., 2017.)
(b) InSAR image of the grounddeformation due to theApril 2009 L’Aquila earthquake in
Central Italy draped over a digital elevation model. The rainbow colors show 2.8 cm
contours of ground displacement around the city of L’Aquila, measured using the radar
instrument on the Envisat (ESA) satellite (up to ~25 cm motion away from the satellite
and ~8 cm toward the satellite). The black line is the causative fault. (From Walters et
al., 2009.) (c) Down-dip section of the L’Aquila fault plane showing high precision
aftershock locations compared with (i) coseismic slip contours (from Cirella et al.,
2009) and (ii) afterslip contours (from D’Agostino et al., 2012). Mapped faults, Mt.
Stabiata (MSF) and Paganica (PaF), thick black lines; surface ruptures, thick gray lines
(from Boncio et al., 2010). Gray arrows: direction of rupture development. (From
Valoroso et al., 2013.) (A black and white version of this figure appears in some
formats. For the color version, please refer to the plate section.)
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then switched back to the main rupture plane after an MW 3.9 foreshock on April 5. The
mainshock occurred on the following day. Following the mainshock, activity migrated NW
toward the Campotosto fault at a rate of ~3.5 km/day with a series of MW > 5 events.

Details of the rupture are shown in Figure 4.22 (c) (Cheloni et al., 2010; Cirella et al., 2009;
D’Agostino et al., 2012; Valoroso et al., 2013). Slip occurred in a patch near the hypocenter and
then propagated to the SE, where the area of the largest slip occurred. Small amounts of surface
slip were observed on only a few short fault sections, as might be expected from such a small-
magnitude earthquake (Alessio et al., 2010; Wilkinson et al., 2015). The aftershocks and after-
slip were both concentrated around the edges of the coseismic slip areas. This is fairly typical,
as these are both processes bywhich the stress concentrations induced by the coseismic slip are
relaxed.

Fig. 4.23.Map andNW-trending vertical section of the L’Aquila seismic sequence. (From
Valoroso et al., 2013.)
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Therewas ample evidence for fluid involvement in the L’Aquila earthquake, in particular, for
dilatancy and diffusion during the foreshock sequence (Lucente et al., 2010). Discussion of
these and other precursory phenomena for this earthquake can be found in Section 7.3.2.

The L’Aquila earthquake was followed by anMW 6.0 earthquake near Amatrice on August
24, 2016, and one of MW 6.5 near Norcia on October 30, 2016, as the seismicity continued to
migrate northwards (Figure 4.22(a)), filling the gap between the L’Aquila and Umbria–Marche
ruptures. The Amatrice earthquake ruptured the southern part of the Mt. Vettore fault and a
short strand of the Laga fault to the south (Livio et al., 2016). It was followed by a MW 5.3
normal faulting earthquake near Norcia. It had a heterogeneous rupture pattern, with a
maximum slip of about 1 m in a 5 km diameter patch centered at a depth of 5 km just
above the hypocenter, and a second slip patch about 10 km to the north (Tinti et al., 2016).
The October sequence involved these same faults further to the north, and were followed by
5 M> 5 earthquakes on January 18, 2017. There was a remarkable observation of coseismic
surface rupture of theMt. Vettore fault by the October 30 earthquake (Wilkinson et al., 2017).
By calculating Coulomb stress transfers from earthquakes in this region from 1349 AD
combined with stress accumulation, Mildon et al. (2017) showed that the Mt. Vettore fault
had been strongly loaded and that, together with a bend in that fault, controlled the location
of the 2016 ruptures.

Fig. 4.24. Space–time diagram of the L’Aquila earthquake sequence. B is for the time
window shown in gray in A, beginning with the M 4 foreshock of March 30. The stars
are events of M ≥ 5, including the March 30 foreshock and the M 3.9 event in the
Cittareale area (June 25) and theM 4.4 (June 22). The gray arrows indicate the direction
of seismicity migration. (From Chiaraluce, 2012.)
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4.4.2 Earthquake sequences

Earthquakes seldom occur as isolated events, but are usually part of a sequence with variably
well-defined characteristics (Figure 4.25). Foreshock and aftershock sequences are closely
associated with a larger event called the mainshock, whereas sequences of earthquakes not
associated with a dominant earthquake are called swarms. Occasionally, two or more main-
shocks may be closely associated in time and space. These have been called doublets and
multiplets. We consider these under the topic of triggered earthquakes, discussed in the next
section.

Aftershocks

Of these sequences, aftershocks are the most ubiquitous, being observed to follow almost all
shallow tectonic earthquakes of any significant size. They also have the most well-defined
characteristics of any of the earthquake sequences. In particular, the decay of aftershock
sequences follows the Omori law (named for his observation of it following the 1891 Nobi
earthquake):

n tð Þ ¼ K

c þ tð Þp ð4:20Þ

where n(t) is the number of aftershocks in an interval at time t after the mainshock, K and p are
constants, and c is a positive number near zero. The exponent p is usually found to be very close
to 1, so this decay law is nearly hyperbolic. It is often stated that the largest aftershock in the
sequence is typically at least 1.2 magnitude units smaller than the mainshock, a number that
stems from a footnote in Richter (1958, p. 69) in which he called it “Båth’s law.” There is no
documentation in the original source – evidently Markus Båth himself did not publish on this
topic. However, in the summary of a series of papers on aftershock sequences of Japanese
earthquakes, Utsu (1971) found that the largest aftershock was typically about one magnitude
unit less than the mainshock. The sum of seismic moments for the entire sequence usually
amounts to only about 5% or so of the moment of the mainshock (Scholz, 1972b). Aftershocks,
then, in the classical sense, are therefore a secondary process.

The number of aftershocks increases with the size of the mainshock according to

Naft ¼ k10b Mm�Mthð Þ ð4:21Þ

where Mm is the magnitude of the mainshock, Mth is the lower threshold of measuring after-
shocks, and k is a usually considered a constant (Utsu, 1970). If we assume the Gutenberg–

Fig. 4.25. Schematic diagram illustrating the various types of earthquake sequences: (a)
mainshock (MS)with foreshocks and aftershocks; (b)mainshock–aftershock sequence;
(c) swarm.
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Richter parameter b = 1, then, using Equation (4.2), Naft∝ M2=3
o . Assuming a circular rupture

model, Equation (4.16),

Naft∝Dσ2=3A ð4:22Þ

This scaling was found by Wetzler et al. (2016), who observed that Naft both increased
linearly with A and increased with Δσ. Yamanaka and Shimazaki (1990) also observed the linear
scaling of Naft with rupture area, and found that it was larger for intraplate than interplate
earthquakes. This latter agrees with the greater stress drops for intraplate to interplate earth-
quakes, as noted earlier (Figure 4.13).

Wetzler et al. (2016) also found the seemingly perverse result thatNaft decreases with Δσ for
earthquakes of a given moment. Although an increase of Δσ at fixed moment will result in a
decrease in A, these will just compensate for one another in Equation (4.22) and not yield any
expected change inNaft. It is likely that this effect is the consequence of b decreasingwith stress,
as discussed in Section 4.3.2, whichwill result in a reduction inNaft according to Equation (4.21).

The time delay c is usually treated as a constant, but it has been found to scale with the GR
parameter b and hence inversely with stress (Lippiello et al., 2015; Narteau et al., 2009; Shebalin
and Narteau, 2017). It is also a function of Mth (Davidsen et al., 2015).

It seems clear that aftershocks are a process of relaxing stress concentrations produced by
the dynamic rupture of the mainshock. However, in order to account for the time delay of
aftershocks and the characteristic decay law, a time-dependent strength must be introduced.
Recalling from Section 1.2.4 that rock strength increases with strain rate, we realize that the
dynamic loading during the mainshock may load local regions to stresses much higher than
their long-term strength. Such regions will then fail by static fatigue at a later time determined
by the imposed stress level. If a static fatigue law of the form of Equation (1.56) is assumed for a
large number of such local regions over which the imposed stress levels are assumed to be
randomly distributed, it can be shown that the collected rupture behavior of these regions will
obey the Omori law (Marcellini, 1997; Scholz, 1968b; Yamashita and Knopoff, 1987). The Omori
law is also an expected consequence of the rate–state-friction law (Dieterich, 1994) and sub-
critical crack growth (Das and Scholz, 1981b; Gomberg, 2001). These are variousmanifestations
of the same underlying physics (e.g. Anderson and Grew, 1977; Brantut et al., 2014; Lockner,
1998; Savage et al., 2005).

There have been efforts to find systematic variations in aftershock productivity. The main
finding is that for subduction earthquakes aftershocks productivity is systematically greater in
the Western circum-Pacific zones than the Eastern Pacific ones (Singh and Suárez, 1988;
Wetzler et al., 2016). In situations where there is significant postseismic expansion of the
rupture zone, ηA should be substituted for A in Equation (4.22), where η is the ratio of the
long-term to the short-term rupture area. Tajima and Kanamori (1985) found that η is system-
atically greater for the Western than the Eastern circum-Pacific subduction earthquakes, a
factor that explains the difference in aftershock productivity. These differences correlate
with a difference in seismic coupling, it being larger in the eastern than in the western Pacific
(Scholz and Campos, 1995; 2012). The lower coupled subduction zones in the western Pacific
tend to have larger regions of stable to conditionally stable friction such that rupture zones can
spread by afterslip into creeping regions (see Figure 5.12(a)), generating more aftershocks
as they do (Kato, 2007). A notable difference in aftershock productivity is seen in oceanic
transform faults, which are much less productive than continental faults (Figure 6.22). This
difference may result frommuch slower rates of subcritical crack growth for olivine relative to
the more siliceaous minerals like quartz. Under all tested conditions Meredith and Atkinson
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(1985) found the fracture toughness at a given value of crack velocity for gabbro to be 1.5
greater than of granite. Using the relation of Wiederhorn and Bolz (1970), this implies that the
rupture time at a given stress level would be about 30 times longer for the gabbro than the
granite. Therefore, the frequency of such failures in the gabbro would be about 1/30 of that in
granite: this is within the uncertainty in the difference in the aftershock productivity shown in
Figure 6.22.

Although the spatial distribution of aftershocks is usually almost stationary with time,
there are several circumstances inwhich aftershockmigration occurs. The one just alluded to
is when the rupture zone expands by afterslip. In this case the migration will follow a log t
dependence (Kato, 2007; Perfettini and Avouac, 2007). An example is the migration of after-
shocks for the 2004 Parkfield earthquake (Peng and Zhao, 2009). Migration may also be
driven by fluid diffusion, in which case it follows a √t dependence. An example is the
migration of the L’Aquila aftershocks, shown in Figure 4.24 (Di Luccio et al., 2010). Ross et
al. (2017) describe a case where both types of migration occur in the same aftershock
sequence.

Several aftershock sequences have already been described in the previous section.
Aftershocks typically begin immediately following the mainshock and cover the entire rupture
area and its immediate surroundings, although they are commonly concentrated in locations
where one might expect large stress concentrations to have been produced by the mainshock
rupture. These are places with high slip gradients, such as around the rupture periphery as was
noted above in the case of the L’Aquila earthquake (Figure 4.22(c)); also see Mendoza and
Hartzell, 1988) or in the rupture interior near the periphery of high slip zones (Beroza, 1991;
Wetzler et al., 2016).

The traditional view of aftershocks as being limited to the mainshock rupture area and
immediate surroundings has been blurred by the discovery of off-fault aftershocks trig-
gered by static stress changes (Das and Scholz, 1981a) and by more distant aftershocks
triggered by seismic waves (Hill, 1993). Although from a mechanistic point of view it may
seem arbitrary to make a distinction between the traditional near-fault and the more
distant aftershocks, the latter are discussed separately in the next section under the head-
ing “Triggered Earthquakes.” One reason for presenting it this way is that in the case of
more distant triggering it becomes possible to determine the causative stresses and hence
discuss the mechanisms involved, whereas that is not possible for the near-fault case
because of the fractal-like complexity of the coseismic slip and resulting stresses. That
section will lead to a discussion of earthquake clustering in general, and statistical clus-
tering models that have been developed to describe it.

Foreshocks

Foreshocks are smaller earthquakes that precede the mainshock. They usually occur in the
immediate vicinity of the mainshock hypocenter and are therefore probably a part of the
nucleation process (Das and Scholz, 1981b). (Earthquakes that precede a mainshock but are
not near the hypocenter are probably not causally related to themainshock and, strictly, should
not be considered foreshocks.) Unlike aftershocks, the occurrence of foreshocks is quite vari-
able, as indicated by the examples in the previous section. The Denali earthquake was preceded
by 10 days by a single large foreshock, whereas the L’Aquila earthquake was preceded by a
swarm of foreshocks lasting four months. Further discussion of foreshocks will be deferred till
Section 7.2.2.
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Swarms

Earthquake swarms are sequences of earthquakes that often start and end gradually and in
which no single earthquake dominates in size. Sykes (1970a) made a global survey of swarm
occurrence and found that they commonly are associated with volcanic regions, though this
is by nomeans a universal rule. Amajor swarm at Matsushiro, Japan, was evidently caused by
an upwelling of pore fluid, seemingly of plutonic origin (Nur, 1974; Kisslinger, 1975). This
seems to have been a natural occurrence of the mechanism responsible for causing earth-
quake swarms by fluid injection in boreholes (Sections 2.5 and 6.6.1). According to this
mechanism, the earthquakes are produced by an increase in pore pressure caused by fluid
diffusion. As a result, they occur in a region in which there is an unusually strong stress
gradient, so any event in the sequence is prevented from growing very large; strain relief is
controlled by the fluid flow, and no dominant large event can occur. For the same reason, the
b-value in the earthquake size distribution is often observed to be unusually large in swarms
(Scholz, 1968c; Sykes, 1970a).

Swarms may also be driven by slow slip events (see Section 4.6) as evidenced by geodetic
data (Segall et al., 2006) or by earthquake migration rates that correspond to the propagation
rates typical of slow slip events (Lohman and McGuire, 2007; Roland and McGuire, 2009). Both
mechanisms are evident in a survey of swarms in southern California (Vidale and Shearer,
2006).

Mogi (1963) has divided these sequences into three types: mainshock–aftershock, fore-
shock–mainshock–aftershock, and swarm, which he has interpreted as indicating increasing
heterogeneity of the source region. He found that these sequence types were variously
dominant in different parts of Japan and interpreted this in terms of regional variations of
heterogeneity. While this idea has merit, this author feels that it is too generalized. The
Adirondacks of New York is a cratonic region in which Precambrian basement outcrops at
the surface (Grenville age, 900 My) in a very uniform massif. Several intense earthquake
swarms typified by small-magnitude events occurred at Blue Mountain Lake in the central
Adirondacks in 1972–1973, then subsided. In 1975, anM 4.0 earthquake occurred at Raquette
Lake, just 10 km away. In spite of the quick installation of portable seismometers, no after-
shocks could be found for this event: it was a singleton. In 1985, anM 5.1 earthquake occurred
at Goodnow, just 20 km away, and this earthquake had a normal aftershock sequence (Seeber
and Armbruster, 1986). Thus, over a very short period of time in a small region of the same
structural province, the gamut of earthquake sequences was observed. All the earthquakes
had similar thrust mechanisms, the only systematic environmental difference was an
increase in depth, from 2 to 3 km for the swarm, 4 km for the Raquette Lake earthquake,
and 6 km for the Goodnow sequence. Whether or not this depth difference is relevant to the
difference in sequence type is moot.

4.5 EARTHQUAKE INTERACTIONS

The type of earthquake clustering indicated by foreshock and aftershock sequences show that
earthquakes are not isolated independent events. It appears, rather, that, as do faults on a
longer timescale (Section 3.2.3), earthquakes interact through their stress fields. This is not
limited to the immediate vicinity of the mainshock rupture, as in the case of what are tradi-
tionally described as aftershocks and foreshocks. Earthquakes can be triggered (or inhibited) at
greater distances. Earthquake triggering can be classified as near-field triggering, within one or
two fault lengths of the causative earthquake, and far-field triggering, at regional to teleseismic
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distances. Near-field triggering can be caused by either static changes in the stress field or by
dynamic triggering from seismic waves, whereas more distant effects can be caused only by
dynamic triggering. This is because static stresses fall off rapidly with distance from the source,
whereas dynamic stresses decrease more slowly, particularly in the case of surface waves. In
this section a variety of such interactions, generally described as earthquake triggering, are
discussed. A supplemental review may be found in Freed (2005).

4.5.1 Static triggering: Coulomb stress loading

Assuming a simple Coulomb friction model for earthquakes, the potential for slip will be
enhanced or retarded by a change in the Coulomb failure stress, ΔCFS, as defined by

DCFS ¼ Dτs � μ Dσn � Dpð Þ ð4:23aÞ

≈Dτs � μ0 Dσnð Þ ð4:23bÞ

in which Δτs is the change in shear stress resolved in the slip direction on the potential fault,
Δσn and Δp are the changes in normal stress and pore pressure on the fault (positive for
compression), and μ is the friction coefficient. Thus, if the ΔCFS>0, slip potential is enhanced
and if ΔCFS<0, it is inhibited.

In the case of coseismic stress changes,Δσn and Δp are not independent. Any sudden change
in normal stress in a saturated porous medium will induce a corresponding change in pore
pressure (see Section 6.6.3). The most general equation relating them is Δp = ΒΔσkk/3, where B
is Skempton’s coefficient (0 ≤ B ≤1) and Δσkk is the sum of the diagonal elements in the stress
tensor (Rice and Cleary, 1976). If the shear modulus of the fault can be considered to be
considerably smaller than that of the surrounding rock, then Δp = ΒΔσn (Cocco and Rice,
2002). In that case, the simplified form, Equation (4.23b), can be used, where μ0 = μ(1 − B) is
called the “apparent friction.” This simplified form is often used in the literature on this topic,
but it merely disguises the fact that we do not know how to handle the poroelastic effect in this
case. Not only do we not generally know the appropriate value of B to employ, and so cannot
relate μ0 to μ, but Equation (4.23b) also hides the inherent time dependence of μ0. The Rice and
Cleary relation describes the undrained (instantaneous) response. With time, pore fluid diffu-
sion will allow Δp to return to zero, hence μ0 will rise to μ. This is a potentially important effect
that will be discussed again in Section 4.5.2.

The calculation of ΔCFS produced by an earthquake depends on knowledge of the geometry
and slip distribution of the earthquake, the assumedmagnitude and orientation of the regional
stress, and the assumed value of μ0. The calculation is specific to the orientation and slip vector
of the “target” fault on which the supposed triggered earthquake occurs. The ratio of the
regional stress amplitude to the earthquake stress drop is important only close to the fault,
where uncertainties in ΔCFS are in any case always dominated by uncertainties in the slip
distribution (King and Cocco, 2000). The effect of both becomes less important further from
the fault. Regional stress orientation is more important, but can usually be constrained within
fairly narrow limits by other information. The effect of the assumed value of μ0 is modest in
most cases (King and Cocco, 2000).

Figure 4.26 shows the 1979M 5.2 Homestead Valley, California, earthquake, one of the first
cases studied using this method (Das and Scholz, 1981a; Stein and Lisowski, 1983). The main-
shock rupture (white line) was constrained with seismic and geodetic data. The four lobes of
positive and negative ΔCFS are apparent. Although most aftershocks occurred on or very near
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the mainshock rupture, there were a considerable number of off-fault aftershocks. The great
majority of these occurred in positive ΔCFS regions, with quiescence in negative ΔCFS regions,
exhibiting the stress drop shadow effect. Changes of ΔCFS of as little as 1 bar separate regions
of enhanced and decreased seismicity.

Coulomb stress changes caused by the four M > 5 earthquakes just prior to the 1992
Landers earthquake are shown in Figure 4.27(a). These earthquakes, the 1975 M 5.2 Galway
Lake, 1979 M 5.2 Homestead Valley, 1986 M 6.0 North Palm Springs, and 1992 M 6.1 Joshua
Tree, progressively increased Coulomb stresses by about 1 bar at the site of the Landers

Fig. 4.26. Coulomb stress change induced by the 1979 Homestead Valley earthquake.
While line is themainshock rupture andwhite symbols are aftershocks. (FromKing and
Cocco, 2000.) (A black andwhite version of thisfigure appears in some formats. For the
color version, please refer to the plate section.)
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epicenter. They also enhanced Coulomb stresses by 0.7–1.0 bars along 70% of the rupture plane
of the future Landers earthquake.

The combined effect of the Joshua Tree and Landers events is shown in Figure 4.27(b).
There it can be seen that the Big Bear earthquake, which occurred 12 hours after the
Landers earthquake on a left-lateral conjugate fault, as well as the cluster northwest of
the end of the Landers rupture, both occurred in positive ΔCFS lobes. The overall statis-
tics for static stress change enhancement of the off-fault aftershocks in this sequence is
given by Seeber and Armbruster (2000). The Hector Mine earthquake of 1999 culminated
a series of smaller events in the same location that were initiated immediately after the
Landers earthquakes. At this location Δτ was negative (left-lateral) and Δσn was also
negative (clamping), according to the model of King and Cocco (2000). The resulting ΔCFS
could be positive at that point only if μ ≥ 0.8 (Parsons and Dreger, 2000). However, Harris
and Simpson (2002) found that for most models the Hector Mine hypocenter would be in
a stress shadow from Landers, so this result makes it equivocal that the Hector Mine
earthquake was triggered by Landers. We shall discuss in the next section a solution to
this quandary.

Fig. 4.27. (a) Coulomb stress changes from themajor earthquakes that occurred within
a few years preceding the 1992 Landers earthquake. Coulomb stress has been
enhanced along most of the Landers rupture zone. (From King and Cocco, 2000.) (b)
Coulomb stresses produced by the Landers earthquake and the earthquakes that just
preceded it. (From King and Cocco, 2000.) (A black and white version of this figure
appears in some formats. For the color version, please refer to the plate section.)
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Coseismic stress changes are also known to accelerate or decelerate the slip rate on creeping
faults. The M 6.8 1968 Borrego Mountain earthquake triggered aseismic surface slip on the
SuperstitionHills, Imperial, and SanAndreas Faults, somedistance away (Allen et al., 1972). The
Landers, Joshua Tree, and Big Bear earthquakes all triggered creep events on faults to the SW,
within the positive ΔCFS lobe of Figure 4.27(b) (Bodin et al., 1994). The stress shadow of the
Loma Prieta earthquake on the SanAndreas Fault in northern California caused creep to stop on
the nearby Hayward Fault, which resumed when tectonic loading erased the shadow
(Lienkaemper, Galehouse, and Simpson, 1997).

On a longer timescale, combining ΔCFS from earthquakes with a tectonic loading model
for active plate boundaries like the San Andreas and North Anatolian faults shows that
most moderate to large earthquakes occur progressively in regions of positive ΔCFS (Deng
and Sykes, 1997; Nalbant, Hubert, and King, 1998). Similarly, stress shadows produced by
large earthquakes produce seismic quiescences which last until they are overcome by
tectonic loading (Jaumé and Sykes, 1996; Harris and Simpson, 1996; 1998; see also
Sections 5.4.2 and 7.2.2).

It appears that static stress changes as low as 0.1 bar can trigger observable seismicity
(Reasenberg and Simpson, 1992; King, Stein, and Lin, 1994). This is just a small fraction of
earthquake stress drops. These very low triggering levels require that the triggered events be
very close to their rupture point. The commonness of this phenomenon suggests that there are
some fault segments everywhere that are very near their critical point, a conclusion that is also
reached from observations of induced seismicity (Section 6.6). Is there a threshold for the
triggering stress? We defer this question until Section 4.5.3.

4.5.2 Mechanisms for the time delay

The above examples show clearly that earthquakes are often triggered by Coulomb stress
transfer. Simple Coulomb friction, however, offers no explanation for the time delays that are
observed, which range from a few tens of seconds to decades. The time delays, Δt, are in thus in
the range

tt ≤Dt≪TR ð4:24Þ

where tt is the travel time of seismic waves from the causative earthquake and TR is the earth-
quake recurrence time. Coulomb stress transfer will result in a clock advance (or retardation)
ΔtC of the seismic cycle with respect to the expected failure time.With a Coulomb frictionmodel
the clock advance will be independent of the time in the earthquake cycle when the stress
transfer occurs, as illustrated in Figure 4.28. Thus, if we assume a population of faults, moving
at the same geologic slip rate but at different stages of their seismic cycle, all subjected to the
same stress transfer, the clock advance for each would be the same, and hence the seismicity
rate would not change.

Visco- and poro-elasic effects.

The viscoelastic response of the crust to an earthquake, discussed more thoroughly in
Section 5.2.3, introduces a limited mechanism by which nearby earthquakes can be triggered
after a time delay. In the case of the Landers and Hector Mine earthquakes discussed earlier
(Section 4.5.1), Freed and Lin (2001) showed that the postseismic viscoelastic relaxation of the
lower crust and upper mantle in response to the Landers earthquake in the 7 years between
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those earthquakes would have increased the Coulomb stress function by 1–2 bars at the
hypocentral location of the Hector Mine earthquake. (This occurs because the postseismic
deformation effectively deepens the mainshock rupture depth.) This appears to have been
the critical factor in triggering that earthquake, as well as an explanation for the time delay
between the two earthquakes.

The poroelastic effect may also play an important role in some cases. The M 6.2 Elmore
Ranch earthquake (Figure 4.29(a)), a left-lateral strike-slip earthquake, was followed 12 hours
later by theM 6.6 right-lateral Superstition Hills earthquake (Figure 4.29(b)). The latter propa-
gated from a point just abutting the end of the Elmore Ranch rupture. The ΔCFS at that point
was almost entirely due to a reduction of the normal stress by about 30 bars (M. Cocco, pers.
comm., 2000). However, because of the poroelastic effect this would have been accompanied by
an instantaneous reduction of pore pressure almost as large. The immediate ΔCFS would
therefore be quite small (Equation (4.23)), but would increase with time as the pore pressure
recovered (see Section 5.2.3, Figure 5.14 for a clear example of this). In this case, then, the
recovery of pore pressure in the 12 hours following the Elmore Ranch earthquake must have
been responsible for bringing the Superstition fault to failure at that time.

Accelerating rate models

The RS friction model and the subcritical crack growth models both feature slip rates that
accelerate with time in the earthquake cycle. In these cases, because of the cumulative nature of
a static stress transfer, the clock advance decreases with the time in the seismic cycle when the
stress transfer occurs (Gomberg, 2001). If we envision a population of faults at different stages
of their seismic cycles subjected to a stress transfer, in this case the effect is of a temporal
bunching together of the failure times of those faults and, as a result, the seismicity rate will
increase. Thus, these processes can explain an extended period of increased seismicity follow-
ing an earthquake.With thesemodels the rate of seismicitywill decrease according to theOmori
Law both for the traditional on-fault aftershocks and the off-fault seismicity that has been
triggered by static stress changes (Gomberg, 2001).

Triggering of large earthquakes

The finding that triggering occurs even though ΔCFS ≪ Δσs, together with Equation (4.24),
presents a problem in the case of the triggering of large earthquakes. These observations
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Fig. 4.28.Diagram showing an earthquake load-
ing cycles for a fault obeying Coulomb friction.
A stress transfer of an amount Δσ at any time
during the loading cycle will produce the same
clock advance Δt.
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Fig. 4.29. The compound earthquake sequence of November, 1987 near Superstition
Hills, California. The left-lateral Elmore Ranch fault ruptured first in an Ms = 6.2 event
(a), followed 12 h later by rupture of the right-lateral Superstition Hills fault in an Ms =
6.6 event (b). The second earthquake initiated from a point near the abutment of the
two faults. Stars are the mainshock epicenters. (From Hudnut et al., 1989.)
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require that the triggered earthquakes must be extremely close to their natural failure points.
As with the similar case of induced seismicity (Section 6.6), we can rationalize this by assuming
that there must everywhere be a large population of small faults, some subpopulation of which
may be close enough to failure that they can be triggered with very small values of ΔCFS.
However, in the case of the triggering of large earthquakes, as in the case shown in
Figure 4.29, that rationale cannot be used, because there are only a few faults large enough to
host such earthquakes. The Superstition Hills faultmust have been at the very end of its seismic
cycle in order to be triggered by the Elmore Ranch earthquake. If this was a rare occurrence this
might be dismissed as coincidence, but in fact it is not rare – many such similar cases are
described in Scholz (2010a). The reason that it is widely believed that the Hector Mine earth-
quake was triggered by the Landers earthquake is that both of those earthquakes occurred on
slowlymoving faults with recurrence times of about 5,000 years, so it is hard to believe that the
occurrence of two large earthquakes on these nearby faults within a 7-year interval was by
chance. Those earthquakes occurred within a set of subparallel strike-slip faults that together
constitute the Eastern California shear zone, shown in Figure 4.30(a). The geologic slip rates and
times of previous large earthquakes on these faults, obtained by paleoseismological means, are
shown in Figure 4.30(b). The Camp Rock and Pisgah fault systems, the site of the Landers and
Hector mine earthquakes, both slip at about the same rate and ruptured previously at 4–5,000
and again at about 9–10,000 years ago. Thus, their seismic cycles have been in synchrony over
the past three cycles. The slower-moving Helendale and Lenwood faults also appear to rupture
in near synchrony (the Lenwood also ruptured in sync with the other synchronous pair at ~5
kbp). Scholz (2010a) argued that nearby faults that have similar slip rates can become syn-
chronized in their seismic cycle over many cycles when they receive positive coupling through
their exchanges of stress transfers. The faults behave like coupled oscillators that may syn-
chronize if their natural periods are close enough to be within an entrainment threshold. Note
that the faster-moving Calico fault is not synchronized with the faults on either side, even
though it must receive large stress transfers from those faults. Similarly, although the earth-
quakes in the eastern California shear zone during the 1990s transferred significant stresses to
the nearby sector of themuch faster-moving SanAndreas Fault (Freed and Lin, 2002; Jaumé and
Sykes, 1992), they did not induce any increased seismicity there. The synchronization of
coupled oscillators, both animate and inanimate, is a common phenomenon (e.g. Strogatz,
2003; Strogatz, 2001). In a historically famous case, Christiaan Huygens observed that two
identical pendulum clocks, mounted side-by-side in his laboratory, would, after a brief time,
become synchronized. This was experimentally reproduced and explained with a simple theory
of stress transfer between the pendulums by Bennett et al. (2002). For a general review of the
Kuramoto model, the canonical model for coupled oscillators, see Acebron et al. (2005). For
theory applied to the types of cases discussed here, the synchronization of coupled oscillators
that obey RS friction, see Sugiura et al. (2014).

Such synchronization may, of course, also occur between adjacent segments of a single
fault. Figure 4.31 shows a sequence of large earthquake that progressively ruptured the North
Anatolian fault from east to west in 1939–1999. Most of these may be considered to have been
triggered by static stress loading from the previous earthquakes (Stein et al., 1997). Note,
however, that the 1943 earthquake initiated at its distal end from the prior earthquake, where
there was no change in the Coulomb stress function, and then propagated from west to east.
Thus, it must have occurred naturally in sync with the other earthquakes in this sequence. This
underscores the point that even those earthquakes that have been considered triggered by
static stress changes must have occurred on fault segments already in synchrony in their
seismic cycles. Reinforcing this view, the paleoseismic record for the North Anatolian fault
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indicates that such sequences have occurred every few hundred years, with the fault being
relatively quiescent during the intervening intervals (Hartleb et al., 2006).

On a smaller scale, coupling between nearby fault patches results in the sort of phase locking
that causes the seismicity of faults to be dominated by occasional system-size large earth-
quakes rather than by continuous small earthquakes (Brown et al., 1991; Herz and Hopfield,
1995). This is the underlying reason why individual faults and fault segments obey the char-
acteristic size distribution rather than the Gutenberg–Richter law.

Statistical clustering theories

These theories consider earthquakes to be a stochastic point process. Each earthquake is
chosen randomly from a truncated Gutenberg–Richter distribution and assumed to trigger
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subsequent earthquakes (aftershocks) following a productivity function that depends on its
magnitude (Equation (4.21)). Models in which each earthquake has a single parent are called
branching models (Felzer et al., 2004; Kagan, 1991). Those that include multiple cascades are
called epidemic (ETAS) models (Helmstetter and Sornette, 2002; Ogata, 1998; 1999). These
models are species of what are called statistical physics models. For broad reviews of the latter
topic as related to earthquake physics, see Kawamura et al. (2012) and Vallianatos et al. (2016).

There is no intrinsic time scale in these clusteringmodels so no distinction ismade between
instantaneous and delayed triggering. A clock rate is introduced based on the observed rate of
seismicity, either than of aftershocks or of background seismicity. In these models the size of
the triggered event bears no relation to that of the triggering event, hence there is no distinction
between foreshocks, mainshocks, and aftershocks (Felzer et al., 2004). From this viewpoint, the
practice of centering the time-frame on the largest event in a sequence and calling it the
mainshock is arbitrary.

With some choices of parameters, these models can simulate the Omori Law for aftershock
decay, and also Båth’s law (Helmstetter and Sornette, 2003a; Shearer, 2012). They also predict
that foreshocks should obey an inverse Omori Law (Helmstetter and Sornette, 2003b), as
discussed in Section 7.2.2.

Such models are useful in explaining the overall clustering characteristics found in earth-
quake catalogues, but not so much in exploring the underlying physics. Delayed and instanta-
neous triggering suggest different processes at work, for example. One also needs to make a
distinction between classical aftershocks that occur on or very near the rupture surface of the
mainshock and off-fault aftershocks that may occur by static or dynamic triggering at greater
distances. The classical aftershocks arise because the slip distribution within earthquakes is
strongly heterogeneous, leading to local stress increases on or near the fault. These stresses are
relaxed by those aftershocks, hence their spacial distribution reflects the spatial distribution of
coseismic slip, as noted earlier (e.g. Figure 4.21(c)). Off-fault aftershocks, on the other hand, are
triggered by the relatively smooth far-field static and dynamic stress fields. They represent

Fig. 4.31. Rupture zones along the North Anatolian fault associated with a sequence of
large earthquakes beginning in 1939. Although the western progression of these
earthquakes is generally remarked on, the 1943 earthquake initiated at its western
end and propagated to the east. (Figure courtesy of Ali Osman Oncel.)
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places where distant faults happen to be very close to their critical points. Thus, the classical
aftershocks are a secondary process, and this very nature is reflected in Båth’s law – i.e., the
mainshock relaxed that section of fault, and the aftershocks represent a clean-up operation,
smoothing out the rough edges left by the mainshock. On the other hand, the distant triggered
eventsmay be of any size. If theywere included in our definition of aftershocks thiswould often
lead to violations of Båth’s law. An example is if the Hector Mine earthquake were to be
considered an aftershock of Landers. These points were made by van der Elst and Shaw
(2015), who showed that larger aftershocks are more distant than smaller ones.

The clustering models play several important roles. They are a parsimonious description of
the statistical observations that must be satisfied by any physics-based model. They also
provide a null hypothesis to separate unexpected from expected clustering. An example,
regarding foreshocks, is shown in Figure 7.9. They also are used to estimate enhanced seismic
hazard due to aftershocks (Gerstenberger et al., 2005; Reasenberg and Jones, 1989) and in that
way are an important aspect of operational earthquake forecasting (Section 7.4.3).

4.5.3 Dynamic triggering

The triggering of remote earthquakes by the passage of seismic waves was discovered by Hill et
al. (1993), who observed an abrupt increase in microearthquake activity at the Long Valley
caldera upon the arrival of surfaces waves from the Landers earthquake several hundred km to
the south. As mentioned earlier, the 2002 Denali earthquake triggered earthquakes across
western North America at epicentral distances of up to 3,660 km, as shown in Figure 4.32
(Eberhart-Phillips et al., 2003; Gomberg et al., 2004; Prejean et al., 2004). These triggered
earthquakes began after the P wave arrival and during the arrival of the largest amplitude
surface waves. The locations of the triggered seismicity down range in the direction of rupture
propagation of the Denali earthquake clearly demonstrates the focusing of energy due to the
directivity effect. The energy flux in the S waves at the range of distances where triggering
occurred was 4–5 times larger than recorded at stations in Europe and Asia at similar distances
in the back azimuth direction (Eberhard-Phillips et al., 2003). For a review of dynamic triggering
see (Brodsky and van der Elst, 2014).

It is clear that triggering at such great distances must be caused by dynamic stresses in the
seismic waves rather than by static stress changes, which would be insignificant at such
distances. But there is no reason why we should not expect dynamic triggering to occur at
short epicentral distances aswell. To distinguish such dynamic triggering from static triggering
at short distances, Kilb et al. (2000) and Gomberg et al. (2001) took advantage of the directivity
effect to demonstrate near-in dynamic triggering for the Landers andHectorMine earthquakes.
Off-fault aftershocks were dominant to the north of Landers and to the south of Hector Mine,
corresponding to the rupture directions of each earthquake.

There was a global increase in seismicity lasting 6 days following the 2012 MW 8.6 Wharton
Basin earthquake (Pollitz et al., 2012) (see Section 6.4.3). That strike-slip earthquake was the
largest intraplate earthquake ever recorded. The triggered earthquakes, M≥5.5, occurred on the
four lobes of maximum Love radiation from themainshock. Other observations of triggering at
teleseismic distances are reviewed by Parsons et al. (2014). The number of earthquakes of
magnitude ≥ 6 globally that follow within one day a mainshock of magnitude M is shown in
Figure 4.33. The dashed line is the fit to the data of Equation (4.21). In a simple conceptual
model, a dynamic stress of magnitude s will trigger all faults in which s≥f, the difference
between the pretrigger stress and the failure strength (Brodsky and van der Elst, 2014). The
agreement of the data in Figure 3.33with Equation (4.21)means that the distribution of faults is
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uniform over all values of f. This would occur if the faults in the system have consistent
strengths and are evenly distributed over their loading cycles. This supports the underlying
assumption in the seismicity model of Dieterich (1994).

In a statistical study of the frequency of triggered earthquakes as a function of distance it
was found that the rate of triggered events decreases with distance at a rate consistent with it
being proportional to the peak dynamic strain (Felzer and Brodsky, 2006). Those authors
proposed that this might mean that all aftershocks are dynamically triggered, but their result
was contradicted by Richards-Dinger et al. (2010). In a later study it was found that extrapolat-
ing this relation back to the near field accounted for only 15–60% of the near-field aftershocks –
presumably the remainder were produced by static triggering (van der Elst and Brodsky, 2010).
The above conclusions were based on small earthquakes treated as point sources. Powers and
Jordan (2010) found that seismicity rate decays from faults with distance to a power ~–1.5.
These results agree with the predictions of a 2D model of static triggering from a fractal fault
(Dieterich and Smith, 2009).

Near instantaneous dynamically triggered earthquakes within a few fault lengths of a large
earthquakes have been found to be fairly common (Fan and Shearer, 2016). Such events are lost
in the coda of the mainshock waveform – Fan and Shearer identified them with the back
projection technique. These triggered events need not be much smaller than the forerunning

Fig. 4.32. Map of North America showing location of the Denali earthquake (star), its
rupture propagation direction (arrow), and locations of remotely triggered seismicity.
(From Prejean et al., 2004.)
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earthquake. In 2009, an MW 8.1 normal faulting earthquake on the outer rise of the Tonga
subduction zone triggered shortly thereafter two MW 7.8 underthrusting earthquakes on the
other side of the trench (Beavan et al., 2010; Lay et al., 2010) – events that were first detected
solely from nearby GPSmeasurements. The ensuing local tsunami wasmainly due to the thrust
earthquakes.

The mechanism for a time delay in triggering by dynamic stresses is poorly under-
stood. How can transient stresses have a lasting effect? One possibility (Gomberg et al.,
2004) is that the dynamic stresses somehow weaken faults. This perhaps could occur by
dynamic stressing altering the permeability of faults and thus inducing fluid flow and
pore pressure changes (Elkhoury et al., 2006; Manga et al., 2012; Parsons et al., 2017). The
Parsons et al. paper provides some evidence that fluid diffusion is involved in producing
the time delay. Another suggestion is that the delayed events are the result of cascades of
aftershocks (by static stress changes) of dynamically triggered earthquakes (Brodsky,
2006). There has been some success in experimentally triggering stick-slip events in the
laboratory with oscillating loads (Savage and Marone, 2008). Those results can be partially
explained by simulations with some versions of the RS friction law within restricted
parameter ranges (van der Elst and Savage, 2015). This issue is discussing in more detail
by Brodsky and van der Elst (2014).

The fractional seismicity rate change for dynamically triggered earthquakes in
California is shown in Figure 4.34 (Brodsky and van der Elst, 2014). These data imply that
there is no lower limit for dynamic stress triggering – or, at least, that it is exceedingly low:
a dynamic strain of ~3x10−9 corresponds to a stress of 100 Pa! This contrasts with

Fig. 4.33. The number of earthquakes of magnitude ≥ 6 globally in 1 day following a
mainshock ofmagnitudeM.Mainshocks are defined here as earthquakeswith no larger
event within 4,500 km and 2 years prior. The dashed line is the fit to Equation (4.21).
(From Brodsky and van der Elst, 2014.)
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experience from induced seismicity, which always indicates a lower stress threshold to be
exceeded for triggering earthquakes in the 0.1–1.0 MPa range, as in the Rangely experiment
(see Sections 2.5 and 6.6).

Whatever the mechanism involved, the dynamic stresses at these remote triggering sites
are very small. Hence, the faults involved must have been very near their critical points for
such triggering to occur. It is observed that sites of hydrothermal activity show the most
sensitivity to dynamic triggering. This perhaps indicates that elevated fluid pressures at
such sites are responsible for bringing the faults very close to their failure stress. Indeed,
sites of recent fluid injection in boreholes are particularly sensitive to triggering from
remote earthquakes (van der Elst et al., 2013). These same issues will be revisited with
respect to the related phenomena of earthquakes induced by reservoir impoundment or
fluid injection in boreholes (Section 6.6).

Triggering from tides

Correlations of earthquakes with tides have long been sought (Emter, 1997). The finding that
earthquakes can be dynamically triggered by seismic waves at very small stress levels has
reinvigorated that search. Many such attempts to find a correlation have been negative (e.g.
Hartzell and Heaton, 1989; Vidale et al., 1998; Wang and Shearer, 2015). The exceptions are in
regions of hydrothermal activity, which, as in the case of dynamic triggering, seem to be
particularly susceptible (Hurwitz et al., 2014; Stroup et al., 2009). This lack of sensitivity to
tidal triggering has been ascribed to the long duration of earthquake nucleation relative to tidal
periods (Beeler and Lockner, 2003).

Fig. 4.34. Triggered earthquake rate change versus peak dynamic strain. Long-range
triggering is at least 800 kmdistant. Local is less that 6 km. (Modified fromBrodsky and
van der Elst, 2014.)
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Ocean tides often have stress magnitudes an order of magnitude larger than solid earth
tides (~10 kPa versus ~1 kPa), and Cochran et al. (2004) found, as a result, a correlation of tides
with shallow submarine underthrusting earthquakes at Coulomb stress levels >20 kPa. The
primary triggering correlation was from the reduction of the normal stress at low ocean tides.
Similar results were obtained byWilcock (2009). Ide et al. (2016a) presented evidence that large
MW> 8.2 earthquakes of the same class tend to occur during high tidal shear stresses and that in
such regions the b-value decreases with increasing tidal stress.

In a continental setting, Bucholc and Steacy (2016) found a weaker correlation for reverse
faults, particularly shallow ones, with solid earth tides at a stress levels >1 kPa, but no
correlation for strike-slip earthquakes, for which the tidal stresses are smaller.

Strong tidal triggeringwas observedwithin the focal regions and just before the great Aceh-
Andaman (Sumatra) earthquake of 2004 and the Tohoku-oki earthquake of 2011 (Tanaka,
2010; 2012). The tidal correlation vanished after the great earthquakes, suggesting that trig-
gering becomes important only when the crust is critically stressed.

4.6 SLOW EARTHQUAKE PHENOMENA

With the installation of networks of continuously recording GPS receivers and other instru-
mentation in subduction zones and other tectonic regions, an entirely new class of seismo-
tectonic phenomena has been discovered. These phenomena, generally classed under the
heading “slow earthquakes,” consist of a variety of processes by which shear motion can take
place either quasi-statically on fault surfaces with little or no seismic radiation or dynami-
cally with seismic radiation at much lower frequencies than that of regular earthquakes. A
sampler of these phenomena is shown in Figure 4.35. For a supplemental review, see Beroza
and Ide (2011).

In this section we will be concerned with slow slip transients that are spontaneously
generated. Afterslip, a postseismic relaxation phenomenon, will be discussed in Section 5.2.3,
and steady-state aseismic slip (creep) of faults in Section 3.4.2.

4.6.1 Quasi-periodic slow slip events and tremor in subduction zones

The upper part of Figure 4.36 shows daily changes in the east component of a GPS station at
Victoria, BC, relative to stableNorthAmerica. This station lies on the upper plate of theCascadia
subduction zone, and the long-term trend in the data indicates the eastward compression of
the upper plate in response to the convergence of the Juan de Fuca plate at a rate of 40 mm/yr.
This trend is punctuated every 13–16 months by a reversal over a period of several weeks (see
Figure 4.35(e) for a detail). Each of these relaxations results from a slow slip event (SSE) on the
plate interface passing below the GPS station. The lower part of Figure 4.36 shows (nonvolcanic)
tremor recorded at a nearby seismograph station. Tremor is a low-amplitude band-limited
seismic noise that is phase incoherent when recorded by regional seismic networks. As seen in
the figure, it occurs in bursts that correlate with the SSEs. The combination of these two
phenomena is called episodic tremor and slip (ETS).

The slip in the SSEs is up-dip thrusting on the plate interface in a channel within the depth
interval of 25–40 km, as can be seen in the examples shown in Figure 4.37. The SSEs propagate,
often for several hundred km along strike, at a velocity of about 10 km/day. In the example
shown in Figure 4.37(a) the SSE propagated bilaterally, first to the south and later to the north.
Figures 4.37(b) and (c) show the close spatial association of tremor and slip. As can be seen from
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these examples, the slip amplitude in SSEs is relatively constant along strike, tapering off near
the ends. The equivalent Mw of these events is in the range 6.3–6.8. In northern Cascadia SSEs
relax 45–65% of the plate convergence rate within the depth range of the ETS channel (Wech
et al., 2009).
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Fig. 4.35. Illustrative examples of slow slip signals: (a) nonvolcanic tremor; (b) a very low-
frequency earthquake (VLF) from Japan; (c) a low-frequency earthquake (LFE) from Japan;
(d) a M 1.9 earthquake from western Washington; (e) Top: daily E-W GPS displacements
measured in Vancouver Island. Bottom: averaged and de-trended GPS data reveal a slow
slip event (shaded); (f) a slow slip in differential shear strain measured in western
Washington. The strain transient onset coincides with increased tremor activity; (g) GPS
N55° displacement ~100 km from the 2001 M 8.4 Peru earthquake. The large offset
reflects the coseismic slip and the subsequent decaying deformation is postseismic
relaxation, probably from afterslip. (Figure from Peng and Gomberg, 2010.)
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It has often been speculated that a great subduction earthquakemight be triggered by an SSE
impinging upon it from below. On aminor scale this has already been observed: an SSE event in
the Guerrero section of the Mexican subduction zone appears to have triggered an MW 7.3
interface thrust earthquake in the coupled region just above it (Radiguet et al., 2016). There
are also shallow SSEs that seem to be precursory to some great subduction earthquakes. These
are discussed in Section 7.2.3.

Tremor is found to be composed of swarms of low-frequency earthquakes (LFEs) and very
low-frequency earthquakes (VLFs) (Figures 4.35(b) and (c)) in which the focal mechanisms of
the LFEs indicate thrusting on the plate interface (Ito et al., 2007; Shelly et al., 2007). In
Figure 4.37(b) and (c) are shown the locations of such tremor events compared with the
geodetically determined slip. There is a very close spatial correlation between the two. The
tremor also tracks the temporal migration of SSEs. In Figure 4.38 (middle panel) are shown
tremor locations in northern Cascadia over the period 1997–2007. Each streak represents an
ETS episode: those recorded by GPS receivers in the south (ALBH) or the north of Vancouver
Island (NTKA) are linked by arrows. Figure 4.39 shows one such ETS in detail. This one propa-
gated unilaterally at a constant velocity of 9.4 km/day. Within such an episode there are also
very rapidmigratory streaks in the slab dip direction that propagate at 25–150 km/hr (Shelly et
al., 2007) and sweep out the slip area as the SSE propagates along strike (Ghosh et al., 2010). It
has been suggested that these may be localized by irregularities on the plate interface (Ide,
2010). Alternatively, they may represent the jerkily propagating leading edge of the SSE (Ando
et al., 2010).

One can judge from the width of the ETS in Figure 4.39 at any given time that the SSE
propagates with a constant along-strike pulse width of about 70 km. This is approximately
the same as the down-dip width of the SSE, (40–25)sinδ ~ 80 km (the dip δ of the interface in
northern Cascadia is ~10° [McCrory et al., 2004]).

Fig. 4.36. Upper part: eastward motion of a station at Victoria, Vancouver Island,
relative to stable North America. The continuous line is the steady-state eastward
motion of the site that results from the convergence of the Juan de Fuca plate at
40 mm/yr. The steeper lines give the rate of “fully stuck” motion, punctuated by
reversals that correspond to slow slip events at depth. Lower part: tremor activity
recorded at a local seismic station. (From Rogers and Dragert, 2003.)
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Fig. 4.37. Examples of the slip distributions in slow slip events beneath the northern
part of the Cascadia subduction zone. (a) propagation of an early 2003 SSE: each frame
shows the slip in an approximately two-week interval. Maximum slip was 3.8 cm
(Melbourne et al., 2005); (b) slip distribution in a SSE with tremor locations overlaid
(Gomberg, 2010); (c) left, summed tremor epicenters contoured and right, slip distri-
bution of an SSE of January 2007 (Wech et al., 2009.) (A black and white version of this
figure appears in some formats. For the color version, please refer to the plate section.)
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There is also sporadic tremor that occurs between major ETS events. This occurs below the
ETS channel and shows minor episodic clusters that may perhaps represent SSEs below the
resolution of GPS (Wech and Creager, 2011). These clusters decrease in amplitude and period
until the plate motion becomes silent at about 80 km depth.

The tremor responds to very small stress changes. It is modulated by solid earth tides –

increasing when the tidal stresses enhance the Coulomb stress function (Lambert et al.,
2009; Rubinstein et al., 2008). Tremor is also observed to be triggered by the passage of
surface waves (Gomberg et al., 2008; Rubinstein et al., 2007) or P waves from distant
(Ghosh et al., 2009a) or local earthquakes (Han et al., 2014). This has led to the conclusion
that the plate interface must be very weak in the ETS channel, perhaps because of near
lithostatic pore pressures there, a topic that will be taken up again in Section 6.3.3.
Houston (2015), however, has argued that the friction coefficient itself must be very
low, <0.1.

Fig. 4.38. Spatial-temporal distribution of ETS events observed in northern Cascadia
between 1997 and 2007. The middle panel shows tremor locations in a north–south
profile approximately parallel to the strike of the subducted slab. At top andbottomare
daily east component records of GPS stations at ALBH, at the southern end of
Vancouver Island and NTKA in the north of the island. (From Kao et al., 2009.)

218 Mechanics of earthquakes

https://www.cambridge.org/core/terms. https://doi.org/10.1017/9781316681473.007
Downloaded from https://www.cambridge.org/core. Stockholm University Library, on 19 Dec 2018 at 17:24:13, subject to the Cambridge Core terms of use, available at

https://www.cambridge.org/core/terms
https://doi.org/10.1017/9781316681473.007
https://www.cambridge.org/core


The above observations, mainly from Cascadia, apply in almost all particulars to the Nankai
subduction zone of SW Japan, which is the other area that has been subject to intense study
(Obara, 2010; Obara and Kato, 2016). The major difference is that the ETS episodes are more
frequent there (every 6months), and smaller in amplitude. They are below the resolution of GPS
and are recognized by along-strike tremor streaks, similar to those shown in Figure 4.38, and
are sometimes detected with borehole tiltmeters.

In Nankai the seismically coupled area is well defined, both by the recent great megathrust
earthquakes (Tonankai 1944,M 8.0, and Nankaido 1946M 8.1) that ruptured most of this plate
boundary, and because the lower part of the coupled area is beneath land and so can be well
resolved with GPS measurements. Figure 4.40(a) is a map of the region showing the location of
tremor and1mslip contours of the 1944M8.0 Tonankai and1946M8.1Nankaido earthquakes.
In Shikoku, tremor is mostly confined to the depth interval 32–38 km and closely follows the
base of the rupture zones of the earthquakes.

The seismic coupling coefficient versus depth of the plate interface along profile A–A’

in Figure 4.40(a) is shown in Figure 4.40(b). This result was inverted from horizontal and
vertical GPS data for the period 1996–1999, with 95% confidence limits (dashed curves)
(Aoki and Scholz, 2003). The wide span between the 95% confidence limits off the coast
shows the uncertainty in resolving offshore deformation from land-based GPS. The data
points from offshore GPS (circles with error bars) are from Yokota et al. (2016). They
indicate that the upper bound is the more accurate one offshore. The locations of coseis-
mic slip in the 1946 earthquake, the ETS channel, and the location of offshore LFEs are
shown. The seismic coupling curve shows a plateau in the depth range 25–35 km, corre-
sponding to the ETS channel. This reinforces the conclusion from Figure 4.40(a) that the
ETS channel abuts the lower edge of the seismically coupled region. The LFEs and VLFs at
shallow depths near the trench also represent shear on the plate interface or splay faults
(Ito and Obara, 2006) and may indicate a similar stability transition at the upper edge of
the locked zone. The lack of offshore instruments is perhaps preventing the observation
of ETS in that location.
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Fig. 4.39. Along-strike migration pattern for an ETS episode in northern Cascadia from
July-August 2004. Some tremors were apparently triggered by a M~6.4 earthquake
(star) during this episode. (From Kao et al., 2009.)
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Fig. 4.40. (a) Map of location of tremor and contours of coseismic slip for southwest
Japan. The coseismic slip is in 1 m contours (outer contour 1 m) from the 1944
Tonankai and 1946 Nankaido earthquakes from Sagiya and Thatcher (1999). These
are based on geodetic data andmust include some afterslip because themeasurement
points were relocated some time after the earthquakes. Tremor locations from Obara
(2002). Shallow offshore VLFs are from Ito and Obara (2006). (b) The seismic coupling
coefficient along profile A-A’ in Figure 4.40a inverted from GPS data for the period
1996–1999 with 95% confidence limits (dashed curves) (Aoki and Scholz, 2003). The
location of the coast (Muroto Point) is given by a vertical dashed line and the offshore
GPS data points from Yokota et al. (2016) are given by circles with error bars. The
locations of the coseismic slip in 1946, the ETS channel, and the zone of offshore LFEs
are shown. (A black and white version of this figure appears in some formats. For the
color version, please refer to the plate section.)
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A very different picture arises in Cascadia. Based on a thermal model and onshore geodetic
data, Hyndmann (2013) has concluded that a 70 km gap exists between the lower edge of the
coupled region, which is far offshore, and the ETS channel. In this area, however, there has been
no modern great earthquake that can be used to confirm the extent of the coupled zone. There
is also the problem of poor offshore resolution from onshore GPS that lends uncertainty to the
coupling region inferred by Hyndman (2013).

4.6.2 Other slow slip events and tremor

The ETS episodes discussed in the previous section occur in a narrow transition zonewithin the
lower stability boundary that separates the unstable, seismically coupled plate interface and
the deeper region that is stably sliding. There are also SSEs that occur where no such transition
exists, particularly in subduction zones that are seismically decoupled at all depths.

The central and northern parts of the Hikurangi subduction zone are such decoupled zones.
Within those regions there have been observed deep (25–45 km) SSE of duration 2–3 mo. with
recurrence intervals of ~2 y in the size range Mw 6.3–6.6 (Wallace and Beavan, 2010; Wallace
et al., 2012; Wallace and Eberhart-Phillips, 2013). A deeper event of duration 1.5 years andMw
7.1 occurred over the depth range 20–70 km. These deep events are silent – they are not
accompanied by tremor outbursts, although tremor does occur just below them. They are
also not confined to a narrow channel but expand outwards in all directions. In the same region
shallow SSEs also frequently occur, in the depth range 6–12 km. These shallow events are
accompanied by swarms of microearthquakes. In the southern Hikurangi trough area, which
is seismically coupled, SSEs occur below the coupling depth. A shallow short duration SSE was
also observed above the coupled zone, which may be associated with the upper stability
transition (Wallace et al., 2012).

Similar long duration and equidimensional SSEs occur in decoupled areas or far from
stability transitions. Examples are those in the Bungo Channel separating the Japanese
islands of Shikoku and Kyushu to the west of the coupled region encompassing the 1946
rupture zone (Figure 4.40(a)) (Sagiya, 2004). In the Guerrero segment of the Mexican subduc-
tion zone Mw ~7.5 slow slip events with average slips of ~10 cm occur with 6–7 months
duration at intervals of about 5 years (Kostoglodov et al., 2003; Radiguet et al., 2012). These
events are silent and occur at depths of 35–50 km, far from the shallow coupled zone that is
just offshore. A long-term slow slip event was observed in the Shumagin region of Alaska
(Beavan et al., 1984), a “seismic gap” that is now known to be decoupled (Scholz and Campos,
2012). Shallow (10–20 km) slip events of several weeks duration occur on the periphery of the
coupled part of the Sagami Trough off the Boso Peninsula of SE Honshu (Figure 4.40(a))
(Ozawa et al., 2003; Sagiya, 2004). These events are not accompanied by tremor, but like the
shallow SSEs in Hikurangi, are accompanied bymicroearthquake swarms. For other examples,
see Schwartz and Rokosky (2007).

Nonvolcanic tremor is also observed below the San Andreas Fault in central California
(Nadeau and Dolenc, 2005). This occurs in migrating clusters that suggest ETS episodes
(Shelly, 2010) but which have not produced detectible geodetic signals. The LFEs associated
with this activity occur at a depth of 25km,which indicates a gap of 10 km from the seismogenic
zone. Short-term creep episodes are recorded with surface measurements in the creeping
section of the San Andreas Fault, but they may be due to near-surface effects (Schulz et al.,
1983; Schulz et al., 1982). However, a shallow SSE of larger duration and size was observed in
the northern part of the creeping section (Linde et al., 1996).

4.6 Slow earthquake phenomena 221

https://www.cambridge.org/core/terms. https://doi.org/10.1017/9781316681473.007
Downloaded from https://www.cambridge.org/core. Stockholm University Library, on 19 Dec 2018 at 17:24:13, subject to the Cambridge Core terms of use, available at

https://www.cambridge.org/core/terms
https://doi.org/10.1017/9781316681473.007
https://www.cambridge.org/core


Slow slip events beneath an Antarctic ice stream

Motion of the Whillans Ice Stream, West Antarctica, is dominated by twice-daily tidally
modulated slow slip events (Pratt et al., 2014; Walter et al., 2011; Wiens et al., 2008). These
events, which occur just before the maximum low tide and just after the maximum high tide,
produce ~0.5 m slip of a 100 x 100 km area over a duration of 20–30 min. They have
equivalent moment magnitudes of ~7 but produce radiation in the seismic band that is
equivalent to only MS 3.6–4.2.

An image of the Whillans Ice Stream is shown in Figure 4.41(a), where the seismic coupling
coefficient, the ratio of slip that occurs in the SSEs to total slip, is contoured (Winberry et al.,
2014). There are two maxima in coupling: the central “sticky spot” (CSS), and the northern
“sticky spot” (NSS). These are areas that slip less rapidly and thus accumulate more stress
during interevent periods – they are equivalent to aperities in earthquake parlance. They
correspond to elongated elevations in the basement around which subglacial water flow is
diverted, and may correspond to regions of higher effective normal stress due to bending
over the basal hill and more consolidated subglacial till (Luthra et al., 2016). Also shown are
three regions near the grounding line, 1–3, which produce high-frequency (30-100s) radiation
pulses during SSEs.

The high tide SSEs initiate from the locked CSS asperity and the low-tide ones from a
slowly sliding asperity at point 1 near the grounding line (Figure 4.41(b)). Rupture velocities
near the initiation points are ~1000 ms−1 for the high-tide events and ~1,500 ms−1 for the
low-tide events (the S-wave velocity of ice is 1900 ms−1). Both decelerate rapidly away from
the asperities to an average rupture velocity of ~150 ms−1. Radiation is produced from late
subevents at the NSS asperity and at points 2 and 3, both close to the grounding line. The GPS
receiver nearest the initiation point CSS shows a nucleation phase, and the SSEs are accom-
panied by increasedmicroearthquake activity and tremor (Winberry et al., 2013), the latter of
which appears to be due to swarms of repeating microearthquakes (Lipovsky and Dunham,
2016).

The slip in each event increases with the time elapsed from the previous event, as does
the average slip velocity (Walter et al., 2015). At first glance this appears to obey the classic
slip-predictable recurrence model (Figure 5.17). However, that is a one-dimensional model
that applies to the behavior of a single asperity. In this case there are several different
types of SSEs: short recurrence-time low-tide events that nucleate at point 1, long
recurrence-time high-tide events that nucleate at CSS, intermediate recurrence-time
neap-tide events, and very long recurrence-time events which occur when a low-tide
event is skipped and occur after the peak in the next high tide. There is not a continuum:
each of these event types has a characteristic recurrence time (Winberry et al., 2014). The
effect of Ross Sea tides is to apply a pressure at the grounding line that enhances or
reduces loading on the ice sheet upstream. Low tides increase the loading rate and high
tides decrease it. As a result, each type of event reaches the healing curve at a different
time and stress level: the faster-loading low-tide events reach the critical point quicker
than the low stressing rate high-tide events, and hence produce smaller slips (Winberry et
al., 2009). The intrinsic recurrence time of the SSEs is about 12 hours, observed during neap
tides. This is near enough to the diurnal tidal period so that tidal modulation occurs. High
tides retard the SSEs to about 15 hours, whereas low tides advance them to about 9 hours.
It would be incorrect to suggest that the tides trigger the SSEs, in the sense of precipitating
an event that otherwise would not occur within that time-frame. The net effect is an
apparent relation between slip and recurrence time.
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Fig. 4.41. (a) Image of the Whillans Ice Sheet, showing the contoured seismic coupling
coefficient (ratio of slip that occurs in SSEs to total slip). CSS and NSS are two areas of
high coupling, termed “sticky spots.” Points 1–3 are other regions that radiated high-
frequency pulses during SSEs. Heavy curve is the grounding line. Overall motion of the
ice sheet is from upper left to lower right. (From Winberry et al., 2014.) (b). Slip
evolutions of high-tide and low-tide events. (From Winberry et al., 2011.) (A black
and white version of this figure appears in some formats. For the color version, please
refer to the plate section.)
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The more common behavior of ice streams is stable sliding that is modulated by diurnal or
fortnightly ocean tides (Anandakrishnan et al., 2003; Gudmundsson, 2006). In the Whillans
case, variations in basal friction lead to the retardation of the stable sliding velocity of the ice
sheet by a few strong asperities. When these asperities fail dynamically, the stable sliding
velocities in the surrounding regions accelerate to release the pent-up slip. The subcritical
rupture velocities that occur within those stable sliding areas, ~150 cms−1, are proportional to
the stress drop in the event (Walter et al., 2011) and are much faster than the 10 km/day of the
oscillatory SSEs beneath subduction zones, so this seems to be a different class of process,
perhaps more akin to tsunami earthquakes (Section 6.3.2). However, it does not seem that
exotic frictional behavior is required. In lab friction experiments with inhomogeneous loading,
stick-slip events are observed that likewise propagate into lower-stress regions with subcri-
tical rupture velocities proportional to the local stress drop (Walter et al., 2015).

The topic of earthquake phenomena related to glaciers is a large and fascinating one that
has received considerable attention in recent years. For those interested in pursuing it more
fully, see the review of Podolskiy and Walter (2016).

4.6.3 Mechanics of slow slip events

The relation between duration and moment for a large variety of slow and regular earthquake
phenomena are shown in Figure 4.42. The scaling for regular earthquakes, in which moment
scales with the cube of duration, is the same as shown in Figure 4.9 below the crossover. Also

Fig. 4.42. Seismicmoment versus duration for a variety of fault slip phenomena. This is
a plot from Ide et al. (2007), which has been augmented with data from Peng and
Gomberg 2010. Measurements from Ide et al. have plus signs over the symbols. (From
Peng and Gomberg, 2010.)
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shown is a proposed scaling law for slow slip events in which moment scales linearly with
duration (Ide et al., 2007). In Figure 4.42 a number of new data points for diverse phenomena
have been added by Peng and Gomberg (2010) to the original plot by Ide et al. (2007). This
introduces considerable scatter, which led Peng and Gomberg to suggest that a continuum of
slip modes exists with no clear separation between slow and regular earthquakes.

It is certainly hazardous to include diverse phenomena such as LFEs and SSE in the same
scaling law, particularly when they are separated by the wide observation gap between the
seismic and the aseismic (geodetic) bands in Figure 4.42. However, one can bemore successful if
one limits oneself to seeking scaling relations among phenomena that are clearly of the same
type. For example, Aguiar et al. (2009) obtained a good linear relationship betweenmoment and
duration for SSEs in Cascadia: Mo ¼ 1:4� 0:1x1013t(Mo in N-m and t in sec). Plugging in µ =
50GPa, W = 80 km, and growth rate L/t = 10 to 20 km/day, depending on whether the SSE
growth is unilateral or bilateral, this scaling relation implies a scale-independent slip of 3.6–
1.8 cm, respectively. This is in reasonable agreement with inversions from GPS data, such as
shown in Figure 4.37. This corresponds to a stress drop in the range 30–15 kPa. This scaling is
thus the same as that of high aspect ratio earthquakes (Regime 3 in Table 4.2) with the scaling
parameter, stress drop, being about two orders of magnitude smaller (c.f. Brodsky and Mori,
2007).

As mentioned earlier vis-à-vis the sensitivity of tremor to tidal triggering, it is generally
believed that slow earthquakes occur in regions of near lithostatic pore pressure (Peng and
Gomberg, 2010; Saffer and Wallace, 2015). Evidence for this comes from tomographic ima-
ging of such regions that show high ratios of P to S-wave seismic velocities, high Poisson’s
ratio, or ultralow shear velocity layers (Audet et al., 2010; Audet et al., 2009; Bassett et al.,
2014; Kodaira et al., 2004; Matsubara et al., 2009). However, the variety of depth ranges and
thermal histories of zones in which SSEs occur indicates that there is no single metamorphic
reaction that is the source of the high fluid pressures (Peacock, 2009; Saffer and Wallace,
2015). This does not mean that there are not mechanisms for overpressures specific to
particular locales. Hyndman et al. (2015), for example, point out in the case of Cascadia the
close association of the ETS channel with the forearcmantle corner, and suggestmechanisms
by which that could focus high fluid pressures in the ETS channel. However, at such depths,
the use of the linear effective stress law is questionable, because as Ar/A → 1, Equation 2.16
indicates that α→0 in Equation (1.46) (Beeler et al., 2016).

The periodic SSEs below the seismogenic depths of subductions zones are reminiscent of
the oscillatory stable sliding that occurs close to the stability transition, as was discussed in
Section 2.3.3 (see Figure 2.29(b)). The periodic SSEs have been modeled in 2D by Liu and Rice
(2007) and Rubin (2008), who assumed RS friction with a velocity-weakening zone of down-
dip width W between an upper seismogenic locked zone and a lower zone of velocity
strengthening. At some greater depth a steady slip at the plate rate is imposed. The phase
response diagram is shown in Figure 4.43. The control parameter is W/Lc, where Lc is the
critical patch length for stable sliding, given in Equation (2.36). This is similar to Figure 2.28,
except that the effective normal stress σn is multiplied byW. The conditionally stable regime
contains three fields. For a fixed value of W, at low effective stresses steady stable sliding
prevails. At higher effective stresses this changes to a region of periodic oscillations, which in
turn gives way at yet higher stresses to a region of period doubling and chaotic motion just
adjacent to the unstable field. Within the region of periodic oscillations both the period and
the amplitude of the oscillations increase with effective stress. Using this scaling, Liu and
Rice estimated the effective stress for Cascadia to be 2–3 MPa. They explained this low value
by assuming the existence of high pore pressures, justifying this with the same reasons
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mentioned in the previous paragraph. Interestingly, a very similar phase response diagram
was obtained in a block-slider model of Gu et al. (1984) with RS friction and two state
variables. Many of those features have been corroborated by laboratory friction measure-
ments (Leeman et al., 2016).

This mechanism is not obviously applicable to SSEs that occur far from the locked zone or
stability boundary, such as discussed in the previous section. This is because these cases are
not restricted to a narrow channel of width W as in the Liu and Rice model. As can be seen
from Figure 4.43, with large values of W, smooth stable sliding is expected. One class of
models that may apply to such cases containmechanisms that quench the instability, such as
a change from velocity weakening to velocity strengthening with increasing velocity
(Shibazaki and Iio, 2003) or dilatancy hardening that clamps the fault at moderate sliding
velocities (Rubin, 2008; Segall and Rice, 1995). A type of slow slip event has been observed in
subduction zone clay gouge deformed in the laboratory at plate tectonic slip rates (Ikari et al.,
2015). Those cases involve a slowing down of the slip rate that results in an increase of shear
stress that is subsequently released by more rapid slip. There have not been any reports of
such a period of reduced slip preceding SSEs in nature. Other models invoke pore pressure
buildup followed by release during slip (Audet et al., 2009; Hyndman et al., 2015) in the
manner of the pump-seal mechanism of Sibson et al. (1988) and the inhibition of nucleation
due to a rate-dependent slip-weakening mechanism (Ikari et al., 2013). Because the periodic
SSEs retain their pulse shape during propagation they resemble solitons, which are solutions
to certain nonlinear wave equations such as the sine-Gordon equation (Dodd et al., 1982).
There have been several attempts to follow this line of investigation (Bykov, 2014;
Gershenzon et al., 2016).

The regionmarked “period doubling and chaotic motion” in Figure 4.43 has not been widely
explored. However, there are observations of LFEs beneath the San Andreas Fault in the vicinity
of Parkfield that appear to exhibit this behavior. Two nearby families of bursts of LFEs were
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Fig. 4.43. Phase response diagram for the model of Liu and Rice (2007). (Modified from
Liu and Rice, 2007.)
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observed with recurrence periods of 3 days and 6 days, as shown Figure 4.44. This seems to
indicate period-doubling behavior. The nearby Parkfield earthquake of 2004 had a profound
effect on this behavior. The period-doubling ceased and the behavior switched to simple
periodicity with the primary period shorter than previously. This would be the predicted effect
if the Parkfield earthquake reduced the effective normal stress in the vicinity of the LFEs, such
as frompoint 1 to 2 in Figure 4.43. It then appears that the effective normal stress subsequently
recovered, say by poroelastic recovery, from point 3 to 4. The primary oscillation period
gradually increased until it was approximately the value before the earthquake, whereupon
the period doubling resumed.

We observe that there are three types of background radiation that accompany SSEs: tremor
that accompanies deep SSEs,microearthquakes that accompany shallow SSEs, and silent SSEs. It
is possible that the last category radiates some noise that is below the resolution of present
instrumentation. These differentmodes all represent the rubbing noise of the SSE. Themoment
release rate of each mode is insignificant with respect to that of the SSE itself: they are
secondary phenomena. These modes of behavior are generally modeled as heterogeneous
faults in which small unstable patches are distributed on an overall stably sliding fault. For
faults within the brittle regime this results in microearthquakes, and within the ductile regime
LFEs. In the brittle regime, repeating earthquakes occur that result from rapid loading of
unstable patches by a steady slip accumulation surrounding them (Nadeau et al., 1995;
Nadeau and McEvilly, 1999). In the ductile regime, the equivalent process occurs, resulting in
repeating LFEs (Frank et al., 2015). There are several variations of models of repeating earth-
quakes (Beeler et al., 2001; Chen and Lapusta, 2009; Rubinstein et al., 2012). A similar model
was developed for LFEs and tremor, inwhich a viscous damping termwas included in the source
term to increase the rupture time, resulting in LFEs instead of microearthquakes (Ando et al.,
2010).

Fig. 4.44. Recurrence interval versus time for LFE family bursts south of Parkfield. Gray
lines connect consecutive events. Color scale indicatesmaximum amplitude of ground
velocity for each burst. (From Shelly, 2010.) (A black and white version of this figure
appears in some formats. For the color version, please refer to the plate section.)
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CHAPTER

FIVE

The seismic cycle

In the previous two chapters we discussed the statics and dynamics of faulting by treating the
fault as an isolated system. We now place the fault into the tectonic engine and consider its
behavior when coupled to the loading system. Observational results and models are combined
to determine the nature of this loading system, and we explore the nature of the seismic cycle.

5.1 HISTORICAL

G. K. Gilbert understood that slip on faults must accrue through a repetition of earthquakes,
and his writings show that he devoted considerable thought to just how such repetition must
occur. In Gilbert (1909), he wrote both of rhythm in the recurrence of earthquakes, and of
alternation, by which he meant that earthquakes alternate in position along major seismic
zones – anticipating the concept of the seismic gap, as it is phrased today.

The credit for a full conceptualization of the loading cycle, however, is usually given to
H. F. Reid. In summarizing the mechanism of the California earthquake of 1906, Reid (1910)
presented his elastic rebound theory in which the earthquake was the result of a sudden
relaxation of elastic strains through rupture along the San Andreas Fault. The causative strains,
according to his theory, were accumulated over a long period of time by the steady motion of
the regions on either side of the fault, which under normal conditions remains locked by
friction.

Several crucial pieces of information were available to Reid that allowed him to develop his
theory. The earthquake ruptured 450 km of the fault with an average right-lateral slip of about
4.5m. Of this, some 360 kmwere on land where the ground breakage could be observed readily
and the offset measured in many places. At the time, the San Andreas Fault was already known
as a profound geomorphic feature extending much of the length of California. A triangulation
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network had been completed some 20 years before the earthquake and was resurveyed just
afterwards. Comparison of the two surveys revealed, for the first time, the displacement field
produced by an earthquake. It showed that points on the SW side of the fault had moved to the
NWwith respect to those on the other side, and that these displacements, when extrapolated to
the fault, were consistent with the offsetsmeasured at the surface break. The displacements fell
off rapidly away from the fault, reaching quite small values 10 or 20 km out.

An examination of the differences between two earlier surveys, one done in the 1880s and
one in the 1860s, showed that the Farallon lighthouse, a point off the coast well to the SW of the
fault, had been moving prior to the earthquake to the NW with respect to inland points. This
observation formed the basis for Reid’s postulation of the loading of the fault by the steady
movement of distant points and allowed him to formulate the elastic rebound theory, which
was a model for the whole of the loading cycle (Figure 5.1).
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Fig. 5.1. Schematic diagram illustrating a simple elastic reboundmodel. On the left, the
interseismic displacement and strain accumulation fields are modeled with slip at a
steady rate below a locking depth D. On the right, coseismic slip and strain release is
modeled with slip on the fault down to the depth D.
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No cause for this steady strain accumulation was then known, although Reid cited in a
footnote (Reid, 1910, p.28) a prescient idea of Bailey Willis’s that the floor of the Pacific Ocean
must be spreading [sic] and moving to the NW with respect to its bordering continents. The
theory of plate tectonics has validated this idea, and the behavior of plate boundaries such as
the San Andreas Fault is now understood, at least to first order, in this context.

Reid’s conception was of a linear elastic system. He proposed that the strain accumulation
pattern was just opposite that of the strain release, so that the net result of one earthquake
cycle was a block offset of the fault with no net strain (Figure 5.1). He consequently had
difficulty in explaining why the accumulation of strain was so tightly concentrated on the
fault. As we shall see, the actual loading behavior is now known to be a great dealmore complex
and cannot be explained by a totally elastic system with steady strain accumulation.

As a corollary of his theory, Reid proposed amethod of earthquake prediction. Immediately
following the earthquake, if one were to commence geodetic measurements across the fault,
one would know when to expect the next earthquake: it would occur when the strains released
in the previous earthquake had reaccumulated. In response to these ideas, first-order trian-
gulation measurements were repeated in the San Francisco Bay Area and in the Imperial Valley
at roughly 20-year intervals (c.f. Whitten, 1948). These were supplanted in the early 1960s by
geodimeter surveys (Savage and Burford, 1973), and continued up to the GPS era of the 1990s.
At about the same time as Reid was making his investigation, a systematic geodetic monitoring
programwas underway in Japan in response to the 1891 Nobi earthquake. This was, prior to the
GPS era, based on repeated leveling and triangulation, and provides the most complete and
reliable long-term data set on subduction zone loading.

In Reid’s concept the recurrence of large earthquakes is periodic, or at least, to use amodern
phrase, time predictable. However, the evidence for this is still inconclusive, if not contra-
dictory, and whether this is true has important consequences both in terms of understanding
the mechanics and in earthquake hazard analysis. In this chapter we discuss the present
understanding of this loading and relaxation oscillation, known as the seismic cycle. It involves
study of the entire coupled system: schizosphere, plastosphere, and asthenosphere.

5.2 THE CRUSTAL DEFORMATION CYCLE

In terms of crustal deformation, the loading cycle is often divided into four phases: preseismic,
coseismic, postseismic, and interseismic. This fourfold structure has been assembled from
geodetic observations in many places: a complete cycle has been observed only at one place:
Parkfield, California (Murray and Langbein, 2006).

Typical coseismic deformation fields are shown in Figures 5.2 and 5.3 for strike-slip and
subduction zone thrust earthquakes, respectively. This deformation, as Reid understood, is
produced by the strain relief upon dynamic faulting, a conclusion that has been verified with
the successful application of elastic dislocation models to explain these fields, beginning with
Chinnery (1961) and Savage and Hastie (1966). From modeling these data it is possible to
determine the depth, attitude, and extent of faulting, the slip and hence moment, and, if the
data are of sufficient quality and quantity, the variation of slip on the fault plane. Examples are
shown in Figures 5.2 and 5.3 of the displacement fields predicted by dislocation models which
have been fitted to the observations. The analysis of geodetic data to determine coseismic
faulting by these means has become standard practice. For examples, see Mai and Thingbaijam
(2014) for an online database of finite rupturemodels of earthquakes obtained from inversions
of geodetic and seismic data.
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The preseismic phase of deformation, by contrast, has proven most elusive in terms of its
character and mechanism. Until the deployment of networks of continuous GPS receivers, it
existence was suggested by fragmentary observations that crustal deformation just prior to a
large earthquake is anomalous when compared to the interseismic deformation. More recently,
CGPS observations have provided some clear examples of preseismic crustal movements that
occur before some large earthquakes. These are described in Section 7.2.3.

In this section we will be concerned primarily with the postseismic and interseismic phases,
which predominate in the strain accumulation process. The geodetic observations will be pre-
sented first, followed by a discussion of variousmodels that have been employed to explain them.

5.2.1 Geodetic observations of strain accumulation

Geodetic measurements have revealed the accumulation of strain from ongoing tectonic pro-
cesses in many areas. To introduce this topic, two particularly well-studied areas will be

Fig. 5.2. Illustration of the coseismic deformation field of a large strike-slip earthquake.
Fault-parallel displacement is plotted as a function of distance from the fault for the
case of the Tango, Japan, earthquake of 1927. Curves are from various dislocation
models that assume different depth distributions of slip, as shown in the lower figure.
Because the different curves fit the data equally well, the details of the slip distribution
at depth cannot be resolved. (From Mavko, 1981.)
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wall of the Nankai trough (straight line). (From Fitch and Scholz, 1971.)
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described: the transformplate boundary encompassing the SanAndreas Fault in California, and
along the southern coast of Japan where subduction is occurring beneath the Nankai and
Sagami troughs. The observations reveal some overall similarities in the loading cycle for
these two cases, while indicating significant differences that arise from the differences between
these tectonic environments.

A transform boundary: California

Geodetic data bearing on strain accumulation in California can be obtained from triangulation
networks that were established in the 1880s and subsequently resurveyed at infrequent inter-
vals, and from geodimeter networks that were been regularly surveyed between the early 1960s
and the early 1990s,more lately supplanted by GPSmeasurements and augmented by synthetic
aperture radar interferometry, InSAR (Bürgmann et al., 2000).

The GPS-determined velocity field for southern California relative to the stable North
American plate is shown in Figure 5.4. Except for the magenta arrows, which have been
disturbed by the Landers and Northridge earthquakes, these velocities represent steady-state
interseismic strain accumulation. The actively deforming plate margin is several hundred
kilometers wide. This is much wider than the strain release field for a single strike-slip fault
(Figure 5.2) because the plate boundary deformation is taken up by a broad system of faults.
Figure 5.5 shows a profile of the deformation south of the “big bend” of the San Andreas Fault.
There the deformation is accommodated by a series of subparallel strike-slip faults. The
displacement rates of the faults indicated in the figure were determined from a model

Fig. 5.4. Horizontal deformation velocities relative the North American Plate. Error
ellipses correspond to 95% confidence limits. Magenta arrows indicate the site of
velocities possibly changed by the Landers and Northridge earthquakes (large yellow
stars). (From Shen et al., 1997.) (A black and white version of this figure appears in
some formats. For the color version, please refer to the plate section.)

5.2 The crustal deformation cycle 233

https://www.cambridge.org/core/terms. https://doi.org/10.1017/9781316681473.008
Downloaded from https://www.cambridge.org/core. Stockholm University Library, on 19 Dec 2018 at 17:26:10, subject to the Cambridge Core terms of use, available at

https://www.cambridge.org/core/terms
https://doi.org/10.1017/9781316681473.008
https://www.cambridge.org/core


(Bourne et al., 1998) but agree closely with the geologically determined rates. In the big bend
region, strain is partitioned between shortening and uplift of the Transverse Ranges, as repre-
sented by the San Fernando andNorthridge earthquakes, strike-slipmotion on the SanAndreas
Fault, and slip on a series of subparallel strike-slip faults crossing the Mojave block, known
collectively as the Eastern California shear zone and represented by the Landers and Hector

Fig. 5.5. Strike-slip velocity profile across Southern California from GPS data: (a) loca-
tion map, the dots are the GPS stations used; (b) the velocity profile, in which the
staircase indicates the slip rates as determined by modeling the velocity data using
the strong plastosphere model (see Figure 5.9). The results agree with geological data
on the slip rate of the faults. (From Bourne et al., 1998.)
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Mine earthquakes. The Eastern California shear zone continues northward along the eastern
side of the Sierra Nevada as theWalker Lane shear belt and continues into Nevada as the central
Nevada seismic zone (Gan et al., 2000; Savage et al., 1995; Wesnousky, 2005). In the northern-
most part of Figure 5.4, deformation is taken up almost entirely by the San Andreas Fault and
the strain accumulation field there is consequently much narrower. Strain accumulation in this
area appears to be linear in time from 1971 to 1992 (Savage and Lisowski, 1995).

In the San Francisco Bay area to the north, the situation is quite similar (Figure 5.6), in that
the deformation takes place over a broad region containing a number of subparallel strike-slip

Fig. 5.6. Two profiles, similar to that of Figure 5.5, in Northern California: (a) north of
San Francisco Bay; (b) south and across San Francisco Bay. The sinuous curves fitting
the data are from the deep slip model using the geologically measured fault slip rates.
This, when compared with Figure 5.5, shows that these models are not distinguished
by these data. (From Savage, Svarc, and Prescott, 1999.)
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faults. At this latitude there is an additional 11–13 mm/y of the plate boundary deformation
that takes place in central and western Nevada by a combination of right-lateral shear and
extension (Bennett, Davis, and Wernicke, 1999).

A subduction zone: the Nankai Trough

This region, the site of the 1946 Nankaido earthquake (Figure 5.3), has the longest record of
geodetic monitoring of any subduction zone, beginning in 1896. The uplift rates following
the Nankaido earthquake, as determined from tide gauge records, exhibit the temporal
pattern shown in Figure 5.7, in which a postseismic transient lasting about 5 years is
followed by interseismic strain accumulation that is linear in time (Savage and Thatcher,
1992; Savage, 1995). For larger earthquakes, such as theMW 9.5 1960 Chile earthquake, such
postseismic transients have much longer durations (e.g. Lorenzo-Martin et al., 2006). The
geographical distribution of the interseismic rates of vertical motion is shown in Figure 5.8.
There is a peak in uplift rates in a band just behind the coastal promontories. Uplift rates
then gradually decrease inland. This pattern is close to a mirror image of the coseismic
pattern of vertical motions shown in Figure 5.3. The discerning will notice that the promon-
tories were coseismically uplifted but are shown in Figure 5.7 to be also uplifting
interseismically.

Flights of uplifted marine terraces on all the promontories facing the Nankai
trough indicate progressive uplift during the late Quaternary (Yonekura, 1975).
Such permanent uplift of the coast is common in subduction zone settings (Ota and
Yamaguchi, 2004), but the origin of the uplifts is not always a straightforward conse-
quence of the seismic cycle. The ages of uplifted terraces on the Boso Peninsula, SE
of Tokyo (Figure 4.40(a)) often correlate with and are assumed to result from great
earthquakes on the Sagami Trough (Komori et al., 2017), but the terraces on the Muroto
Peninsula, SE Shikoku, result from thrusting on a local fault transverse to the Nankai
Trough that is evidently taking up some of its oblique subduction (Matsu’ura, 2015).
The uplifting coast of Chile has been interpreted as due to earthquakes deep on the
subduction interface (Melnick, 2016) such as the MW 7.7 Tocapillo earthquake of 2007,

Fig. 5.7. Temporal pattern of vertical
motions in the region of the Nankaido
earthquakes from tide gauge data. There
is a postseismic transient with a duration
of about 5 years followed by a linear inter-
seismic period. (From Savage, 1995.)
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which ruptured from 30 to 55 km depth on the plate interface (Schurr et al., 2014). On the
other hand, variations of uplift of the Chile coast correlate with variations in seismic
coupling (Saillard et al., 2017), in which the highest uplift rates occur in regions of low
coupling. In NE Japan, geodetic data indicate that the Sanriko coast is subsiding, which
has been interpreted as due to subduction erosion (Heki, 2004), but geological data
indicate that this coastline has been uplifting in the late Quaternary (e.g. Matsu’ura
et al., 2008). The state of understanding of the role of seismotectonics in coastal uplift
seems rather incomplete at the moment.

A simple interpretation of these observations may be made with an elastic rebound
model, in which the interseismic strain accumulation is produced by a locking of the plate
interface, such strains then being released by the coseismic slip. While this is the general
explanation, there remain puzzling problems. The pattern of interseismic rates of vertical
motion prior to the 1946 earthquake differs in detail from the post-1946 interseismic
rates. This means that either there are slow temporal changes in the pattern of strain
accumulation, which are not indicated by the time series of Figure 5.6, or that the details
of the interface locking change between earthquake cycles (Savage and Thatcher, 1992;
Savage, 1995). The Nankaido interface is complex: a seamount is being subducted between
the Kii peninsula and Muroto point, the eastern promontory of Shikoku (MP on base map
of Figure 5.18), and this may have had a profound effect on the 1946 earthquake (Kodaira
et al., 2000) and in strain accumulation during interseismic periods. For the period 1996–
2015, Loveless and Meade (2016) found the seismic coupling to be fairly stable in the
Nankai region but to temporally vary considerably in the Japan Trench subduction zone.
For a review of geodetic observations of the crustal deformation cycle at subduction
zones, see Govers et al. (2017).

Fig. 5.8. Rates of interseismic vertical motions in the region of the Nankaido earth-
quake. Comparison with Figure 5.3 shows that the interseismic pattern is nearly the
inverse of the coseismic one. (From Savage, 1995.)
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5.2.2 Models of strain accumulation

There are three basic models of strain accumulation that differ in fundamental ways regarding
the coupling and relative strength of the schizosphere and plastosphere (Figure 5.9). The
viscoelastic coupling model (Figure 5.9(a)) has a fault cutting through the schizosphere but
not penetrating into the plastosphere, which is treated as a viscous layer (Nur andMavko, 1974;
Savage and Prescott, 1978; Thatcher, 1983). In that model, the interseismic velocity profile is
independent of whether the plastosphere drives or resists the plate motion. Coseismic slip in

Fig. 5.9. Three models of the seismic cycle. (a) The viscoelastic coupling model: a
strong schizosphere is underlain by a weak viscous plastosphere. Coseismic slip on
the faults induces stresses in the plastosphere which are viscously diffused. (b) Strong
plastospheremodel: shear in a strong plastosphere drives slip on the faults in theweak
schizosphere; their rates are determined by their position with respect to the shear in
the plastosphere. (c) Deep slip model: interseismic slip on ductile shear zones in the
plastosphere loads the faults, whose slip rates are determined by the shear rates of the
ductile shear zones. The data in Figures 5.4 and 5.5 for parallel faults cannot distin-
guish between these models.
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the schizosphere induces stresses in the plastosphere, which then relaxes viscoelastically. In
contrast, in the strong plastospheremodel (Lachenbruch and Sass, 1992,model II; Bourne et al.,
1998), it is assumed that the faults are weak and the plastosphere strong so that the inter-
seismic surface deformation profile matches that of the underlying plastosphere, which drives
the system. Finally, in the deep shear zone model (Figure 5.9(c)), the fault is assumed to extend
through both schizosphere and plastosphere, being seismogenic in the schizosphere and
aseismically slipping in a ductile shear zone, weaker than the bulk plastosphere, in the lower
crust. This “deep slip” model is based on the geological interpretation of mylonite belts as the
ductile continuation of faults at depth, as detailed in Section 3.3.2. In this model the deep shear
zone loads the schizosphere during the interseismic period, the deeper zone subsequently
being reloaded by coseismic slip.

In the viscoelastic couplingmodel, if the plastosphere relaxation time t (=η/μ, whereη and
μ are the viscosity and rigidity of the plastosphere) is much less than the recurrence time T,
the surface velocity field will gradually broaden over the earthquake cycle as stress diffuses
outward in the plastosphere (Thatcher, 1983; Li and Rice, 1987). When t>T/2, this time-
dependent spreading becomes negligible and the surface velocity profile becomes the same
as the deep slip model. The fit of the data of Figure 5.5 and close correspondence of the
predicted fault slip rates with the geologically determined ones led Bourne, England, and
Parsons (1998) to argue for the strong plastosphere model. However, in a related study of the
Marlborough faults of New Zealand, Bourne et al. (1998) found that the deep slip model did
equally well, a conclusion brought home more clearly by Savage et al. (1999). This is illu-
strated in Figure 5.6, inwhich the sinuous curve is from the deep slipmodel and the fault rates
from the strong plastosphere model. The predicted fault slip rates from either model are
close enough that they cannot be differentiated by the geological data. Thus, we cannot
distinguish these three models from the velocity profile of a single strike-slip fault, or a set
of subparallel strike-slip faults.

Similarly, geodetic data for postseismic deformation for vertical dipping strike-slip earth-
quakes cannot uniquely distinguish between the deep slip and viscoelastic coupling models,
although they do rule out the strong plastosphere model because of the short relaxation times
observed (usually a few years to tens of years, as in Figure 5.7).

Gilbert, Scholz, and Beavan (1994), taking advantage of thewide range of local strikes within
the San Andreas Fault system, were able to distinguish these models. One would expect, during
the interseismic period, that themaximumshear direction for both the strong plastosphere and
viscoelastic coupling models be parallel to the relative slip vector between the North American
and Pacific plates. The deep slip model, on the other hand, predicts that the near-fault max-
imumshear directionwill instead be parallel to the local fault strike. Thedata (Figure 5.10) show
that, in accord with the deep slip model, the maximum shear directions closely follow the local
fault strikes. This assumes that the ductile shear zone follows the local strike of the fault. This is
supported by shear wave splitting data that shows a fast direction in the lower crust that
follows the strike of the San Andreas Fault (Özalaybey and Savage, 1995). A comprehensive
study of the viscoelastic coupling versus deep slip models for strike-slip faults is presented by
Hearn and Thatcher (2015).

A more direct confirmation of the deep slip model is from observations that show that the
geologic slip rates of normal faults in the Italian Apennines is driven by ductile shear zones
governed by power-law creep (Cowie et al., 2013).

Tse and Rice (1986) explored a version of the deep slip model that yields a picture much
richer in detail than the models explored above and that illustrates many features previously
discussed. They studied the slip distribution during repeated loading cycles on a fault that
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obeys the rate–state-friction constitutive law, Equation (2.28), in which the parameters were
taken from laboratory data. The frictional velocity parameters a − b that they assumed were
similar to those shown in Figure 2.31. With the temperature gradient they assumed, this
predicts a transition to stable slip at 11 km; for their assumed temperature gradient this
produces a transition to stable slip at 11 km.

The results of one of theirmodels are shown in Figure 5.11. The fault is driven at a remote plate
velocity vp1 = 35mmy−1 and the cycle time is 92.9 y. In the case shown, the critical slip distance is
40mmanda 30%dynamic overshoot is assumed. During the interseismic period (blue), slip occurs
below the stability transition, gradually penetrating upward into the velocity-weakening region
above 11 km, where slip is pinned. At 300 days before the instability, nucleation starts in the
central zone, resulting in a small slippatch (orange). During the coseismic slip (red), the stressdrop
in the coseismic region transfers stress to the stable region below. This causes the coseismic slip to
penetrate into the region of velocity strengthening to 13–15 km depth. This is followed by rapid
postseismic slip (green) at depths from 10 to 20 km over the next 9 y. Steady deep slip then
resumes and the cycle is repeated. Stuart (1988) has adapted this model to the subduction zone
case and was able to fit the Nankaido uplift data over the whole seismic cycle in that case too. The
details of themodel dependupon theparameters assumed in the friction law.They are particularly
sensitive to the critical slip distanceDc, because it determines the nucleation zone size and the slip
within it (see Equation (2.36)).WithDc>190mmStuart found that the fault slid steadily at vpl at all
depths and that for 80 < Dc < 160mm the fault slipped episodically within the zone shown to be
locked in the figure. For values of Dc less than 80mm, the fault showed stick-slip behavior. If a-b
was assumed to be less negative (less velocity-weakening) in the region near the surface, it was
observed that nucleation extended to the surface and the amount of shallow afterslip was
increased. In general, the smaller the value of Dc and the more negative the value of a-b in the
upper region, the more unstable is the behavior and the smaller are the preseismic and shallow
postseismic slips compared to the coseismic slip.

Fig. 5.10. Because the local strike of the San Andreas Fault, ϕ, varies greatly from the
platemotion direction,ω, a test can be devised to discriminate the threemodels shown
in Figure 5.9. In either the viscoelastic coupling or strong lithosphere models, the
orientation of the near-fault interseismic shear strain rate, ψ, should be equal to ω; in
the deep slipmodel it should be equal toϕ. The data show that the strain accumulation
is dominated by deep slip. (From Gilbert et al., 1994.)
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These results show that many of the features observed in the seismic cycle and upon
which we have remarked can be predicted by amodel that assumes nothingmore than a fault
on which the frictional behavior is the same as observed in laboratory friction measure-
ments. The value of Dc employed to predict geophysically realistic behavior is consistent
with that calculated independently from contact theory (Scholz, 1988a), and the a-b values
used were determined experimentally. This model is, however, oversimplified in at least one
important way. As noted in Section 3.4.1, deeper than a few kilometers below the base of the
seismogenic zone, the shear zone will be flowing plastically rather than frictionally. This
detail will not make a great difference to the overall behavior shown in Figure 5.11. The flow
law in the upper part of the ductile shear zone should follow an exponential (Peierls) creep
law appropriate for high-stress, low-temperature plasticity. This is identical to the shearing
term (Equation (2.32a)) in the RS friction law (Aharonov and Scholz, 2018a), so the two will
not be distinguishable from geodetic data.

5.2.3 Postseismic phenomena

Large earthquakes are followed by enhanced rates of transient deformation that result
from a spectrum of viscoelastic relaxation phenomena. The near-field response is in many

Fig. 5.11. Slip as a function of depth over the seismic cycle of a strike-slip fault, using a
frictional model with the transitions from unstable to stable sliding at 11 km depth.
(After Tse and Rice, 1986.) (A black and white version of this figure appears in some
formats. For the color version, please refer to the plate section.)
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cases dominated by afterslip, both beneath the earthquake rupture and at shallow depths,
and several different forms of poroelastic relaxation. At later times and in the far field, the
deformation is dominated by bulk viscoelastic relaxation in the lower crust and upper
mantle.

Just as it is difficult to distinguish different tectonic loading models from geodetic data, it
is often difficult to clearly distinguish between these various relaxation mechanisms.
Interpretations of the postseismic deformation of the 1992 Landers earthquake illustrate the
pitfalls in trying to isolate the relaxation mechanism involved. Savage and Svarc (1997) and
Owen et al. (2002) interpreted a set of GPS data in terms of deep afterslip, extending from the
base of the seismogenic zone to about 30 km depth. This result agreed well with fault parallel
GPS displacements, but failed to predict near-field fault-normal convergence and important
features of the InSAR data. The InSAR data also revealed postseismic fault zone convergence
(Massonnet, Thatcher, and Vadon, 1996), which they interpreted as poroelastic relaxation, a
feature that was observed to be concentrated at fault step-overs (Peltzer et al., 1996). A model
that combined deep afterslip with poroelastic relaxation provided a much better fit to the total
data set (Peltzer et al., 1998), while Pollitz, Peltzer, and Bürgmann (2000) claimed better agree-
ment with the long-wavelength deformation using a model of relaxation of a weak upper
mantle underlying a viscoelastic lower crust.

Afterslip

Postseismic relaxation bymeans of sliding on the fault beyond the coseismic rupture perimeter
is called afterslip. It may take several forms, depending on the seismic coupling configuration
of the fault. This is shown in Figure 5.12, in which each panel represents a view of the face of a
vertical strike-slip fault or the projection on a vertical plane of a dipping fault. In the case of a
partially coupled fault, Figure 5.12(a), rupture of the stuck patch will dynamically rupture into
surrounding stable areas, which will then undergo afterslip while expanding further in area. An
example is given in Figure 3.49 of the 2003 Chengkung earthquake on the Longitudinal Valley
fault, Taiwan.

In areas where the seismically coupled fault is covered by a thick stable layer, coseismic
rupture will be prevented from fully propagating to the surface and will drive afterslip in the
surface layer (Figure 5.12(b)). Marone et al. (1991)modeled this with a two-layermodel in which
there is a coseismic velocity jump Vcs below a velocity strengthening layer such that the stress
jump in that layer is

Dτ ¼ a� bð Þσnln Vcs

V0

� 
ð5:1Þ

where V0 is the preseismic creep rate of the surface layer. An analytic solution for the afterslip
of a spring-slider model with stiffness k and obeying velocity-strengthening friction is

up ¼ a� bð Þσn
k

ln
kVcs

a� bð Þσn

� 
t þ 1

� �
þ V0t ð5:2Þ

This logarithmic decaying slip behavior is typically observed. Several examples are
compared in Figure 5.13, along with the prediction of Equation (5.2).

Themore common case for continental faults is the fully coupled case, Figure 5.12(c). In this
case afterslip is confined to below the mainshock rupture area. Kenner and Segall (2003), in a
study of the postseismic deformation of the 1906 San Francisco earthquake, concluded that the
early phase was dominated by afterslip on a deep shear zone with a relaxation time of 1–2 y and
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aMaxwell viscosity of 5x1017-1x1018 Pa-s. They found that the shear zonemust extend from the
base of the seismogenic layer to the base of the lithosphere, at 45–60 km. Seismic imaging shows
that the SanAndreas Fault does indeed extend to theMoho (Henstock et al., 1997; Parsons, 1998),
so this conclusion is reasonable. They also concluded that the deformation includes another
process with a relaxation time of ~100 y and a Maxwell viscosity of 9.5x1019 Pa-s. This, as will
be discussed later in this section, is most likely due to bulk viscoelastic relaxation of the
lower crust and upper mantle. Hearn et al. (2009) reached a similar conclusion in a study
of the postseismic phases of the Izmit and Duzce earthquakes on the North Anatolian
fault.

More direct evidence for deep afterslip is given by the behavior of deep tremor near
Parkfield, California, in response to large nearby earthquakes (Shelly and Johnson, 2011).
This tremor occurs at depths of 18–30 kmon the SanAndreas Fault, well below the seismogenic

Fig. 5.12. Each panel represents the projection onto a vertical plane of the interseismic,
coseismic, and postseismic slip behavior of faults with several different forms of
seismic coupling. Velocity-weakening patches are shown as stuck and velocity-
strengthening regions as creeping during the interseismic period. The behaviors dur-
ing the coseismic and postseismic periods are described in the text. (A black and white
version of this figure appears in some formats. For the color version, please refer to the
plate section.)
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layer, which ends at 14 km. The 2003 M 6.5 San Simeon earthquake cast a stress shadow over
that area of fault, stifling tremor activity for 3–6 weeks. The smaller but closer 2004 M 6
Parkfield earthquake produced a Coulomb stress increase on the deep fault, which caused an
immediate increase in tremor rate followed by a gradual decay over the following year. The
tremor rate thus appears to track the slip rate at depth, indicating a pause following the San
Simeon earthquake and a deep afterslip episode after the Parkfield earthquake (Bruhat et al.,
2011).

Although shallow afterslip usually is restricted to the coseismic fault, it may also occur
on nearby subsidiary faults. Examples of this are for the Northridge earthquake (Donnellan
and Lyzenka, 1998) and the Loma Prieta earthquake (Segall, Bürgmann, and Matthews,
2000). To give an example of afterslip in a dip-slip case, the Chi-chi earthquake was
followed by afterslip on the creeping detachment into which the causative thrust soles
(Hsu et al., 2007).

Perfettini and Avouac (2004) developed a generalized form of the velocity strengthening
rheology of Marone et al. (1991), which they called “brittle creep,” and applied it to a region
between the base of the mainshock rupture and the ductile layer. It produces a logarithmic
afterslip response similar to Equation (5.2), given by Equation (5.3).

up ¼ α log
Vcs

V0
½exp V0t=αÞ � 1ð � þ 1

� 
ð5:3Þ

where α ¼ aσn
k .

Savage et al. (2005; Savage, 2007) pointed out that this is the same form as transient
(primary creep), such as given in Equation (1.57). Both groups noted the similarity to the
Omori law and suggested that aftershocks are driven by this logarithmic afterslip at depth.
However, it was noted earlier that large earthquakes penetrate into the plastosphere, so that no
intermediate layer exists. In our treatment of the friction–plastic transition in Section 2.4 it was
shown that the exponential plastic flow law that characterizes the upper part of the plasto-
sphere has the same form of velocity strengthening as the “viscous” term (b = 0) in the RS

Fig. 5.13. Surface afterslip for the 1966 Parkfield and 1972 Guatemala strike-slip earth-
quakes and a numerical model of the same. (From Marone et al., 1991.)

244 The seismic cycle

https://www.cambridge.org/core/terms. https://doi.org/10.1017/9781316681473.008
Downloaded from https://www.cambridge.org/core. Stockholm University Library, on 19 Dec 2018 at 17:26:10, subject to the Cambridge Core terms of use, available at

https://www.cambridge.org/core/terms
https://doi.org/10.1017/9781316681473.008
https://www.cambridge.org/core


friction law and hence will predict the same behavior as the “brittle creep” law. This sort of
confusion arises because a particular rheologymay apply to a variety of micromechanisms and
hence not be diagnostic of them. Aftershocks mainly occur in VW regions distinct from the
locations of afterslip and are incidental to the afterslip (Scholz et al. 1969).

Poroelastic relaxation mechanisms

The poroelastic recovery observed with InSAR by Massonnet et al. (1996) and Peltzer et al.
(1996) is illustrated in Figure 5.14. Each profile represents postseismic motions (primarily
vertical) across fault step-overs. In each case the postseismic vertical motions were opposite
to the coseismic: subsidence for the compressional jog, and uplift for the extensional jogs. This
recovery occurred over most of the jog width in each case. This effect was modeled as the
difference between the undrained and drained Poisson’s ratio for the fault zone material
(Peltzer et al., 1996). If the fault zone material undergoes compression or extension within
the jog, the coseismic vertical motion will be proportional to the undrained Poisson’s ratio, but
will later revert to a value proportional to the drained Poisson’s ratio. Because the undrained
Poisson’s ratio is always larger than the drained, the postseismic motions will be opposite in
sign to the coseismic. This is a simplification of the actual case, which should specify true
dilatancy and compaction and their recovery.

In the above case, the poroelastic response occurs within the fault zone, which is itself a
high-porosity structure. Supporting evidence for this is given from trapped waves within the
fault zone that indicate a low-velocity zone some 250mwide at the surface, narrowing to about
100–150 m width at 8 km depth, in which the shear velocity is 35–45% less than that of the
surrounding rock (Li et al., 2000). Within this zone velocities increased during the postseismic

Fig. 5.14. Postseismic range displacements from InSAR on several profiles across the
Landers earthquake rupture (see Figure 4.27(b)) interpreted as resulting from poroe-
lastic relaxation: observations from 7 Sept., 1992 to 24 Sept., 1995, dark; from 27
Sept., 1992 to 23 Jan., 1996, medium density; and 10 Jan., 1993 to 25May, 1995, light
density. These data, interpreted as representing vertical motions, show subsidence
across the Emerson (E)–Camp Rock (CR) fault compressive jog (2), and uplift in the
Homestead Valley (HV)–Emerson fault and Johnson Valley (JV)–Homestead Valley
extensional jogs (3 and 4). (From Peltzer et al., 1998.)
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period at decreasing rates in time (Li et al., 1998). Similar “fault healing”was observed after the
Hector Mine earthquake (Li et al., 2003). These results are shown in Figure 5.15. These are most
likely interpreted as local coseismic dilatancy within the fault zone followed by postseismic
dilatancy recovery (Scholz, 1974). Geodetic evidence of such postearthquake fault-zone dila-
tancy recoverywas observed in the case of the 2003M 6.6 Bamearthquake in Iran (Fielding et al.,
2009).

Poroelastic recovery need not be limited to the high-porosity coseismically ruptured
fault zone. Fialko (2004) presented evidence for broad-scale poroelastic effects produced
by and following the Landers earthquake. Patterns of vertical crustal movements
and water levels in wells in the South Iceland Seismic Zone were shown to have resulting
from poroelastic effects of two MW 6.5 earthquakes (Jonsson et al., 2003). In Section 4.5.2,
poroelastic effects were discussed as contributors to the time delay in triggered earth-
quakes. Masterlark and Wang (2000; 2002) demonstrated this with an analysis of the
poroelastic effect on stress coupling between Landers and the Big Bear and Hector Mine
earthquakes.

An example of the direct poroelastic effect and recovery in the far field is provided by
some hot springs in Japan that show a coseismic response to earthquakes. These are the
Dogo onsen in Matsuyama, near the north coast of Shikoku some 150 km from the rupture
zones of the Nankaido earthquakes (see Figure 5.3). The springs are artesian, have been in
commercial operation for many centuries, and have a long history of being affected by
earthquakes, most particularly those on the Nankai trough. In the most recent event, in
1946, the water levels in four springs dropped 12 m at the time of the earthquake and
recovered their previous levels at an exponential rate over the next 70–80 days, as shown in
Figure 5.16 (Toyoda and Noma, 1952). Very similar behavior was observed in the previous
Nankaido earthquakes of 1854, 1707, and 1605 and for two magnitude 6.5 earthquakes in
South Iceland in 2000 (Jonsson et al., 2003).

Fig. 5.15. Annual rates of increase of P and S velocity after the Landers and Hector Mine
earthquakes. The time origin is set to the occurrence time of each earthquake. HM
represents measurements at Hector Mine between 2000 and 2001. The two Landers
data points are for the periods 1994–96 and 1996–98. (From Li et al., 2003.)
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The affected springs are located at an intersection of NW- and NE-striking faults. Nearby
springs, located on theNW-striking fault system,were unaffected by the earthquake (R. Grapes,
personal communication, 1988). The Nankaido earthquake stress relief produced a uniaxial
tension oriented NW in the vicinity of Matsuyama, and so would have caused an opening and
hence reduction in pore pressure in the NE-striking fractures and no change in the NW-striking
ones, which explains the selective response of the springs. The water-level drop at Dogo
indicates, from Equation (6.26), a stress drop there of about 0.18 MPa, which is in reasonable
agreement with geodetic data. The 80-day recovery time reflects the hydraulic diffusivity of the
local natural plumbing system supplying the springs.

Muir-Wood and King (1993) reviewedmany cases of this type. A particularly well-described
case was that of the 1959 Hebgen Lake, Montana, earthquake. There, large regional increase in
river flowbegan soon after the earthquake and continued for severalmonths. Thiswas a normal
faulting earthquake, so the regional stress change was compressive, hence the sign of the effect
was the opposite of the Dogo hot springs example. In other cases, however, such postseismic
hydrological effects may also result from shaking-induced diffusivity increases in near-sur-
face sediments or permeability of aqueducts (Manga et al., 2016; Mohr et al., 2017; Rojstaczer
and Wolf, 1992; Rojstaczer et al., 1995).

Bulk viscoelastic response of the upper mantle

In a study of the Denali earthquake, Freed et al. (2006a,b) concluded that a suite of phenomena
were involved. Early near-field deformation was dominated by afterslip on a deep shear zone
extending through the lithosphere, and by poroelastic effects. They found that far-field data
are the result of relaxation in amantlewith stress-dependent viscosity. The datawerewell fit by
a power-law rheology with an exponent of 3.5, consistent with a laboratory-derived olivine
flow law.

Fig. 5.16. The location of Dogo Hot Springs with respect to the Nankaido trough earth-
quakes and the coseismic drop and subsequent recovery of water level in response to
the past four events. (From Muir-Wood and King, 1993.)
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Far-field displacements following the Hector Mine earthquake indicate broad flow within
the upper mantle beneath an apparently strong lower crust (Freed et al., 2007). Although the
Hector Mine earthquake has provided the most comprehensive data set for postseismic
deformation, the rheology of the upper mantle as derived from its study is still unclear.
Pollitz (2003) employed a Burgers solid model (a linear biviscous solid consisting of a
Maxwell element in series with a Kelvin element) in fitting the data. In contrast, Freed
and Bürgmann (2004) argued that the data were more consistent with a power-law creep
rheology. Both models are ways to incorporate a transient phase with an apparent small time
constant with another with a much longer time constant. Freed et al. (2012) argued for an
integrated rheology that combines power-law creep in steady-state with an early transient
creep response that is experimentally observed in olivine (Chopra, 1997). Further complica-
tions are that the viscosity is found to be depth dependent, but in a poorly defined manner
(Pollitz and Thatcher, 2010), and is also spatially variable over the region affected by the
Hector Mine earthquake (Pollitz, 2015).

5.3 THE EARTHQUAKE CYCLE

This discussion of the tectonic loading and relaxation process has emphasized its cyclic
nature, but so far has not addressed the question as to whether or not it is periodic, which is
of great practical importance. This involves the question of how sensitive to initial conditions
are the instability and subsequent rupture growth. At the outset, the answer to this can be
investigated only through observations, the principal findings of which are described in this
section.

5.3.1 Earthquake recurrence

Earthquake recurrence, in the sense used here, refers to the time between subsequent
rupturing of a given segment of fault, and hence to the period of the loading cycle.
Sometimes the term is used to indicate the mean time between earthquakes within a speci-
fied region in which many active faults may be present. The latter is a statistical concept
useful in earthquake hazard analysis but which is conceptually different than our interest
here.

Reid (1910), in a short discourse on earthquake prediction, supposed that the recurrence
of a large earthquake would occur when the strain released by the previous one had re-
accumulated. Shimazaki and Nakata (1980) considered several variants of this idea, which
are illustrated in Figure 5.17. Figure 5.17(a) shows the simplest version: successive earth-
quakes, each with the same stress drop, occur when the stress reaches a critical value. This
model leads to perfect periodicity. The model in Figure 5.17(b) assumes that each earth-
quake occurs at a critical stress level but that stress drop (slip) varies. This is called time-
predictable because the time to the next earthquake (but not its size) can be predicted from
knowledge of the slip in the previous one. The third model, Figure 5.17(c), makes the
opposite assertion: that earthquakes initiate at variable stress states, but the stress falls to
a constant base level. This model is called slip-predictable because the slip in the next
earthquake can be predicted from the time since the previous one, but its time cannot be
predicted. These are one-dimensional models like block-slider models. They implicitly
assume that faults have uniform friction and that earthquakes always repeat in the same
spot.
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The data that can be used to study earthquake recurrence are quite limited because recur-
rence times are generally large – a hundred years ormore. Recording seismometers have been in
existence for only a little more than a century, and in many tectonically active regions reliable
historical records cannot be obtained for periods earlier than about a hundred years before
that. Inmany remote areas, no historical records are available. As a result, formany areas of the
world, one complete seismic cycle has not been documented yet, and for others only one is
known, which does not carry any information about periodicity. We are left with just a few case
studies that can be based on historical records.

Nankai earthquakes, Japan

This region, located adjacent to the ancient Japanese capital of Kyoto, has an unusually long
andwell-documented history. The lateral extent and the amount of coastal uplift are known for
the last three events – those of 1707, 1854, and 1946 – and this information is listed in Table 5.1.
(The distribution of uplift along the coast is known for 1854 and 1946, but for 1707 it is known
for only one place, Muroto Point [MP in Figure 5.18], so our discussion centers on that locality.)
The salient feature of Table 5.1 is the last column, which indicates that the ratios from the first
to the second cycles, of rupture length, slip (as measured as uplift at Muroto Point), and

Fig. 5.17. Simple earthquake recurrence models: (a) Reid’s perfectly periodic model;
(b) time-predictable model; (c) slip-predictable model. The time-predictable model is
motivated by the observation of the Nankaido earthquakes. (From Shimazaki and
Nakata, 1980.)

Date

1707 1854 1946
Ratio of previous
to last cycle

Rupture length, km 500 300 300 1.7
Uplift, Muroto Pt, m 1.8 1.2 1.15 1.5
Recurrence time, y 147 92 1.6

Table 5.1. Nankai earthquake
characteristics
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recurrence time, are approximately equal. The equality of the first and second of these ratios
indicates that slip scales with rupture length (as in regime 2 of Table 4.2). The equality of the
second and the third agrees with the time-predicable model, as originally noted by Shimazaki
and Nakata.

The history of earthquakes along the Nankai trough is shown in Figure 5.18. This region is
divided into five segments, A–E, which are rupture units that define the lengths of the earth-
quakes, which rupture in various adjacent groups of them. The lengths but not the slips are
known for earthquakes prior to 1707. The proxy for slip, uplift at Muroto Point, for earlier
earthquakes was estimated from fault length, using the scaling relation found in Table 5.1. The
entire history of uplift versus time is shown in Figure 5.19. Although the three most recent
earthquakes obey the time-predictable model, the dashed lines show that neither the time-
predictable nor the size-predictablemodels are consistent with the entire sequence. This result
is typical of all such attempts to test these models. It is clear that such simple homogeneous
models cannot explain earthquake recurrence. This should not be a surprise, since one of the
themes of this book is the heterogeneity of faults and earthquakes at all scales. What is clear
from these data is that the earthquake cycle is well bounded by straight lines in strain release-
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Fig. 5.18. History of earthquakes along the Nankai trough, from 684 to present. The
region is divided into five rupture zones (A–E). The rupture length of each historic
earthquake is shown as a solid line where certain, dashed where uncertain. Numbers
on the left are earthquake dates, numbers in italics are the recurrence intervals. (After
Ishibashi, 2004, with additions from Sykes and Menke, 2006.)
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time space – i.e. they obey the constraint of constantmoment release rate. Thus, the earthquake
cycle does follow the general concept of discharge-recharge envisioned by Reid (1910). The
series is quasiperiodic; its properties are given by itsmean recurrence time and its coefficient of
variation (COV is the standard deviation divided by themean). For theNankai earthquake series,
the mean is 121 years and the COV = 0.22 (Sykes and Menke, 2006).

Parkfield, California

The village of Parkfield gives its name to a short 30-km-long segment of the San Andreas Fault
in central California. This segment lies between the continuously slipping creeping section of
the fault to the north and the northern end of the rupture zone of the great earthquake of 1857,
which broke the fault for 350 km to the south with an average slip of about 3.5 m. The Parkfield
segment consists of an isolated island of unstable material, indicated by dashed contours in
Figure 5.20 (Harris and Segall, 1987), within the creeping section of the fault. This segment is
known to have ruptured in M~6 earthquakes of 1881, 1901, 1922, 1934, 1966, and 2004,
forming a quasiperiodic series with a mean recurrence time of 23 years and COV of 0.37
(Sykes and Menke, 2006). The last 4 of these were recorded instrumentally, and comparisons
of their seismograms indicate they were indistinguishable in terms of focal mechanism and
moment (Bakun et al., 2005). The size and location of the earlier eventswere estimated from felt
reports.
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Fig. 5.19. Estimated slip versus time for segment B of Nankai earthquakes.
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An extrapolation of the earthquake series after the 1966 event was used to predict that the
next earthquake in the series would occur before 1993 (Bakun and Lindh, 1985). This formed
the basis of an earthquake prediction experiment (see Section. 7.4.1) in which the region was
heavily instrumented in preparation for the predicted earthquake (Roeloffs and Langbein,
1994).

The anticipated earthquake did not occur until 2004, long past the closure of the prediction
window. Moreover, the previous earthquakes of 1934 and 1966 had initiated at the northern
end of the Parkfield segment, but the 2004 event ruptured from the southern end. The Parkfield
segment is terminated at the northern end by a compressive bend atMiddleMountain and at the
southern end by an extensional jog south of Gold Hill (MM and GH in Figure 5.17(a)). Lindh and
Boore (1981) had proposed that these discontinuities played an important role in the 1966
earthquake, which initiated and terminated near these points. The 2004 earthquake did just the
reverse, which re-enforces that view. Barbot et al. (2012) argued instead that the stress con-
centrations at the edge of the stuck patch initiated the earthquakes. An avalanche-type model
of the Parkfield region showed how a diversity of earthquakes and recurrence times would arise
naturally from the heterogeneity of the fault (Ben-Zion and Rice, 1993).

The pertinent question is why did the 2004 earthquake arrive so late? Murray and Segall
(2002) modeled the strain accumulation based on geodetic measurements and concluded that
the strain released in the 1966 earthquake would have reaccumulated by 1987. Barbot et al.
(2012) developed a site-specific recurrence model for Parkfield. They found that the expected

Fig. 5.20. The rupture segment of the Parkfield earthquakes. (a) Map view, showing the
fault trace and seismicity from 1966 to 2015. MM is Middle Mountain and GH is Gold
Hill. The stars are the hypocenters of 1966 and 2004 earthquakes. (b) View perpendi-
cular to the fault. The seismically coupled area is indicated by dashed contours. (Figure
by Clement Perrin.)
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recurrence time was about 20 years, which is close to the mean recurrence time and much
shorter than the 38 years between 1966 and 2004. They proposed that a series of earthquakes in
1992–1994 (ranging up to M 4.6, Nadeau and McEvilly, 1999) in the vicinity of the 1966
hypocenter had arrested the nucleation of an M 6 at that time and caused that cycle to be
skipped. It has also been suggested that the Parkfield recurrence times may be decreasing as
post-1857 relaxation decreases loading rates (Ben-Zion et al., 1993). It has been shown, on the
other hand, that the Parkfield earthquakes are insufficient to account for the moment accu-
mulation rate in the Parkfield segment, which may be satisfied by occasional 1857-type earth-
quakes rupturing into that sector (Michel et al., 2018).

Gerede segment, North Anatolian Fault, Turkey

This segment is within the section of the North Anatolian Fault that last ruptured in theMW 7.4
earthquake of 1944 (Figure 4.31). The 1944 rupture zone contains 5 segments, shown in
Figure 5.21. Whereas Figure 4.31 shows the first-order segmentation of the NAF, Figure 5.21
shows the second-order segmentation. Perhaps at a finer scale, third-order segmentation
would be visible, and so forth. The Ismetpasa segment is the creeping one discussed in
Section 3.4.2. Here we discuss the neighboring Gerede segment, which has been the subject of
intensive study (Kondo et al., 2005; Kondo et al., 2010) in which trenching has revealed the slip
history of four previous earthquakes.

Two of these earlier earthquakes could be identified with the known historic earthquakes of
1668 and 1035, both of which were part of sequences that, similar to the twentieth century
sequence, ruptured almost the entire length of the North Anatolian Fault (Hartleb et al., 2006;
Kozaci et al., 2011). The other earthquake, identified with paleoseismic evidence alone,
occurred sometime in the thirteenth to fifteenth centuries. The displacements in these
earthquakes were quite similar, the average being 5±0.8 m. The displacement-time diagram
is shown in Figure 5.22. The authors note that an assumed slip rate of 17 mmy−1 fits the
slip-predictable model pretty well for these data. However, that slip rate was determined by
fitting these data and is therefore not an independent datum. An independent measurement
of the late Holocene slip rate for the central part of the NAF from cosmogenic isotopes yields
20.5±8.5 mmy−1 (Kozaci et al., 2007), which compares favorably with the current rate from

Fig. 5.21. (a) Slip distribution in the 1944 Bolu-Gerede earthquake, and (b) fault trace
and segmentation model of Kondo et al. (2005). (From Kondo et al., 2010.)
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GPS of 25±1mmy−1 (Reilinger et al., 2006). Using those rates would not produce such a good fit
to the data, as the dashed line at 20 mmy−1 indicates.

The earlier earthquakes were segmented quite differently than in the most recent sequence
shown in Figure 4.31. The rupture length of the 1668 earthquake was >600 km and encom-
passed the 1939, 1942, 1943, and 1944 rupture zones (Ambraseys and Finkel, 1988). The 1035
earthquake, on the other hand, ruptured only the Gerede, Ismetpasa, and possibly the
Bayramoren segments. The western Bolu and Yenicaga segments ruptured in an earlier earth-
quake in 967. Thus, there is no common length to these earthquakes, but the slip at the Demir
Tepe site in the Gerede segmentwas remarkably constant and independent of the overall length
of the rupture.

Coupled patches on oceanic transform faults

Asdiscussed in Section 6.4.2, oceanic transform faults have overall low seismic coupling but are
characterized by local patches that repeatedly generate large earthquakes. On high slip rate
(14 cm/yr) transform faults on the East Pacific Rise, such events are frequent enough that they
provide abundant information on recurrence times. McGuire (2008) studied 16 pairs of ~MW 6
earthquakes that reruptured the same coupled patch. He found that they were quasiperiodic
with amean recurrence time of 5 years and a COV of 0.2. He also found that the amount of plate
boundary slip accumulated prior to each earthquake always exceeded 50 cm, a minimum slip
estimate for the earthquakes.

Sykes and Ekström (2012) described a 30–40 km section of the Heezen transform fault
(v = 8 cm/yr) that has produced 8 MW 5.9–6.1 every 4.0±1.0 years with a COV of 0.26. Other
highly coupled patches produced earthquakes of MW up to 6.4 with average repeat times of
7–24 years.

Fig. 5.22. Time-slip diagram for the Demir
Tepe site in the Gerede segment. Shading
indicates uncertainty in slip and dates. (From
Kondo et al., 2010.)
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5.3.2 Paleoseismology: geological observations of recurrence times

In viewof the limited information that can be gleaned from instrumental andhistorical data, the
geological record provides the most abundant source of information on recurrence of past
earthquakes. Paleoseismological studies of active faults can provide rates of slip averaged over
the Holocene and also the approximate dates and amounts of slip in prehistoric earthquakes.
From this data, average recurrence intervals can be obtained.

San Andreas Fault

An example of this type of study is that done at Wallace Creek in central California by Sieh and
Jahns (1984). Wallace Creek, an ephemeral stream, flows SW from the Temblor Range and
crosses the San Andreas Fault, where it has been repeatedly offset. A photograph of the site is
shown in Figure 5.23. There one can see themodern channel (offset 120m), an older abandoned
channel (offset 380 m), and a yet older one indicated by the white arrow (offset 475 m). Also
seen are five gullies (A–E) that have been offset smaller amounts by recent earthquakes.

The geological history of this site, as reconstructed by Sieh and Jahns, is shown in Figure
5.24. In the earliest time recorded (a) an aggrading alluvial fan progressively buried small scarps
along the fault. (b) Presently recognizable offsets were developed after 13,250 y bp, when
Wallace Creek began entrenching and younger fans began developing on gullies downstream
from the fault. (c) Wallace Creek began to be offset and its first channel was abandoned about
10,000 bp. (d) After an additional 250mof offset, the second channel was abandoned 3,700 bp.,
when (e) the formation of the present channel was begun, which is now (f) offset 130 m. From

Fig. 5.23. Photograph of the San Andreas Fault at Wallace Creek, showing the various
offset features. View is from the SW. (Photo by R. E. Wallace, courtesy of the US
Geological Survey.)
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this they deduced a long-term slip rate for the fault of 32±3mmy−1, which agreeswith the rate
determined geodetically.

This pioneering work was followed by a large body of paleoseismological work at Wallace
Creek and other sites on the San Andreas Fault farther to the south. Figure 5.25 shows the
rupture zones of identified earthquakes on the 300 km reach of the fault from the southern end
of the Parkfield section to a site at Wrightwood, near Cajon Pass where the San Jacinto fault
branches off. Of these, the 1857 and 1812 earthquakes are historic; the others were recognized
in trenching studies. The slip in 1857 at Wallace Creek (7–8 m) is considerably greater than
observed further south, for example at Pallett Creek, where it is 4–5 m, in that and subsequent
earthquakes (Sieh, 1978; 1984). This suggests that coseismic slip might be characteristic of a
site (Sieh, 1981). However, the history of earthquakes at Wallace Creek, shown in Figure 5.26,
indicates a considerable variation in both slip and recurrence time at a given site (Liu-Zeng et
al., 2006). Three of the past six events have slips of 7–8 m; the others are significantly less.
Furthermore, those earthquakes with smaller slips were clustered in time (Grant and Sieh,
1994), with significantly smaller recurrence times. As can be seen in Figure 5.26, neither the
slip-predictable nor time-predictable models fit the data particularly well. As with the North
Anatolian fault examples, rupture length is also variable. The earthquake of 1812 and perhaps
that of ~1100 AD ruptured Pallett Creek but not Wallace Creek, and the WC4 and 5 events
ruptured the Wallace Creek but not the Pallett Creek site.

A site at Wrightwood, at the extreme south of Figure 5.25, is very fruitful in producing
evidence of past earthquakes, having revealed 30 of them in two 1,500-year intervals

Fig. 5.24. Geological history of Wallace Creek, according to Sieh and Jahns (1984). See
text for details.
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(Weldon et al., 2004). Both slips and dates have been determined for the most recent 1,500
years – these results are summarized in Figure 5.27 as a plot of cumulative slip versus time. It
shows a period of ~200 years during which the slip rate was triple the long-term rate. This
period of rapid slip was followed by a slow period until the long-term trend of 31 mmy−1 was

Fig. 5.25. Correlation of earthquakes based on slips and dates of events at Wallace
Creek, Pallett Creek, andWrightwood. The datum is Highway 46,which crosses the San
Andreas Fault at Cholame, at the northern end of the 1857 earthquake and the south-
ern end of the Parkfield earthquakes. (From Liu-Zeng et al., 2006.)

Fig. 5.26. Earthquake history at Wallace Creek. (From Liu-Zeng et al., 2006.)
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rejoined. As indicated in Figure 5.25, the Wrightwood site is located close to where earthquakes
propagating from both north and south overlap and terminate. It is also close to where slip
begins to be transferred to the San Jacinto fault to the south (McGill et al., 2013). These
complications make it difficult to interpret the data from this site in terms of a unique earth-
quake series (Weldon et al., 2004). An analysis of the recurrence times of the entire Wrightwood
data set indicates that it is a quasiperiodic series, not clustered but more regular than a Poisson
distribution (Scharer et al., 2010).

Wasatch Fault

This fault is the easternmost and most prominent normal fault in the Basin and Range
structural province. It is an intraplate fault, bounding the Wasatch Mountains just to the
east of Salt Lake City, Utah. It has a total length of 370 km, composed of a number of distinct
segments.

The Holocene vertical slip rates are greatest along the central segments and decrease to very
small values at the ends (Figure 5.28). This is expected due to the bounded nature of the fault, in
which the net slip goes to zero at the tips. Individual earthquake slips have values that clustered
around 2–3 m, and their average recurrence interval is about 2000 y (Schwartz and
Coopersmith, 1984; Swan et al., 1980).

The earthquake history of the central segments is shown in Figure 5.29. This part of the
fault is divided into segments of length 35–59 km. Earthquakes in different segments do not
correlate in time, suggesting that earthquakes on this fault are primarily restricted by the
segment boundaries. However, the data does permit some partial segment earthquakes of
length 20–40 km and some multisegment ruptures that extend into adjacent segments with
lengths in the range 60–100 km (DuRoss et al., 2016).

Subduction zone earthquake recurrence from uplift and subsidence data

Subduction zone earthquakes are not amenable to direct examination, but, as mentioned in the
previous section, coseismic movements often produce permanent uplifts that result in flights
of uplifted marine terraces (Figure 5.30). There are a series of such uplifted terraces on the
Miura and Boso peninsulas adjacent to the Sagami trough south of Tokyo. The latest of these

Fig. 5.27. Plot of cumulative slip at Wrightwood. (From Weldon et al., 2004.)
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uplifted shorelines was produced by the great 1923 Kanto earthquake (Matsuura and Iwasaki,
1983; Scholz and Kato, 1978). On the Boso Peninsula several terraces older than 1923 are
prominent. The next older one was produced by the Genroko earthquake of 1703 (Matsuda
et al., 1978; Sato et al., 2016). The uplift distribution in 1703 was quite different from that in
1923, indicating that the earlier earthquake was much larger and extended farther along the
Sagami trough to the southeast. The elevation pattern of the older Numa terraces is different
again, so that neither earthquake is typical (or “characteristic”) of the overall deformation in the
region. Sato et al. (2016) estimated the recharge time for Genroko type earthquakes to be 1,400
years and the recurrence time for any type of Kanto earthquake to be 350 years, based on the
strain accumulation rate derived fromGPSdata. These recurrence estimates are similar to those
derived from dating of the terraces (Komori et al., 2017).

Subsided shorelines can also be used to characterize the history of subduction zone earth-
quakes. An example is the reconstruction of the past history of great subduction zone earth-
quakes in the zone of the 1964 Alaskan earthquake (Shennan et al., 2014). Corals, where
present, are also excellent markers of past sea level and can be used to measure vertical
movements in tectonic areas (e.g. Briggs et al., 2006).

Paleoseismic record from tsunami data: Cascadia and Hokkaido

The Cascadia subduction zone last ruptured in an earthquake of MW 9 in 1700 that probably
broke its entire 1100 km length from southern Vancouver Island to CapeMendocino, California
(Figure 5.31) (Atwater, 1990; Satake et al., 2003). Evidence of past great subduction earthquakes
has been gathered from coastal subsidence and tsunami deposits atmany sites along this coast.
It shows that past earthquake occurrence has been quite variable in both time and space.
At Bradley Lake, a coastal lake in southern Oregon, it is possible to distinguish three classes
of tsunami: those high enough to overtop the lake, those that are not so high, and shaking
events that disturb the sediments in the lake (Kelsey et al., 2005). The record of these is shown in

Fig. 5.28. Slip rates for the Wasatch Fault: data and segmentationmodel fromMachette
et al. (1991). Solid lines from a model of Cowie and Roberts (2001) shown in Figure
3.24. (Figure from Cowie and Roberts, 2001.)
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Figure 5.32. They show a pattern of clusters of events of different sizes separated by long
hiatuses. Similar patterns can be observed elsewhere along this margin, e.g. at Grays Harbor,
Washington (Hagstrum et al., 2004).

The data show that earthquakes have a variety of rupture lengths (Nelson et al., 2006).
Goldfinger et al. (2003; 2012) assembled a Holocene record of subduction zone earthquakes in
Cascadia from submarine turbidites in deep-sea cores. They found that the segmentation was
such that four classes of ruptures occur, as shown in Figure 5.33. The numbers of each type
during the Holocene are indicated by the numbers in parentheses. Earthquakes are more
frequent in the south, with a recurrence time there of ~200 years, as compared with ~500
years in the north. This may seem counterintuitive because the plate convergence rate decreases
to the south. However, the width of the coupled interface decreases to the south. An assumption
of constant stress drop therefore requires that the slip per earthquake also decreases to the
south, which explains why their recurrence times decrease to the south as well (Scholz, 2014).

Fig. 5.29. Segmented model of the central Wasatch Fault, based on earthquakes
identified at sites within the segments (lightly shaded probability density functions).
Dark shaded pdfs are integrated from site data. Horizontal shaded areas are correlated
earthquakes. (From DuRoss et al., 2016.)
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At several sites on the east coast of Hokkaido there are low regions of salt marsh and lagoon
that have preserved records of very large tsunamis generated by prehistoric earthquakes on the
adjacent subduction zone (Nanayama et al., 2003; Sawai et al., 2009). These tsunamis have
variable sizes but are generally much large than those generated by known historical earth-
quakes of the last 200 years. Their history is shown in Figure 5.34. They have amean recurrence
time of~400 years but awide variance, with recurrence intervals ranging from100 to 800 years,
with some indication of clustering. There is a correlation of the largest tsunami events with the
longest intervals (Sawai et al., 2009).

The subduction zone off Hokkaido has been typified over the past 200 years by Tokachi-oki
type earthquakes that rupture the southern half of that zone, most recently in 1952 and 2003

Fig. 5.30. Uplifted beach terraces, Turakirae Head, ESE of Wellington, New Zealand. A
flight of five uplifted terraces may be seen here, the most recent of which was uplifted
in the earthquake of 1855 (McSaveney et al., 2006). The terrace of the last interglacial
period may be seen in the distance. Turakirae is at the intersection of the Wairarapa
fault with Cook Strait. The Wairarapa fault is largely dextral, with a vertical component
that is recorded by these terraces and that has produced the uplift of the Rimutaka
range to its west. The 1855 earthquakewas described by Lyell (1868) from accounts of
eyewitnesses who traveled to London (Grapes and Downes, 2010). An uplift of about
2.5m occurred at Mukamuka, near Turakirae, and theWairarapa fault was ruptured for
a considerable distance inland. An examination of offset features on the fault shows a
dextral offset in 1855 of up to 12 m over a distance of at least 128 km (Rodgers and
Little, 2006). Vertical motion wasminor in the north and increased to a maximum near
Turakirae. (Photograph by Lloyd Homer, New Zealand Geological Survey.)
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Fig. 5.31.Map of the Cascadia subduction zone with the location of sites with evidence
for great Cascadia subduction zones and tsunamis. (From Nelson et al., 2006.)
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(MW 8.1 and 8.2), and byNemoro-oki type earthquakes that rupture the northern half (1894 and
1973, MW 8.2 and 7.8). The largest of these, of 1894 and 1952, produced small but discernable
tsunami deposits in the marshes. Modeling by Nanayama et al. (2003) showed that the much
larger tsunami deposits were produced by earthquakes that broke both segments simulta-
neously and had lengths ~500 km.

5.4 SEGMENTATION AND CYCLES: CONCEPTS AND MODELS

The main ingredients in traditional seismic hazard analysis (Section 7.5) are the identification
of each section of a fault that is likely to rupture and an estimate of the probability of that

Fig. 5.32. Inferred great earthquake history for the Cascadia subduction zone from the
Bradley Lake tsunami record. (From Kelsey et al., 2005.)

Fig. 5.33. The four rupture classes of Cascadia earthquakes, after Goldfinger et al.
(2012). The numbers in parentheses are the number of each type of rupture during
the Holocene. (From Scholz 2014.)
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happening within a prescribed period of time. The first part of this requires a judgment of how
the fault is segmented, and the second an estimate of where that segment lies within its seismic
cycle. There are nowell-defined physical principles that provide simple answers to these tasks.
There are, however, a number of ideas that when studied through the experience of observation
provide guidance to the relevant issues that need to be addressed when attempting such
determinations.

In the previous section we found that none of the simple models of the seismic cycle – the
slip-, time-predictable, or periodic models – are supported by observations. Recurrence times
are instead found to be quasiperiodic, with well-defined mean recurrence times and COVs that
vary considerably between cases (Sykes and Menke, 2006). Slip-time histories indicate steady-
statemoment release rates over the long term. This is expected because the relevant time scale,
~104 years, is much shorter than the time scale in which plate tectonics can evolve (~106 years,
judging from the record of marine magnetic anomalies). This behavior thus satisfies the most
basic requirement: conservation of energy in the seismic cycle.

Deviations from the simple models can be ascribed to heterogeneity, both in terms of fault
geometry, discussed in Sections 3.3 and 3.5, and in terms of the stress distribution on the fault,
which is a function of the fading history of past earthquakes. This latter topic includes stress
coupling between earthquakes and between faults, also the subject of earlier sections (3.2.3 and
4.5). A simplified account of this complex problem will be attempted in the next section.

5.4.1 Fault segmentation and rupture barriers

Empirical rupture models

Sieh (1981) and Schwartz and Coppersmith (1984) proposed several models describing the
patterns in which slipmay reoccur on faults. These are shown in Figure 5.35. In the variable slip
model, both the amount of slip in a given place and the length of rupture may vary from
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Fig. 5.34. Tsunami history at a location in eastern Hokkaido. (From Sawai et al., 2009.)
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earthquake to earthquake, but the net long-term slip is uniform along the fault (or variable, as
the casemay be). In the uniform slipmodel, the latter two conditions hold, but the slip at a given
point is the same in each earthquake. Finally, in the characteristic earthquake model, the fault
ruptures in a series of identical earthquakes with the same average slip and length. In this last
model, if the slip in a given earthquake is observed to vary along the fault, then the long-term
slip rate must also vary accordingly.

Fig. 5.35. Diagrammatic representation of three hypothetical models of earthquake
recurrence. (From Schwartz and Coppersmith, 1984.)
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These are empirical models, based on the authors’ experiences in studying the Wasatch and
San Andreas Faults. Sieh favored the uniform slip model, noting the systematic difference
between coseismic slips at Pallett Creek and Wallace Creek on the San Andreas Fault, and that
earthquakes rupturing the same part of the fault could have different lengths, such as the 1812
and 1857 earthquakes. (He was unaware, at that time, of the earthquakes at Wallace Creek with
different slips [Figures 5.25 and 5.26].) Schwartz and Coppersmith favored the characteristic
earthquake model, citing the Wasatch fault, in which earthquakes repeatedly broke the same
segments.

What might be the physical arguments behind such models? If the rupture is pulse-like
(Section 4.2.2) the slip is determined by the local frictional strength within the pulse width
and is not dependent on the overall length of the rupture. On the other hand, if the rupture
is crack-like, the slip at a point depends on the dimensions of the rupture, as indicated by
the earthquake scaling laws (Table 4.2), and hence may be variable at a given point. The
length of ruptures is determined by the presence and strength of barriers to rupture. If
such barriers are hard (i.e. sufficiently strong to terminate all earthquakes), then earth-
quakes would always be the same length. On the other hand, if the barriers are soft (i.e.
only sometimes successful in stopping ruptures), then rupture lengths will vary. The
matrix of possibilities is shown in Table 5.2. Scenarios 1 and 3 yield the same result, the
characteristic earthquake model, whereas scenario 2 gives the variable slip model and 4 the
uniform slip model.

Can we use the observations in the earlier sections to choose from these scenarios? The
Wasatch fault and Parkfield cases act like the characteristic earthquakemodel. However, all the
other sites – Nankai, Pallet Creek, Gerede, and Hokkaido – experience earthquakes of different
lengths. Gerede appears to obey the uniform slip model, but Nankai and Wallace Creek have
variable slips.

Another case of variable slip is an earthquake series off the Colombia–Equator coast. The
subduction zone interface there ruptured in a 500-km-long earthquake in 1906, and the same
section was subsequently ruptured in its entirety by three shorter earthquakes in 1942, 1958,
and 1979 (Kanamori and McNally, 1982). The sum of the moments of the three shorter earth-
quakes was less than that of the longer one by a factor of 5, indicating that the slip in each of the
shorter events was much smaller than in the longer one in the same place. (If the slip is
proportional to length, as in regime 2 of Table 4.2, then this is the expected result.) A second
cycle has already begun with an Mw 7.8 earthquake in 2016 that appears to be a repeat of the
1942 event (Ye et al., 2016a).

The observations thus show that none of the scenarios in Table 5.2 is universally applic-
able. However, the fact that some of these models apply to particular situations suggests
that it might be fruitful to look into the various types of rupture barriers and when they may
apply.

Barrier strength

Hard Soft
R
u
p
tu

re
ty
p
e

Crack 1 Fixed L 2 Variable L
Fixed D Variable D

Pulse 3 Fixed L 4 Variable L
Fixed D Fixed D

Table 5.2. The matrix of possible earthquake rup-
ture models
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Types of rupture barriers

The type of barrier that is most commonly considered is the geometric barrier, such as the
fault jog or step, discussed in Section 3.5. As reviewed there, geometric barriers are soft, in
that they are not universally effective in stopping ruptures. For example, Biasi andWesnousky
(2016) found for strike-slip earthquakes the passing ratio, defined as the ratio of jogs jumped
to jogs that terminate rupture, to be 1.89-.31dS, where dS is the jog width in km. The strength
of the jog thus increases strongly with offset width, but jog frequency decreases rapidly with
width such that hard jogs are quite rare (Wesnousky, 2006). Only jogs ≥5 km for strike-slip
faults and steps≥ 16 km for dip-slip faults are hard, and steps that large are exceedingly rare,
as noted in Section 3.5.2. Those authors also found that fault tips, not surprisingly, are hard
barriers.

A second type of barrier is the stability barrier: a stability transition from an area of
unstable, velocity-weakening friction, to one of stable, velocity-strengthening friction. In
this case, illustrated in Figure 5.12(a), the rupture will propagate a short distance into the
creeping region. If the width of the creeping zone is much wider than this penetration
distance, rupture will terminate in the creeping zone and it will constitute a hard barrier.
The strength of this type of barrier also depends on its degree of velocity strengthening (its
a-b value) and the average seismic coupling coefficient in the creeping zone. All of these
features were explored in modeling by Kaneko et al. (2010). They also described examples of
such barriers in subduction zone settings. Noda and Lapusta (2013) showed that earthquakes
can propagate into a normally VS creeping region by slip weakening through thermal pres-
surization in low-permeability materials like clays. There is a minimum slip deficit in the
region between the 1944 Tonankai and 1946 Nankai earthquakes on the Nankai Trough,
which may indicate a stability barrier (Yokota et al., 2016). It is a soft barrier: it was ruptured
by the earthquake of 1707 (Figure 5.18).

Earthquake propagation depends upon initial conditions: the distribution of stress on the
fault. This is determined by the fading history of prior earthquakes. Recent earthquakes leave
an area of reduced stress, i.e. a stress shadow, which can act as a barrier to future ruptures.
This effect was first noted by Sykes (1971), who pointed out the abutting nature of the rupture
zones of great earthquakes in the Aleutian arc. The strength of a stress shadow barrier
depends on the local slip in the prior earthquake and fades with time as strain subsequently
accumulates. These features are illustrated by the example in Figure 5.36, which shows the
surface slip distributions for the 1940 and 1979 earthquakes on the Imperial fault in Southern
California (Scholz and Lawler, 2004). Inversions of geodetic and seismic data indicate that the
slip at depth in the northern part of the fault was larger than the surface slip – about ameter in
the 1940 earthquake and about half that in 1979 – but the deep slip in the southern part was
similar to the surface slip in both cases (King and Thatcher, 1998). The potential slip accu-
mulated on the Imperial fault between the two earthquakes is shown by the horizontal line
(Bennett et al., 1996). Hence, the 1940 stress drop had by 1979 been recovered in the northern
part of the fault but not the southern part. The 1979 earthquake ruptured the northern half of
the fault but stopped abruptly when it entered the lingering stress shadow of the southern
half. Note the very steep fault tip taper of the southern end of the 1979 earthquake, indicating
the strong rupture resistance of the stress shadow barrier there: see Figure 3.21 and the
discussion thereof.

Because knowledge of prior earthquakes and their slip distributions is rare, stress
shadow barriers are usually invisible. For example, the one-third of terminations of strike-
slip earthquakes that were neither at segment boundaries nor fault tips (Wesnousky, 2006)may
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well have been at phantom stress shadow barriers. Even those earthquakes that appear to have
terminated at segment boundaries may instead have been terminated by a stress shadow
boundary because an earlier earthquake stopped at the other side of that segment boundary.

If the fault slip rate varies along strike, as it would be the case for a fault of finite length, such
as the Wasatch fault (Figure 5.28), another factor comes into play. Since the slip in each
segment-breaking earthquake for the Wasatch fault is observed to be approximately constant
(McCalpin and Nishenko, 1996), the variation of slip rate translates into a variation of recur-
rence time between segments, as shown in Figure 5.37. This difference in recurrence time

Fig. 5.37. A hypothetical segmentation model for a fault of finite length, in which slip
rate increases from the tips to the center. If the slip in each segment-rupturing earth-
quake is constant, D* then the cycle recurrence times differ between segments, as
shown. This difference in phase increases the hardness of the segment boundaries.

Fig. 5.36. Surface slip distributions for the 1940 and 1979 Imperial fault earthquakes
(after Sharp, 1982). The horizontal line gives the slip accumulation from1940 to 1979.
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means that adjacent segments will not be in sync in their seismic cycles, which makes the
segment barriers much stronger than they would be simply based on their geometry. The
barriers between segments of this type are phase-lag barriers because the main obstacle to
propagating through such a barrier is the difference in phase in the seismic cycle on either side
of the barrier. This usually results in a hard barrier, as indicated by the seismic history of the
Wasatch fault (Figure 5.29).

This discussion provides a new perspective for viewing the examples described earlier. The
Parkfield earthquake patch is surrounded by hard stability barriers. It is a larger version of the
repeating earthquakes that are distributed throughout creeping faults (see Sections 3.4.2 and
4.6.3). The Wasatch fault is divided into phase-lag barriers, which are hard, and hence behaves
according to the characteristic earthquake model, as does Parkfield. The other cases discussed
are segmented by geometric and stress shadow barriers, both of which are soft. Hence, those
cases behave according to the variable slip or uniform slip model, depending on the prevalent
rupture type.

Although the Parkfield series closely follows the characteristic earthquake model, at least
for the past three earthquakes, it is far from a periodic series. This shows that the earthquake
instability is not defined by the average properties of the fault segment, but by its extreme
properties. The failure strength is attained only within the nucleation area, and whether or not
the rupture grows to become a large earthquake is so sensitive to the initial conditions that the
resulting recurrence behavior appears chaotic. Furthermore, asmentioned earlier, the frictional
strength is variable in the presence of stress gradients (Ben-David and Fineberg, 2011), which
must surely be present in this situation.

5.4.2 Variations on cycles

The types of seismic cycle discussed so far are simple ones that begin and endwith a single large
earthquake. It is not uncommon, however, for cycles to involvemore that one large earthquake.
These more complex cycles have been generally called supercycles (e.g. Goldfinger et al., 2013;
Sieh et al., 2008), a term that does little to elucidate the nature of what are several different
types of cycles. Here, some examples are given in an attempt to describe someof the factors that
result in this complexity

Nested cycles: Northeast Japan

Figure 5.38 shows the recent seismic history of northeastern Japan associated with the Japan
andKurile subduction zones. Interseismic slip deficit rates inverted fromGPS data are shown in
blue with 3 cm/yr contour intervals (Hashimoto et al., 2009). Also shown, in green, are the
epicenters and rupture areas of large earthquakes, and in red, the 2011 MW 9.1 Tohoku-oki
earthquake (Simons et al., 2011). Five major asperities can be recognized as the sites of these
earthquakes and as local maxima in seismic coupling

In the Tohoku region (40–36°N), the seismicity for hundreds of years prior to the 2011earth-
quake was dominated by MW 7.5–7.8 earthquakes repeatedly rupturing the Miyagi-oki and
Fukushima-oki asperities at intervals of 30–50 years. The seismic moment release rate due to
this seismicity is only about half the accumulation rate estimated from the GPS data shown in
Figure 5.38 (Scholz and Campos, 2012).

The 2011 earthquake ruptured both of those asperities and also propagated far out
to shallower depths toward the trench (a previously unknown phenomenon). This earth-
quake and that phenomenon are discussed in detail in Sections 6.3.1 and 6.3.3. Tsunami
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data indicate that the penultimate earthquake of 2011 size was the Jogan earthquake of 869
AD, and that two previous earthquakes of comparable size had occurred in the last 3,000
years (Minoura et al., 2001; Satake, 2015). Thus, the recurrence time of these earthquakes is
~1,000 years. Using that value to calculate their moment release rate yields a value that
provides the additional amount needed to satisfy the moment accumulation rate measured
geodetically.

This, then, is a case of nested cycles, in which short-period cycles of rupturing individual
asperities are nested within a much longer-period cycle of larger earthquakes that rupture
multiple asperities. Presumably this happens when the shorter cycles come into sync. If the two
short cycles were perfectly periodic we could use the acoustic beat equation to calculate the
period of the longer cycle, Tsync = T1T2/(T2-T1), but since the short cycles are quasiperiodic they
will come into sync less frequently and Tsync will consequently be larger.

Fig. 5.38. Map of NE Japan, showing slip deficit rates contoured at intervals of 3 cm/yr
(blue), obtained from the inversion of GPS data. Also shown are the epicenters and
rupture zones of pre-2011 earthquakes (green) and the hypocenter and 8 and 24mslip
contours of the 2011 MW 9.1 Tohoku-oki earthquake (red) (Simons et al., 2011).
(Modified from Hashimoto et al., 2009.) (A black and white version of this figure
appears in some formats. For the color version, please refer to the plate section.)
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A very similar situation occurs in the Kuril subduction zone off Hokkaido. The sum of
earthquakes in that sector for the past hundred years – the Tokachi-oki earthquakes of 1952
and 2003 (MW 8.1 and 8.2), which ruptured the southern half of that sector; and the Nemuro-oki
earthquakes of 1894 and 1973 (MW 8.2 and 7.8), which ruptured the northern half – account for
only about half the moment accumulation rate measured from GPS. However, as shown in
Figure 5.34, tsunami data indicate that much larger events, of length ~500 km and thus
rupturing both asperities, occur with occurrence times of ~400 years. This size of earthquake,
MW ~8.8, occurring at a rate of every 400 years would account for the missing seismic moment
release rate (Scholz and Campos, 2012).

Cluster cycles: The Mentawai islands, Sumatra and Lima, Peru

The Mentawai islands sit upon a 600-km-long segment of the Sunda forearc. An abundance of
paleoseismic data has been gleaned from those islands from the vertical motions recorded in
the growth rings of corals, which provide information on both coseismic and interseismic
deformation. An example of the record from one site is shown in Figure 5.39. Four seismic
cycles are shown there, each culminated by a cluster ofM 8 class earthquakes. Sieh et al. (2008)
coined the term “supercycles” to describe these cycles. A more apt descriptor would be cluster
cycles.

Sufficient information is available to estimate the rupture zones in the last three
cycles (Philibosian et al., 2017). The seventeenth-century series was a double cluster: the
events to 1597, 1613, and 1631 successively ruptured the region from north to south with
relatively small displacements; in a second cluster, the larger events of 1658 and 1703
reruptured the north and south sectors, respectively. This latter sequence was repeated in
the next cluster with the even larger earthquakes of 1797 and 1833 rupturing the north and
the south. The current cluster began in 2007 with an MW 8.4 earthquake in the south,
followed the same year by an MW 7.9 in the north and two smaller events, an MW 7.2 in
2008 and an MW 7.8 in 2010. This cluster is far from over – it has as yet ruptured only a
portion of the Mentawai segment.

Data for the period from 1 AD to 1500 is sparser but indicate that segment-rupturing
clusters occur at intervals of ~200 years, with no cluster alike. Philibosian et al. (2017)
argue that the configurations of ruptures suggest that the mechanical properties of the
subduction interface must be heterogeneous at the 100 km scale. As was said with respect
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Fig. 5.39. The history of vertical motions measured from coral growth rings at a site in
theMentawai islands. The scale is in sea level relative to the site on land. The clusters of
large earthquakes are indicated by heavy lines at the bottom. Note that not all the
earthquakes mentioned in the text are shown in this figure. (After Sieh et al., 2008.)
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to the Parkfield patch, sensitivity to initial conditions in this case produces myriad varia-
tions in the clusters.

A similar cluster cycle acts in the 500-km-long section of subduction zone opposite Lima,
Peru. A cluster of 4 large earthquakes beginning in 1678 and culminating in an MW 8.6–8.8
earthquake in 1746 ruptured this section of the plate boundary. Following a long quiescence, a
new cluster began withMW 8.0 earthquakes in 1940, 1966, 1974, and 2007. The present cycle is
incomplete. It has released only 23% of the moment deficit accumulated since 1746. The
unreleased moment is equivalent to an MW 8.8 earthquake (Chlieh et al., 2011; Scholz and
Campos, 2012).

Themechanismof such cluster cycles is probably the same as discussed earlier in the case of
the cluster cycles of the North Anatolian fault (Section 4.5.1). In the case of crustal faults, the
seismogenic width W* is narrow, so that earthquakes of M≥7 will rupture entirely through it.
Hence, to cover the fault with such earthquakes requires only 2D tiling, so they are seen laid out
end-to-end along strike. In subduction zones, W* is much greater, so that only the greatest of
earthquakes in a cluster rupture it in its entirety. Thus, such a cluster is one of 3D tiling, as
pointed out by Herrendorfer et al. (2015). However, on a larger scale, a series of much larger
earthquakes ruptured almost the entire Aleutian arc in the 1950s and ’60s, making that a 2D
cluster sequence (Sykes et al., 1981).

Another example of cluster cycles are the sequences of earthquakes in the Northern
Apennines in 1703, followed by the similar sequence in 2009–2016, described in Section
4.4.1. These sequences reruptured many of the same faults, indicating that they must have
been synchronized in their loading cycles.

The Basin and Range Province, Western USA

The central Nevada seismic belt was subject to a remarkable sequence ofM 6–7 earthquakes in
1954, which has been the subject of much study (e.g. Doser, 1986). It has been concluded that
this sequence consisted of a cascade of earthquakes triggered by progressive Coulomb stress
transfers (Caskey and Wesnousky, 1997; Hodgkinson et al., 1996). This sequence belongs to a
period of activity that includesMW 6.5, 7.6, and 7.2 earthquakes of 1903, 1915, and 1932 (Bell et
al., 2004). Paleoseismic evidence shows that similar periods of activity have taken place three
times in the past, separated by long periods of quiescence lasting several thousand years
(Figure 5.40). Note that the episode of 2–4 ka (Figure 5.40(b)) consists, in the north, of faults
that did not rupture in the historical episode: this was a separate cluster. On the other hand, the
episode of 6–9 ka (Figure 5.40(c)) was close to a repeat of the historical episode. These data
describe behavior that is quite similar to that of the Eastern California Shear Zone (Section
4.5.2). Both are cluster cycles that involve nearby groups of faults in a fault system. They show a
strong synchronization signal in the presence of noise such that the patterns that repeat are not
identical.

A different sort of cycle was proposed for faults in the Basin and Range by Wallace (1987).
He proposed, based on scant evidence, that individual faults undergo periods of rapid seismo-
tectonic slip separated by quiescent periods on a time scale of 104 years. This pattern has
become known as a Wallace cycle. He also proposed that the locus of deformation migrates
within the Basin and Range on the same timescale (Wallace, 1981).

Some evidence for these propositions has been forthcoming. The primary loci of activity in
the Basin and Range during the Holocene has been in the central Nevada seismic zone, shown in
the previous figure, and in the intermountain seismic zone along the eastern edge of the
province, particularly the Wasatch and other nearby faults (e.g. Friedrich et al., 2003). There is
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some evidence for temporal and spatial variations in slip rates of faults in this region. The rate
of vertical motion on the Wasatch fault in the Holocene as determined from paleoseismology is
several times the rate of vertical motion in the Late Pleistocene (10–130 ka) as determined from
geomorphology (Friedrich et al., 2003). The slip rates of a group of three faults located midway

Fig. 5.40. Summary of the paleoseismological results for major ruptures in the central
Nevada seismic zone in the past 13,000 years. The events cluster into 4 periods, as
shown, with long periods of quiescence in between. (Figure from Bell et al., 2004.)
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between the two current active belts weremuch higher in the period 80–150 ka than in themore
recent period (Perouse and Wernicke, 2017). However, although the slip-rate histories over the
past 150 ka are known of many faults in the Basin and Range, there have been no observations
of a complete Wallace cycle on any of them (Perouse and Wernicke, 2017). The only possible
observation of two active periods separated by a quiescence is for the Dead Sea transform
(Marco et al., 1996). In that case, the paleoseismic records from two nearby sites disagree: one
shows the quiescence and the other does not, so this finding is questionable. Thus, although
other examples of slip or seismicity rate changes on individual faults have been reported (e.g.
Gold and Cowgill, 2011; Swan, 1988; Weldon et al., 2004), the evidence for Wallace cycles is
fragmentary at best. The apparent slip rate change of Weldon et al., shown in Figure 5.27, is at
the wrong timescale to be a Wallace cycle.

It is important to distinguish between slip-rate variations on isolated faults from those of
faults within a fault system. As Cowie et al. (2017) demonstrated with a model, excursions in
slip rates for isolated faults are limited both inmagnitude and duration due to requirements to
maintain a steady-state moment release rate. Faults within a system may vary much more,
however, due to elastic interactions between them. As an example, individual faults within the
Taupo rift zone of New Zealand exhibit wide variations of slip rate, whereas the integrated slip
rate of the fault system as a whole has remained constant over the past 60 kyr (Nicol et al.,
2005). The slip rate of that and other fault systems varies only on a 106 year time scale in
response to tectonic rate changes (Mouslopoulou et al., 2009). Slip rate variations of more
isolated faults vary less and over shorter time scales, followed by corrections, such as in
Figure 5.27. It has been argued that slip-rate variability on isolated faults may occur through
a postseismic reloadingmechanism (DiCapria et al., 2008; Kenner and Simons, 2005), not unlike
the idea of Ben-Zion et al. (1993) regarding slip rates at Parkfield.

The Italian Apennines contain an NW–SE striking distributed belt of active normal faults
some 50–60 km wide. Holocene deformation is distributed uniformly across this belt, but
historic activity since 1349 AD has been concentrated on faults along the NE side of the belt.
Dating of fault scarps by cosmogenic isotope methods shows that during earlier periods faults
to the SW were more active, and that individual faults may rapidly accumulate slip for several
thousand years separated by periods when the slip rate was much lower (Cowie et al., 2017).
Although this superficially resembles a Wallace cycle, the physical mechanism is different
because in this case the activity is transferred from one nearby group of faults to another
such that the overall slip rate for the entire seismic belt remains constant.

5.5 EARTHQUAKE RECURRENCE MODELS

There is a considerable body of theoretical work that treats earthquakes as dynamical systems.
The models studied are very simple and not intended as realistic portrayals of earthquakes;
rather, they are studied to gain intuition into various aspects of earthquake behavior. Here a
brief synopsis of this type of work is presented, in which the simplest of results are presented
and no attempt is made to summarize this broad field.

To begin let us return to the simple one-degree of freedom spring-block friction model
studied in Section 2.3.5. To take that analysis a step further, we endow the slider with the
properties of RS friction (velocity weakening). Figure 5.41 shows the behavior of this system
(Rice and Tse, 1986). Figure 5.41a is the phase portrait of the system: the geometric repre-
sentation of the trajectories of the system in phase space; the axes being normalized stress
and the log of normalized velocity. The diagonal line is the steady-state friction condition
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(Equation (2.30)). The heavy curve is the quasi-static portion of the loop and the light curve
the dynamic part. Slip proceeds quasi-statically from peak load down the unloading path
until the instability occurs. During the initial part of the dynamic stage the excess of the
spring force over the sliding friction (Figure 5.41b) accelerates the block and the sliding
stress evolves rapidly to a steady state corresponding to the current slip rate (3 in Figure
5.41(a,b)). The block continues to slide under nearly steady-state conditions until further
shortening of the spring is prohibited (4). At this point the motion of the block is stopped
within an extremely short distance (3–4). The loading part of the cycle then resumes. The
cycle then repeats. The loop in phase space is repeated exactly – it is called an attractor
because no matter where in phase space the system is initiated it will eventually reach that
orbit and stay on it. The attractor in this case is periodic (Figure 5.41(c),(d)) and is called a
limit cycle.

A slightly more complex model is a two-degree of freedom system with two block-sliders
connected by a coupling spring (Figure 5.42(a)). Two slider models display a wide variety of
behaviors (Abe and Kato, 2013; Huang and Turcotte, 1990). In the case illustrated here, taken
from Abe and Kato (2013), both sliders obey RS friction with velocity weakening, the coupling

Fig. 5.41. Numerical solution for motion of a single block slider obeying rate/state
variable friction. (a) Plot of dimensionless stress versus the log of normalized velocity;
(b) plot of dimensionless stress versus dimensionless slip; (c) plot of dimensionless
stress versus dimensionless time; (d) plot of dimensionless slip versus dimensionless
time. (After Rice and Tse, 1986.)
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spring and driving spring stiffnesses are equal, and the critical slip distances for the two blocks
differ, giving them different critical stiffnesses, kc (defined by Equation (2.35)). In Figure 5.42(b)
we see that the two blocks slip out of phase, with a phase lag that varies from cycle to cycle. The
trajectories of block 1, shown in Figure 5.42(c), now differ with each cycle. The force from the
coupling spring differs between cycles because of the different phase lags, which affects both
the initial stress and the stress drops in the slip events of block 1. This kind of phase portrait in
which the attractor orbits change between circuits in complex ways is called a strange attractor
and is a hallmark of chaotic motion. The slip history of block 1 (Figure 5.42(d)) is no longer
periodic but quasiperiodic. It fits neither the slip-predictable nor the time-predictable models.
The instances, marked by arrows, in which both blocks slip simultaneously do not repeat in any
regular pattern. This is an example of a chaotic cycle. It has many of the properties of the
observed sequences that have been discussed earlier.

A physical model consisting of a one-dimensional series of many blocks and springs
produces far more complex behavior, including reproducing the Gutenberg–Richter distribu-
tion of event size (Burridge and Knopoff, 1967). A general dynamic model of spatially extended
dissipative systems of this type was developed by Bak, Tang, and Wiesenfield (1988). It

Fig. 5.42. Behavior of a 2-block model with R/S friction. (a) Schematic diagram of the
model; (b) plot of normalized velocity versus time for the two blocks; (c) dimensionless
stress versus log of normalized velocity for block 1; (d) displacement versus time for
block 1. Arrows indicate cycles when both blocks slipped simultaneously. (From Abe
and Kato, 2013.)
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reproduces some of the characteristics of earthquakes. Their model has the property that it
evolves to a self-organized critical state that is characterized spatially by a power-law size
distribution of clusters and temporally by 1/f noise. A simple visualization of this is of a pile
of sand, in which the self-organized critical state is the maximum angle of repose, the size
distribution of landslides is a power law, and the sand flow off the pile is 1/f noise. This was
the first dynamicmodel that predicted, without any built-in assumptions, a fractal, or power-
law size distribution, of which the Gutenberg–Richter law is an example. Such behavior, in
which well-defined statistical properties of a population arise from the interactions of many
simple elements, is known as complexity. The formation of fault and earthquake populations
(Sections 3.2.4 and 4.3.2) is an example of complexity physics. The model used for the
evolution of fault populations (Spyropoulos et al., 2002) differs from the Bak et al. (1988)
model in that it includes long-range interactions, which result in the evolution of the two
additional populations from the initial power-law distribution, the latter applying only to
dilute populations where fault interactions are negligible.

Models of complexity that derive from or were inspired by Bak et al. (1988) and Burridge and
Knopoff (1967) have been extensively applied to earthquake physics. These include cellular
automata models (Bak and Tang, 1989; Brown, Scholz, and Rundle, 1991), one- and two-
dimensional spring-block models that incorporate the full dynamics (Carlson and Langer,
1989a,b; Shaw, 1995,1997), continuum models (Ben-Zion and Rice, 1995), and mean field
models (Sornette and Sornette, 1989; Sornette and Virieux, 1992). The discrete spring-block
models generate Gutenberg–Richter-size distributions, show separation between large (system
size) and small events (Carlson and Langer 1989a,b; Brown et al. 1991; Shaw 1995; 1997) in
which the recurrence of the large events obeys a lognormal distribution in time (Brown et al.,
1991), and changes in seismicity during the cycle of large events, all of which resemble natural
seismicity. This suggests that the entire schizosphere is in a self-organized critical state, which
may be why, as pointed out in Section 6.6.5 it is everywhere near failure.

The seismic cycle, whether it is represented by the simple system or the more complex
system, must satisfy an energy balance, so even if aperiodic it must be characterized by amean
recurrence time, as the observations indicate. Because the strength of the fault, though spatially
variable, must also be a well-defined quantity, it is also reasonable that the variance from the
mean is a well-defined function of themean, because themean recurrence time is a measure of
the stressing rate. These concepts were well phrased by Gilbert (1909), who said:

There is a class of natural and artificial rhythms in which energy gradually passes into the
potential form as internal stress and strain and is thus stored until a resistance of fixed
amount is overcome, when a catastrophic discharge of energy takes place. The supply of
energy being continuous and uniform, the discharges recur with regular intervals. . . If the
stresses of the earthquake district affected only homogeneous rock and were always
relieved by slipping on the same fault plane, the cycle of events would be regular; but
with complexity of structure and multiplicity of alternative points of collapse, all
superficial indication of rhythm is lost.

Although these conditions prevent us frommaking accurate long-term earthquake predic-
tions, they do provide a firm basis for earthquake hazard analysis, which will be discussed in
Section 7.5. Before we go on to that problem, however, we need to discuss the variable roles
earthquakes play in different tectonic environments, which is the topic of the next chapter.
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CHAPTER

SIX

Seismotectonics

We now discuss the role of earthquakes in a variety of tectonic settings and, in particular, the
relative role of seismic and aseismic faulting. The stability of faulting, which has been con-
sidered only for continental fault zones, is examined for oceanic faults, subduction zones, and
other tectonic settings. We also review what lessons may be learned from induced seismicity.

6.1 INTRODUCTION

In the foregoing discussion, the general principles that govern the mechanics of earthquakes
and faulting were described and various illustrative examples were given. We have yet to place
these phenomena within the perspective of the total tectonic process of which they form a part.
Since Lyell’s day it has been acknowledged that earthquakes play a role in active tectonics, but
the amount of the total deformation produced by this mechanism, and the role of earthquakes
in different tectonic environments, are still moot points. Seismicity often is used to deduce the
tectonics of a region, so logically we may seek to know how much is revealed and how much
remains hidden by seismology. The study of earthquakes as a tectonic component has become
known as seismotectonics, which is the topic of this chapter.

It has long been known that earthquake activity is a symptom, if not the agent, of active
tectonics. A global map of seismicity, as shown in Figure 6.1, reveals most of the activity
deforming regions of Earth. The major plate boundaries can be traced out easily, as well as
the diffuse bands of seismicity associated with the distributed deformation zones, such as the
Alpine–Himalayan belt, the Great Basin in the western USA, and the Indian Ocean. The existence
of seismicity thus can be used to deduce the tectonic activity of a region, particularly in
submarine regions and other areas that are otherwise inaccessible. It was the recognition of
a continuous belt of seismicity together with a few bathymetric profiles across the North
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Atlantic that allowed Ewing andHeezen (1956) to predict the existence of aworldwide systemof
mid-ocean rifts. Similar maps at smaller scale, constructed with data from regional and local
seismic networks, allow the tectonics to be studied in much finer detail.

In determining to what degree earthquakes are the agents rather than the symptoms of
deformation, however, such seismicitymapsmay bemisleading. Evenwhen they distinguish, by
different symbols, earthquakes of different magnitudes, they do not give an adequate indica-
tion of the different sizes of the earthquakes. This point is illustrated with the pie diagram in
Figure 6.2, which gives the distribution of seismic moment release worldwide for the period
1904–1986. It is seen that moment release, even among the major plate boundaries, is dis-
tributed very unevenly. About one-fourth of the total moment was released in a single earth-
quake: the great Chile earthquake of 1960 that ruptured about 800 km of the subduction zone
interface at the Peru–Chile trench. This is not surprising, given the size distribution as
described by Equation (4.19). This power-law distributionmust be convergent (i.e. sum to finite
moment), so it follows that most of the moment must be contained in the few largest events.
The same is true for the size distribution in any region; the moment release will be dominated
by the few largest events.

Further examination of Figure 6.2 shows that about 85% of the moment release occurs at
subduction zones. More than 95% is produced by shallow, plate-boundary earthquakes, the
remainder being distributed between intraplate events and deep and intermediate-focus
earthquakes. Volcanic earthquakes also produce insignificant amounts of moment release.
In the examination of the seismotectonics of any region, one needs to be aware that the few
largest events in the earthquake catalog will completely dominate the estimate of moment
release rate for that region.

Earthquake focal mechanisms may of course be used to great effect in deducing the tec-
tonics of a region. Although, as mentioned in Section 4.1, the double-couple radiation pattern
for earthquakes had been known since the 1920s, it was not until the Worldwide Standardized
Seismic Network, which provided data of sufficient quality, was established in the early 1960s
that the technique came to fore. Two papers published in that era deserve special credit for

Fig. 6.1. Map of global shallow seismicity, 1963–1988, M>5, depth <70 km. (Courtesy
of National Earthquake Information Center, US Geological Survey.)
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establishing the basis for this type of analysis. The first is Sykes’s (1967) use of focal mechan-
isms to prove Wilson’s (1965) transform fault hypothesis. The second is the paper of Isacks,
Oliver, and Sykes (1968), which used focal mechanisms to confirm the kinematics of plate
tectonics and to deduce the mechanics of subducting slabs. That paper embodied the main
techniques of qualitative seismotectonic analysis that we take up in the next section.

6.2 SEISMOTECTONIC ANALYSIS

6.2.1 Qualitative analysis

Earthquakes that result from sudden slip along a fault produce a quadrantal radiation pattern
that can be determined by a variety of seismological techniques, and which is called a focal
mechanism (or fault plane) solution (Figure 6.3). The four lobes are divided by two planes, one
of which has the orientation of the fault plane and the other, called the auxiliary plane, has the
slip vector as its normal. This provides the geometrical orientation of the seismic moment
tensor (Equation (4.1b)). The principal axes of the moment tensor bisect the dilatational and
compressional lobes and are called the P and T axes. These are also the principal axes of the
stress-drop tensor, hence their names refer to the direction of compression and tension,
respectively.

Fig. 6.2. A pie diagram illustrating the distribution of global seismic moment release,
1904–1986. (Courtesy of J. Pacheco.)
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Two types of ambiguities are present in the interpretation of focal mechanisms for tectonic
analysis. The distinction between the fault plane and the auxiliary plane cannot be made from
the focal mechanism itself, it must be based on a judicious comparison with the local geology.
This usually is sufficient to resolve the question, but one needs to keep the alternative in mind.
For example, if onewere unaware that strike-slip earthquakes in the South Iceland seismic zone
(Figure 3.8), have the N–S-striking surface ruptures, one might have selected the auxiliary
planes in the focal mechanisms as indicating left-lateral motion along an E–W transform fault
connecting the spreading ridge that extends up the Reykjanes Peninsula with the eastern rift
that ends at Hekla – a transform that in fact does not exist.

The other uncertainty arises in attempting to relate the P and T axes with the greatest and
least principal compressive stress directions. This would be correct only if the stress-drop
tensor is the same as the stress tensor, which is unlikely ever to be the case, because the stress-
drop tensor contains only shear stresses. The P and T axes are at 45° to the fault plane, which is
not the correct direction for Coulomb failure. However, because the fault is a preexisting plane
of weakness, the ambiguity is greater than that: there is a wide range of possible orientations of
σ1 and σ3 with respect to the fault plane, depending on the friction value assumed (McKenzie,
1969). The problem is very similar to that in estimating stress directions from the orientation of
active faults, discussed in Section 3.1.1.

Various inversion schemes have been developed for inverting the σ1 and σ3 orientations
from the focal mechanisms of earthquake populations (Gephart and Forsyth, 1984; Michael,
1987) or fault data (Angellier, 1984). The results of such analyses need to be interpreted with
caution (e.g. Ritz and Taboada, 1993). Thesemethods depend on the assumption that the stress
orientations are constant within the volume being analyzed. This assumption cannot be inde-
pendently tested: confidence in the result relies solely upon internal consistency and a wide

Fig. 6.3. The geometry of the double-couple earthquake fault plane solution.
Compressional and dilatational first motions of P waves are indicated by + and −.
Fault slip is right-lateral in this example.
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variety of focal mechanism types in the population. In a region in which the stress directions
vary spatially, this problem will produce a dependence of the results on the way in which the
data were binned. An example was given in Section 3.4.2 with regard to the weak San Andreas
Fault hypothesis.

It also requires that all faults be equally sampled by seismicity. Consider a hypothetical case
in which σ1 is N–S, with two sets of active strike-slip faults with a 30° friction angle. The fault
sets would then strike N30°E and N30°W and earthquakes on them would produce P axis
maxima at N15°W and N15°E, respectively. If both sets of faults were equally active, the
inversion would average the two maxima and return the correct answer. But if in the sampling
interval the N30°E set was more active than the conjugate set, say, the solution would indicate
that theσ1 direction is to the west of north, with the end-member case indicating aσ1 direction
of N15°W (in the case of no activity on the conjugate set). This problem is also difficult to
evaluate.

Several seemingly contradictory examples may also be used to show that such dynamic
interpretations of focal mechanism data are not always appropriate. One such case is that of
oblique convergence, which is accommodated by slip partitioning between nearby subpar-
allel thrust and strike-slip faults. The stress directions inferred from the thrust and strike-
slip focal mechanisms are incompatible. A similar situation occurs at the intersection of an
ocean ridge and transform fault. These cases, though dynamically incompatible, are kine-
matically compatible: in the first case, the vector sum of the slip vectors yields the plate
motion; in the second, the horizontal components of the two slip vectors are the same. One
must be judicious in deciding which interpretation, dynamic or kinematic, is appropriate in
each case. The seminal paper of Isacks et al. (1968) illustrates bothmethods of analysis. They
interpreted shallow interplate earthquakes kinematically as determining the local relative
plate-motion directions. In contrast, they interpreted focal mechanisms for intermediate-
and deep-focusWadati–Benioff zone earthquakes dynamically, suggesting that they indicate
down-dip compression or extension in the subducting slab. Themost appropriate analysis is
usually obvious in the context of the application, but the distinction between the two needs to
be kept in mind.

6.2.2 Quantitative analysis

So far we have considered only geometrical information. If we include the magnitude of the
seismic moments in the analysis, we can make a quantitative estimate of the contribution of
seismic faulting to the deformation. Consider the simple case of a single fault of areaA onwhich
N earthquakes of knownmoment and the same slip vector occurwithin timeT. Then the seismic
slip rate of the fault is

_u ¼ 1
μAT

XN
k¼1

M kð Þ
o ð6:1Þ

(Brune, 1968). If, on the other hand, we consider some volume V in whichmany faults are active,
wemay calculate the strain rates in the volume from tensorially summing the seismicmoments
according to the formula of Kostrov (1974),

_εij ¼ 1
2μVT

XN
k¼1

M kð Þ
oij ð6:2Þ
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where _εij are the rates of tensor (irrotational) strain components defined in the normal way:

_εij ¼ 1
2

∂ui

∂xj
þ ∂uj

∂xi

� 
If one sums the geometrical moment Mgij = uA of all faults in a volume one can obtain the

total brittle strain (Scholz andCowie, 1990) by the following application of the Kostrov formula:

εij¼
1
2V

XN
k¼1

M kð Þ
gij ð6:3Þ

To illustrate this compact tensor equation, consider the simple case of a plate of brittle
thicknessW* and length andwidth l1 and l2 being extended in the x1 direction by a population of
parallel normal faults of dip φ, as sketched in Figure 6.4. The mean displacement û1 of the
right-hand face is

û1 ¼
XN
k¼1

uk cos φL2
k sin φ

W �l2
ð6:4Þ

for small faults that do not rupture the entire thickness and are assumed to be equant of side
L. We then have

ε11 ¼ û1

l1
¼ cos φ sin φ

V

XN
k¼1

ukL
2
k ð6:5Þ

Fig. 6.4. Schematic diagram for calculating brittle strain from faulting.
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a simple form of Equation (6.3). If the faults become large such that they rupture the entire
thickness of the brittle layer, they will have length L and width W*/sin φ and the equivalent
expression becomes

ε11 ¼ cos φ

A

XN
k¼1

ukLk ð6:6Þ

where V and A are the volume and area of the deformed region.
These are the same formulae used by Cowie et al. (1993) to calculate the extension of the sea

floor from mid-ocean ridge normal faulting (Figure 6.19) and by Gupta and Scholz (2000b) to
calculated the brittle strain in Figure 3.28.

It is usually easier to determine the lengths of faults in a population than their displace-
ments. However, because of the scaling law u ¼ γL it is not necessary to determine u and
L independently for every fault in a region. One needs only to determine the scaling parameter
for a few faults in the region and then apply it throughout. A further simplification results from
the property of fault populations. Inmost regions the strains are small and the size distribution
is a power law. Integrating over Equation (3.9), using the scaling law and summing the scalar
moments, for large faults (L≥W*),

XN
k¼1

Mk
g ¼ aW �γC

ð
dN Lð Þ
dL

L2dL ¼ aW �γC
2� C

L2�C ð6:7Þ

and for small fault (L≤W*)

XN
k¼1

Mk
g ¼ aW �γC

ð
dN Lð Þ
dL

L3dL ¼ aW �γC
3� C

L3�C ð6:8Þ

The parameter C is approximately (or exactly) 1 (Figure 3.25(a)). Inserting this value into the
proper integrals above we see that they are convergent. Almost all themoment is carried by the
largest faults, so we need only evaluate the integrals at their upper bounds. The remaining
moment in the smaller faults can be calculated, so we needn’t be concerned with the lack of
resolution at the small scale (Scholz and Cowie, 1990).

Seismic coupling

Aquantitativemeasure of the rate of seismic contribution to tectonic deformation in a region is
given by

_PS ¼
Xn
i¼1

Mi
o

μTi
ð6:9Þ

where Mi
o is the moment of the ith earthquake, Ti is its recurrence time, and µ is the shear

modulus. The parameter that is central to the topic is defined as

PS ¼ Mo

μ
¼

ð
S

udA ð6:10Þ

where u is the slip vector and A is the rupture area. Such a surface integral of a vector field is
mathematically defined as a flux, and this term is often used in physics for the same type of

284 Seismotectonics

https://www.cambridge.org/core/terms. https://doi.org/10.1017/9781316681473.009
Downloaded from https://www.cambridge.org/core. Stockholm University Library, on 18 Dec 2018 at 16:10:09, subject to the Cambridge Core terms of use, available at

https://www.cambridge.org/core/terms
https://doi.org/10.1017/9781316681473.009
https://www.cambridge.org/core


quantity, i.e. the electric flux. We therefore call PS the seismic flux (PS has also been called
“potency” but since that term provides little physical insight, we avoid it). The time derivative,
_PS , with units m3/yr, is hence the seismic flux release rate. The seismic coupling coefficient is
then defined as

χS ¼
_PS

_PT

ð6:11Þ

in which the tectonic flux rate _PT ¼ vpAc , the product of the plate (or fault) velocity and Ac, the
nominally coupled, or seismogenic, area of the plate boundary or fault.

If we have geodetic measurements of the interseismic velocity field, a third parameter, _PG,
the seismic flux accumulation rate, can be determined. With the assumption that this parameter
is constant during the interseismic period (this requires that measurements be taken after the
postseismic effects of the last great earthquake have decayed into the background), the geo-
detic coupling coefficient

χG ¼
_PG

_PT

ð6:12Þ

provides amuchmore robustmeasure of the coupling of the interface than does Equation (6.11)
because it is not dependent on a usually incomplete seismic record. Furthermore, inversions of
geodetic data can provide the spatial distribution of χG on the plate interface, which can be
interpreted in terms of its frictional properties (c.f. Figure 3.49).

Evidence from uplifted terraces along the Nankai coast (Fitch and Scholz, 1971), and corals
off Sumatra (Sieh et al., 2008) indicate that permanent uplift constitutes less than 5% of the
coseismic uplift in the subduction zone seismic cycle. We can therefore assume that essentially
all of the deformationmeasured in _PG is elastic and that on the long-term, over several seismic
cycles, the equilibrium condition must hold:

_PG ¼ _PS ð6:13Þ

Because PS ¼ ER=σA(Equation (4.8)), this is an energy balance statement. This equation
provides an independent check on estimates of _PS which allows for the assessment of com-
pleteness of the historic and prehistoric earthquake records, and, in cases where there is
a significant shortfall in the seismic flux release rate, a quantitative estimate of the seismic
activity that must be missing from the record.

One is often concerned with the recurrence time of the earthquake that ruptures
the entire plate boundary or fault segment being studied. If one assumes that this earth-
quake, of moment Mseg

o , is the largest member of a set governed by the Gutenberg–Richter
size distribution (Equation (4.19)), then one can integrate over that distribution to find its
recurrence time

T Mseg
o

� � ¼ 1
1� B

Mseg
o

μχG
_PT

ð6:14Þ

(Avouac, 2015; Molnar, 1979). However, as discussed in Section 4.3.2, the segment-
rupturing earthquake is often found to be one or two orders of magnitude larger
than expected from an extrapolation of the Gutenberg–Richter relation. In that case, the
small earthquakes would provide an insignificant contribution to the seismic moment
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release, and a better estimate of the recurrence time of the segment-rupturing event
would be

T Mseg
o

� � ¼ Mseg
o

μχG
_PT

ð6:15Þ

There is no fixed rule about this calculation, so it needs to be judiciously applied. In the case
of the nested cycles discussed in Section 5.4.2, seismic moment release was evenly distributed
between the inner and outer cycles. This would yield a recurrence time for the segment-
breaking event between the estimates of Equations (6.14) and (6.15).

6.3 SUBDUCTION ZONE EARTHQUAKES

It is axiomatic that the role of earthquake activity in the tectonic process varies widely with
tectonic environment. Much of the discussion so far has concerned continental fault zones,
although, as mentioned in Section 6.1, the bulk of the global seismic moment release
occurs at subduction zones, which are much different in structure and seismic behavior.
The major seismic moment release at subduction zones occurs at the frictional interface
between the subducting plate and the overriding plate, which is not strictly a fault (in the
sense that its two sides were not formed by brittle fracture and then modified by con-
tinued shear). Instead, one side, which consists of sediment-covered sea floor, is being
introduced continually into the system. Clearly, the fate of this sediment – to what degree
it is subducted and the extent to which subducted material is consolidated and metamor-
phosed – will have a great deal to do with the frictional behavior of the interface.
Furthermore, because of the nearby presence of the subducted slab, major plate-driving
forces are in close proximity to the subduction zone (e.g. Forsyth and Uyeda, 1975), so we
cannot assume that forces are remote and the stresses on the interface are given by some
sort of standard “Andersonian” state. The variability of these factors may be an important
cause of why subduction zones have a much greater range in seismic behavior than do
continental fault zones.

Figure 6.5 illustrates the distribution of the frictional stability fields on a typical subduc-
tion zone interface. A wide variety of great subduction earthquakes may result from varia-
tions in these distributions combined with the stress distribution that is determined both by
the plate tectonic forces local to the subduction zone and the fading history of past earth-
quakes. In recent years there have been an unusual number of such earthquakes and their
observation withmodern instrumentation has revealedmany details that begin to allow some
inferences to be made about their source physics that differ in some important respects from
that of crustal earthquakes (c.f. Lay, 2015). In this section we shall explore this topic, initially
by providing a few case studies that illustrate a variety of phenomena associated with this
type of earthquake.

6.3.1 Case studies of megathrust earthquakes

The earthquakes discussed below were selected as well-documented earthquakes that
demonstrate the variability of processes involved in subduction zone megathrust
earthquakes.
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The MW 9.0 Tohoku-oki, Japan, earthquake of March 3, 2011

This earthquake ruptured the subduction zone of the Japan trench off northeast Japan. It was
preceded by a month-long foreshock sequence shown in Figure 6.6(a). This sequence was
accompanied by repeating earthquakes, which, as discussed in Section 4.6.3, usually indicate
slip of unstable patches imbedded in a creeping fault. This foreshock sequence (Kato et al.,
2012) corresponded with a month-long M 7 slow slip event detected with ocean-bottom
pressure transducers (Ito et al., 2013). A very similar foreshock sequence accompanied by
slow slip preceded the 2014 MW 8.1 North Chile (Iquique) earthquake (Socquet et al., 2017)
(for further discussion of both these cases, see Section 7.2.3).

Two days prior to the mainshock, an MW 7.3 interface thrust foreshock occurred,
followed by a migration of activity to the southwest at a decreasing rate, marking the
postseismic expansion of the rupture zone of that earthquake (Ando and Imanishi, 2011)
which was detected with ocean-bottom pressure transducers (Hino et al., 2014; Ohta
et al., 2012). The mainshock initiated at the edge of that zone with a slowly accelerating
phase lasting <10 s (Meng et al., 2011), suggestive of a nucleation phase (Ellsworth and
Beroza, 1995).

The propagation of the mainshock is shown in a series of snapshots in Figure 6.6(b).
It initially propagated down-dip, reaching 45–50 km, the base of the seismogenic zone,
after about 40 s. Shortly thereafter a second rupture phase, with very large slip, propa-
gated up-dip, apparently reaching all the way to the trench. This was following by a second
deep slip episode, in which rupture propagated further to the north and south. According
to a joint inversion of seismic, geodetic, and tsunami data by Koketsu et al. (2011), the first
two rupture phases were characterized by slow rupture velocities of 1.5–1.8 km/sec and
the third by a higher velocity of ~2.5 km/sec. The final slip distribution is shown in
Figure 6.6(c). The largest slip occurred in the region up-dip from the hypocenter, reaching

Fig. 6.5. Schematic cut-away view of a subduction zone interface. Dark zones labeled
“Seismic” are regions of unstable frictional sliding. Areas labeled “Conditionally
Sliding” may slip aseismically during the interseismic period and may be forced into
seismic sliding by unstable slip in adjacent unstable regions. (From Lay et al., 2012.)
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50 m at the shallowest depths. This is the largest slip ever observed in an earthquake, and
because this large slip extended to shallow depths near the trench, and where additional
uplift of the sea floor may possibly occur in the toe of the accretionary wedge (Tanioka and
Seno, 2001), an unusually great tsunami was generated.

The colored circles in Figure 6.6(c) indicate discrete source locations of high-frequency
radiation pulses, with circles indicating their relative amplitudes. The purple circles are from
the first deep slip episode, the green from the second. Thus, most high-frequency radiation
emanated from the deeper part of the rupture. This is illustrated in the velocity power spectra
from teleseismic P waves illustrated in Figure 6.7, which indicate that the shallow parts of the
rupture were depleted in high-frequency radiation.

Fig. 6.6. The Tohoku-oki Japan earthquake of 2011. (a) The foreshock sequence, lead-
ing up to the 03/09 11:45MW 7.3 foreshock and following it in subsequent periods as
its aftershocks migrated southwards. The mainshock (black star) initiated at the edge
of the foreshock cluster. (From Kato et al., 2012.) (b) Snapshots of the progression of
the Tohoku-oki earthquake rupture. (From Ide et al., 2011.) (c) Static slip distribution in
the earthquake. (From Lay et al., 2012.) (d) Velocity structure of the Tohoku-oki seg-
ment of the Japan trench subduction zone. (From Yamamoto et al., 2011.) Red curve
indicates rupture zone of moderate slip and high-frequency radiation; yellow curve
rupture zone of large slip and low-frequency radiation. Yellow star, earthquake hypo-
center: blue star, estimated initiation point of slow shallow surge, based on Ide et al.
(2011). FT is the friction transition marking the trenchward limit to the seismogenic
zone based on the rupture zone of the 1981 MW 7.1 Miyagi-oki earthquake (Ito et al.,
2005). (From Scholz, 2014.) (A black and white version of this figure appears in some
formats. For the color version, please refer to the plate section.)
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Fig. 6.6. (cont.)
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The aftershocks of this earthquake were very precisely determined with the help of ocean-
bottom seismometers. They were dominated by normal faulting both in the upper wedge and
the down-going slab, but there was a complete absence of plate interface aftershocks in the
region of the large shallow slip (Kato and Igarashi, 2012; Obana et al., 2013). Interplate thrust
aftershocks were limited to the deep slip region (Asano et al., 2011). There was also an

Fig. 6.6. (cont.)

Fig. 6.7. Relative ground velo-
city power from P waves
radiated from different depth
ranges of the source. Notice
the depletion of high frequen-
cies from depths <30 km.
(From Lay et al., 2012.)
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abundance of normal faulting aftershocks in the trench outer rise (Lay et al., 2013; Obana et al.,
2012). The normal fault aftershocks in the upper plate led to the interpretation that dynamic
overshoot had left the plate interface stress-free, which could explain the dearth of aftershocks
on the interface of the shallow large slip region (Obana et al., 2013). Alternatively, aftershocks
were not able to nucleate in such a velocity-strengthening region. Afterslip occurred, with
a typical logarithmic decay, in the deeper portions and below the rupture, extending to 80 km
depth (Ozawa et al., 2012).

The shallow surge of prodigious slip that propagated to the trench had never been
observed prior to this earthquake. It came as a great surprise because the accepted
wisdom had been that the shallow parts of the subduction interface are lined with soft
clay-rich oceanic sediments that are velocity-strengthening and hence should prohibit
seismic rupture from propagating to shallow depths (e.g. Hyndman and Wang, 1993;
Saffer and Marone, 2003). It seems that this earthquake ruptured in two modes, as
indicated in Figure 6.6(d). The deeper part, indicated in red, behaved like a typical sub-
duction zone megathrust earthquake. The shallow slip surge, indicated in yellow, had
a very smooth rupture propagation mode that did not produce high-frequency radiation.
In this location there is evidence from repeating earthquakes (Igarashi et al., 2003; Uchida
et al., 2004) and geodetic data (Loveless and Meade, 2011) that the region of the shallow
surge creeps aseismically during interseismic periods As discussed in Section 5.4.2, M 9
class earthquakes occur with a recurrence time of about 1000 years in this region.
The slip in the large shallow slip surge accounted for only about half the plate motion
in that interval so that this region must be slipping aseismically during interseismic
periods. The friction transition FT marked in Figure 6.6(d) divides the deeper velocity-
weakening from the velocity-strengthening region at shallower depths. It is based on the
outer limits of the rupture zones of Miyagi-oki type earthquakes (Ito et al., 2005). There
has been considerable speculation as to the mechanism of the shallow slip surge. This
will be taken up in Section 6.3.3.

The MW 9.2 Sumatra-Andaman earthquake of December 26, 2004

This great earthquake ruptured 1,300 km of the Indo-Australian/southeastern Eurasian
plate boundary from northern Sumatra past the Nicobar and Andaman Islands. It produced
a tsunami that caused more that 283,000 deaths, primarily in Sumatra, Thailand, and Sri
Lanka.

The coseismic slip distribution is shown in Figure 6.8(a) (Chlieh et al., 2007). The rupture
initiated in the south and progressed slowly with small slip and rupture speed for the first
40–60 s, followed by a large moment release and then propagation to the north at an average
rupture velocity of 2.5 km/s (Ammon et al., 2005; Lay et al., 2005). The maximum slip was
~15 m off northern Sumatra and the Nicobars and decreased further to the north. GPS data
(Banerjee et al., 2005) and back projection of the radiation at different frequency bands (Lay
et al., 2012) indicate that large slip, deficient in high-frequency radiation, occurred up-dip of
the region of high-frequency radiation, perhaps as far as the trench (Figure 6.8(b)).
Aftershocks covered the shallower part of the coseismic rupture plane (Engdahl et al.,
2007) with thrust events occurring all the way to the trench. They also included strike-slip
earthquakes on the extension of the Sumatra fault and a swarm of earthquakes in the
Andaman Sea spreading center. Prior to the mainshock, seismicity had been limited to
the deeper part of the megathrust as well as the strike-slip boundary and the Andaman Sea
back-arc spreading center.
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Fig. 6.8. (a) Coseismic slip distribution in the 2004 Sumatra-Andaman earthquake.
(Model of Chlieh et al., 2007, figure from Shearer and Bürgmann, 2011.) (b) Spatial
distribution of the regions of high-frequency radiation (blue) and low-frequency shal-
low slip (yellow) in the Sumatra-Andaman earthquake. (From Lay et al., 2012.) (c)
Rupture model of the 2006 Kuril Islands earthquake doublet. (From Ammon et al.,
2008.) (d) Coseismic (blue contours) and afterslip (orange scale) slip distribution of the
2007 Pisco, Peru, earthquake. Insets show the timehistory of afterslip (blue curve)fit to
a velocity-strengthening friction law. (From Perfettini et al., 2010.) (A black and white
version of this figure appears in some formats. For the color version, please refer to the
plate section.)
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No historic earthquakes of significant size are known to have ruptured this section of plate
boundary prior to 2004 (Bilham et al., 2005; Chlieh et al., 2008). Based on measured rates of
interseismic strain accumulation in the Andaman Islands compared with the 2004 coseismic
slip offshore, Bilham et al. (2005) estimated a 1000-year recurrence time for that type of
earthquake. Study of tsunami deposits in Thailand (Jankaew et al., 2008), northern Sumatra
(Monecke et al., 2008), and uplifted coastal terraces in the Andaman Islands (Rajendran et al.,
2008) suggest that the most recent predecessor of the 2004 earthquake took place about
600 y bp. A 7,000-year tsunami record found in a Banda Aceh cave showed highly a variable
recurrence pattern, with both clusters within short time intervals and a single inactive period of
more than 2000 years (Rubin et al., 2017). As discussed in Section 5.4.2, the history of vertical
motions from corals in offshore islands indicate that this part of the Sunda Arc undergoes
“supercycles” in which several great earthquakes rupture sequentially along the strike of the
arc in temporal clusters, separated in time by long hiatuses. In this case, the 2004 earthquake
was followed 3 months later by the MW 8.6 Nias-Simeulue earthquake, which ruptured the
section of subduction interface immediately to the south (Briggs et al., 2006; Konca et al., 2007),
and by the 2007 MW 8.5 Sumatra earthquake further to the south.

Fig. 6.8. (cont.)
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Postseismic deformation was attributed to relaxation of the lower crust and upper mantle
by Pollitz et al. (2006). In contrast, Chlieh et al. (2007) and Subarya et al. (2006) interpreted it as
due to afterslip concentrated down-dip from the area of coseismic rupture. It was unusually
large, amounting to about 30% of the coseismic moment. They found that the time history of
afterslip could be fit by the Perfettini and Avouac (2004) formulation of velocity-strengthening
frictional sliding (Equation (5.3)). The sum of moments from aftershocks was only about 1% of
the moment of the afterslip.

The overall pattern of the Sumatra-Andaman earthquake was similar to the Tohoku-oki
earthquake in that the lower part of the subduction interface was ruptured coseismically,
accompanied by the type of radiation expected from an ordinary earthquake, followed by
large shallow “quiet” slip up-dip and down-dip afterslip that decayed logarithmically with
time.

The Kuril Islands earthquake doublet, MW 8.3 November 15, 2006,
and MW 8.1 January 13, 2007

This earthquake sequence was an MW 8.3 megathrust earthquake followed by a MW 8.1 normal
fault earthquake below the outer trench slope twomonths later, shown in Figure 6.8(c) (Ammon
et al., 2008; Lay et al., 2009; Raeesi andAtakan, 2009; Steblov et al., 2008). These occurredwithin
a recognized seismic gap that had not ruptured since 1915.

The megathrust earthquake was preceded by a burst of moderate-size interface thrust
earthquakes in the vicinity of the mainshock hypocenter beginning 45 days prior to it,
followed by a relative quiescence. The great thrust earthquake produced average slip of
4–6.5 m on a plane dipping 15°W, concentrated in the 5–20 km depth range, with an average
rupture velocity of 2 km/s. It induced aftershocks not only along the 250 km length of the
plate interface, but also, like the Tohoku-oki earthquake, comparable rates of activity in the
outer rise. This culminated two months later in aMW 8.1 normal faulting earthquake beneath
the outer trench slope. The dip of this earthquake was ambiguous, but the 59° southeastern
dip was chosen based on the distribution of aftershocks and a slightly better fit to finite
source models. According to these, it ruptured from 4 to 33 km depth with an average
rupture velocity of 4 km/s. Postseismic deformation was measured with local CGPS stations
in the Kuril Islands. It was modeled as relaxation of the asthenosphere with power-law
rheology (Kogan et al., 2013).

These doublet earthquakes were very different in their dynamic rupture characteristics.
The scaled energy release, ER/Mowas 9 times higher for the normal faulting event, and its ERwas
twice that of the thrust event. These differences are shown in Figure 6.9. The enhanced short-
period radiation and short time duration of the normal faulting event reflect its greater stress
drop and rupture velocity. These differences probably arise because the normal faulting event
occurred on a very low displacement fault that is not lined by oceanic sediments, in contrast to
the thrust event that occurred on the subduction interface lined with subducted oceanic
sediments.

Outer-rise normal fault earthquakes following megathrusts are not uncommon, but ones
this large are rare. This was the third largest on record, following the 1933 MW 8.4 Sanriku,
Japan, and 1977 MW 8.3 Sumba, Indonesia, earthquakes. This type of earthquake was first
noticed by Stauder (1968) in aftershocks of the 1965 Rat Islands earthquake in the Aleutians,
which included an MW 7.7 outer-rise event. They are thought to result from enhanced bending
beneath the outer rise resulting from the stress relief on the adjacent thrust interface.
Compressional earthquakes also occur below the outer rise: they tend to be deeper than the
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normal faulting events and to occur opposite seismically coupled arcs late in the seismic cycle.
They are thought to represent the buildup of compressional stresses in the subducting plate
(Christensen and Ruff, 1983; Dmowska et al., 1988). An MW 7.2 outer-rise thrust earthquake
occurred in the central part of the Kuril gap at a depth of 35 km in 1963 (Figure 6.8(c)). This had
been interpreted as indicating stress buildup in this region. However, a secondouter-rise thrust
event of MW 7.4 occurred in 2009, rupturing from 33 to 55 km depth below the 2007 normal
faulting event (Lay et al., 2009). Although the 2007 earthquake can be interpreted as simply
being triggered by Coulomb stressing from the 2006 thrust (Raeesi and Atakan, 2009), the
occurrence of the 2009 event suggests instead that both were induced by increased bending,
with a neutral plane between the two events.

The Pisco, Peru, MW 8.0 compound earthquake of August 15, 2007

This earthquake, shown in Figure 6.8(d), is remarkable in several respects. It was a compound
event: it initiated as a MW 7.8 earthquake deep on the subduction interface (red star and
adjacent blue contours), then after a 60 s delay triggered a MW 8.0 earthquake up-dip and to
the south, off the Paracas Peninsula (the southern group of contours) (Lay et al., 2010; Sladen
et al., 2010).

Afterslip, shown as the yellow to red regions, occurred up-dip of the first earthquake
and more prominently to the south of the second earthquake. The insets show that the time
decay of the afterslip agrees with the prediction of a velocity-strengthening friction law

Fig. 6.9. Moment rate spectra for the November 15, 2006, and January 13, 2007, Kuril
earthquakes. The smaller earthquake has stronger high-frequency radiation. Inset
compares the source time functions for the two earthquakes. Note the differences in
peak moment rate, total duration, and overall complexity. (From Lay et al., 2009.)
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(Perfettini et al., 2010). Aftershocks were anticorrelated with the coseismic slip patches and
were mainly confined to the proximal parts of the afterslip regions. The southern afterslip
area corresponds with the section where the Nazca Ridge is being subducted. That is
a seismically decoupled region, as shown by the lack of strain accumulation recorded by
CGPS (Perfettini et al., 2010; Remy et al., 2016) and the historical record, which shows that
great subduction earthquakes have failed to penetrate that region (Chlieh et al., 2011; Scholz
and Campos, 2012).

This earthquake behaved like that shown in Figure 5.12(a), in that it was bound to the south
by a creeping section, which responded to the earthquake with afterslip. The Tohoku-oki and
Sumatra-Andaman earthquakes behaved more like Figure 5.12(c), in which afterslip was con-
fined to down-dip regions.

6.3.2 Tsunami earthquakes

Undersea earthquakes that generate tsunamis that are unusually large with respect to the
earthquake size are called tsunami earthquakes (Kanamori, 1972). Some tsunami earthquakes
may involve undersea slumps or landslides (e.g. Heinrich et al., 2000) but the majority are
subduction interface earthquakes that rupture at shallow depths close to the trench. They are,
in addition, slow earthquakes: relative to other subduction earthquakes, they have long
moment-scaled source durations, low rupture velocities and stress drops, and diminished
high-frequency radiation and hence low scaled energy ER/Mo (Newman and Okal, 1998;
Pelayo and Wiens, 1992; Polet and Kanamori, 2000; Satake and Tanioka, 1999; Ye et al.,
2016b). These earthquakes constitute a particularly severe type of seismic hazard and there-
fore it is important to understand the situations that favor their occurrence (e.g. Hubbard et al.,
2015). Paleoseismological studies of past tsunamis from coastal deposits are discussed in
Section 5.3.2. Features that might identify the past occurrence of tsunami earthquakes in
subduction zone accretionary prisms are discussed in Bécel et al. (2017). This class of subduc-
tion earthquake is also of interest because it implies frictional properties of the subduction
interface not expected from conventional models.

The 2010 MW 7.8 Mentawai tsunami earthquake

This earthquake initiated just up-dip of the rupture zone of the 2007 MW 8.5 Sumatra earth-
quake (Figure 6.10). It propagated up-dip and then to the NW with an average rupture velocity
of 1.8 km/sec and rupture duration of 130 s. The main slip zone was concentrated in the upper
5 km depth near the trench with a length of 100 km along strike and a maximum slip of ~8 m
(Yue et al., 2014). Aftershocks occurred primarily in the shallower parts of the rupture and had
normal faulting mechanisms (Bilek et al., 2011). It produced a large tsunami in the nearby Pagai
Islands that resulted in considerable fatalities. These two features – long aspect ratio with the
long axis along strike, and normal faulting aftershocks – are common features of tsunami
earthquakes.

The MW 7.8 1994 and MW 7.7 2006 Java tsunami earthquakes

Whereas the Mentawai earthquake occurred at shallow depths up-dip of a strongly coupled
subduction zone, the Java tsunami earthquakes, shown in Figure 6.11, occurred in a zone that is
thought to be weakly coupled. As can be seen in Figure 6.11, the 1994 event occurred in a region
of elevated topography. Abercrombie et al. (2001) argued that it ruptured the top of
a subducted seamount that was strongly coupled relative to the surrounding regions (in
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Fig. 6.10. Setting of the 2010Mentawai tsunami earthquake. Rupture zone of the 2007
earthquake sequence is shown as dark shading. The Mentawai earthquake initiated at
the upper edge of theMW 8.5 earthquake rupture area. Its slip distribution is shown by
the contours within the box. (From Yue et al., 2014.)

Fig. 6.11. The Java tsunamic earthquakes. Bathymetry is shaded. Slip distribution of the
earthquakes is contoured within the boxes. (From Bilek and Engdahl, 2007.)
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a manner expected by the mechanism of Scholz and Small, 1997), which they deduced to be
creeping based on the occurrence of normal faulting earthquakes in the outer rise. They found
that although it had a small stress drop ~0.3 MPa, there was no evidence that it was a slow
rupture. Considering that the tsunami from this earthquake was not anomalously large,
Abercrombie et al. considered this to be an ordinary earthquake that happened to be unusually
close to the trench.

The 2006 earthquake, on the other hand, occurred in a region of low smooth topography
and was a slow earthquake (Ammon et al., 2006). It propagated at a velocity of 1–1.5 km/sec
and ruptured a distance of 200 km parallel to the trench with a duration of 185 s. It produced
4–5 pulses of moment release within an otherwise smooth rupture, suggesting an irregular
frictional environment. Both earthquakes had normal faulting aftershocks (Bilek and Engdahl,
2007).

The MW 7.6 1992 Nicaragua tsunami earthquake

This was the first tsunami earthquake observed with the global broadband seismic network
(Kanamori and Kikuchi, 1993). It is the archetypical tsunami earthquake and is often used as
a template to compare with other tsunami earthquakes. It ruptured the shallow part of an
otherwise weakly coupled subduction interface: its aftershock area was 200 km long and
100 km wide (Ide et al., 1993), but tsunami modeling estimated it to be longer (250 km) and
narrower (40 km), with the down-dip edge extending to only 10 km below the sea floor (Satake,
1994). This latter estimate probably identifies the region of major slip. Kikuchi and Kanamori
(1995) estimated its duration as 110 s and its average rupture velocity as 1.5 km/s. Its radiation
was depleted in high frequencies, and they concluded that it was a slowly propagating smooth
rupture with a slow slip velocity of 0.1 m/s.

Kanamori and Kikuchi (1993) supposed that seismic rupture would not be able to penetrate
the soft toe of the accretionary wedge. They therefore suggested that earthquakes like the
Nicaragua tsunami earthquake occurred in places where subduction erosion had removed the
outer accretionary wedge. Bilek (2010) points out that the majority of tsunami earthquakes do
seem to occur in erosional subduction zones, although the number is few so the statistical
correlation is consequently not very robust. To the contrary, in Figure 6.12 is shown the
moment-scaled source durations of moderate size (5≤ MW≤7.5) subduction earthquakes as
a function of depth (Bilek and Lay, 2002). In all regions there is a marked increase in source
duration for events shallower than 15 km. Those events that have been specifically identified as
tsunami earthquakes are shaded. These data suggest that the presence of slow earthquakes at
shallow depth is a widespread phenomenon.

6.3.3 Seismogenic properties of subduction zones

Figure 3.44 shows a synoptic model of a continental fault zone, in which a “seismogenic
window,” within which earthquakes may nucleate, was defined as the depth range in which
friction is velocity weakening. This was based on laboratory friction studies and supported by
the depth distribution of continental earthquakes shown in Figure 3.45. A similar construction
can be made for subduction zones (Scholz, 1998a).

The depth range for interplate subduction zone earthquakes has an upper cutoff at 10–15
km and a lower cutoff at ~40–50 km, the latter having a range of 30–65 km (Heuret et al., 2011).
The lower depth limit corresponds to a temperature of 400–450°C, as shown in Table 6.1, where
the depth data is from Heuret et al. and the thermal models from Gao and Wang (2017).
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Fig. 6.12.Moment-scaled rupture duration for moderate-sized (5≤MW≤7.5) subduction
interface earthquakes plotted versus depth for several regions in the Circum-Pacific
region. (From Bilek and Lay, 2002.)

Subduction zone

Maximum
earthquake depth,
km

Temperature at
maximum
depth, °C

Minimum
Earthquake depth,
km

Temperature at
minimum
depth, °C

Nankai 35 450 12 200
NE. Japan 60 400 10 100
Mexico 35 400 11 200
Hikurangi 61 450 1 100
Cascadia 30 450 5 150

Seismicity data are from Heuret et al. (2011), and temperatures from Gao and Wang (2017).

Table 6.1. Seismogenic windows for selected subduction zones
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Tichelaar and Ruff (1993), using a thermal model with different assumptions about shear
heating, obtained a temperature range of 400–550°C for the lower limit. The temperature at
the upper cutoff is less well determined but is in the range 100–200°C.

The often quoted temperature range for subduction seismicity, 150–350°C, is from
Hyndman and Wang (1993) and Oleskevich et al. (1999). They assumed that the up-dip
limit corresponds to the smectite–illite transition at 150°C and based the lower limit on
the data for granite gouge shown in Figure 2.31(b). The assumption that the smectite–illite
transition corresponds to the transition from velocity strengthening to velocity weakening
has not been borne out by later experimental work (Saffer andMarone, 2003), and the granite
friction data was used simply because it was the only friction stability data available at that
time.

It is generally assumed that subduction interface earthquakes occur within a layer of sub-
ducted oceanic sediments. These sediments are clay-rich, and during subduction should follow
ametamorphic progression from smectite to illite at about 150°C and from illite tomuscovite at
200–300°C. As discussed in Section 2.3.4, den Hartog et al. (2012; 2013) studied a mixture of
quartz and phylosilicates as a model of subducted sediments and found that the quartz-illite
mixture had a seismogenic window from 250°C to 400°C and the quartz-muscovite one from
350°C to 500°C. Combining these results, shown in Figure 2.34(b), indicates a seismogenic
window from 250°C to 500°C. Den Hartog et al. (2013) noted that their data indicate that
lower sliding velocities tend to shift the regions of velocity weakening to lower temperatures.
Thus, shifting their data to match the upper seismicity cutoff would yield a seismotectonic
window from 150°C to 400°C, in good agreement with all the data.

Evidence from high Vp/Vs ratios (Eberhart-Phillips and Reyners, 1999; Audet et al., 2009)
and from the inversion of heat-flow data (Gao and Wang, 2014), indicate nearly lithostatic
pore pressures at subduction zone interfaces. Gao and Wang estimated an effective friction
coefficient µʹ= τf/ρgh of 0.035 for coupled subduction zones and a higher value of 0.13 for
uncoupled subduction zones, with intermediate values for those with partial coupling.
These differences can be accounted for by the difference of dynamic and static strength,
discussed with regard to the San Andreas Fault in Section 3.4.2. If we assume that the
dynamic friction coefficient at seismic slip velocities is 0.15, from the experimental data
in Figure 4.14(a), then to account for µʹ = 0.035 requires a pore pressure to lithostatic ratio
of λ = .834. Assuming the same ratio for the uncoupled zone predicts a friction coefficient
µ = 0.57, which is in agreement with the experimental value for subduction zone materials
shown in Figure 2.34(a).

A diagram showing the seismogenic behavior of a typical seismically coupled subduction
zone is shown in Figure 6.13. Great subduction zone earthquakes are usually restricted to the
seismogenic window defined by velocity-weakening friction. They have rupture velocities and
radiation spectra similar to continental earthquakes, and their average slips are as expected
from the usual scaling law. Earthquakes that rupture at shallower depths are slow and smooth,
being depleted in high-frequency radiation. Their long durations are due to slow rupture
velocities and perhaps slow slip velocities as well. These slow ruptures are of two types.
In some cases they are the up-dip continuation of a great earthquake to shallow depths, such
as in the case of Tohoku-oki. In other cases, the earthquake is primarily within the shallow
region above the seismogenic window. The two are similar in their properties, except that those
driven by a great earthquake at depth tend to havemuch greater slips than those that initiate at
shallow depths. All such large earthquakes that rupture to shallow depths produce large
tsunamis. The latter type is called a tsunami earthquake, whereas the first type can be con-
sidered a “normal” earthquake plus a tsunami earthquake.

300 Seismotectonics

https://www.cambridge.org/core/terms. https://doi.org/10.1017/9781316681473.009
Downloaded from https://www.cambridge.org/core. Stockholm University Library, on 18 Dec 2018 at 16:10:09, subject to the Cambridge Core terms of use, available at

https://www.cambridge.org/core/terms
https://doi.org/10.1017/9781316681473.009
https://www.cambridge.org/core


Lay et al. (2012) made a diagram similar to Figure 6.13, except they differentiated the depth
extent of the two types of slow shallow ruptures, suggesting that those driven from below
extend to greater depth. There is little evidence for this. Figure 6.6(d) shows a detail of the
Tohoku-oki rupture. The large shallow slip pulse is shown there as originating at a depth of
12 km about 50 km back from the trench. However, the point that divides the “fast” and “slow”

rupture modes is quite uncertain. Koper et al. (2011) placed it just up-dip from the mainshock
hypocenter, shown by the star. The friction transition, estimated from the up-dip limit of
typical Miyaki-oki earthquakes, is just between these estimates. From a physical mechanism
standpoint, it makes the most sense to place the rupture mode switch at the friction transition
boundary. It is easier to distinguish the dividing point between the modes in the case of the
2015MW 8.3 Illapel, Chile earthquake (Melgar et al., 2016). There, the deep fast rupture and the
shallow slow rupture were separated by a pronounced slip minimum at 15–20 km. Interface
thrust aftershocks were limited to the region below this transition depth, indicating that it
marks the friction transition boundary. The Mentawai tsunami earthquake initiated just at the
upper edge of the great 2007 Sumatra earthquake rupture zone, thus it ruptured through the
entire region above the friction transition. Its hypocenter was also near the inferred region of
60% seismic coupling (Chlieh et al., 2008), which provides further confirmation that it initiated
near the top of the seismogenic window. These considerations led to the placing of the transi-
tion from fast to slow rupture mode in the same place for both types of situations: at the upper
boundary of the seismogenic window.

The mechanism of these slow shallow ruptures is of considerable interest. That such
earthquakes can propagate through soft velocity-strengthening material is surprising in
itself. One suggestion for the Tohoku-oki type shallow slip surge is that propagation
occurred through weakening of the clay-rich subducted sediments by thermal pressuriza-
tion of pore fluids enabled by their low permeability (Noda and Lapusta, 2013), a mechanism
supported by laboratory experiments (Faulkner et al., 2011; Oohashi et al., 2015). However,
there is another constraint in the Tohoku-oki case. Normal faulting aftershocks in the outer
accretionary prism require that the earthquakemust have produced a very nearly total stress
drop (Cubas et al., 2013). This is not possible with the thermal pressurization mechanism
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 Fast, high-frequency earthquakes, moderate slip
mainly locked during interseismic period
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Fig. 6.13. A schematic diagram showing the seismogenic features of a typical seismi-
cally coupled subduction zone.
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because that requires a significant level of stress to be maintained to provide the heat for
pressurization. In the case of the Noda and Lapusta model, it was 10 MPa. This is far greater
than allowed by the Cubas et al. analysis or by temperature measurements at the fault depth
made a year after the earthquake in the JFAST project (Fulton et al., 2013), which indicated
that a shear stress resistance of ~0.5 MPa operated during the earthquake. The fact that
tsunami earthquakes usually have normal faulting aftershocks also suggests that total
stress drop is a common feature.

An alternative mechanism considers the bimaterial effect of the contrast of elastic proper-
ties between the upper and lower plates, the former being considerably more compliant than
the former at the depths of interest, as shown in Figure 6.6(d). In the case of a Mode II rupture
propagating in the direction of slip of the more compliant material, there is coupling between
the shear and normal displacements such that the normal stress will be reduced and the upper
plate may actually separate from the lower plate. This is the “wrinkle pulse” mode (Weertman,
1980; Lykotrafitis and Rosakis, 2006). It has been argued that this is the mode for the shallow
surge in cases like Tohoku-oki (Kozdon and Dunham, 2013; Ma and Beroza, 2008; Scholz,
2014). This rupture mode results in a total stress drop and also offers an explanation for the
dearth of high-frequency radiation: the effect of the wrinkle pulse in lifting the rupture surface
and thus avoiding the collision of asperities.

The IODP Expedition JFAST drilled through the outermost section of the Tohoku-oki rup-
ture in the year following the earthquake. Chester et al. (2013), based on the analysis of rock
fabrics from the drill core, identified a thin layer that they considered to be the primary slip
zone for Tohoku-oki earthquakes. However, based on thermal signals deduced from biomar-
kers within the core, Rabinowitz (2017) identified multiple fault strands that have hosted
Tohoku-oki type earthquakes in the past, most of which do not correspond to the slip layer
proposed by Chester et al. It seems that seismogenic slip is not closely controlled by lithology in
this environment, even though the slip layer of Chester et al. is considerably weaker than the
surrounding materials (Ikari et al., 2015). Thus, the “principle slip surface” hypothesis, devel-
oped for continental faults (Sibson, 2003), does not apply in this environment. The shear zone
identified by Chester et al. may correspond to the localization of aseismic slip that occurs
during the interseismic period.

There are several other issues regarding these slow shallow ruptures. The first is: what
causes their slowness? In some cases the low rupture velocity may be simply the result of
propagation taking place in materials with low modulus. For example, in the Mentawai
earthquake most of the slip and along-strike rupture propagation occurred at very shallow
depths in accretionary wedge sediments with low P wave velocities and high Vp/Vs ratios
(Collings et al., 2012). In the case of Tohoku-oki where the slow slip extended to 10–15 km
depth, there is a channel of low P wave velocity sediments that also extends to those depths,
ending approximately at the frictional stability boundary shown in Figure 6.6(d) (Tsuru et al.,
2002). Another factor thatmay result in the low rupture velocity is the propagation in viscous
materials that absorb much more than the usual “fracture” energy (c.f. Equation (4.14)). This
would fit in with their lower value of ER/Mo: for tsunami earthquakes this quantity is about an
order ofmagnitude smaller than for other subduction earthquakes (Ye et al., 2016a). Another
issue with tsunami earthquakes is how they can nucleate within the velocity-strengthening
field. This is not a problem with the Mentawai case because it initiated in the seismically
coupled region at depth, but is a difficulty for tsunami earthquakes that occur in weakly
coupled zones like Java andNicaragua. It is usually assumed that theymust have nucleated in
some local unstable coupled patch, but aside from the possible case of the 1996 Java earth-
quake there is no direct evidence for this.
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6.3.4 Seismic coupling of subduction zones

The synthesis of the seismogenic properties of a subduction zone shown in Figure 6.13 is
appropriate for those strongly coupled zones that produce great earthquakes. One of the
most intriguing aspects of subduction zones, though, is their extreme variability, as pictured
in Figure 6.14 (Uyeda, 1982), where two end-member cases are shown. The Chilean type is
strongly compressional: it has a pronounced outer rise, which indicates a large horizontal
compressive force in the subducting plate (Hanks, 1971) and supports a compressional cor-
dillera in the upper plate. The Mariana type is extensional: it has no outer rise and has back-arc
spreading in the upper plate. Other telling features are the dips of the subducting slab (shallow
in the Chilean case and steep in the Mariana case), and the difference in seismic coupling: great
earthquakes occur in Chile but not in the Marianas. The features of other subduction zones lie
somewhere between these extremes.

Here, we are particularly interested in explaining the variation of seismic coupling between
subduction zones. A seismogenic window as in Figure 6.13 can be defined for all subduction
zones, but their average seismic coupling coefficient, as defined by Equation (6.11), runs the

Fig. 6.14. Schematic diagramshow-
ing the two end-members of sub-
duction zone types: (a) Chilean
type, highly compressive; (b)
Mariana type, extensional. (From
Uyeda, 1982.)
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gamut from almost 1 to almost 0. Explaining that difference is an important goal of earthquake
physics because it must be a natural consequence of any general model of seismogenesis.

We need to address the seismic coupling variation as part of the greater problem of explain-
ing themanifold difference among subduction zones illustrated in Figure 6.14. One clue there is
the difference in the age of the subducting plates: it is young in the Chilean case and old in the
Mariana case. This will result in a difference in the slab-suction force FSU. This is a vertical force
that is the fraction of the slab-pull force, the negative buoyancy of the slab, left unbalanced by
the viscous resistance to the vertical motion of the slab through the mantle. It depends on the
age of the subducting slab and its length. In order to explain many of the features shown in
Figure 6.14, however, we also need variations in a horizontal force. This is supplied by the sea
anchor force, FSA, a horizontal force resulting from the viscous resistance to the lateral motion
of the slab through the mantle. This is a function of the upper plate velocity with respect to the
mantle and the slab length.

The sea anchor force is the one most relevant for many of the features noted in Figure 6.14.
If it is negative (upper plate advancing), it will result in a shallow-dipping slab, as in the Chilean
case; if positive (upper plate retreating), the slabwill be steep, as in theMariana case. Scholz and
Campos (1995) tested the effect of this force in the case of the Izu–BoninMariana systemwhere
the age of the subducting Pacific plate, and hence FSU, is almost constant along strike but the
retreating velocity of the upper plate increases to the south, thus producing a steady variation
in FSA. They found that the dip of the slab increases linearly with themagnitude of FSA.They also
showed that back-arc spreading begins where the tensile stress in the upper plate (=−FSA)
reaches a critical value equal to the strength of the oceanic lithosphere.

Seismic coupling depends on both forces, because they will contribute to differences in the
interface normal force ΔFN according to

DFN ¼ FSA sin ϕþ FSU cos ϕ ð6:16Þ

whereϕ is the dip of the interface. The seismogenicwindowhas been defined aswhere (a-b) < 0,
but recall that there are two stability states within this regime: unstable and conditionally
stable. The transition between these states is defined by a critical value of normal stress
(Equation (2.35). If the local normal stress is above that level, the area will be in the unstable
state and must be locked in the interseismic period. If it is lower, the area will be conditionally
stable and will be aseismically slipping (creeping) during the interseismic period.

The coupling within the seismogenic window of a moderately coupled subduction zone is
envisioned in Figure 6.15(a). The seismogenic interface consists of two surfaces of irregular
topography in contact. Normal stress across the interface is therefore variable in space. Some
places will be in the unstable regime, shown in red, and locked. The other areas, shown in blue,
are in the conditional stability regime and creep during the interseismic period at rates that
mainly depend on their distance from the stuck patches. Earthquakes must nucleate within the
unstable (red) areas but can propagate into the blue areas. The areas of highest coupling will
tend to accumulate the most seismic flux, and hence will have the highest slip during earth-
quakes and constitute “asperities” in the seismological sense. Because normal stress increases
with depth, so does coupling. These considerations explain the twomain features of subduction
zone earthquakes: their hypocenters lie within or near an asperity and their asperities tend to
lie near their deeper edges (Thatcher, 1990).

The contribution to the normal force across the plate interface from plate tectonic forces,
given by Equation (6.16), will result in variations in seismic coupling among subduction zones.
As visualized in Figure 6.15(a), as ΔFN decreases, the red areas will decrease in size and become
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Fig. 6.15. (a) Plan view of the seismogenic window, showing a cartoon of coupling of
a hypothetical case. (b). Themeasured values of interseismic coupling coefficient versus
Fn, the reduction of the normal force calculatedwith Equation (6.16). The shaded curve is
obtained independently from an analysis of the Izu–Bonin – Marianas system. (From
Scholz and Campos, 2012.) (A black and white version of this figure appears in some
formats. For the color version, please refer to the plate section.)
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less numerous, reducing the overall seismic coupling. Eventually a point will be reached when
the red areas vanish and the subduction zone becomes completely decoupled. Alternatively, as
ΔFN is increased the red areas will become more dominate and eventually the plate boundary
will become fully coupled.

This concept can be tested by determining the seismic coupling coefficient for many
subduction zones and comparing them to values of ΔFN calculated from plate tectonic
forces via Equation (6.16). The results are shown in Figure 6.15(b) (Scholz and Campos,
2012). The red data points are χG from inversions of CGPS data and the blue data are χS

determined from summing earthquake moments. In the plot, positive ΔFN corresponds to
decreasing force, so that the subduction zones with greatest reduction in normal force are
seen to be decoupled and the most compressive ones are highly coupled. The most decoupled
arcs also have back-arc spreading, as expected. From Equation (2.35) we would expect an
abrupt switch from coupled to decoupled, but because of the heterogeneity in contact normal
stress the transition is smeared out. The region of this transition, shown by the shaded curved
area, was determined independently of this data from the analysis of the Izu–Bonin Marianas
system.

How significant are the forces involved? The total range in ΔFN between the different
subduction zones is 8x1012 Nm−1. If we consider a typical seismogenic window of length
100 km and dip 30°, the normal force per unit length due to the weight of the overburden will
be in the range 5-20x1012 Nm−1 assuming the pore pressure factor λ in the range 0.95 to 0.8.
The contribution of the plate tectonic forces to the interface normal stress is therefore quite
significant.

The first iteration of Figure 6.15(b) was by Scholz and Campos (1995) at a time when there
were not yet any GPS estimates of χG and before the recent spate of great subduction earth-
quakes. Comparing those earlier estimates with Figure 6.15(b), the seismic coupling of Honshu
increased from 0.2 to 0.6, Sumatra from 0.6 to 1, Central Chile from 0.5 to 0.65 and the Kuriles
from0.4 to 0.6. In each case the fit to themodel was improved. Previous to the 2011Tohoku-oki
earthquake and the 2004 Sumatra earthquake those subduction zones were outliers in the
1995 version. The model predicted that the Kuriles were coupled before the 2006 earthquake
confirmed it.

We see that the variation of seismic coupling is a consequence of the variation of plate
tectonic forces that are also responsible for the other differences between subduction zones
sketched in Figure 6.14. There have been other attempts to explain differences in seismic
coupling that treat it as a separate problem. Ruff and Kanamori (1980; 1983), for example,
proposed that seismic coupling depended on slab age and subduction velocity, parameters
that enter only into the FSU term. That model has not stood the test of time (Stein and Okal,
2007).

There has also been a range of speculation on the effect of the topography of the subducting
seafloor on seismic coupling. This probably has a secondary effect: rougher topography would
result in a rougher topography of seismic coupling than shown in Figure 6.15(a). This might
result in a coupled arc being typified by a multitude ofM 8+ rather thanM 9 class earthquakes,
since the roughness would result in barriers to rupture propagation. On the other hand, if thick
sediments cover the normally fractal topography of the seafloor (Gilbert andMalinverno, 1988)
so that the subducted topography is smooth, the seismicity may be typified by M 9 class
earthquakes (Ruff, 1989). There is no known mechanism, however, by which the topography
of the seafloor would result in differences in the overall seismic coupling, per se, such as was
speculated by Wang and Bilek (2014).
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A case in point is the subduction of seamounts. Decoupled subduction zones, such as
Tonga-Kermadec and the Marianas, are typified by the continuous generation of small earth-
quakes, just as in the case of creeping continental faults. Places where seamounts are sub-
ducted are marked by localized zones of seismic quiescence and the occurrence of infrequent
large earthquakes (Scholz and Small, 1997). They suggested that the subduction of the sea-
mount increases the local interface normal stress, putting it into the unstable field. It makes
little difference if the seamount is subducted intact, as modeled by Scholz and Small, or broken
up, as argued by Wang and Bilek (2011) – the effect of subducting the additional volume of the
seamount will be the same. Singh et al. (2011) imaged a 4-km-high, 50-km-wide seamount that
had been subducted, evidently intact, to 40 kmdepth in Sumatra. It lieswithin an area of seismic
quiescence, which Singh et al. chose to interpret as indicating decoupling, although quiescence,
as noted above, is the hallmark of a locked fault patch.

There remain a number of unexplained seismic coupling situations discussed in Scholz
and Campos (2012). The intersection of the Nazca Ridge with the Peru subduction zone
somehow renders it aseismic, as noted in Section 6.3.1 with respect to the Pisco earth-
quake. Conversely, the Cocos Ridge acts as an indenter with Middle America (LaFemina
et al., 2009), increasing the local coupling and decreasing it in the adjacent region to the
north. A several-hundred-km-long section of the Alaska–Aleutian subduction zone in the
vicinity of the Shumagin Islands is seismically decoupled, for no apparent reason.
The coupling of the Sunda arc south of Java is also uncertain. The model in Figure 6.15(b)
predicts that it should be moderately coupled, although it has experienced no great
earthquakes in the historic period (Newcomb and McCann, 1987). GPS measurements on
Java to date have not had the resolution offshore to resolve the seismic coupling there
(Koulali et al., 2017).

Coupling variations at smaller spatial and temporal scales

Variations in plate tectonic forces discussed earlier can account for variations in average
seismic coupling coefficients at the scale of entire subductions zones. However, significant
along-strike variations occur at smaller scales within individual subduction zones which
cannot be explained in this manner. For example, interseismic coupling obtained from CGPS
networks in Chile from 18°S to 38°S shows a complex pattern, as seen in Figure 6.16 (Metois
et al., 2016). There, six zones of relatively low coupling are observed (shaded bands in on the
left of Figure 6.16). The threemost recent great earthquakes, shown in green, occurredwithin
zones of high coupling and terminated within the adjacent low-coupling zones. Metois et al.
also observed that high-coupling zones have low rates of background seismicity during
interseismic periods.

Temporal variations in interseismic coupling have also been observed, from the paleoseis-
mic record from corals in islands offshore Sumatra (Meltzner et al., 2015; Tsang et al., 2015) and
fromGPS data for the Japan Trench (Loveless andMeade, 2016). The Sumatra data suggests that
the locking depth deepened in the decade preceding the earthquake of 1861. Rather the
opposite behavior occurred prior to the 2011 Tohoku-oki earthquake (Mavrommatis et al.,
2015), discussed in Section 7.2.3.

6.4 OCEANIC EARTHQUAKES

Earthquakes within the oceanic lithosphere provide another facet to seismogenesis.
Whereas continental seismogenesis is controlled by the frictional properties of
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quartz-rich lithologies and subduction zones by phyllosilicates, oceanic earthquakes are
in olivine-dominated rock. Then too the thermal and tectonic environments are quite dif-
ferent. The spreading of mid-ocean ridges is primarily by magmatic processes and only
secondarily by tectonic stretching. The cooling and thickening of the oceanic lithosphere

Fig. 6.16. Interseismic coupling for the Chile subduction zone from 18°S to 38°S. (a) The
depth-averaged coupling coefficient is shown in red. Gray-shaded areas are zones of low
relative coupling. In green are the coseismic slip distributions of the last three great
earthquakes. (b) The interseismic coupling coefficient determined from cGPS data.
Outlines of themajor slip zonesof the earthquakes are in green. The60kmdepth contour
is the dashed curve. (FromMetois et al., 2016.) (A black and white version of this figure
appears in some formats. For the color version, please refer to the plate section.)
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with age and hence distance from the ridges play important roles in intraplate and transform
fault seismicity.

6.4.1 Mid-ocean ridge seismicity

A glance at Figure 6.1 reveals thatmost of the world’smid-ocean ridge system is illuminated by
seismicity. Although seafloor spreading is largely a magmatic process, some portion of it takes
place by brittle–frictional tectonics. The degree to which these two processes contribute
depends on the spreading rate of the ridge, as illustrated by the ridge structures in
Figure 6.17. The slow-spreading ridges (a and b) have a deep axial valley surrounded by
regularly spaced large offset inward-facing normal faults on the flanks that form abyssal
hills. The fast-spreading ridge (d) forms a broadly uplifted region lacking a deep axial valley.
Its flanks contain faults dipping both inwards and outwards that have small offsets typically
less than 50 m. Intermediate spreading ridges (c) have features of both types. These structures
show that the fraction of the spreading rate produced by diking and other magmatic
processes, M, rather than by tectonic stretching, T, increases with spreading rate. Likewise,
the contribution of earthquakes to spreading decreases exponentially with spreading rate (Bird
et al., 2002; Rundquist and Sobolev, 2002).

There are two types of seismicity associatedwithmid-ocean ridges (MORs). Microearthquake
activity beneath the axial valley, often dominated by swarms, is associated with the movement

Fig. 6.17. Illustration of the structure of mid-ocean ridges of different spreading rate.
(a) Red Sea Ridge at 18°N (v =15 mm/yr); (b) Mid-Atlantic Ridge, 37°N (v = 25 mm/yr);
(c) East Pacific Rise, 21°N (v = 60 mm/yr); (d) East Pacific Rise, 3°S (v = 150 mm/yr). (1)
Extrusive zone; (2) axial valley; (3) flanking zone. (From Rundquist and Sobolev, 2002.)
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of magma or hydrothermal fluids. Larger magnitude earthquakes with normal faultingmechan-
isms are associated with slipping of the flanking faults that contributes to the extension of the
ridge. It is the latter that we are here concerned with. The largest MOR earthquakes,M 5–6, occur
at slow-spreading ridges. Seismicity occurs within 20 km either side of the ridge crest (Smith
et al., 2003), but the largest events occur in the vicinity of the inner wall of the axial valley and are
assumed to rupture on the most recently active normal faults within the ridge flank (Solomon
et al., 1988). They decrease in depth with spreading rate (Figure 6.18), which might be expected
from thermal models that indicate the thickness of the elastic lithosphere thins in a similar
manner. More to the point, it probably marks the 600°C isotherm, which defines the deeper
friction stability transition for olivine (Boettcher et al., 2007). The depth extent of seismicity
obtained from OBS or hydrophone deployments give similar results. Microearthquakes on the
Juan de Fuca Ridge (half-rate 30 mm/yr) occur from 1 to 3 km depth (Wilcock et al., 2002),
whereas those on the northern Mid-Atlantic Ridge (half-rate 12.5 mm/yr) occur as deep as 6–7
km (Olive and Escartin, 2016).

Cowie et al. (1993) calculated the extensional strain from side-scan sonar images of faulting
on the flanks of the fast-spreading East Pacific Rise (EPR) and concluded that they contributed
5–10% to the total spreading. Such fast-spreading ridges are devoid of earthquakes large
enough to be detected teleseismically (one can even see the difference in seismicity of the EPR
from the slow-spreading Mid-Atlantic Ridge (MAR) in Figure 6.1. The teleseismic seismicity
near the EPR is almost all located on short transform faults and not on the ridge itself).

Fig. 6.18.Moment centroid depths of teleseismically located MOR earthquakes plotted
as a function of half spreading rate. The inferred maximum depth of faulting assumes
that the earthquakes have square ruptures with the moment centroid in the center.
(From Solomon et al., 1988.)
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Cowie et al. thus concluded that the tectonic component was aseismic. These results are shown
in Figure 6.19, together with a rough estimate from the slow-spreading MAR, which show
a larger tectonic component with a greater seismic contribution. They explained the difference
of the two cases by their thermal structures. The lower bound of the seismogenic window,
determined by a critical temperature, is shallower for the faster spreading ridges and in the
fastest case pinches out the seismogenic window entirely. The same account can explain the
observations in Figure 6.18.

Mid-ocean ridges are segmented along strike with abrupt variations in the relative
T and M contributions to spreading (Macdonald et al., 1988). On the northern MAR seg-
ments alternate between those with relative copious magma supply and those with less.
These are marked by different tectonic styles, as shown in Figure 6.20 (Escartin et al., 2008).
In those with abundant magma supply, shown in Figure 6.20(b), abyssal hills formed by
normal faults are distributed symmetrically on either side of the ridge. In other sections the
topography is asymmetric, with deformation dominated by a “detachment fault” on one
side. The detachment fault exposes serpentinized mantle peridotite and hence has larger
displacements and is longer-lived than the abyssal hill normal faults. Modeling indicates
that detachment faults form when the magmatic fraction falls below M = 0.5 (Buck et al.,
2005).

Olive and Escartin (2016) compared the seismogenic properties of these two types of MAR
segments using teleseismic and hydrophone data. They found that the detachment fault seg-
ments had higher levels of seismicity than the abyssal hill segments, even accounting for the
difference inT fractions of the two types of segments: ~0.3 for the abyssal hill type and~0.5 for
the detachment fault segments. They found the seismic coupling coefficient for the abyssal hill
normal faults was 0.1–0.3 while that for the detachment fault segments was 0.4–0.6. The reason
for this difference is not clear. The abyssal hills normal faults are most likely in gabbro, which
has a seismogenicwindow from200°C to 600°C, the latter ofwhich probably corresponds to the
maximum depth of earthquakes. So it is not clear why these are dominated by aseismic slip.
On the other hand the detachment faults are in serpentinized peridotites and would be
expected to be aseismic. Olive and Escartin argue that these faults may have patches of bare
gabbro, which renders them seismogenic (much like an argument used for transform faults,
discussed in the next section).

Fig. 6.19. The fraction of extension at mid-ocean ridges due
to magmatic accretion (hatched) aseismic faulting (white)
and seismic faulting (black) for fast- and slow-spreading
ridges. (From Cowie et al., 1993.)
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Ultraslow spreading ridges can have amagmatic segments in which mantle peridotite is
exposed at the sea floor at the ridge axis. In such segments seismicity occurs to depths of 35 km
but also shows an aseismic depth region above 10–15 km (Schlindwein and Schmid, 2016). They
proposed that seismicity occurs within the temperature range of 400–700°C, and the upper
cutoff in seismicity is due to the presence of serpentinite at temperatures <400°C. Surprisingly,
they find that the seismicity level is higher in adjacent magmatic segments than in the amag-
matic segments, even though the T factor must be smaller for the former.

6.4.2 Oceanic transform fault seismicity

The seismic flux release rate _PS for oceanic transform faults (OTFs) is about two orders of
magnitude greater than that associated with oceanic ridges. Yet globally it is small compared to
their _PT , as first noticed by Brune (1968). Furthermore, OTF earthquakes have several proper-
ties that distinguish them from earthquakes elsewhere. These features of OTFs – their low
seismic coupling and their unusual earthquakes – are the main themes of this section.

Various types of earthquakes associated with oceanic transform faults are summarized in
Figure 6.21 (Engeln et al., 1986). In this section we are mainly concerned with the common type
between the ridges and well away from the ridge axes. Of these, OTF earthquakes come in two
families: ordinary fast earthquakes and slow earthquakes. The fast earthquakes range in size
up to M 6–7 and have unusually high stress-drops. These average 6 MPa – twice that of other
earthquakes, with the exception of intraplate earthquakes, which are equally high (Allmann and
Shearer, 2009). They also have unusually high values of apparent stress σA (=µER/Mo) (Choy and
Boatwright, 1995; Choy and McGarr, 2002). Earthquake sequences on OTFs are also very
different from elsewhere. OTF earthquakes have about an order of magnitude fewer after-
shocks than continental earthquakes, as shown in Figure 6.22 (Boettcher and Jordan, 2004).
This might be explained by the much slower rate of static fatigue of gabbro than granite
(Section 4.4.2). On the other hand, OTF earthquakes tend to be much richer in foreshocks
(McGuire et al., 2005).

Fig. 6.20. Across-axis sections corresponding to symmetric and asymmetrical accre-
tion and extension processes. (a) In asymmetrical ridge sections detachment faults
accommodate roughly half the plate separation along a single fault. (b) In symmetrical
sections less than half the plate separation is accommodated by motion on numerous
normal faults on both sides of the ridge. (From Escartin et al., 2008.)
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Fig. 6.21. Schematic diagram showing the types of earthquakes associated with ocea-
nic transform faults. (From Engeln et al., 1986.)

Fig. 6.22. The average number of aftershocks above a magnitude thresholdmo plotted
against mmain – mo for OTF (solid symbols) and continental strike-slip earthquakes
(open symbols). (From Boettcher and Jordan, 2004.)
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The slow OTF earthquakes come in two flavors. One type is a fast earthquake with
a slow precursor event that gives the overall event a long duration and a long centroid
time shift (centroid time minus origin time) (Antolik et al., 2006; Ihmle and Jordan, 1994;
McGuire et al., 1996). Some of these may have been misinterpretations resulting from
artifacts of the local velocity structure (Abercrombie and Ekström, 2003). However, there
are genuine slow earthquakes on OTFs with long durations, low ER/Mo, and much lower
corner frequencies compared to ordinary earthquakes (Kanamori and Stewart, 1976; Okal
and Stewart, 1982; Perez-Campos et al., 2003). These two distinctive types of earthquakes,
fast and slow, can occur in close juxtaposition on the same transform fault (Perez-Campos
et al., 2003) and the conditions that favor one or the other are not understood, although Okal
and Stewart suggested that slow OTF earthquakes may be associated with the presence of
local hot spots.

To calculate the seismic coupling of OTFs, Boettcher and Jordan (2004) used a thermal
model of OTFs shown in Figure 6.23. This plots isotherms normalized to a mantle potential
temperature of 1,300°C mapped onto a plot of normalized depth and length. The maximum
temperature for seismogenesis was taken as 600°C (heavy curve) based on observations such
as are shown in Figure 6.24 (Abercrombie and Ekström, 2001) and expected from friction data
for olivine (Boettcher et al., 2007). The thermal area AT, the area bounded by the 600°C
isotherm, was taken as the area of the seismogenic window. It is an upper bound estimate
because it assumes that the seismogenic window extends to the top of the oceanic crust. This
formulation takes into account variations in length L and velocity vp among transforms
because

AT∝L2=3v�1=2
p ð6:17Þ

They obtained the seismic flux rate _PS from the global earthquake catalog (1964–1999) and
calculated an effective seismic area

Fig. 6.23.A thermalmodel of oceanic transform faults. Axes are nondimensional length
ξ = x/Lξ ¼ x=L and depth ζ ¼ 2

ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi
8κL=vp

p
where κ is thermal diffusivity. Fault isotherms

T/T0 are assumed to be the average of the two plates (dashed lines). T0 is the mantle
potential temperature 1,300°C and the heavy line is the 600°C isotherm, which is taken
as the upper limit of seismicity. (From Boettcher and Jordan, 2004.)
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AE ¼
_PS

vp
ð6:18Þ

and thereby obtained the seismic coupling coefficient χS ¼ AE=AT . The results are shown in
Figure 6.25(a). There is a great variation of seismic coupling among OTFs. However, by binning
the data by AT and averaging (diamonds) they concluded that χS is independent of AT and has
a global average value of 0.15.

In calculating _PS they summed over a three-parameter seismicity size distribution (Kagan
and Jackson, 2000) in which an exponential taper modulates the cumulative GR distribution

NðMoÞ ¼ N0
M0

o

Mo

� B

exp
M0

o

MC

� 
ð6:19Þ

where M0
o is the threshold moment and MC is the upper cutoff moment. This allowed them to

estimate MC for each OTF. Using the scaling relation MC ¼ DσA3=2
C , and assuming Dσ ¼ 3MPa,

the maximum rupture area AC is compared with AT in Figure 6.25(b). Again by binning and
averaging, they found that AC∝A1=2

T . Thus, the maximum expected earthquake increases with
√AT rather than linearly.

Boettcher and Jordan (2004) proposed two end-member models to explain the low seismic
coupling of OTFs. In one case, the patchy model, the friction varies spatially such that there are
small seismogenic patches within an otherwise aseismically slipping fault. In the other case,
which they calledmultimode, the fault anywhere can slide both in seismic and aseismic modes.
Because AT is defined as the velocity-weakening region, it must be either in the unstable or
conditionally stable regime. The former is the condition of locked patches that fail seismically

Fig. 6.24. Depths of earth-
quakes on two Mid-Atlantic
Ridge transform faults. (From
Abercrombie and Eksröm,
2001.)
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and the latter refers to regions that slip either seismically or aseismically, i.e. the multimode
regions. Liu et al. (2012) examined the case in which friction is assumed to be uniform on the
OTF. They found that the behavior depends on the ratio of the width of the seismogenic zone to
the nucleation length WT=LC . If WT=LC ≤1, the OTF will be completely decoupled, and if ≥2 it
will be fully coupled. In the range 1:2≤WT=LC ≤1:7 itwill be partially coupled in the range of the
observed 0.15. This requires that the critical slip distance scales asDC∝WT , which they suppose
might result from an increase of DC with normal stress (the opposite result expected from
a fractal contact model [Scholz, 1988a]).

The generally low value of seismic coupling of oceanic transform faults may result from
their walls being coated with serpentinite (e.g. Detrick et al., 1993; Francis, 1981), with only
isolated seismogenic patches of bare peridotite or gabbro. This would lead to the great
variation in χS among OTFs. A number of the transforms on the slow-spreading Mid-Atlantic
Ridge have relatively high coupling. χS for the Charlie-Gibbs transform is 0.75–0.88 (Aderhold
and Abercrombie, 2016a), about 0.5 for the Romanche and Chain transforms shown in
Figure 6.24 (Abercrombie and Eksröm, 2001), and about 1 for the Vema transform (Engeln
et al., 1986). On the Charlie-Gibbs (vp = 2.24 cm/yr, L = 220 km) there are two patches that
rupture in quasi-periodic earthquakes of MW 6.5–7.1 with repeat times each of about 30 years
but which are not synched with each other (Aderhold and Abercrombie, 2016a). The 2015 MW

7.1 earthquake on the eastern patch was similar to the 1994MW 7.0 Romanche OTF earthquake
(Abercrombie and Eksröm, 2001) in that it began with a small slip event near the ridge and
propagated toward the center with larger slip. It continued almost all the way to the western
patch through a region that is inferred to aseismically slip in the interim – the typical signature

Fig. 6.25. (a) Effective seismic area AE versus thermal area AT. Circles show data for
individual OTFs, size proportional to cumulative moment, and shade is based on plate
velocity V (darker for higher V). Diamonds are maximum likelihood estimates of AE in
four bins of AT. (b) Rupture area of the largest earthquake, AC, calculated from
MC ¼ DσA3=2

C assuming Δσ¼ 3MPa is plotted versus AT.Diamonds are again maximum
likelihood estimated of the binned data. (From Boettcher and Jordan, 2004.)
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of the conditionally stable regime. The largest OTF earthquake to date was the MW 8.0
earthquake of 1942 on the Bain transform of the Southwest Indian Ocean Ridge (Okal and
Stein, 1987). It ruptured at least 130 km, and possibly all of the 440 km length of that transform
fault.

Such localized highly coupled patches that host quasiperiodic large earthquakes have
also been documented for various transform faults in the Pacific. The Blanco transform fault
zone (vp = 6 cm/y, L = 350 km) consists of five transform fault segments separated by pull-
apart basins or intratransform spreading centers. The southeastern and longest of these
(150 km) is fully coupled seismically, those to the northwest much less so (Braunmiller and
Nabelek, 2008). McGuire (2008) found 16 pairs of MW ≥5.5 repeating earthquakes with over-
lapping rupture areas on the Gofar, Discovery, and Sequeiros transforms of the East Pacific
Rise (vp = 14 cm/yr). Their repeat times are tightly clustered around 5 y, with a COV of ~0.2.
None were separated by less than 50 cm of elapsed plate motion, suggesting close to full
coupling for those patches – although these OTFs have low overall coupling. Similar results
were obtained by Sykes and Ekström (2012) who describe several highly coupled patches on
the otherwise low-coupled Heezen, Tharp, and Hollister transform faults of the Eltanin
system on the southern EPR.

These observations show that the seismic coupling of OTFs is quite patchy – most moment
release occurs on a few localized, highly coupled patches with locations that are stationary in
time and hence must represent spatial variations in frictional properties. Some indications of
what gives rise to such variations result from studies of the Gofar transform on the EPR that
benefited from an OBS (ocean-bottom seismometer) deployment. There are two ~15-km-long
patches there that produce MW 5.5–6.0 earthquakes that repeat every 5–6 years (McGuire et al.,
2012). These patches, which have little microearthquake seismicity during their interseismic
periods, are separated by a ~15-km-long “barrier” zone that has abundant microearthquake
activity, punctuated by swarms, and which does not rupture in large earthquakes. The barrier
zone is typified by a ~2 km thick low-velocity zone (10% reduced Vp) which extends to
seismogenic depths (Froment et al., 2014; Roland et al., 2012). This is interpreted to be
a region of high porosity (1.5–8%), indicating high damage, in comparison with the undamaged
fault segments that are seismically coupled.

An OBS study of the Discovery OTF, north of the Gofar, found a similar pattern of five
patches that produce large repeating earthquakes separated by zones of abundantmicroearth-
quake activity (Wolfson-Schwehr et al., 2014). Highmicroearthquake activity is the hallmark of
a creeping fault (Section 3.4.2) and swarms, which are common on OTFs, probably indicate
creep episodes (SSEs?) (Roland and McGuire, 2009). However, the very high rates of small
earthquakes, lack of large ones, frequency of swarms, and low seismic velocity of these
“damage” or “barrier” zones of OTFs mark them as seismogenetically different from the
creeping continental faults described in Section 3.4.2. The seismogenic patches, on the other
hand, seem to be locked during the interseismic period, as indicated by the success of
a recurrence model (Boettcher and McGuire, 2009), and direct measurement with a hydro-
acoustic ranging device on one of the Discovery patches (McGuire and Collins, 2013).

Okal and Langenhorst (2000) found that the b-value in the earthquake size distribution
varied widely among OTFs, being generally higher for the faster-moving OTFs. It is known that
the b-value is higher for creeping than for noncreeping faults (Amelung and King, 1997), so this
difference among OTFs may indicate different relative portions of creeping and noncreeping
segments. There is an indication of this for the Blanco transform fault, where the b-value for the
low-coupled northwest section is 1.38, compared to 1.01 for the high coupled southeast
section (Dziak et al., 1991).
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6.4.3 Oceanic intraplate earthquakes

Oceanic intraplate (OI) earthquakes are infrequent but quite interesting. They primarily occur in
young lithosphere,≤35myr (Wiens and Stein, 1983) and their depths are found to be limited by
the 600°C isotherm (Figure 6.26), as expected from the frictional stability field of olivine
(Boettcher et al., 2007).

Most OI earthquakes, aside from the outer-rise bending events, are compressional:
strike-slip or thrust, especially in older lithosphere. Early work looked at intraplate earth-
quakes for indicators of plate tectonic or thermoelastic stresses, but few correlations were
found (Bergman, 1986; Bergman and Solomon, 1980; Wiens and Stein, 1984; 1985). It seems
instead that oceanic intraplate earthquakes are primarily concentrated in isolated places
where intraplate deformation is occurring due to local tectonic complexities (Wiens and
Stein, 1984).

Strike-slip earthquake in oceanic lithosphere, and in particular, intraplate ones, have the
highest apparent stresses: 5–25 MPa (Choy and McGarr, 2002). They attributed this to the
higher strength of the oceanic upper mantle. Choy and McGarr found that oceanic intraplate
strike-slip earthquakes tend to occur in sites of particular complexity: near triple junctions
or cusps in subduction zones. Many occur in the Gorda Plate, to the northwest of the
incompatible Mendocino Triple Junction – a situation that seems to require deformation
within the Gorda Plate (c.f. Wang et al., 1997). The earthquakes within the Gorda Plate have
a right-lateral nodal plane almost parallel to the San Andreas Fault, which terminates just to
the SE at the triple junction, as though the forces associated with the PAC-NAM plate motion
were transmitted past the triple junction into the Gorda Plate. In another example, intraplate
strike-slip earthquakes to the south of the cusp between the Sagami and Nankai troughs in
Japan show roughly N–S compression, perhaps indicating the stresses associated with the
collision of the Izu Peninsula with mainland Honshu (see Figure 3.2). So, these are cases
where local departures from rigid plate tectonic occur.

Lithospheric age, m.y.
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Fig. 6.26. Depth of oceanic intraplate earthquakes as a function of lithospheric age.
The 600°C isotherm, from a simple plate cooling model, seems to limit the depth of
earthquakes. That marks the upper temperature limit for unstable friction in olivine.
(Earthquake data is from Wiens and Stein, 1983.)
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Strike-slip OI earthquakes often occur on fracture zones. These earthquakes, interestingly,
seem to always have slip directions opposite to that of the active transform segment, as shown
in Figure 6.21. Most of these occur in young lithosphere near the ridges (e.g. Bohnenstiehl et al.,
2004). Perhaps they are driven by the “ridge-push” of the nearest ridge: thatwould explain their
sense of slip. Some, however, occur on fracture zones of ancient fossil ridges, such as the
2004 MW 8.1 earthquake in the Tasman Sea (Robinson, 2011). And then again, the 1998 MW

8.1 Balleny Islands earthquake ruptured some 140 km of the Antarctic Plate far from any plate
boundary and on a fault nearly orthogonal to the seafloor fabric (Henry et al., 2000;
Hjörleifsdóttir et al., 2009).

The largest concentration of oceanic intraplate earthquake is in the Indian Ocean, where
broad deformation of the Indo-Australian Plate is occurring (Weissel et al., 1980). This happens
because India is moving northward at a rate about 1 cm/yr slower than Australia, evidently as
a result of the resistance to the collision of India with Eurasia (Gordon, 1998; Royer andGordon,
1997). The Central Indian Ocean Basin is subject to N–S compression, resulting in thrusting
(Vanorman et al., 1995) and folding (McAdoo and Sandwell, 1985). The main plate motion
discrepancy seems to be taken up by the Ninetyeast Ridge, which appears to be acting as
a nascent plate boundary with strike-slip motion accommodated by a high rate of intraplate
seismicity (Stein and Okal, 1978; Wiens et al., 1986). The Wharton Basin to its east is subject to
NW–SE compression, as shown by earthquake focal mechanisms (Aderhold and Abercrombie,
2016b) and a plate stress model (Cloetingh and Wortel, 1986).

The Wharton Basin was the site of the 2012 MW 8.6 earthquake, which is the largest
intraplate earthquake to date. It was a complex earthquake, rupturing a set of high-angle
conjugate strike-slip faults (Figure 6.27). The rupture initiated on fault 1 and propagated
WNW onto fault 2 for a distance of about 150 km with average slip of ~37 m, equivalent
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Fig. 6.27. Aftershocks and inferred
fault model of the 2012 Wharton
Basin earthquake. Light NS lines
are ancient fracture zones. (After
Hill et al., 2015.)
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to MW 8.5 (Yue et al., 2012). This triggered slip on the NNE faults 3,4 (MW 7.9), and then on the
WNW fault to the south, 5 (MW 8.3). Finally, at the end of this 180 s sequence, a NNE fault (6b)
some 300 km to the west ruptured in an MW 7.8 event. Two hours later an MW 8.2 aftershock
occurred on a NNE fault 185 km to the southwest. Wang et al. (2012) reported that some of the
ruptures had super-shear velocities of ~5 km/s.

The NNE left-lateral set may correspond to fossil fracture zones (Deplus et al., 1998)
(shown as light lines in Figure 6.27), but the WNW right-lateral set do not correspond to
any known preexisting structures. Hill et al. (2015) concluded that the main fault (1) had
as much as 50 m slip with a stress drop of 25 MPa and that its slip extended to 60 km
depth. This would correspond to temperatures in excess of 800°C and thus represent
significant penetration into the ductile zone. The moment release depth profile, shown in
Figure 6.28, shows a remarkable similarity to the strength profile of the oceanic litho-
sphere (Wei et al., 2013). This lends support to the contention of McGarr (1999) that
apparent stress σa scales with the lithospheric strength, which Choy and McGarr (2002)
demonstrated with data from intraplate oceanic earthquakes. This is consistent with the
observation from experimental studies that stress drops in frictional stick-slips scale
with absolute stress level.

Aftershocks and slip on the other faults weremainly limited to 40 km depth. We have noted
earlier that large continental earthquakes often penetrate into the ductile regime, but the
evidence is that they do so only for a few km. To penetrate 20 km or so, as appears to be
the case here, would require some additional weakening mechanism. There has been some
speculation about the mechanism for this (McGuire and Beroza, 2012), including the thermal
runaway model of Kelemen and Hirth (2007), which was originally proposed for intermediate-
depth earthquakes.

Fig. 6.28. The depth distribution of moment release in the Wharton Basin earthquake
sequence compared with the strength profile of the oceanic lithosphere. In the
nomenclature of Figure 6.23, FI is fault 1–2, F2 is fault 3–4, and F3 is fault 5.
The dashed line is the MW 8.2 aftershock. (From Wei et al., 2013.) (A black and white
version of this figure appears in some formats. For the color version, please refer to the
plate section.)
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6.5 THE MECHANISM OF DEEP EARTHQUAKES

It was discovered by Wadati (1928) that some earthquakes occur at depths considerably
deeper than the base of the Earth’s crust. These deep earthquakes are now known to occur
primarily in the Wadati–Benioff zones within the lithospheric slabs that descend into the
mantle at subduction zones. Reviews of their phenomenology are given by Frohlich (1989;
2006). Their radiation indicates similar focal mechanisms as for shallow earthquakes – they
are dominated by double-couple radiation and have stress drops not greatly different from
shallow events.

The depth distribution of deep earthquake is shown in Figure 6.29. Their frequency
decreases exponentially down to a minimum at 300–350 km, below which there appears to be
a second populationwhich increases to amaximumat about 600 km and abruptly terminates at
700 km. The earthquakes in the population shallower than 350 km are referred to as inter-
mediate-focus earthquakes, and those below as deep-focus earthquakes. This distribution
suggests different mechanisms for intermediate- and deep-focus earthquakes (Green and
Houston, 1995).

The mechanism of these earthquakes has long been a matter of conjecture because the
great pressure at these depths would seem to prohibit any ordinary brittle or frictional
processes from occurring. Three mechanisms have been proposed. Transformational fault-
ing is a faulting instability that occurs as a result of a solid phase transformation. This
mechanism is most likely to occur within the transition layer of the mantle where the
transition from olivine to spinel structure is occurring. In the slab this corresponds to depths
from 350 to 700 km, so this is a likely mechanism for deep-focus earthquakes. Another
possibility is dehydration embrittlement, in which a faulting instability arises from the high
pore pressures induced by a dehydration mechanism. The conditions for dehydration reac-
tions aremet within the double seismic zones at intermediate depths, so this is believed to be

Fig. 6.29. The depth distribution of deep- and intermediate-focus earthquakes. (From
Frohlich, 1989.)
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a likely mechanism for intermediate-focus earthquakes. The third mechanism is a thermal
runaway instability. This requires another mechanism for initial shear localization up to
a threshold strain rate, which could, for example, be either of the above-mentionedmechan-
isms. It has been proposed to operate in some intermediate- and deep-focus earthquakes.

6.5.1 Intermediate-focus earthquakes

The dehydrationmechanism ismost often discussed with regard to intermediate-depth earth-
quakes, although there are contradictory indications as to its feasibility (e.g. Chernak andHirth,
2010). There is also support for the thermal runaway mechanism as a possible mechanism for
intermediate-depth earthquakes (Kelemen and Hirth, 2007; Ohuchi et al., 2017). Dehydration
embrittlement was first demonstrated with serpentinite in which deformation within the
ductile field is interrupted by brittle fracture engendered by the generation of high pore
pressure from the dehydration of antigorite, thus overcoming the confining pressure and
allowing brittle fracture and faulting (Raleigh and Patterson, 1965). More recent experimental
studies show that this mechanism can occur under conditions appropriate for intermediate-
focus earthquakes (Dobson et al., 2002; Meade and Jeanloz, 1991). Instabilities are observed to
occur even at pressures above 2.2 GPa, when the volume change in the reaction becomes
negative (Brantut et al., 2017; Jung et al., 2004), or when antigorite is a small volume fraction
(Ferrand et al., 2017), for which several variations on the process were proposed, though each
are triggered by a dehydration reaction.

Above 200 km depth the Wadati–Benioff zone consists of two planar subparallel zones of
seismicity, as shown in Figure 6.30. This double-zone structure was first observed with a local
seismic network in northeast Japan (Hasegawa et al., 1978) but is now recognized to be

Fig. 6.30. The double Benioff zone beneath NE Japan. The position of the oceanic crust
and its metamorphic facies is also shown (lawsonite is the high-pressure hydrated
phase shown). (From Hasegawa and Nakajima, 2017.)
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ubiquitous (Brudzinski et al., 2007). Both planes are marked by low-velocity zones, which are
interpreted as indicating the presence of hydrous phases: hydrated oceanic crust in the case of
the upper plane, and serpentinized mantle or the presence of aqueous fluids in the lower
(Abers, 2005; Dorbath et al., 2008; Hasegawa and Nakajima, 2017; Nakajima et al., 2009).
Earthquakes in the upper plane do not occur within the anhydrous eclogite field (Figure 6.30)
(Kita et al., 2006). Experimental results indicate that they could occur by dehydration of law-
sonite (Okazaki and Hirth, 2016) or by the lawsonite–blueschist to lawsonite–eclogite transis-
tion (Incel et al., 2017), which does not involve dehydration. Seismic velocity measurements
indicate that the seismically active upper plane contains free aqueous fluids, which favors the
dehydration interpretation (Shiina et al., 2017). Earthquakes in the lower plane are believed to
occur by the dehydration of antigorite in the serpentinized mantle (Hacker et al., 2003; Iyer
et al., 2012).

The hydration of the oceanic crust is presumed to have occurred in the vicinity ofmid-ocean
ridges shortly after its formation. The hydration of the mantle, on the other hand, is thought to
occur within the normal faults formed by bending of the outer rise (Peacock, 2001; Seno and
Yamanaka, 1996). These faults have been imaged to 20 km depth (e.g. Ranero et al., 2003) and
large earthquakes rupture them to ~30 km (see the discussion on the Kuril Islands doublet in
Section 6.3.1). It appears that intermediate-focus earthquakes reactivate these faults after they
have been subducted and rotated (Jiao et al., 2000; Savage, 1969). The kinetics of the serpenti-
nization reaction in the outer-rise faults indicate that it will be concentrated in a narrow band
centered at 270°C (Iyer et al., 2012). This predicts that the spacing between the upper and lower
zones will increase with plate age, in good agreement with the observations of Brudzinski et al.
(2007).

These two loci of dehydration define the double seismic zones but do not account for the
stresses that drive the earthquakes. From their focal mechanisms, two stress patterns are
commonly observed: 1) down-dip compression in the upper seismic plane and down-dip
tension in the lower, and 2) down-dip tension in both planes (Brudzinski et al., 2007).
The first pattern is consistent with stresses due to plate unbending (Engdahl and Scholz,
1977; Isacks and Barazangi, 1977), whereas the second is consistent with stresses due to the
negative buoyancy of the slab (Isacks andMolnar, 1971). If these are the sources of the stresses,
one might expect case 1 to be dominant in younger slabs, where the negative buoyancy force is
smaller, and case 2 to dominate in the older slabs, but the data of Brudzinski et al. suggest the
reverse.

The exponential falloff of the frequency of intermediate-focus earthquakes with depth
provides further evidence for the dehydration embrittlement mechanism. For an irreversible
reaction of the dehydration type, the rate of reaction depends on the volume of reactant
available, VR (e.g. Emmanuel and Berkowitz, 2006),

∂VR

∂t
¼ �cVR ð6:20Þ

This reaction is very rapid in plate tectonic terms (Eggler and Ehmann, 2010), so dehydration
can be considered to take place instantaneously when the slab reaches the dehydration reaction
equilibrium boundary, which obliquely crosses isotherms in the descending slab in the depth
range 50–250 km (Hacker et al., 2003). The reaction kinetics can thus can be written in terms of
depth, h

∂VR

∂h
¼ �c0VR ð6:21Þ
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where c0 ¼ 1= vs sin φð Þ, vs is the average subduction velocity and φ the average dip of the
subducting slab. Then

VR ¼ V0exp �c0hð Þ ð6:22Þ

where V0 is the initially available hydrated volume. The volume of hydrated material at
depth h is,

VT ¼ V0 � VR ¼ V0 1� exp �c0hð Þ½ � ð6:23Þ

If each earthquake uses an average volume of hydrated material δ, the frequency of earth-
quakes with depth n(h) is

nðhÞ ¼ ∂VT

∂h
1
δ

� 
¼ c0

δ
expð�c0hÞ; ð6:24Þ

which explains the observations. This is thus an exhaustion process, in which the
frequency of earthquakes progressively decreases as the hydrated material is depleted.
There is seismological evidence that the slab is anhydrous below 400 km (Green et al.,
2010), hence the dehydration embrittlement mechanism cannot operate at greater
depths.

6.5.2 Deep-focus earthquakes

Deep-focus earthquakes occur exclusively in the subducted slab within the transition zone
of the mantle defined by the 410 and 660 km discontinuities (Figure 6.31). The upper
discontinuity results from the polymorphic phase change from olivine (α) to the spineloid

Fig. 6.31. Schematic diagram of a subducted slab showing the metastable olivine
wedge and the several phase transformation boundaries. (From Kirby et al., 1996.)
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structure wadsleyite (β). This reaction is exothermic with a negative Clapeyron slope, so
that within the cooler slab it occurs at lower pressure, at a depth of ~350 km, as shown in
Figure 6.31. Olivine and wadsleyite subsequently transform to the true spinel structure
ringwoodite (γ) at a depth of about 530 km in the mantle and shallower within the cooler
slab. The 660 km discontinuity results from the disproportionate reaction of ringwoodite →

perovskite + magnesio-wüstite. This reaction is endothermic and hence occurs at a deeper
depth in the slab, ~700 km. Within the cold core of the subducted slab there is a wedge of
metastable olivine that can undergo either of the α→β or α→γ transformation throughout
the transition zone.

Deep-focus earthquakes are believed to result from transformational faulting, or from
a thermal runaway instability initiated by transformational faulting. The former is a self-
organized high-pressure faulting instability that can result from an exothermic polymorphic
phase transition accompanied by a significant volume change. There is experimental evidence
that it can operate under certain conditions during the olivine → wadsleyite and olivine →

ringwoodite transitions (Burnley et al., 1991; Green, 2007; Green et al., 1990; Green and Burnley,
1989). The reaction is unstable because its exothermic nature produces an increase in the local
temperature which accelerates nucleation and because the negative volume change produces
compressive stress concentrations around the nucleii, further driving the reaction. This results
in the formation of reactant filled anticracks oriented orthogonal to themaximum compressive
stress. Anti-cracks are like Mode I cracks except the signs of the crack wall displacements and
the stress concentration at the tips are reversed (as in the anticrackmodel of stylolite formation
[Fletcher and Pollard, 1981]).

In an analogous way to how Mode I cracks self-organize to form a fault in ordinary brittle
fracture, the anticracks self-organize themselves into en echelon arrays which then coalesce to
form a fault coated with the reactant, which is superplastic ultra-fine-grained spinel which has
little shear resistance. The mechanism of shearing on the fault is by grain boundary sliding in
this material (Tingle et al., 1993). In the laboratory, this process is accompanied by acoustic
emissions, with a shear slip mechanism, indicating unstable shear on the fault (Green et al.,
1992; Schubnel et al., 2013).

Deep earthquakes stop at 700 km because the olivine has been depleted and because the
ringwoodite→ perovskite +magnesiowüstite reaction cannot produce a faulting instability, as
demonstrated by Gleason and Green (2009) with the experimental analog reaction albite →

jadeite + coesite.
There has been a considerable effort made to differentiate the mechanism of deep earth-

quakes from their intermediate-depth or shallow counterparts. Although some differences
have been noted (Vidale and Houston, 1993), no clear diagnostic differences in their rupture
dynamics or scaling properties have been recognized (Houston, Benz, and Vidale, 1998;
Campus and Das, 2000). Deep earthquakes have a wide variation of stress drops, with the
higher values being much higher than for shallow earthquakes (Wiens, 2001). Although it has
often been noted that deep earthquakes seldom are followed by aftershocks, some deep earth-
quakes have aftershock sequences with identical properties to those for shallow earthquakes
(Wiens and McGuire, 2000).

Deep earthquake seismicity is sensitive to temperature, however. Both b-value and
aftershock productivity increase dramatically with thermal parameter (the sinking rate of the
slab times its age; thus, a high thermal parameter indicates a cold, deep slab) (Wiens, 2001).
Deep earthquakes initiate within the cold inner zone of metastable olivine and tend to have
horizontal rupture planes (Antolik et al., 1999), but when they are large they can rupture into
adjacent aseismic regions that are several hundred degrees warmer (McGuire et al., 1997).
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An example is theMW 8.3 Bolivian deep (637 km) earthquake of 1994. It ruptured 30–50 km on
a horizontal plane, three times the width of the metastable wedge at that depth (Silver et al.,
1995). It had a very high stress drop, ~100 MPa, low seismic efficiency, and a low rupture
velocity of ~1 km/sec, which led Kanamori et al. (1998) to propose that it ruptured by a shear
melting process (with a larger EG sink, and hence lower rupture velocity, as per Equation
(4.14)). The Okhotsk deep earthquake of 2013 (MW 8.3) occurred at 609 km depth in a colder
slab with a correspondingly thicker metastable wedge than the Bolivian earthquake.
It ruptured for 180 km, initially within the metastable wedge at a high rupture velocity
(4 km/sec) and then propagated outside it, becoming deeper in a segment that generated
a higher proportion of low to high frequencies (Meng et al., 2014; Ye et al., 2013; Zhan et al.,
2014). The segments of these earthquakes that occur within the metastable wedge are
believed to occur by transformational faulting, whereas those sections outside the wedge
are believed to propagate by a runaway thermal instability of the type proposed by Karato
et al. (2001) and Kelemen and Hirth (2007). This latter phase requires for triggering a strong
initial phase of transformational faulting. Large isolated earthquakes like the Bolivian deep
earthquake have distinct properties compared to large deep earthquakes, such as the
1994 MW 7.9 event, that occur in the very active and cold Tonga slab (Wiens and McGuire,
1995). The Tonga event had a stress-drop and rupture velocity similar to shallow earth-
quakes, and had a robust aftershock sequence, whereas the Bolivian earthquake had a stress
drop an order of magnitude higher, a very slow rupture velocity, and a dearth of aftershocks.
Perhaps these differences arise because the Tonga earthquake ruptured primarily by trans-
formational faulting whereas the Bolivian one was mainly by the thermal runaway instability.

6.6 INDUCED SEISMICITY

That certain types of human activity, particularly the impoundment of reservoirs, can trigger
earthquakes has been known since Carder (1945) noticed an increase of seismicity asso-
ciated with the filling of Lake Mead on the Arizona–Nevada border. This phenomenon is of
interest here because in these cases we have some knowledge of the perturbations involved,
allowing further study of some aspects of the earthquake mechanism not afforded by
naturally occurring cases. Some mention has already been made of this, in regard to the
Rangely experiment (Section 2.5). Here we briefly expand upon several additional points that
can be reached by study of this phenomenon. No attempt, however, will be made to provide
a thorough review of this subject, which can be found elsewhere (Ellsworth, 2013; Gupta,
2002; Hsieh and Bredehoeft, 1981; Keranen and Weingarten, 2017; Shapiro, 2015; Simpson,
1986).

6.6.1 Seismicity induced by fluid injection

The first well-documented case of earthquakes induced by fluid injection was a sequence of
earthquakes in the Denver, Colorado, area beginning in the early 1960s. In 1961 the Rocky
Mountain Arsenal drilled a deep well to dispose of hazardous materials. By early 1962 local
residents begin feeling earthquakes. The magnitude and areal extent of the earthquakes
gradually increased, with 13 mb>4 earthquakes occurring up till the time injection was ceased
in 1966. The sequence culminated in an MW 4.8 event in August 1967, by which time the
earthquakes had migrated 10 km from the injection point. Seismicity gradually declined over
the next decades, with an mb 4.3 in April 1981. In their analysis of this case, Hsieh and
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Bredehoeft (1981) concluded that fluid pressure, diffusing in an elongated structure, generated
earthquakes when the fluid pressure in the diffusion front reached 3.2 MPa.

Waste injection boreholes are usually drilled deep enough to avoid contaminating the water
table and often end just above the crystalline basement. The induced earthquakes usually occur
within the basement. An example is the Youngstown, Ohio, case shown in Figure 6.32 (Kim,
2013). In the figure the upper curve is the borehead pressure, the vertical black lines give the
daily injection rate, and the seismicity is shown at the bottom. The first earthquake occurred
13 days after injection began. As the pressure rose, the seismicity rate increased in tandem.
The earthquakes occurred at 3 to 4 km depth on an E-W strike-slip fault in the Precambrian
basement, as inferred from the lineation of their hypocenters and their focal mechanisms.
The earliest events occurred just below the borehole and the activity subsequently migrated
to the west, culminating with the largest event, MW 3.9, on December 31, 2011, in response to
which injection was promptly stopped.

Early in the sequence several earthquakes, marked a and b in Figure 6.32, occurred just
after sudden increases in injected volume. This suggests close hydraulic communication
between the well and fault. This is also indicated by a correlation between drops in pore
pressure at the wellhead and quiescences in seismicity, as indicated by vertical tie lines and
rectangular boxes. They correlated in 75% of the cases (those not correlating are marked
by an x).

In both of these examples there was a temporal migration of seismicity away from the
injection site. One may infer that this was controlled by fluid diffusion along a fault in these

Fig. 6.32. Seismicity induced by fluid injection at Youngstown, Ohio in 2011. The top
curve is borehead pressure, the vertical black lines are daily injection volumes, and the
seismicity is shown on the bottom. (From Kim, 2013.)

6.6 Induced seismicity 327

https://www.cambridge.org/core/terms. https://doi.org/10.1017/9781316681473.009
Downloaded from https://www.cambridge.org/core. Stockholm University Library, on 18 Dec 2018 at 16:10:09, subject to the Cambridge Core terms of use, available at

https://www.cambridge.org/core/terms
https://doi.org/10.1017/9781316681473.009
https://www.cambridge.org/core


cases where the seismicity shows a linear trend. In two cases of injection of fluid into
crystalline rock in hot dry rock geothermal experiments, at 3–4 km depth at Fenton Hill,
NewMexico (Phillips et al., 1997), and 5 kmdepth at Soultz-sous-Forets, France (Baisch et al.,
2010), clouds of microearthquakes resulted that migrated away from the injection sites in
a more volumetric than planar fashion. A plot showing these migrations is shown in
Figure 6.33 (Shapiro et al., 2003). The trends show that they are limited by diffusion, with
diffusivities of 0.17 and 0.05 m2/s, respectively. These values should correspond to bulk
diffusivities for granite. For a full poroelastic analysis of this type of observation, see Segall
and Lu (2015).

The development and widespread application of the hydrofracturing method of oil and gas
extraction from shales has also led to a great increase in the disposal of wastewater with deep
injection wells. There has been a concurrent dramatic increase in induced seismicity in the
United States since 2008. In Oklahoma, a state with an historically low level of seismicity, there
were 2,500M 3 earthquakes from 2008 to 2017, with an 11-fold increase in the seismicity rate
during that period (Keranen and Weingarten, 2017; Walsh and Zoback, 2015).

In Oklahoma, this seismicity has been in the form of swarms and foreshock-aftershock
sequences. The latter define linear trends that are inferred to mark faults which are often
unmapped but are consistent with the regional stress directions (Alt and Zoback, 2017).
There have been a number of studies of individual cases that serve to illustrate a variety of
patterns and interpretations.

Three earthquakes of MW 5.0, 5.7, and 5.0 occurred on November 5, 6, and 8, 2011, near
Prague, Oklahoma. (Keranen et al., 2013). The first initiated within a km of an active fluid
injection well. The others were triggered successively to the SW on a strike-slip fault delineated
by aftershocks. In this case, typical for much of Oklahoma, the injection interval was within the
dolomitic Arbuckle formation at a depth of about 2 km, just above the Precambrian basement.
The aftershock zone was primarily in the basement, extending to a depth of 8 km. These
earthquakes occurred 18 years after the initiation of fluid injection. Keranen et al. reasoned
that as the injection was being made into a compartment of an oilfield the early years of
injection served only to replenish the depleted pore space. It was only in the last few years
that fluid pressure began to increase sufficiently to trigger the earthquakes.

Fig. 6.33. Distances of events from the injection sites as a function of time for (a) the
Fenton Hill experiment, 1983, and (b) the Soultz-sous-Forets experiment, 1993. (From
Shapiro et al., 2003.)
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In another case, a swarm of small earthquakes was observed to slowly migrate away
from an injection site. Keranen et al. (2014) interpreted these earthquakes as being trig-
gered by the diffusion of pore pressure out as far as 35 km from the injection point.
To match the observations they needed to assume a diffusivity of 2 m2/s (presumably
controlled by the Arbuckle formation), and that earthquakes could be triggered with
a pressure rise as small as 0.07 MPa.

In a third Oklahoma case, both a swarm ofmicroearthquakes migrating away from a field of
injectionwells and twomore distant linear groups of earthquakeswere observed, onewith aMW

5.1 mainshock (Goebel et al., 2017). The linear groups were located 10 and 40 km from the
nearest injection well. Those authors modeled the swarm as caused by pressure diffusion with
D~2m2/s, but they concluded that themore distant linear groupsweremore likely triggered by
poroelastically induced Coulomb stresses, which they showed were much larger than diffused
pore-pressure changes at those distances.

The seismological response to fluid injection is thus quite variable. It also depends on the
details of how the injection is done. As a result of the fracking of the Bakken shale in North
Dakota, deep injection of wastewater there is just as prevalent as in Oklahoma, but almost no
induced seismicity has been observed. The difference seems to be that in North Dakota the
target injection horizon is a permeable layer between two impermeable members high in the
stratigraphic column with respect to the basement. In this case there is no fluid pathway to the
potentially seismogenic basement rocks (Keranen and Weingarten, 2017).

There is some concern about the seismic hazard resulting from fluid injection. The potential
hazard, in some sense, can be quantified with the relation shown in Figure 6.34. This shows that
the maximum moment of induced earthquakes is bounded by a linear relation with the net
volume of injected fluid (McGarr, 2014). This relation is justified by a scaling argument and is

Fig. 6.34. Relationship of the maximum seismic moment of earthquakes induced by
fluid injection and the net volume of the fluid injected up to the time of the earthquake.
The maximum earthquake is bound by the linear relationship Mo = G·V, where G is the
shear modulus. (From McGarr, 2014.)
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the same as is used in mining-induced seismicity, where in that case the volume is the mined
rock (Section 6.6.4).

6.6.2 Reservoir-induced seismicity

The most conclusive cases of reservoir-induced seismicity come from those instances where
seismicmonitoring was initiated prior to impoundment and a substantial increase of seismicity
was observed upon the first filling. In many other cases, however, a clear onset of felt earth-
quakes upon impoundment is sufficient to establish a correlation between the two. There are
nowmany known cases, and they seem to fall into two broad categories as far as the response of
the crust is concerned (Simpson, Leith, and Scholz, 1988). In many cases there is a rapid
response, in which there is an increase in seismicity almost immediately upon reservoir filling.
In other cases there is a delayed response, in which the main seismic activity does not occur
until some years after the reservoir has been filled and the water level maintained at a stable
height. These different responses help us to evaluate the several different mechanisms that
may be responsible for this phenomenon.

A good example of the rapid response type is given by the Nurek reservoir in Tadjikistan,
shown in Figure 6.35 (Simpson and Negmatullaev, 1981). In this case monitoring began prior to
filling, and a pronounced earthquake swarm was observed immediately upon the first filling of
the reservoir to the 100-m level. This activity died down and then increased again the next year
when the water level was raised to 120 m. Seismicity fell again to a low level, continuing with
mild fluctuations until the second stage of filling to 200 m, when a greater burst of activity

Fig. 6.35. An example of reservoir-induced seismicity with a rapid response: the Nurek
reservoir, Tadjikistan, USSR. (From Simpson et al., 1988.)
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occurred. Other cases of rapid response of this type are at Monticello (South Carolina), Manic-3
(Quebec), Kariba (Zimbabwe), Kremasta (Greece), and Talbingo (Australia).

In Figure 6.36 a case of delayed response, the Koyna dam in the Deccan Traps of western
India, is shown. Filling of the reservoir began in 1962, and shortly afterwards small earthquakes
were noticed. However, large earthquakes did not occur until late 1967, when magnitude 5.5
and 6.2 events occurred. The largest earthquake, which caused considerable damage and loss of
life, was a strike-slip event with a normal depth (~5 km), located some 10 kmdownstream from
the dam. It occurred just after the water level had reached its maximum value. In another
delayed response case, at Oroville, California, an earthquake (M = 5.7) occurred seven years
after impoundment, just after a period of record low water level. At Aswan, Egypt, an M = 5.3
earthquake occurred in late 1981, some years after the latest stage of filling had begun in 1975.

Cases of rapid response tend to produce swarms of small earthquakes, located at shallow
depths in the immediate vicinity of or just below the reservoir. In the delayed response cases,
the earthquakes tend to be larger, at greater depth, and are often at some distance (~10 km)
from the deep part of the reservoir.

Like the case of earthquakes triggered by other earthquakes (Section 4.5), the lower limit of
stressing from reservoirs necessary to trigger earthquakes is not known.Many of themostwell-
known and spectacular cases of reservoir-induced seismicity, such as those shown in
Figures 6.35 and 6.36, involve impoundment depths of 100 m (1 MPa) or more, but cases
in which the impoundment depths were much smaller are also known, such as the Monticello
in South Carolina, where the first earthquake occurred when the water level had been increased
by 10 m (0.1 MPa) (Talwani and Acree, 1985).

Fig. 6.36. An example of induced seismicity with delayed response: Koyna Reservoir,
India. (From Simpson et al., 1988.)
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6.6.3 Mechanisms of reservoir-induced seismicity

Direct effects

An elementary understanding of the mechanism can be gained by considering the reservoir to
produce a static increase in load and pore pressure equivalent to the water depth (Snow, 1972).
Thus, a 100-m-deep reservoir would produce an increase in vertical stress andpore pressure of
1 MPa immediately under the reservoir. Several illustrative examples are shown in Figure 6.37,
where the effect of the Mohr circle with respect to a Coulomb failure envelope is shown. Cases
labeled “dry” and “wet” indicate whether or not the reservoir fluid can permeate the rock
beneath the reservoir and increase the pore pressure there by diffusion.

The effect of the load will increase or decrease the radius of the Mohr circle, depending on the
tectonic environment, and the effect of increasing pore pressurewill move theMohr circle toward
the origin. Thus, an increase in pore pressure will always favor induced seismicity, whereas the
effect of the load will be to trigger earthquakes for a region of normal faulting, inhibit them for
thrust faulting, and have no effect for strike-slip faulting. In quarrying operations the vertical
load is reduced, which in a thrust faulting environment can trigger earthquakes, as in a case
described by Pomeroy, Simpson, and Sbar (1976). On the other hand, reservoirs impounded in
thrust terrains can move the stress state away from the failure condition and result in seismic
quiescence, as was observed at Tarbela dam in Pakistan (Jacob et al., 1979).

Coupled poroelastic effect

The above analysis considered equilibrium states, sometime after filling is complete. The effect
of the load will of course be immediate, due to an elastic response, whereas it might be guessed
at first that pore-pressure changes would be delayed by the time required for pressure to

Fig. 6.37. Mohr circle representation of several direct effects of reservoir loading and
quarry unloading the strength of rock underneath. Light circle is before and heavy
circle after loading. (From Simpson, 1986.)
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diffuse to depth or, in the case of reservoirs surrounded by unsaturated layers, for flow to occur
to raise the water table. However, there will also be an immediate increase in pore pressure, due
to the load elastically compacting the pore space (see Rice andCleary (1976); and for application
to this problem, Bell and Nur (1978) and Roeloffs (1988b)). We call this the coupled poroelastic
effect.

When fluid flow can be neglected, as in sudden loading, the poroelastic constitutive equa-
tion is

Dpp ¼ 2GB=3ð Þ½ 1þ vuð Þ= 1� 2vuð Þ�Dεv ð6:25Þ

(Rice and Cleary, 1976), where Δpp is the change in pore pressure due to a volume strain
increment Dεv , B is Skempton’s coefficient, G is the shear modulus, and vu is the undrained
Poisson’s ratio. B depends on the geometry of the pore space relative to that of the stress field
and takes a value between 0 and 1. For example, if the pore is a crack, B is 1 if the compression is
normal to it and 0 if parallel. We can alternatively write the response to a change in normal
stress Δσn as

Dpp ¼ B=3ð Þ½ 1þ vuð Þ= 1� 2vuð Þ�Dσn ð6:26Þ

Thus, for example, if vu = 1/3, then Δpp/Δσn = 2/3B.
Many examples of the poroelastic effect induced by coseismic stress changes have been

given in Sections 4.5.1 and 5.2.3. In this case, the loading is rapid, and the response is initially
undrained, as given by Equations (6.25) or (6.26), but pore pressures will gradually equilibrate
and themediumwill relax to the drained state. The porousmedium can be either the cataclasite
of the fault zone or the bulk crust (or both). The two represent different effects, with different
Skempton’s coefficients and different relaxation time constants, because they have different
porosity structures and different diffusion distances.

Fluid extraction from gas or oil reservoirs will result in poroelastic stresses that can also
induce earthquakes. Examples are given by Segall (1989) and Segall et al. (1994).

Interpretation of the two types of induced seismicity

A summary of the different effects is given in Figure 6.38, which indicates changes in stress
and pore pressure at some depth beneath a reservoir, filled instantly at the time origin.

Fig. 6.38. Schematic diagram showing the different effects involved in reservoir-
induced seismicity. (From Simpson et al., 1988.)
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The elastic and coupled poroelastic effects are instantaneous. Diffusion labeled in the
figure refers to diffusion from the reservoir; there is a shorter diffusion time indicated
for the relaxation of the coupled effect because in that case it is assumed that the diffusion
is from a region of high B to a nearby region of low B, with a smaller path length than from
the reservoir.

Cases of rapid response must be primarily a result of the elastic-coupled effects, and the
delayed response to effects dominated by diffusion or flow. These different mechanisms also
make some sense with respect to the general characteristics of the seismicity produced in the
two types of cases.

However, as Talwani (1997) pointed out, one never observes a pure end-member case. In the
case of the Monticello Reservoir it is possible to separate the effects, as shown in Figure 6.39.
There, the temporal evolution of induced seismicity at the Monticello Reservoir is interpreted
according to the model sketched. During initial filling of the reservoir, p1 to p2, the porosity is
assumed to be clogged, so that the loading is undrained and the coupled poroelastic effect

Fig. 6.39. Schematic diagram
to illustrate the phenomena
associatedwith inducedseismi-
city at the Monticello Reservoir.
(From Talwani, 1997.)
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results in pore pressure rising at depth, triggering earthquakes. The earthquakes are assumed
to cause unclogging of the porosity, resulting in the pore pressure draining from p2 to p3 and
the seismicity ceasing. At a later time the pressure diffusion front arrives at depth, p4 to p5,
inducing a second period of seismic activity.

Talwani and Acree (1985) have shown a relation between the square of the distance to the
seismicity and the delay time after filling, and have used this to obtain an estimate of the
hydraulic diffusivity. This has been discussed further by Simpson et al. (1988), who discrimi-
nated between the two types but also arrived at a similar value for diffusivity, 1–10m2 s−1. This
value is significantly larger than that expected from the permeability of bulk rock, and implies
that the diffusivity must be controlled by large-scale fractures.

6.6.4 Mining-induced seismicity

Seismic activity often is caused bymining activity andmay constitute amajor hazard tomining.
Such activity ranges fromminor rockbursts or “bumps” to tremors of considerable magnitude.
This activity may involve spallation into cavities or from pillars, or collapse, but many mine
tremors are physically indistinguishable from natural earthquakes (McGarr, 1984) and it is
these that will be discussed here. These tremors exhibit a double-couple focal mechanism
and have the same radiative spectrum, stress drop and scaled energy ER/Mo as ordinary earth-
quakes (Yamada et al., 2007), as well as producing aftershock sequences with the same proper-
ties (Naoi et al., 2011).

An example is given in Figure 6.40, from a South African gold mine that is being worked at
a depth of about 3 km. The activity is concentrated in the immediate vicinity and just in front of
the working stope faces. Themaximumprincipal stresses in thismine are vertical, and themine
tremors reflect normal faulting associated with the stress concentration around the stope face,
as shown in the cross section. The stope closes down behind the working face, as shown, and it
is found that seismic moment release rate is proportional to the rate of stope closureX

M0 ¼ μDVs ð6:27Þ

where ΔVs is the volume of stope closure (McGarr, 1976; 1984).
The absolute stresses in this mine are known, and the stress drops for the mine tremors are

found to be a small fraction of them (Spottiswoode and McGarr, 1975; Spottiswoode, 1984).
This allows the seismic efficiency to be calculated, and it is found to be less than 1%. Because
mine tremors are indistinguishable from natural earthquakes, there is no reason why these
results should not apply to the natural case also.

6.6.5 Induced seismicity as a stress gauge

One of the most interesting features of induced seismicity is how widespread it is. It is by no
means simply restricted to cases in which reservoirs have been built over what one might
otherwise recognize as an active fault. Just among the cases mentioned previously are some
far from any naturally occurring seismicity and several, such as the cases in Quebec, India, and
Australia, which are in mid-plate environments (see map in Gupta, 2002). The analysis shows
that in the optimal case the effect of reservoir impoundment is tomove the state of stress closer
to the failure condition by an amount equivalent to an increase of shear stress of only about 1
MPa or less. The obvious conclusion must be that a large part of Earth’s lithosphere must be
stressed that close to failure, even in regions not undergoing active tectonic deformation. From
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this point of view, a study of themany cases of reservoirs that do not induce seismicitywould be
interesting.

The lesson that is to be learned from this seems to be that the greater portion of the
lithosphere is stressed to near its failure strength, consistent with the concept, that the schizo-
sphere is in a self-organized critical state (e.g. Grasso and Sornette, 1998; Scholz, 1991). It is the
same lesson learned from triggered earthquakes. The schizosphere can relax the stress
imposed on it only by the amount of earthquake stress drops, which lie in the range 3–10
MPa, so the change induced by filling a reservoir or by fluid injection can be significant with
respect to that amount. Natural earthquakes indicate that strain accumulates in all regions,
though at greatly varying rates. It is hardly surprising that many small regions are within 1 MPa
or less of failure, which may be induced by various anthropogenic means. It is simply a case of
a very rapid artificial loading cycle being imposed on a very slow natural one.

Fig. 6.40. Plan and schematic cross-sectional views of seismicity associated with the
East Rand Proprietary Mines gold mine, at a depth of about 3 km in the Witwatersrand,
South Africa. The mine tremors, indicated by open circles, occurred during a 100-d
period in 1972; the position of the stope faces at the beginning and end of that period
are shown. The strata and stopes dip about 30° toward the SSW. As shown in the cross
section, the stopes are slots, 1–2 m high, which close down behind the working face.
The mechanisms of the earthquakes are indicated in front of the working face. (From
McGarr, 1984.)
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CHAPTER

SEVEN

Earthquake prediction and hazard analysis

The most important social benefit from earthquake research is the use of that knowledge to
reduce the hazard earthquakes pose to mankind. These applications may take several forms,
which range from the construction of various kinds of hazard maps that permit the prediction
(in a probabilistic sense) of the exposure to future ground shaking to the actual prediction of
specific earthquakes. Here the current status of these developing fields is summarized.

7.1 INTRODUCTION

There was a time when the weather belonged to the gods . . . There was a time when the
earthquake was equally enveloped in mystery, and was forecast in the enigmatic phrases
of the astrologer and oracle; and now that it too has passed from the shadow of the occult
to the light of knowledge, the people of the civilized earth – the lay clients of the
seismologist – would be glad to know whether the time has yet come for a scientific
forecast of the impending tremor.

G. K. Gilbert (1909)

7.1.1 Historical

Throughout the ages the prediction of earthquakes, along with wars, pestilences, famines, and
floods, has been the occupation of soothsayers and other such self-proclaimed prophets. The
skepticism that accompanied the rise of the scientific study of earthquakes has not, however,
removed prediction as a serious goal. Lyell, for example, devoted considerable attention to the
subject. He was impressed that throughout history, in many disconnected societies, nearly
identical traditions could be found that held that earthquakes are preceded by unusual
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phenomena. Among such traditional precursors are peculiar weather (particularly involving
unusual rainfall), uplift and subsidence of the ground, and anomalous behavior of animals.
Lyell was persuaded that the universality of such popularmythsmust indicate some underlying
truth.

Most scientists are now more inclined to believe that many such traditions are apocryphal
and owemore to themass psychological reaction of a population stunned by a sudden disaster
than to a physical cause. However, since scientific instruments began to be scattered through-
out the globe at the beginning of the twentieth century, a new list of precursory phenomena has
accumulated, returning the topic back to the realm of credibility.

The subject has remained controversial nonetheless. As a subject that both is genuinely
scientifically controversial and that unfailingly attracts the attention of the public, it frequently
prompts two contrasting responses among scientists: overzealousness and blind skepticism.
The serious scientist, in considering this subject, therefore needs to pay careful attention to
balance and to avoid such visceral reactions. The scientific data remain so scattered and
ambiguous that they require particularly cool evaluation.

7.1.2 Types of earthquake prediction

We need to be careful at the outset about what we mean by earthquake prediction. Usually, it is
described as meaning the accurate forecasting of the place, size, and time of an impending
earthquake. “Accurate” is the key word in this definition. The prediction has to be specific
enough that when and if the predicted earthquake occurs, there is no doubt that it was the one
specified. This is distinct from earthquake forecasting, which has a probabilistic basis andmay
range from long-range stationary to time-dependent assessments of earthquake hazard.

The various types of earthquake prediction are listed in Table 7.1. The prediction types are
categorized in terms of their timescale, but there are two more concrete rationales for making

Term Warning time Scientific bases Feasibility Some mitigation measures

Earthquake Early
Warning

0–20 s Speed of electro-
magnetic
waves greater
than seismic
waves

Operational to
testing phase

Warning to take cover,
close valves in refineries,
scram reactors, shut off
gas, produce maps of
expected shaking

Short-term
prediction

Hours to weeks Accelerating
aseismic slip,
foreshocks for
some events

Unknown Initiate emergency
response plans, warn
people to stay in safe
places

Intermediate-
term prediction

1 month to
10 years

Changes in seis-
micity, strain,
chemistry,
fluid pressure

Fair for well mon-
itored regions

Strengthen structures and
lifelines, improve
emergency services, add
instruments

Long-term
prediction

10–30 years Long-term rate
of activity,
fault slip rate

Good for high slip
rate faults

Make hazard and risk
estimates, site new
critical facilities to
minimize loss

After Sykes, Shaw, and Scholz (1999).

Table 7.1. Properties of various types of earthquake prediction
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these distinctions. Firstly, the scientific basis on which the prediction method relies differs
between the prediction types, thus involving different approaches, each of which differs in
feasibility. Secondly, the societal effects of the prediction, in terms of mitigation measures that
may be taken, differ (Wallace, Davis, andMcNally, 1984). Accuracy of the time predictedmust be
a small fraction of the timescale for each type of prediction, but the size and location of the
predicted earthquake should be well known for each timescale (i.e. we must know which
earthquake we are talking about in each case).

Earthquake early warning (EEW) begins just after the earthquake initiates and strong shak-
ing is detected with a nearby sensor. This information may be immediately transmitted to an
analysis center and used to generate preprogrammed warnings of impending strong shaking in
adjacent areas. This takes advantage of the greater speed of electromagnetic waves over seismic
waves to provide warnings of seconds to tens of seconds. Systems for EEW are operational in
several countries and under development in others, as discussed in Section 7.4.2.

Long-term prediction amounts to determining the recurrence time of earthquakes on a
certain fault segment and predicting the approximate time of the next earthquake from the
known time of the previous one. The first part of this problem has been discussed in detail in
Chapter 5. Because it is based on a primary feature of the earthquake process, the repetition of
the seismic cycle, this problem is well posed, and considerable progress has been made. When
implemented on a regional scale it constitutes seismic hazard analysis in which the time origin
is specified within the recurrence intervals of all faults in the region. A methodology for
proceeding toward that goal is outlined in Section 7.5.2.

Intermediate- and short-term prediction, by contrast, both depend on secondary pro-
cesses: the identification of precursory phenomena of various kinds that indicate that the
loading cycle has reached some advanced, perhaps imminent, stage. The types of precursors
that have been observed appear, in some cases, to define categories of intermediate- and
short-term precursors, independently of the societal needs listed in Table 7.1. In other cases
the distinction between the two types is not so clear. Such precursory phenomena are simply
anomalous signals that are observed in the vicinity of and some time prior to the occurrence
of an earthquake. Quite apart from the question of whether such signals are truly anom-
alous, such precursory phenomena are not, ipso facto, premonitory to the earthquake. While
some precursors may indicate the initiation of processes directly involved with the break-
down that irreversibly culminates in the earthquake, others simply may reflect an overall
advanced state of the loading cycle in the broad tectonic process of which the earthquake is
only a part. Ishibashi (1988) called these two cases physical and tectonic precursors. Still
other “precursors” may be unrelated to the occurrence of the earthquake, being merely
coincidental.

This situation underlines the need to understand both the types of physical processes that
can precede earthquakes and the types of geophysically observable phenomena that may be
manifested by them. With such amodel in mind, even if it is only conceptual, one may better be
able to evaluate themeaning of various precursory phenomena. For this reason, we concentrate
here on understanding the physical phenomena behindprecursory observations and onmodels
of precursory phenomena. Descriptions of observed precursors are limited to a brief summary
and illustrative examples. Thorough compendia of precursory phenomena may be found else-
where (Cicerone et al., 2009; Rikitake, 1976; 1982).

Long-term earthquake prediction is amenable to direct scientific investigation and so has
been progressing steadily. There has not been similar progress in the case of intermediate- and
short-term prediction. Owing to the paucity of instrument deployment, the observation of
precursors has, in the past, been a matter of chance, and their identification has been made ex
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post facto. Such observations as there have been are generally of a fragmentary nature and
subject to many interpretations. So, too, models that have been developed to explain such
phenomena have risen and fallen in their acceptability. The data have not been sufficient to
make definitive cases, new precursors are slow in coming, and old precursors are continually
subject to new doubts. The bulk of the evidence supports the existence of premonitory phe-
nomena, but it is difficult to point to a single precursor that can be accepted universally as such
or whether the precursor can be identified as such in real time. Now that CGPS and dense
seismic networks have been installed inmany regions,more rapid progress on this frontmay be
anticipated for the future.

7.1.3 Is earthquake prediction possible?

There have been a number of claims that earthquake prediction is inherently impossible.
One group of such claims (Main, 1997; Geller, 1997; Geller et al., 1997) focused on
short-term prediction. Based on the idea that seismicity reflects a system in a state of
self-organized criticality (Section 6.6.5), they argued that earthquake occurrence is too
random and chaotic to be predictable on the short timescale. In a rejoinder, Sykes, Shaw,
and Scholz (1999) pointed out that this view misunderstands the nature of chaos and
complexity, which does not imply complete unpredictability or randomness, but that
predictability will eventually be lost over long-enough timescales, just as in weather
prediction.

Again we must make the distinction between large and small earthquakes (Figure 4.11).
Earthquake prediction is concerned, for both practical and scientific reasons, only with large
earthquakes. Consider the canonical sandpile model of self-organized criticality illustrated
in Figure 7.1. The gist of the Geller et al. (1997) argument is that large sand avalanches can
occur at various azimuths on the sandpile at any time and hence are unpredictable. This is a
global statement, equivalent to saying that the location and time of the next M 7.5, say,
earthquake anywhere in the world or large region of the world is unpredictable. This state-
ment, while true, is not useful, because earthquake prediction is always a local endeavor. We
really want to know when the next large avalanche is due on our particular azimuth of the
pile. As Figure 7.1(b) illustrates, it is certainly not expected for a very long time after the last
large avalanche occurred on that azimuth.

This last statement is a rephrasing of the elastic rebound or seismic gap theory, which has
also been challenged by Kagan and Jackson (1991). They claimed that, once aftershocks have
been removed, clustering, rather than quasi-periodicity, characterizes the occurrence of all
other earthquakes. They studied the global catalog of earthquakes ofMW≥6.5, assuming this to
be the lower cutoff for large events. However, the global catalog is dominated by subduction
zone seismicity, for which the cutoff for large events is typically Mw 7.5 – 8.0. Therefore,
their catalog was dominated by small earthquakes, and the effect observed is illustrated in
Figure 7.1(c), which shows that small earthquakes do not prevent other small earthquakes from
occurring on the same sector.

Figure 7.1(d) shows that an increase of small avalanche activity might be expected as a
particular azimuth approaches the maximum angle of repose prior to the next large avalanche
there. There are many observations of this evolution of seismicity with the seismic cycle,
discussed in Section 7.2.2.

Thus, whereas the feasibility of the different types of earthquake prediction varies enor-
mously (Table 7.1), it is incorrect to state that any of them is inherently impossible.
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7.2 PRESEISMIC PHENOMENA

In this section phenomena that precede earthquakes are described and evaluated in terms of
mechanisms that have been developed to explain them. Whether or not these are considered
tectonic or physical precursors depends on these interpretations. They may be short- or
intermediate-term, a distinction that is mainly base on the time period over which they occur.

7.2.1 Preinstrumental observations

Because the instrumental period is short and instrumental deployment sparse, we cannot
afford to ignore historical descriptions of precursory phenomena. Such accounts are anecdotal
and often, even when they can be confirmed from several sources, mysterious to the physical
scientist trying to understand the physical processes responsible. In other cases, though, the
observations clearly indicate a tectonic phenomenon that warrants serious study.

Fig. 7.1. Grains of sand (small dots) being added gradually to a sandpile. (a) All sides of
the sandpile have reached the angle of repose whereby additions of sand result in
instabilities, i.e. avalanches, of various size. (b) A large avalanche has taken place
along one small range of azimuths taking that zone out of a self-organized critical
state andmaking it incapable of being the site of a large earthquake until enough sand
grains are added to bring it back to its angle of repose. Meanwhile, large avalanches
can occur at other azimuths. (c) A small avalanche occurs on one azimuth but does not
affect its entire down-dip slope; small avalanches can still occur at the same azimuth
either up-dip or down-dip of that small avalanche. (d) Moderate-size avalanches occur
as a given azimuth approaches a state of instability prior to a large avalanche.
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Striking illustrations of the more physically interpretable type are given by four cases of
crustal uplift that preceded earthquakes in Japan, first discussed in detail by Imamura (1937).
These cases are:

1 The Adigasawa earthquake of 1793, in which the land rose 1 m 4 h before the earthquake;
2 the Sado earthquake of 1802, in which there was also a 1-muplift 4 h prior to the earthquake;
3 the earthquake at Hamada in 1872, where a 2-m uplift preceded the earthquake by 15–

20 min;
4 the Tango earthquake of 1927, preceded by a 1.5-m uplift 1

2 h before the earthquake.

All of these cases were on the Japan Sea coast, where they were observed as sudden with-
drawals of the sea from the land. On this coast the daily tidal range scarcely exceeds 30 cm, so
these changes are large with respect to normal tides. Subsequent analysis also has shown that
these cases each involved large earthquakes on faults that either crossed the coast (Hamada,
Tango) or were within a few kilometers of it (Sado, Adigasawa). Each involved reverse faulting,
except Tango, which was strike-slip.

In general, when working with historical documents such as letters or diaries, the older they
are, the more difficult they are to confirm. For example, in the Adigasawa case, Usami (1987)
was unable to find mention of the precursory uplift in the contemporary diary of the local lord,
and considers this case doubtful.

The Sado case is not disputed, having been established from several sources. As a visit to
the site attracted the curiosity of the author, it is singled out for description here. The
earthquake occurred off the Ogi peninsula on the SW tip of Sado Island at about 2 pm on
December 9, 1802. At 10 am on the same day, a strong shock occurred that dislodged plaster
in some of the houses in the town of Ogi. At this time the water in the harbor receded 300 m,
leaving some parts of the harbor dry. Four hours later the mainshock occurred, destroying
most of the houses in the town and producing further uplift in which the sea retreated 500m.
Imamura (1937) estimated the preseismic uplift to have been about 1 m and the coseismic
uplift the same amount, for a total of 2 m.

The Ogi peninsula has been subjected to repeated earthquakes of this type, as recorded in a
flight of seven uplifted marine terraces (Ota, Matsuda, and Naganuma, 1976). Ota et al. showed
that the terraces were uplifted by earthquakes on a reverse fault off the coast. This mechanism
is similar to more recent earthquakes in the Sea of Japan, such as that in 1964 off Niigata. The
1802 terrace can be observed for about 25 km along the coast. Frommeasurement of the tilt of
this terrace and the magnitude of the earthquake (6.6, estimated from damage reports), they
concluded that the earthquake could not have beenmore than a few kilometers from the coast.

It may be argued in this case that the preseismic uplift was the result of coseismic motion
during the foreshock of the morning, in which case the precursor was nothing more than a
foreshock – in itself not at all remarkable. However, from the damage account the foreshockwas
much smaller than themainshock, so it is hardly credible that the twowould have produced the
same amount of uplift. It seems more likely that the foreshock accompanied the precursory
uplift, which was itself largely aseismic.

In the Hamada and Tango cases there were no strong foreshocks that could render
the interpretation ambiguous. At Hamada there were 2–3 days of small foreshocks. About
15–20 min before the mainshock, water withdrew, so that at one point on the coast a small
island, formerly separated from the mainland by water at a depth of about 2 m, became
connected by dry land. Just before the earthquake, the water returned. In this case, both
coseismic uplift and subsidence were observed along the coast, the fault evidently crossing
the coast nearly tangentially. In the Tango case the uplift was observed in a localized region just
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to the south of where the left-lateral Gomura fault crosses the coast, suggesting that precur-
sory motion on that fault, which slipped coseismically, may have been responsible.

These cases are of interest because they suggest that a large amount of preseismic slip may
have occurred a few hours prior to these earthquakes. In reviewing these cases, Kanamori
(1973) suggested that perhaps Sea of Japan earthquakes are special in having this character-
istic. However, it seems just as likely that these observations arose because of the optimal
viewing opportunities there – a large earthquake occurring very close to a densely populated
coastline of low tidal range. Unfortunately, more recent earthquakes in the Sea of Japan were
much further offshore, so we have had no chance to check these old observations with modern
methods.

By contrast to these types of historical observations, it is of interest to cite a few examples of
the more “mysterious” type. Examples of these also are found related to the Sado earthquake
and are recounted byMusha (1943) from the diary of a traveler who was visiting Ogi at the time.
According to this diary, early on the morning of the earthquake a sea captain could not decide
about embarking from the port of Ogi because of the peculiar weather that prevailed. A ground
fog had lifted to half-way up the mountains, the tops of which were still clear. The captain had
never seen such weather before and so could not decide on the safety of sailing. Perhaps more
astonishing, the same traveler reported that upon visiting the local gold mines a few days later
and, inquiring about casualties during the earthquake, he was told that there were none. The
reason given was that three days prior to the earthquake the temperature underground
increased, and a fog appeared in the workings. According to Japanese folklore, this indicated
an impending earthquake. Consequently, workwas suspended so that no onewas underground
when the earthquake occurred. In Japanese tradition, both the ground fog at Ogi and the hot air
in the mine are caused by the same thing: the chiki (literally, air from Earth).

For a fascinating account of such traditional earthquake precursory effects, including
earthquake fogs, lights, and anomalous behavior of animals, the reader is directed to a book
by Tributsch (1983). One such phenomenon which is particularly well-documented is that of
earthquake lights, which are probably for the main part coseismic, but have sometimes been
reported to be precursory. For an account, see St-Laurent (2000). Plausible mechanisms have
been suggested to account for them (e.g. Lockner and Byerlee, 1985).

7.2.2 Seismicity patterns and precursors

Seismicity patterns

The most frequently reported precursory phenomena involve patterns of seismicity. This
probably reflects the fact that seismicity is the only earthquake-related process that is routi-
nely monitored on a worldwide basis and constitutes the largest data set that may be examined
for evidence of precursors. A special journal issue is devoted to this topic (Wyss, Shimazaki, and
Ito, 1999).

The seismic cycle is accompanied by characteristic patterns in seismicity, first pointed out
by Fedotov (1965) and enlarged upon by Mogi (1977; 1985). This is illustrated in the space–time
diagram of Figure 7.2, which ismodified fromMogi (1985) with a few additions and deletions. It
should be emphasized that this is a summary of the various kinds of seismicity patterns that
have been described; few, if any, earthquake cycles have been observed that contain all of these
features.

The “principal rupture” is followed by an aftershock sequence A, which commonly is
concentrated near the ends of the rupture and decays hyperbolically in time into a postseismic
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period of quiescence Q1; Q1 occupies an appreciable portion, typically 50–70%, of the recur-
rence periodT, and usually extends over the entire region surrounding the rupture zone. This is
followed by a general increase in “background” seismicity B over the whole region (Mogi [1981]
refers to this as the “active period” and considers these a type of foreshock, but we avoid this
terminology). This is sometimes followed by an intermediate-term quiescence Q2, which typi-
cally extends over the entire zone surrounding the rupture and lasts for several years. IfQ2does
not extend to the surrounding regions, where seismicity may be augmented, a doughnut
pattern D appears. The B and D patterns are tectonic precursors: they indicate an advanced
state of the earthquake cycle but do not indicate that the principal earthquake is imminent.

The succeeding principal rupture is preceded by the immediate foreshocks F, which typi-
cally begin a fewweeks to days prior to themainshock andwhich are usually concentrated close
to the hypocentral region. A pronounced lull in foreshock activity is often observed just prior to
the final rupture, defining a short-term quiescenceQ3. F andQ3 are short-term precursors and
the patterns B, D, and Q2 are intermediate-term precursors.

An example of the pattern Q1, B, and D is shown in Figure 7.3, where seismicity before and
after the 1906 San Francisco earthquake is shown (Ellsworth et al., 1981). There was a high rate
of activity for the 50 years prior to 1906, and this period was particularly marked by several
large earthquakes on the Hayward fault on the eastern side of San Francisco Bay. The 1906
earthquake was followed by almost 50 years of near total quiet over the entire region. Starting
with an earthquake on the San Francisco Peninsula in 1957, a new period of activity began. This
has beenmarked by a renewal of activity on the East Bay faults, notably the 1979Coyote Lake (M
5.7) and 1984 Morgan Hill (M 6.1) earthquakes on the Hayward and Calaveras faults and an
earthquake on the Livermore fault (M 5.9), while the continued quiescence of the San Andreas
Fault during this period defined a doughnut pattern. The initiation of the new cycle wasmarked
by theMW 7.0 Loma Prieta earthquake of 1989, which reruptured a southern section of the 1906
rupture zone. Some other examples of these patterns are given in Perez and Scholz (1997).

A simple explanation of this pattern is that the regional quiescence following the after-
shocks results from the region being within the stress-drop shadow of the earthquake. The

Fig. 7.2. Schematic space–time diagram illustrating various patterns of seismicity that
may be recognized during the seismic cycle. (From Scholz, 1988c.)
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Coulomb stress shadow for the 1906 earthquake is shown in Figure 7.4 (Harris and Simpson,
1998). This stress shadow is then gradually erased by strain accumulation, from the outside in,
resulting in a resumption of regional seismicity later in the cycle.

An example of the Q2 type of quiescence is shown in Figure 7.5 for the case of the MW 7.8
1978 Oaxaca, Mexico, earthquake. This quiescence was the basis for a successful prediction
(Ohtake, Matumoto, and Latham, 1977; 1981). The time history of this quiescence is shown in
Figure 7.5 and its spatial development in Figure 7.6. Inmid-1973 the quiescence began abruptly
and simultaneously over a region 720 km in linear extent with an area of approximately 7 ×
104 km2. This area is much larger than the aftershock zone of the M 7.8 earthquake that
followed in 1978, hence the quiescence is a regional phenomenon that is not restricted to the
eventual rupture plane. The quiescence was terminated by a period of renewed activity that
began 10 months before the mainshock. Ohtake et al. (1981) remarked that this period of
renewed activity prior to the mainshock is typical for earthquakes on the Pacific coast of
Mexico, and Mogi (1985) described the same behavior prior to some cases in Japan. The final
foreshocks occurred as a cluster, beginning 1.8 days before themainshock, followed by a short-
term quiescence in the last 12 h (McNally, 1981).

As can be seen in Figure 7.5, there was a sharp reduction of events of M < 4.5 beginning in
1967. This corresponds to a global reduction of earthquake perceptibility due to the closing of
several large seismic arrays in that year (Habermann, 1981; 1988). Such changes in catalog
completeness may introduce spurious rates of seismicity change into the record, but in the
Oaxaca case, Habermann concluded that correcting for this effect did not change the pattern
noted by Ohtake. One can verify this simply by ignoring the smaller events in Figure 7.5. In
general, precautions need to be taken regarding heterogeneities in seismicity catalogs (e.g.
Perez and Scholz, 1984). In many other cases the validation of a quiescence requires rigorous
statistical testing and is a controversial subject. A collection of papers debating this topic may
be found in the volume edited by Stuart and Aki (1988). See Wyss et al. (1995) and Wyss,
Shimazaki, and Urabe (1996) for other examples.

Foreshocks

Foreshocks are the most common forerunners to earthquakes, but they are highly irregular in
their occurrence. Theymay occur as swarms of small earthquakes, as in the case of L’Aquila, or a
single large event, as with Denali (Section 4.4.1); a combination of the two, as in Tohoku-oki

Fig. 7.3. Earthquake history of the San Francisco Bay region in 25-year periods from
1855 to 1980. (From Ellsworth et al., 1981.)
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Fig. 7.4. Coulomb stress changes on similarly oriented strike-slip faults caused by the
1906 earthquake on the San Andreas Fault (heavy curve). Light gray area is where ΔCFS
decreasedmore than 0.01 MPa, dark areas are where it increasedmore than 0.01 MPa.
(From Harris and Simpson, 1998.)

Fig. 7.5. Seismicity of the Oaxaca, Mexico, region, showing the development of the
quiescence (a), followed by a return to normal activity (b), just before the earthquake of
1978. (From Ohtake et al., 1981.)
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(Section 6.3.1), or none at all. There is no correlation between the maximum foreshock size or
the number of foreshocks with the size of the ensuing mainshock. Nevertheless, if one stacks
many foreshock sequences an underlying structure emerges (Jones andMolnar, 1979), in which
the frequency of foreshocks obeys

nðtÞ ¼ Kf

ðtc � tÞp0 ð7:1Þ

Fig. 7.6. Maps showing the spatial development of the Oaxaca quiescence. (From
Ohtake et al., 1981.)
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where tc is the time of the mainshock and p0≈1. This is known as the inverse Omori Law. In
Figure 7.7, stacked foreshock sequences, mainly from shallow subduction zone earthquakes,
are shown for several different time intervals (Bouchon et al., 2013). Each figure looks rather
similar, and one cannot state precisely where the foreshocks begin.

The prevalence of foreshocks, as defined by Kf, varies with tectonic regime. It is largest for
shallow subduction zone andoceanic transform fault earthquakes and is smallest for intraplate
earthquakes (Bouchon et al., 2013; McGuire et al., 2005; Reasenberg, 1999). About 80% of
shallow subduction and oceanic transform fault earthquakes are preceded by at least one
foreshock. The prevalence is much less for intraplate earthquakes.

From the ETAS (epidemic-type aftershock) models, foreshocks can be explained by the
same triggering mechanism as aftershocks (Felzer et al., 2004; Helmstetter et al., 2003). That
is not surprising because, for example, the inverse Omori law for foreshocks can be derived
from the static fatigue law (Jones andMolnar, 1979), just as can the Omori law (Scholz, 1968b;
Yamashita and Knopoff, 1987). From the ETAS model the number of foreshocks should be
proportional to the number of aftershocks. In line with this, Felzer et al. showed a rough
proportionality between the ratios for foreshocks/mainshocks and aftershocks/main-
shocks. From the ETAS viewpoint, foreshocks are a self-triggering cascade of events that
happen to trigger an unusually large aftershock. However, there are a number of indications
that foreshocks may originate from a separate aseismic process that eventually triggers the
mainshock.

Formoderate-size earthquakes in theWestern USA, the prevalence of foreshocks decreases
with depth and also decreases from normal to strike-slip to thrust mechanisms (Abercrombie

Fig. 7.7. Stacks of foreshock sequences
assembled from 31 interplate, mainly subduc-
tion zone, earthquakes displayed for different
time intervals. (From Bouchon et al., 2013.)
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and Mori, 1996). Both of these trends indicate that foreshock prevalence decreases with stress.
The stress dependence of foreshock prevalence noted above mimics the stress dependence of
the b-value (Section 4.3.2). This suggests that the prevalence of foreshocks scales proportion-
ally to b. This correspondence is the opposite expected from the ETAS model, which predicts
that the ratio of foreshocks/aftershocks should be inversely proportional to b (Helmstetter et
al., 2003). On the other hand, if foreshocks are associated with a nucleation phase, then the
decrease in foreshock activity with stress may reflect the decrease of nucleation length LC
(Equation (2.37)) with normal stress, both intrinsically and because DC may decrease with
normal stress (Marone and Kilgore, 1993; Scholz, 1988).

The great variety of foreshock sequences, in comparison with the regularity of aftershock
sequences, indicates that the inverse Omori law, in contrast to the Omori law, is a statistical law
that applies only to the ensemble property of foreshocks. Foreshocks are muchmore prevalent
for oceanic than continental transform fault earthquakes and yet aftershocks are about 15
times less prevalent there (Figure 6.22). Thismeans that the generatingmechanisms for the two
cannot be the same (McGuire et al., 2005). Indeed: in the example given there, they occur in
different places. The foreshocks in that case were in the form of swarms associated with slow
slip episodes in decoupled “barrier” zones adjacent to the coupled zone in which the main-
shock (and aftershocks) occurred (McGuire et al., 2005; McGuire et al., 2012). The swarms
localized with time and space on the mainshock epicenter, which makes a simple form of
earthquake prediction possible.

It is often stated that foreshocks do not possess any telltale property that would distinguish
them from any other earthquake: i.e. that they can only be recognized in retrospect. However,
the observations of Chen and Shearer (2013) of the foreshocks of several MW > 7 strike-slip
earthquakes in Southern California, shown in Figure 7.8, suggest otherwise. There it can be seen
that the foreshocks have lower stress drops than the aftershocks (and of regional earthquakes)
and that they are depleted in high frequencies, with a sharper spectral falloff at high frequen-
cies. In each case the foreshocks occur in swarms that in their last stages migrated toward the

Fig. 7.8. Foreshock and aftershock
sequences of the 1992 MW 7.3
Landers, 1999 MW 7.1 Hector Mine,
and 2010 MW 7.2 El Mayor-Cucapah
strike-slip earthquakes in Southern
California. Left panels show stress
drops of the foreshocks and after-
shocks. Vertical line is the mainshock
and horizontal line the mean stress
drops (in MPa). Right panel shows the
averaged source spectra for after-
shocks (black) and foreshocks (gray).
(From Chen and Shearer, 2013.)
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mainshock epicenter at rates of 0.03 to 0.6 km/hr. The spectral shape, stress drop, and migra-
tion behavior of these foreshock swarms resemble other swarms that occur in this area, which
led Chen and Shearer (2013) to suggest that the foreshocks are responses to aseismic slip
episodes.

The MW 7.6 Izmit earthquake, which ruptured about 150 km of the strike-slip North
Anatolian fault, was preceded for 44 min by a sequence of micro-foreshocks that indicated
that a slow slip episode accelerated at first slowly, then more rapidly in the last two minutes
before the earthquake (Bouchon et al., 2011). Ellsworth and Bulut (2018) relocated the Izmit
foreshocks and found that they progressed systematically from west to east toward the
mainshock hypocenter. In the lack of any direct indicators of slow slip, they interpreted this
as a cascade of sequentially triggered foreshocks. Earthquakes on a strike-slip fault in Alaska
were preceded by VLFs as well as ordinary foreshocks, which were interpreted as due to an
expanding slow slipping nucleation phase (Tape et al. 2018). The differences between these
two end-member nucleation models and the difficulty in distinguishing them are discussed
by Gomberg (2018).

A stack of foreshocks sequences for shallow subduction zone earthquakes is shown
in Figure 7.9 (gray curve) in comparison with the prediction of an ETAS model (dark curve).
The ETASmodel predicts an acceleration of activity only at very short times, barely visible in
the figure, whereas the observations show a very long-term buildup of foreshock activity. In
the next section wewill see that in somewell-observed cases of subduction zonemegathrust
earthquakes, foreshocks are symptoms of slow slip preceding the mainshocks. In these
cases where foreshocks are symptoms of some aseismic processes that are perhaps pre-
paratory to the mainshock, the potential for using them as a predictive tool becomes more
feasible.

Changes in b-value prior to earthquakes

The b-value of the GR distribution is another seismological parameter that is observed to
vary prior to earthquakes. The b-value is generally observed to decrease in time leading up
to the earthquake. It may also increase to a peak value before decreasing (Smith, 1981). There is
a fairly extensive literature documenting this type of behavior (e.g. Molchan et al., 1999;
Papazachos, 1975; Smith, 1981; Suyehiro, 1964).

Fig. 7.9. Gray curve is the normalized stack of foreshock sequences of interplate earth-
quakes. Dark curve is the corresponding epidemic-type aftershock sequence simula-
tion. (From Bouchon et al., 2013).
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The time scales in which the b-value changes vary considerably. In the case of the MW 8.1
Iquique, Chile earthquake, the b-value for the region immediately surrounding the main-
shock, shown in gray in Figure 7.10(a), began to decrease four years before the earthquake, as
compared with the surrounding region (x’s with error bars), which showed no such change
(Schurr et al., 2014). This decadal-scale reduction in b-value was also observed to precede
the Tohoku-oki and Sumatra-Andaman earthquakes (Nanjo et al., 2012). As will be
discussed in the next section, in the Iquique and Tohoku-oki cases the b-value changes

Fig. 7.10. Examples of preseismic b-value changes at different timescales.(a) Prior to
the Iquique, Chile, earthquake, b-value in the source region shown in gray, in the
surrounding region as x’ with scale bars; (b) the L’Aquila, Italy, earthquake: small
gray data point, b-value, large black data points, seismicity rate (a-value).; (c) the
Van-Ercis, Turkey, earthquake. (From (a) Schurr et al., 2014; (b) Gulia et al., 2016;
(c) Gorgun, 2013.)
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were associated with an acceleration of aseismic slip. The behavior prior to the L’Aquila
earthquake, shown in Figure 7.10(b), was on a much shorter time scale (Gulia et al., 2016). As
described in Section 4.4.1, the L’Aquila earthquake was preceded by a four-month-long
swarm of foreshocks, during which the b-value gradually declined (gray data points,
Figure 7.10(b)). The rate of foreshock activity is given by the dark data points (a-value) in
Figure 7.10(b). In the last week before the mainshock, the foreshocks migrated to a region
close to the eventual rupture initiation point of the mainshock. This was marked by a
very abrupt increase in foreshock activity and decrease in b-value. The b-value and a-value
changes in the L’Aquila case is related to short-term stress changes indicated by other
precursory phenomena discussed in Section 7.3.2.

An intermediate-term case is shown in Figure 7.10(c), where b-value was observed to drop
about 8 months prior to the MW 7.2 Van-Ercis earthquake in eastern Turkey (Gorgun, 2013).

7.2.3 Aseismic deformation rate changes prior to earthquakes

There have been a number of observations of crustal deformation rate changes, on several time
scales, preceding earthquakes. Roeloffs (2006) has reviewed this topic and identified 10 cred-
ible examples of preearthquake deformation rate changes, all from the era before the extensive
installation of CGPS networks. Here, several notable examples are recounted.

There were several indicators of anomalous crustal motions prior to the 1944 Tonankai M
8.2 and 1946 Nankaido M 8.3 megathrust earthquakes in the Nankai Trough of southwest
Japan. A case has been recounted by Mogi (1982; 1985) of a leveling survey in progress at the
time of an earthquake. The survey was being carried out near the cape of Omaezaki, which is on
the south coast of Honshu just adjacent to the NE end of the Tonankai earthquake of December
7, 1944. Very unusual discrepancies in elevation were observed in repeated occupations during
the two days prior to the earthquake, and the instrument could not be leveled in the last few
minutes. These events, as reconstructed by Mogi, are shown in Figure 7.11. Two tide gauges, at
either end of the Nankaido rupture zone, recorded elevation changes of 10–20 cm before the
earthquake. There were also reports of changes of water level in wells. Linde and Sacks (2002)

Fig. 7.10. (cont.)
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showed that these various observations could be explained by ~2 m of preseismic slip just
below the seismogenic depth of both earthquakes.

The great MW 9.2 Chilean earthquake of 1960 was preceded by a slow precursor that
contained a moment of about 2/3 that of the mainshock (Cifuentes and Silver, 1989;
Kanamori and Cipar, 1974). The earthquake produced 20–30 m of slip on an 800–1000 km
length of the subduction interface. A 33 hr foreshock sequence began in the north and propa-
gated at a rate of 86 km/day toward the mainshock epicenter (Cifuentes, 1989). Based on
surface elevation changes, Linde and Silver (1989) argued that the precursor resulted from
slip below the coseismic rupture.

A more recent search for slow precursors in seismic data found 20 examples, all but one
from oceanic transform fault earthquakes (Ihmle and Jordan, 1994). As an example, theMW 8.2
Macquarie Ridge earthquake was preceded by a slow, smooth deformation than initiated 100 s
before the fast slip phase began and which possibly occurred below the coseismic rupture
(Ihmle et al., 1993). As discussed in Section 6.4.2, such slow precursors are common for a class
of oceanic transform earthquakes, particularly those that initiate near a ridge crest. For other
examples, see McGuire and Jordan (2000) and McGuire et al. (1996).

Slow slip prior to megathrust earthquakes

Although seismicity patterns represent the most commonly observed precursory phenomena,
with the advent of CGPS measurements and the recognition that repeating earthquakes can be
used to both identify and quantify aseismic slip, it has been found that precursory seismicity
activity such as foreshocks are often incidental symptoms of slow slip events. There are two
very well-documented cases in which a nearly identical decade-long sequence of linked

Fig. 7.11. Synopsis of the short-term tilt observed by leveling just prior to the 1944
Tonankai earthquake on the Nankai trough, Japan. (From Mogi, 1985.)
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precursory processes, from intermediate- to short-term, preceded subduction megathrust
earthquakes: the 2011 MW 9 Tohoku-oki in Japan, and the 2014 MW 8.1 Iquique earthquake in
northern Chile.

GPS data fromNEHonshu showed that in the period 1996–2011 there was an acceleration of
aseismic slip on the plate interface down-dip from the main slip region of the Tohoku-oki
earthquake. The area of accelerated slip is shown in red in Figure 7.12(a), where the slip
distribution in the Tohoku-oki earthquake is also shown, in 10 m contours. In the earliest
part of this time period, the zone of accelerated slip was concentrated below the base of the
seismogenic window (60 km), and became shallower with time, reaching as far up-dip as 30 km
prior to the earthquake (Mavrommatis et al., 2014a). Repeating earthquake data confirmed this
pattern and showed that an arm of slow slip had also wrapped around to the south of the
eventual rupture initiation site of the Tohoku-oki earthquake (Mavrommatis et al., 2015), all of
which increased the Coulomb stress in that area (Yokota and Koketsu, 2015).

On February 13, twomonths before the earthquake, a slow slip event marked by foreshocks
began and propagated for two weeks at 2–5 km/day toward the eventual megathrust epicenter,
as shown in the upper left box of Figure 6.6(a). After an 8-day quiescent period, an MW 7.3
earthquake occurred which was followed by afterslip that propagated toward the mainshock
epicenter, which initiated two days later (Figure 6.6(a)).

A very similar sequence of events transpired in the Iquique case. There, as shown inmagenta
in (i) in Figure 7.12(b), an increase in slip rate at depthwas initiated 9 years before the earthquake
by theMW7.8Tarapaca earthquake, a normal faulting event at 90kmdepthwithin the slab (Jara et
al., 2017). As also shown in Figure 7.12(b), the rate of both shallow (ii) and deep (iii) seismicity
increased from that time. The next stage of deformation, detected with GPS, was the initiation, 8
months before the earthquake, of slow slip both below and to the south of the eventual main-
shock, indicated by the blue (5 mm) contours in Figure 7.12(c) (Socquet et al., 2017). The gray
shading in that figure represents coupling, with darker shades indicating higher coupling. These
slow slip events occurred in areaswith low coupling, but note that these slip events are additional
to the steady-state slip rate in these areas. Foreshocks began in January–February, 2014 (blue
dots), primarily in the southern slowslippatch (Kato et al., 2016). Followingaquiescent period, an
MW 6.7 reverse faulting intraplate earthquake occurred on March 16 above the interface (Ruiz et
al., 2014) (pink star in Figure 7.12(c)). This had the effect of unclamping the interface (González et
al., 2015) and releasing a slow slip event marked by an earthquake swarm (pink dots) that
propagated at 5 km/day for two weeks toward the mainshock rupture point (Yagi et al., 2014).
This slow slip event is shown as the pink (5 cm) contours in Figure 7.10(c). The mainshock
epicenter is shown by the black star and its slip by the black (1 m) contours.

The involvement of the deeper slab with shallow processes at Iquique is illustrated in
Figure 7.12(d), which shows the close synchronization of large shallow foreshock activity
with earthquakes ~100 km deep within the slab below (Bouchon et al., 2016). They tend to
occur in synchronous clusters shown by the color bars. Bouchon et al. also found a similar
correlation between shallow foreshocks and intermediate-depth earthquakes for Tohoku-oki.
It has long been known that intermediate-depth seismicity is modulated by the cycle of sub-
duction zone megathrusts (Astiz and Kanamori, 1986; Dmowska et al., 1988; Lay et al., 1989;
McNally and Gonzalez-Ruis, 1986). Large normal faulting earthquakes at depth, such as the
Tarapaca earthquake, are often observed late in the seismic cycle, whereas the postseismic
period is characterized by seismic quiescence at depth. The observations Of Bouchon et al.
suggest that communications along the slab are much more sensitive at the very end of the
seismic cycle. They speculate that slab descent is accelerating in that phase and acting to unlock
the shallow thrust interface. These observations are quite reminiscent of the predictions of the
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subduction zone model of Stuart (1988). His model was a dip-slip version of the Tse and Rice
(1986) model, illustrated in Figure 5.11. He found that the model predicted both intermediate-
term and short-term precursors. The intermediate-term precursor, with a duration of a few
years, involved an acceleration and shallowing of the interface aseismic slip from below to

Fig. 7.12. (a) Red shaded colored areas are dip-slip component of inverted slip accel-
eration on the subduction interface prior to the Tohoku-oki earthquake. Black curves
are contours (10 m intervals) of the coseismic slip in the earthquake (n.b. The blue
areas are the decaying postseismic response to pre-1996 Sanriku earthquakes). (b)
Events prior to the Iquique earthquake of April 1, 2014. Top panel, east component of
motion of the GPS station UAPE. Panels ii and iii, rates of shallow and deep seismicity.
Green lines show earlier rates and their extrapolations. (c) Slow slip episodes and
foreshocks prior to the Iquique earthquake. Long-term slow slip in blue 5mm contours
and blue foreshocks occur from July 2013 to mid-March 2014.MW 6.7 foreshock (pink
star) and subsequent slow slip in pink 5 cm contours and foreshock swarm, pink dots
occur in last 15 days before mainshock (black star). Slip contours (1 m) are in black.
Shading indicates seismic coupling. (d) Correlations between deep and shallow bursts
of moment release prior to the Iquique earthquake. (a) is from Mavrommatis et al.
(2014b); (b) is from Jara et al. (2017); (c) is from Socquet et al. (2017); and (d) is from
Bouchon et al. (2016). (A black and white version of this figure appears in some
formats. For the color version, please refer to the plate section.)
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Fig. 7.12. (cont.)
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within the seismogenic window. The short-term precursor, with a duration of days to weeks,
was the nucleation phase. The duration and size of both of these precursors were sensitive to
the value of the nucleation length LC.

In these cases we see that foreshocks are symptoms of underlying aseismic processes and
not mere artifacts of earthquake clustering as implied by ETAS models. Not many megathrust
earthquakes have such extensive foreshock sequences as these, of course. Because the fore-
shocks in these cases are incidental to what are primarily aseismic processes, their lack does
not necessarily mean that these types of precursory phenomena are not occurring. The MW 8.8
Maule, Chile, earthquake of February 27, 2010, was preceded by a cluster of foreshocks about
30 km from the mainshock epicenter between January 9 and February 10, followed by a
quiescence (Madariaga et al., 2010). The largest 4 of those foreshocks, on January 14 and 21,
were near synchronous with seismicity down-dip in the slab (Bouchon et al., 2016). Similar
cross-talk between deep and shallow earthquakes occurred before the MW 8.0 Antofagasta
earthquake of 1995 (Jara et al., 2017). Mostmegathrust earthquakes are preceded by a sequence
of foreshocks (Bouchon et al., 2013). The continuing densification of CGPS monitoring may
reveal more examples of these kinds of precursory phenomena.

7.2.4 Other types of reported precursors

Seismic velocity changes.

One way to sense any change in physical properties within the region about to rupture is to
study the propagation of seismic waves through that region. The first study of that type to
report anomalous precursory changes was by Semenov (1969). He found a reduction in the ratio
VP/VS of compressional and shear velocities prior to a number of earthquakes near Garm, in
Tadjikistan. This result was also obtained for earthquakes at Blue Mountain Lake, New York

Fig. 7.12. (cont.)
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(Figure 7.13; Aggarwal et al., 1973). The observation was that the VP/VS ratio decreased by 10–
15%within a zone surrounding the rupture and then recovered its normal value just prior to the
earthquake. These observations were a key to the development of the dilatancy–diffusion
theory of earthquake precursors (Section 7.3.2).

If there is a reduction of seismicwave velocitywithin the rupture preparationzone, as indicated
by the VP/VS observations, then the study of body waves is not well suited for investigating it,
because such waves would be refracted away from such a region. A potentially better method is to
study the shearwave coda, a scatteredwave-train that samples a volume (Aki, 1985; see Sato, 1988,
for a review). Observations of this type indicate an increase in scattering and attenuation prior to,
andsometimes foraperiod just following, a largeearthquake (Figure7.14).Thesechangesevidently
occur within a substantial volume containing the rupture zone of the earthquake.

Crampin (1987) has authored a number of studies that indicate widespread seismic
anisotropy in the crust. The anisotropy is of a type that produces S-wave birefringence,
which he argued is the result of the preferred orientation of cracks aligned with the
stress field. He reported cases in which this anisotropy changes prior to earthquakes,
which he interpreted as due to the growth or opening of cracks (dilatancy). His group
reported such changes prior to 17 earthquakes (Crampin et al., 2015), one of which, a M 5

Fig. 7.13. (a), (b), and (c) show anomalies in VP/VS prior to three small earthquakes at
Blue Mountain Lake, New York; (e) shows a slight quiescence on the same time scale as
(c); (d) shows variations in VP/VS during normal times. (From Aggarwal et al., 1973.)
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earthquake in Iceland, was successfully predicted 3 days in advance (Crampin et al.,
1999).

Figure 7.15 shows temporal changes in S-wave velocity in a swarm of foreshocks preceding
anMW 6.0 earthquake on the Gofar transform fault of the East Pacific Rise (McGuire et al., 2012).
The dots denote velocity changes and the solid curve gives the seismicity rate in the swarm,
which includes the earthquakes used in the velocity measurements. The correlation between
seismicity rate and velocity change suggests that both are related to a slow slip event. A similar

Fig. 7.14. An anomaly in coda Q for a period just before and just after an earthquake in
Western Nagano Prefecture, Japan. The parameter plotted is the residual of the loga-
rithm of coda duration from a linear regression before and after the earthquake.
Horizontal lines indicate the mean during each period. (From Sato, 1988.)

Fig. 7.15. Changes in S-wave velocity dv/v measurements (black dots) in the foreshock
zone of a MW 6.0 earthquake on the Gofar transform fault that occurred on day 262 in
2008. Solid curve is the seismicity rate. Insets show details during rapid changes
around days 245 and 254. (From McGuire et al., 2012.)
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change in velocity dependent on strain rate was observed for a slow slip event at depth in the
Mexican subduction zone (Rivet et al., 2011). This suggests a nonlinear, perhaps poroelastic,
response of velocity to stressing rate.

Hydrological and geochemical

Changes in pressure, flow rate, color, taste, smell, and chemical composition of surface or
subsurface water, oil, or gas have repeatedly been reported to have occurred prior to earth-
quakes. In terms of their temporal occurrence, these fall into both the short- and intermediate-
term categories as defined here.Whereasmany of these phenomenawere observedwithin a few
tens of kilometers of the earthquake, others have been reported from great distances, some-
times several hundred kilometers away, even for earthquakes whose rupture dimensions could
not have exceeded 10 km.

The purely hydrologic precursors, in which water-level changes were observed, were
reviewed by Roeloffs (1988a). She considered a variety of models, all based on the assumption
that these changes result from the coupled poroelastic effect (Section 6.6.2) in response to
preseismic strain changes. She adopted the hypothesis that preseismic strain changes are not
likely to be larger than the coseismic volume strain change, which may be estimated. In
Figure 7.16 are shown observed precursory water-level changes as a function of distance
from the epicenter. The curves are the calculated effect due to the coseismic strain change,
using a semiempirical water-well response function. The anomalies at distances shorter than
150 km are consistent with the hypothesis assumed, but the more distant ones are not. Most of
these cases were from measurements made in wells with undetermined or poorly determined
hydrological properties, whichmakes their interpretation difficult. Changes in water level in 42
monitoredwells in Taiwan showed changes before the 1999Chi-Chi earthquake that correlated
with strain changes measured with GPS (Chen et al., 2015). In California, 2 of 4 well-calibrated
monitoring wells near Parkfield showed significant water-level changes several days prior to
the nearby MW 6.1 Kettleman Hills earthquake of 1985 (Roeloffs and Quilty, 1997). Precursory
strain signals were detected on two borehole dilatometers for the same earthquake (Roeloffs,

Fig. 7.16. The magnitude of hydrological precursors as a function of epicentral dis-
tance. The curves are changes predicted from the coupled poroelastic effect of the
coseismic strain changes. (From Roeloffs, 1988a.)
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2006). All these signals were of opposite sign to the coseismic ones. They were modeled as slip
down-dip from the coseismic slip on the Kettleman Hills thrust.

The first geochemical precursor reported was a change in radon content of a well in the
immediate vicinity of the Tashkent (M=5.5) earthquake of 1966 (Ulomov andMavashev, 1971).
A threefold increase in the radon content of thewell waterwas observed for a period of at least a
year prior to the earthquake. This observation spawned a number of subsequent studies.
Wakita (1988) reviewed a number of such observations in Japan. A particularly well-defined
case is shown in Figure 7.17. There, changes in radon content, water temperature, water level,
and strain are shown from different locations in the vicinity of the Izu–Oshima-kinkai earth-
quake of 1978 (M = 7.0). A similar temperature change prior to the nearby Izu–Hanto-tohooki
earthquake (M = 6.7, 1980) is recounted by Mogi (1985). Changes in chlorite and sulfate ion
concentrations in wells were observed for five months prior to the 1995 Kobe earthquake
(Tsunogai and Wakita, 1995; Wakita, 1996). Wakita noted that the temporal signatures of

Fig. 7.17. Records of four intermediate- to
short-term precursors to the Izu–Oshima-
kinkai earthquake of 1978, recorded at sev-
eral sites in the Izu Peninsula. (From Wakita,
1988.)

7.2 Preseismic phenomena 361

https://www.cambridge.org/core/terms. https://doi.org/10.1017/9781316681473.010
Downloaded from https://www.cambridge.org/core. Stockholm University Library, on 18 Dec 2018 at 16:17:30, subject to the Cambridge Core terms of use, available at

https://www.cambridge.org/core/terms
https://doi.org/10.1017/9781316681473.010
https://www.cambridge.org/core


these precursors fall into two categories: those lasting two or three months, and short spikes
just before the earthquake.

Thomas (1988) reviewed geochemical precursors and discussed a number of mechanisms
that have been proposed to account for them. He concluded that only two possiblemechanisms
are consistent with the observations: an increase in reactive surface area due to cracking, or a
change in the mixing of fluids from several sources, either because of aquifer breaching or
strain-induced fluid pressure changes.

Electrical and magnetic

Changes in electrical resistivity and, in some cases, ofmagnetic field have been reported to have
occurred prior to a number of earthquakes in the USSR, China, Japan, and the USA. Mogi (1985)
gave a brief review. They typically involve a decrease in resistivity, often for several months
prior to the earthquake. One of the most credible cases of this type is that of the Tangshan,
China, earthquake of 1976 (M = 7.8). In that case the anomaly was clear and was observed at a
number of sites.

An increase in ultra-low-frequency (ULF) magnetic emissions was observed beginning
12 days before the Loma Prieta earthquake, with a burst beginning 3 h prior to it (Fraser-
Smith et al., 1990). Very similar behavior was observed prior to the 1988 M 6.9 Spitak,
Armenia, earthquake (Molchanov et al., 1992), but no such anomaly was recorded prior to the
Northridge earthquake (Fraser-Smith et al., 1994). GPS stations provide data on TEC (total
electron content of the ionosphere). This has led to several reports of TEC changes prior to
earthquakes (Heki and Enomoto, 2015; Kumar and Singh, 2017).

7.3 PRESEISMIC PROCESSES

In order to evaluate precursory phenomena properly and to be able to use them confidently
for predictive purposes, we must understand the physical processes that give rise to them. It
is of the nature of rock fracture and friction that the breakdown instability does not occur
without some preceding phase of accelerated deformation. We may study these processes in
the laboratory in order to understand the physics involved and then, by means of models,
predict the geophysical phenomena that are likely to result. Such models, based on known
constitutive properties of rock, may be termed physical models. This distinguishes them
from kinematic models, in which fault slip behavior, say, is prescribed, usually in order to
fit observational data. The latter are not predictive, and hence will not be useful in predicting
future behavior.

In this section we emphasize physical models of precursory phenomena. These fall into two
broad categories: those based on fault constitutive relations, which predict fault slip behavior
but no change in properties in thematerial surrounding the fault, and those based on bulk rock
constitutive relations, which predict physical property changes in a volume surrounding the
fault. Themost prominent of the first type are nucleation, and of the second type, the dilatancy
models.

7.3.1 Earthquake nucleation

The close association in time and space of foreshockswith themainshock suggests that they are
probably symptoms of some sort of nucleation process. In the previous section a number of
examples were described that indicate that slow slip occurs in the days to weeks prior to
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earthquakes. These observations are suggestive of the nucleation phase, a period of accelerated
slip prior to the instability that is expected from both stress-corrosion cracking and friction
models (Das and Scholz, 1981b; Dieterich, 1986).

There are also observations from the early onset of seismic radiation that suggest the
existence of a nucleation phase and that it might contain information about the final size of
the earthquake. Ellsworth and Beroza (1995) identified an initial slow period ofmoment release
as fulfilling this role. They inferred that it radiated from a small, localized fault patch and that
the size and slip of this nucleation patch and its duration scaled with the eventual earthquake
size. Dodge et al. (1996) found that the size of foreshock zones scaledwith earthquake size for a
number of California earthquakes. These two results are shown in Figure 7.18. The preearth-
quake slip zones for the Tohoku-oki and Iquique earthquakes are much larger than expected
from this relation.

This kind of slow nucleation phase has also been observed for microearthquakes (Iio,
1995). Other studies have identified various properties of the early part of the P wave
radiation that scale with the earthquake size (Colombelli et al., 2014; Nakatani et al., 2000;
Olson and Allen, 2005). A study of the source time functions of a large size-range of
subduction earthquakes found, to the contrary, no evidence of magnitude-dependent
rupture onsets (Meier et al., 2016).

With RS friction models the form of nucleation depends strongly on the evolution law used.
With the aging law, if a/b<0.195, nucleation evolves as accelerating slip in a patch of fixed
length Lv ¼ 1:37 μDC=bσnð Þ. If a/b>0.5, nucleation is an expanding slip-weakening crack with
asymptotic length Lv ¼ π�1 b=ðb� aÞ


 �2
μDC=bσnð Þ (Ampuero and Rubin, 2008; Rubin and

Ampuero, 2005).
With the slip law, the nucleation size is much smaller and takes the form of a unidirec-

tionally propagating pulse that shrinks as slip accelerates. With the aging law, the nucleation

Fig. 7.18. Scaling relation between the radius of the foreshock zone and themainshock
moment. Squares with error bars, determined from foreshock location: solid dots,
determined from slow precursory phases observed on seismograms from Ellsworth
and Beroza, 1995. (From Dodge et al., 1996.)
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patch could be large enough to be observable if (a/b) is small and DC large enough. Thus, if
a/b = 0.95, DC = 100 µm and σn = 10 MPa, the nucleation zone would be 1 km long. With the
slip law it would be 100 times smaller. Similar results were obtained when including thermal
pressurization (Schmitt et al., 2011). Nucleation studied with the modified evolution law
(Nagata et al., 2012) produces results similar to the slip law but milder and not as localized
(Kame et al., 2015). Nucleation is more complex if heterogeneity is included in the DC term
(Noda et al., 2013).

RS friction is therefore not consistent with magnitude-scaling nucleation. There may be
other ways to avoid this difficulty. Ohnaka (2000), for example, proposed a nucleationmodel in
which the earthquake moment scales with the nucleation zone size. Parsons et al. (2017)
proposed a magnitude-dependent nucleation controlled by fluid diffusion in order to explain
the time delay in distant triggered earthquakes.

7.3.2 Preseismic dilatancy

Dilatancy models typify another class of models based on the constitutive properties of the
bulkmaterial, either within orwithout the fault zone. There are two classes of dilatancymodels:
volume dilatancy models, in which it is assumed that dilatancy occurs in a volume of rock
surrounding the fault zone, and fault-zone dilatancy models, in which it is assumed that
dilatancy occurs only within the fault zone itself.

Dilatancy–diffusion model

By far the best known of these is the dilatancy–diffusion model, a volume dilatancy model
developed by Nur (1972) and expanded upon by Whitcomb, Garmany, and Anderson (1973b)
and Scholz et al. (1973). It assumes that dilatancy occurs within the stressed volume surround-
ing an impending rupture zone and develops at an accelerating rate, just as observed in
laboratory fracture experiments (Section 1.2.2). As stress (or time – recall that failure may be
approached along a time path, as in a creep test) increases, the rate of dilatancy increases (stage
I). Eventually, the dilatancy rate becomes high enough that pore fluid diffusion cannotmaintain
the pore pressure (stage II). This results in dilatancy hardening, which both strengthens the
fault temporarily, delaying the earthquake, and inhibits further dilatancy. In an extreme case,
the cracks may become unsaturated in this process. The next stage (III) involves reestablishing
the pore pressure by fluid diffusion, followed by the rupture (stage IV). Following the earth-
quake the dilatancy recovers, at a time constant determined by the hydraulic diffusivity of the
system (stage V).

This sequence of events is based on phenomena that are observed in the laboratory, but its
application to earthquakes was motivated by certain types of precursors that indicate that
before some earthquakes there were changes in physical properties in a volume surrounding
the rupture. Most prominent among these are the velocity anomalies, such as shown in
Figure 7.13. If such a change in elastic wave velocity occurs, the only plausible mechanism is
if there is a change in the void space in the solid, and that is only likely to occur through
dilatancy.

The P wave velocity is a measure of bulk modulus K, and the S-wave velocity, of shear
modulusG. Now Krock≈ 3Kwater ≫ Kair whereasGrock≫Gwater ≈Gair, so that the introduction of
saturated crackswill reduceVS but will have little effect onVP, whereas if the cracks are dry both
will be reduced. The effect of cracks on elastic wave velocity is summarized in Figure 7.19,
which shows VP/VS versus VS, both normalized to their intrinsic (crack free) values, as functions
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of crack density and percent saturation. Note that VP/VS increases with crack density if the
cracks are saturated, and decreases if they are dry. A path is indicated that corresponds to the
velocity anomaly of the type shown in Figure 7.13, interpreted in terms of the four stages
described above and shown in Figure 7.21. The results of laboratory experiments, in which
these kinds of velocity anomalies are observed, are shown in Figure 7.20.

The model of Figure 7.19 assumes isotropically oriented cracks. In dilatancy, however, the
cracks will be preferentially oriented in theσ1−σ2 plane. This will make VP/VS highly anisotropic
and its measurement thus dependent on the orientation of the ray path. As an example, VP will
be little affected for rays propagating in the predominant crack direction and will be most
affected by those propagating in the orthogonal direction. This anisotropy leads to S-wave
splitting (e.g. Crampin, 1987), in which the fast S-wave polarization direction is in the crack
plane and the slow direction is orthogonal to it. Thus, the maxima and minima in S-wave
splitting will be oriented just the opposite of that for P wave velocity. As an example, for a ray
propagating in the σ1−σ2 plane, there would be no effect of the cracks on VP nor on the fast S
phase. So, if in ignorance of the S-wave splitting effect, one had used the first picked the fast S
phase to measure VS, the resulting VP/VS measurement would not have detected any dilatancy.

In cases of thrust faulting, such as the example illustrated in Figure 7.13, the preferred crack
orientation is horizontal, so any upward pointing rays will register their effect on VP/VS and
robust results can be expected. However, in strike-slip cases, the cracks will be vertical and
parallel to σ1−σ2 so that VP/VS measurement will be highly azimuth dependent and one must
also take care to include an evaluation of S-wave splitting. A number of the early studies meant
to test the dilatancy–diffusion theory involved moderate-size strike-slip earthquakes in
California without taking these precautions into account, and their results are thereby

Fig. 7.19. The elastic wave velocities of cracked solids, normalized to their intrinsic
values. ϵ is crack density and ξ is saturated fraction. The heavy curve indicates a path
that would produce a velocity anomaly of the type shown in Figure 7.13. The stages of
the dilatancy–diffusion model keyed to Figure 7.21 are indicated by Roman numerals.
(After O’Connell and Budiansky, 1974.)
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questionable (Kanamori and Fuis, 1976; McEvilly and Johnson, 1974). Amore sophisticated test
of the Izu-Oshima-Kinkai earthquake in Japan (reviewed in Mogi, 1985) was similarly flawed,
since the active source was located to the SE of the earthquake at Oshima, which did not afford
any ray paths at high angles to σ1.

Fig. 7.20.Velocity anomalies observed in laboratory experiments plotted in the same
format as Figure 7.19. (a) Westerly granite, deformed in triaxial compression at a
constant strain rate under drained conditions, initially dry or saturated. In this case
the saturated, drained experiments do not show any evidence of undersaturation
during dilatancy. (b) The same, but under undrained conditions. In this case, dila-
tancy hardening was observed, but undersaturation did not occur. (c) San Marcos
gabbro, a rock with a much lower hydraulic diffusivity than Westerly granite, shows
velocity anomalies characteristic of undersaturation under all conditions. (d)
Westerly granite with CO2 as the pore fluid. In this case, a velocity anomaly was
observed due to a liquid–gas phase transition of the CO2 induced by the dilatancy.
(From Scholz, 1978.)
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Many other types of precursory phenomena predicted by the dilatancy–diffusion model are
shown in Figure 7.21. This model also predicts a scaling relationship between the duration of
the precursors and the volume of the dilatant region, because the duration depends on the
hydraulic diffusivity. If the dilatant volume is proportional to the size of the impending earth-
quake, this leads to a precursor time–magnitude relation, such as is shown in Figure 7.22.
Another volume dilatancy model is the dry-dilatancy, or IND model (from the acronym, in
Russian, for crack instability avalanche). It is described byMjachkin et al. (1975). It assumes that
stages II and III result from dilatancy localization and stress reduction rather than from a pore-
pressure interaction, as in the dilatancy–diffusion model.

One objection to dilatancy models is that in laboratory experiments dilatancy is not
observed at stresses less than about half the fracture strength, which is greater than the
frictional strength for normal stresses less than about 100 MPa (Hadley, 1973). However, as

Fig. 7.21. Various phenomena pre-
dicted by the dilatancy–diffusion
model. (From Scholz et al., 1973.)
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discussed in Sections 1.3.2 and 2.4, on geological time and spatial scales fracture strength
should be less than measured in the laboratory, whereas friction should be about the same, so
dilatancy will be expected at lower stresses relative to friction. This is attested to by the
common observation of S-wave splitting in the crust (Crampin, 1987).

Fault-zone dilatancy

Fault-zone dilatancy models have been reviewed by Rice (1983) and Rudnicki (1988). In these
models it is assumed that dilatancy occurs within the fault zone as slip occurs during nuclea-
tion. The dilatancymechanismmay be either joint dilatancy, in which the fault wallsmustmove
apart to accommodate slip, or dilatancy due to shear of granular materials, such as gouge or
breccia, within the fault zone. Fault-zone dilatancy is envisioned in the context of a slip-
weakening model as shown in Figure 7.23. Dilatancy is assumed to be proportional to slip, so
as slip accelerates in the post-yield part of the stress–displacement curve, dilatancy also
accelerates. Two effects then occur. As dilatancy reduces the pore pressure within the fault
zone, the stiffness of the fault zone materials increases as their modulus changes from the
drained to the undrained modulus (Figure 7.23(a)). There is also an increase in frictional
resistance because of dilatancy hardening (Figure 7.23(b)). These two effects will stabilize the
fault temporarily and will inhibit the nucleation process. Just as in the volume dilatancy
models, the fault will continue to instability after some time delay controlled by the hydraulic
diffusivity of the fault zone.

Rice and Rudnicki (1979) considered two cases: one in which dilatancy occurred in a
spherical inclusion, and one in which it occurred in a narrow ellipsoid. For a range of constitu-
tive parameters and an inclusion radius of 1 km, they obtained precursor times characterized

Fig. 7.22.An empirical precursor time–magnitude
relation. The line through the data is consistent
with the precursor time being diffusion-
controlled with a diffusivity of 1 m2 s−1. (From
Scholz et al., 1973.)
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by a period of accelerated slip of 15–240 days for the spherical inclusion case and times shorter
by about a factor of 10 for the narrow ellipsoid case. The former ismore like a volume dilatancy
model, the latter a fault-zone dilatancy model. The fault-zone dilatancy case thus produces
short-term precursors, with a similar time period and shape as in the nucleation models.

Dilatancy and the L’Aquila earthquake

The best documented preseismic role of dilatancy is for the 2009 L’Aquila earthquake in Italy.
Recall from Section 4.4.1 that thisMW 6.3 earthquake involved slip on a system of SWdipping SE
striking normal faults in the Apennine seismic belt. During a 4-month-long foreshock
sequence (Figure 4.24) the classic symptoms of dilatancy were displayed.

Temporal variations of VP/VS from the beginning of January to the earthquake on April 6 are
shown in Figure 7.24(a) for a set of 11 nearby seismic stations (TOT), stations AQU and FIAM on
the hanging wall block nearer to and farther back from the fault, and a station GSO2 on the
footwall side (Lucente et al., 2010). The largest foreshock (M 4.0) on March 30 is marked by a
square and vertical line, and the April 6 mainshock is marked by the second box. The most
remarkable feature of these time series is an abrupt change in VP/VS at the time of the largest
foreshock on March 30. The average change in the epicentral region (TOT) is from a value of
about 1.85 rising to 1.92 and then falling back to 1.85 prior to themainshock. Stations AQU and
FIAM display low values of VP/VS, averaging ~1.80 in the period from early February to March
30, which then rise to as high as 1.88 on March 30 before falling again, whereas GSO2 has
anomalously high values, near 1.90 during the earlier period which then falls on March 30 to
~1.86. The low values at AQU and FIAM prior to March 30 are interpreted as indicating

Fig. 7.23. The two effects expected
from fault-zone dilatancy models
shown in schematic plots of shear
stress (τ) versus slip (δ): (a) increase
of the stiffness of the medium from
drained to undrained modulus; (b)
dilatancy hardening of the fault. In
both cases the instability is delayed
from I to I’. (From Rudnicki, 1988.)
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Fig. 7.24. (a) time series of VP/VS from the beginning of January to April 6, 2009. TOT is
the average of 11 local seismic stations, AQU and FIAM are stations on the hangingwall
12 km and 33 km respectively SW of the surface trace of the fault, and GSO2 is a station
on the footwall block. A square and vertical line marks the M 4.0 foreshock on March
30; the second square is the M 6.3 mainshock on April 6. Dots with error bars are
individual event determinations; lines are interpolated mean values. The horizontal
line at VP/VS = 1.86 marks the mean value determined for the study area. (b)
Comparison between time series for VP/VS for station AQU and seismic anisotropy
parameters. (a) panel: VP/VS data for AQU; (b) panel: delay time between fast and slow
polarization directions normalized to the length of the ray path; (c) panel: azimuth of
fast shear wave polarization direction; (d) panel: azimuth of null directions: shear
waves linearly polarized. (From Lucente et al., 2010.) (A black and white version of
this figure appears in some formats. For the color version, please refer to the plate
section.)
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undersaturated or dry dilatancy in the hanging wall block, whereas the high values at GSO2
during this period indicate fluid filled dilatancy, inflated by high fluid pressures (Terakawa
et al., 2010).

Data for S-wave splitting is shown for station AQU in Figure 7.24(b). The top panel (a)
again shows VP/VS, for comparison. The delay time δt between the fast and slow polarized S
waves, normalized to the length of the ray path, is shown in panel (b). Note a sharp decrease in
VP/VS in the week beginning on February 12 (day 43) corresponding to an increase in δt over
the same time period. The delay time increases further in the last part of March and then
drops abruptly on March 30. Panel (c) shows the azimuth of the fast polarization direction. It
is stable near an azimuth of ~N130E, which is parallel to the strike of the normal fault system
and to the regional σ2 direction, as would be expected. Panel (d) shows the azimuth of the
linearly polarized null direction. It is about 90° from the fast S-wave polarization direction,
also as expected.

Lucente et al. (2010) modeled these data by assuming two compartments, one of unsatu-
rated or dry dilatant material in the hanging wall block and one of dilatant material filled with
highly pressurized fluid in the footwall block, with the fault acting as an impermeable seal
separating them. The March 30 M 4 foreshock, which occurred by slip on an antithetic fault
abutting themain fault, is envisioned as rupturing themain fault seal, thus allowing fluids from
the footwall to saturate and pressurize the hanging wall. This scenario explains the sudden
increase inVP/VS and decrease of δt in the hangingwall block onMarch 30 and the simultaneous
decrease of VP/VS in the footwall block (GSO2, Figure 7.24(a)). They also hypothesized that this
pressurized the fault and led to themainshock aweek later. Note, however, that during theweek
between that foreshock and the mainshock, when the foreshock activity was very high
Figure 7.10(b), a drop in VP/VS at TOT, AQU, and FIAM and an increase in δt at AQU indicate
that a second dilatancy episode occurred leading up to the mainshock.

The drop in VP/VS in the week following February 12 is equivalent to Phase II in Figure 7.21,
i.e. it requires an overall reduction in crack saturation. This period is marked by an increased
rate of foreshocks and followed by a marked quiescence, shown in Figure 7.10(b). This quies-
cence is expected from the dilatancy hardening attendant to the rapid increase in dilatancy, as
indicated in the bottompanel of Figure 7.21 and observed in Figure 7.13(e). The b-value changes
shown in Figure 7.10b can also be interpreted in terms of these stages. It decreased gradually
during the development of dilatancy, flattened out during the quiescent period, then decreased
profoundly following the March 30 foreshock when the influx of high pressure fluids greatly
increased the Coulomb failure stress. The behavior at L’Aquila differs from that of classical
dilatancy–diffusion theory in that the influx of fluids is abrupt due to the rupture of the
permeability barrier, rather than gradual as in Phase III and IV in the classic theory as shown
in Figure 7.21.

The along-strike migration of aftershocks at L’Aquila (3.5 km/day; Figure 4.24) were mod-
eled by Di Luccio et al. (2010), who obtained the very high diffusivity values of 60–80 m2 s−1.
This led them to propose the presence of gas-rich (CO2) fluids, such as had been proposed to
control the migration of aftershocks of the Umbria–Marche earthquakes in the Northern
Apennines (Miller et al., 2004). The source of such fluids is thought to be metasomatism of a
mantle wedge at 20 km depth.

Repeated InSAR imaging of the L’Aquila region revealed that the L’Aquila and a nearby
sedimentary basin had experienced about 10 mm of accelerating subsidence in the year or
two prior to the earthquake, which afterwards was recovered in the same time-frame (Moro et
al., 2017). They interpreted this as resulting from preearthquake migration of fluids into the
dilating region and postearthquake dilatancy recovery recharging them.
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7.4 EARTHQUAKE FORECASTING IN PRACTICE

Earthquake prediction research is hampered by the lack of systematic close-in observations
that may test various theories regarding precursory phenomena. This may be addressed in
several ways. The first is by identifying areas where a large earthquake is considered to be
imminent and to heavily instrument that area. These earthquake prediction experiments,
described in Section 7.4.1, have so far been unsuccessful, largely because the original
assumptions were found to be flawed, and the expected earthquake did not arrive on
schedule.

The other approach is to increase the instrumentation in broad regions where major
earthquakes are expected as a matter of course. One such project is the Plate Boundary
Observatory in the western USA. This involves the installation of 1100 GPS receivers, tilt-
meters, strainmeters, and seismometers along the North American Plate boundary from
Alaska down through the states of Washington, Oregon, and California. An even denser
network of continuously recording geodetic and seismological instruments has been
installed in Japan, and less dense networks have been installed in other seismically active
parts of the world. This global increase in instrumentation, particularly CGPS, and InSAR, has
greatly enhanced the observations of earthquake-related phenomena. These developments
have already led to numerous new discoveries, many of which have been reported in this
book.

In themeanwhile, considerable effort has beenmade in applying these newdevelopments to
provide warnings to the public of incipient earthquakes, in the form of earthquake early
warnings and operational earthquake forecasting.

7.4.1 Earthquake prediction experiments

Several areas have been selected as earthquake prediction experiment sites based on forecasts
of imminent large earthquakes. At these sites – Parkfield, California, the Murdurnu Valley
section of the North Anatolian fault, and the Tokai district, Japan – extensive networks of
various types of instruments have been installed in the hopes of detecting precursory phenom-
ena (Berkhemer et al., 1988; Mogi, 1995; Roeloffs and Langbein, 1994).

Parkfield is a section of the San Andreas Fault where a series of M 6 earthquakes has
occurred at approximately 20 y intervals up to 1966. This series is described in Section 5.3.1.
The Parkfield prediction experiment was instigated by Bakun and Lindh (1985), who, by extra-
polating this series, predicted that the next Parkfield earthquake would occur in 1988.0 ± 5.2
years. The Parkfield segment consists of a locked patch embedded within creeping sections, so
the prediction was based on the concept that this locked patch would rupture in identical
“characteristic” earthquakes. In the event, the rupture of this segment did not occur until
2004, long after the prediction window had passed and the experiment had been abandoned.
The 2004 event differed from the previous earthquakes in 1934 and 1966 in that it ruptured in
the opposite direction, from south to north, as well as in other details of the slip distribution
(Bakun et al., 2005). Although the region was well instrumented, no precursory phenomena
were observed. This experience represented a failure of the characteristic earthquake model
(Jackson and Kagan, 2006). In retrospect, this should be no surprise because the heterogeneity
of the fault will result in a variety of ruptures and recurrence times even when limited to same
restricted fault segment (e.g. Barbot et al., 2012).

The Tokai gap refers to the section of the Nankai Trough subduction zone opposite
Suruga Bay (sector E, Figure 5.18). The prediction that this region is overdue for a large
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earthquake (Ishibashi, 1981) was primarily based on the observation that sector E did not
rupture in the Tokaido earthquake of 1944 and hence has not ruptured since the Ansei I
event of 1854. This earthquake has yet to occur. More recent GPS measurements (Sagiya,
1999) indicated that a considerable amount of the Philippine Sea plate/Eurasian plate con-
vergence is being taken up by permanent deformation in the Izu Peninsula (Figure 3.2), which
is acting as a microplate. Taking into account the transfer of plate motions from the NAM to
Amur plate in Central Japan further reduces the strain accumulation rate estimated for the
Tokai district (Heki and Miyazaki, 2001). Modeling that takes these changes into account
puts the expected Tokai earthquake window well into the future: 2028–2071 (Zhao et al.,
2004).

The German–Turkish project for earthquake prediction research was initiated in 1984. It
was centered on the Murdurnu Valley section of the western part of the North Anatolian. It
was estimated that M ~6 earthquakes should recur there every 15–21 years. Since the
previous earthquake occurred there in 1967, the next one was expected to occur by 1988.
The Izmit M 7.4 occurred west of there in 1999, well outside the prediction window, both in
time and space.

The 1989MW 7.0 Loma Prieta earthquake in Northern California was anticipated by Sykes
and Nishenko (1984) and Scholz (1986), who, based on somewhat different observations,
argued that the slip in that portion of the 1906 earthquake rupture had been reaccumulated
in the interim and this section was thus likely to rerupture in the near future. A review and
evaluation of these forecasts and the controversy surrounding them is given by Harris
(1998a).

7.4.2 Earthquake early warning

Although detection of a nucleation phase in the early part of the seismogram has proven to be
elusive, enough information can be extracted from the early part of the P wave so that early
warning (order of 10s of seconds) of earthquake strong ground motions can be achieved (Allen
et al., 2009; Allen and Kanamori, 2003; Kanamori, 2005).

There are two types of EEW: onsite, and regional, or front, early warning. The first type
takes advantage of the fact that the information regarding the size of the earthquake is
contained in the P wave whereas the strong shaking arrives with the S wave, so that the
shaking at a site can be estimated before the arrival of the S waves. In the regional or front
method, transmission of the early warning is sent to distant locations ahead of the propa-
gating seismic energy.

The original idea for earthquake early warning was espoused by J. D. Cooper, who, following
the M 7 earthquake in 1868 on the Hayward fault, proposed that an earthquake detector be
installed at Hollister, a town on the San Andreas Fault several hundred km southeast of San
Francisco. When an earthquake is detected, a warning would be telegraphed to City Hall in San
Francisco, where a bell would be rung, warning the citizens of the impending shock. This idea
was never implemented, but if it had been, it would not have been useful in 1906. That earth-
quake originated north of the city.

The earliest operational early warning system was developed by the Japanese National
Railways in the 1960s to slow down and stop the Shinkansen high-speed trains in the
event of a strong earthquake. Detectors were installed closer to the coast (the source of
most large earthquakes in Japan) to trigger on a threshold and automatically brake the
trains. This Urgent Earthquake Detection and Alarm System (UrEDAS) was further
expanded and developed into a nationwide warning system following the 1995 Kobe
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earthquake (Nakamura, 1988; Nakamura and Saita, 2007). The system proved its value
during the 2004 Mw 6.6 Niigata-ken-Chuetsu earthquake, when, of the four Shinkansen
trains operating within the epicentral area, only one was derailed. The P wave arrived at
the UrEDAS detector in the section of the derailed train 2.9 s after the origin time and
issued an alert 1 s later, cutting the power supply to the train and initiating braking. The
train operator also saw the UrEDAS warning and initiated manual braking 1 s after the
automatic braking began. The S wave hit the train 2.5 s after the alarm and strong
shaking started 1 s later. The train derailed, but all but one carriage remained on the
tracks, averting a major disaster.

An system to warn Mexico City of major earthquakes on the Pacific coast of Mexico was
developed following the Mw 8.0 Michoacan earthquake of 1985 which caused extensive
damage and loss of life in that city (Espinosa-Aranda et al., 2009). The system was
particularly designed to warn of major earthquakes in the Guerrero seismic gap, about
300 km SW of Mexico City, and would provide a 30 s warning to the city. Other EEW
systems are in operation or development elsewhere in the world, as reviewed by Allen et
al. (2009).

The system being developed for use in California, Oregon, and Washington, ShakeAlert,
has a suite of early warning algorithms under test (Böse et al., 2014). In addition to basic
tools such as the period of the first 3 s of the P wave, which is satisfactory for estimating
earthquake size up to ~M 6.5, it uses other methods for larger earthquakes, such as finite
fault rupture models from real-time high-speed GPS (Grapenthin et al., 2014) and other
data (Böse et al., 2015). Proposed additional methods are those that combine many meth-
ods using a Bayesian approach (Minson et al., 2017) and crowdsourcing (Minson et al.,
2015).

For a description of the performance of EEW systems during the 2016–2017 earthquake
sequence in Central Italy, see the report by Festa et al. (2018).

7.4.3 Operational earthquake forecasting

In response to the debacle in communication between earthquake experts and local residents
in the weeks leading up to the disastrous L’Aquila, Italy, earthquake of 2009, and the public
furor that ensued (see Hall, 2011; Jordan, 2013), the Italian government convened an inter-
national commission to assess the scientific knowledge of earthquake prediction and to
provide guidelines to communicate scientific knowledge of seismic hazard in a timely man-
ner to the affected populace. The commission issued a report in which they offered a plan of
action that they called “Operational Earthquake Forecasting” (OEF) (Jordan et al., 2011). The
idea of OEF is to provide to the public scientific information on earthquake hazard that is
updated where earthquake probabilities are locally and temporally enhanced significantly
above their long-term values.

The problem is that long-term seismic hazard analysis, which will be discussed in the next
section, never predicts high probabilities in the short term. Nevertheless, public expectations
are rising for valid information on enhanced seismic risk in the short term, and there is a
perceived need to scientifically engage that need in the formof time-dependent seismic hazard
analysis. Operational Earthquake Forecasting lays out a methodological scientific approach to
this problem and recommends protocols for communicating relevant results to the public.
Various criticisms of OEF have beenmade (Peresan et al., 2012;Wang andRogers, 2014), and are
rebutted by Jordan et al. (2014).
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Operational Earthquake Forecasting is based on long-term seismic hazard analysis (taken
up in the next section) but in addition involvesmaking shorter term hazard reevaluations when
merited by conditions such as the occurrence of a major earthquake or the observations of
phenomena that may be deemed precursory to a major earthquake. Various actions that could
be taken are discussed in Field et al. (2016).

The occurrence of a major earthquake will temporarily enhance seismic risk in the
form of its immediate aftershocks and from large earthquakes that might be triggered on
other nearby faults. The public needs to be informed of these increased hazards in a
quantitative manner. There are two approaches: the probability of strong ground motions
from aftershocks can be estimated by a clustering model such as an ETAS model combined
with a scaling model for strong ground motions (Gerstenberger et al., 2005), and the
short-term hazard of large earthquakes on nearby faults can be estimated from
Coulomb stress transfer analyses combined with a method for estimating probabilities
(Steacy et al., 2005). These two approaches can be combined (e.g. Steacy et al., 2014; Toda
et al., 2005). Gerstenberger et al. (2014) described the application of these methods to
practical considerations during the Christchurch, New Zealand, earthquake sequence of
2010–2011. Examples of the use of OEF in California have been recounted by Jordan and
Jones (2010).

Another situation that might result in a temporary increase in seismic hazard is the
occurrence of phenomena that might be considered precursory to a major earthquake.
The increased hazard can be expressed in terms of a probability gain (Aki, 1981). It is
appropriate to use the April 6, 2009, L’Aquila earthquake as an illustrative example. The
increased seismic activity in January of that year, including many felt earthquakes, had
prompted school closures and other preparedness measures. Media attention began
focusing in February on amateur earthquake predictions made by a technician from the
nearby Gran Sasso National Physics Laboratory, based on radon measurements made with
gamma-ray detectors of his own design. These further alarmed people and caused some
to evacuate their villages. In response to this situation, government scientists stated
publicly that there was no validated method for earthquake prediction, that earthquake
swarms were common in this part of Italy, and that the probability for larger earthquakes
remained small (Jordan, 2013). These statements did not allay the concerns of the
populace. Late, the Major Risk Commission said, “There is no reason to say that a
sequence of small-magnitude events can be considered a sure predictor of a strong
event” (Jordan, 2013). This statement, while technically correct, does not go far enough.
An analysis that considers the clustering nature of seismicity would find that the swarm
indicates an increased probability of a larger event. Now it may well be, as van Stiphout et
al. (2010) concluded from a later analysis of the situation, that the probability gain
implied by the swarm was insufficient, from a cost-benefit point of view, to merit calling
for a mass evacuations. Less stringent measures, such as evacuation of the weakest
buildings, might have been more appropriate. However, if one also considers the abrupt
drop in b-value that followed the M 4 foreshock of March 30, the probability gain would
have been increased fifty-fold, and mass evacuation would then have possibly been
deemed appropriate (Gulia et al., 2016). This brings into focus the primary problem:
officials did not have access to the information that would have potentially allowed
them to make an informed decision. If we suppose, for illustration, that all the seismo-
logical and geodetic data at L’Aquila had been analyzed on a near real-time basis, things
would surely have turned out quite differently. In that case the sharp increase in seismi-
city and decrease in VP/VS in early February would have been known and would
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undoubtedly have led to an elevated scientific alert level. The subsequent seismic quies-
cence, followed by an increase in S-wave splitting delay-times in late March, would have
increased the probability gain even more. In this environment, the abrupt increase in
seismicity, drop in b-value, and changes in in VP/VS following the M 4 shock on March 30
would have surely been alarming enough to call for evacuation of the city. This proposi-
tion – that all seismological and geodetic data be analyzed on a near real-time basis – is
not at all unrealistic, given the data transmission, storage, and computing resources now
available. In fact, it a prerequisite for effective operational earthquake forecasting as
envisioned in the Jordan report.

7.5 EARTHQUAKE HAZARD ANALYSIS

A more straightforward goal of earthquake prediction research is to estimate the hazard
presented by earthquakes. This is related to long-term prediction, which, when carried out
thoroughly for a region, provides a basis upon which seismic hazard can be assessed and
expressed in probabilistic terms.

7.5.1 Traditional methods

Seismic hazard maps have been produced for many years. In their simplest form they are
representations of the past historic and/or instrumentally recorded seismicity of a
region, which may be indicated by maps of intensity distributions or contours of elastic
energy release. Such maps assume that future seismicity will be the same as past
activity. If the dataset upon which the map is based is complete for a period long
compared to the recurrence time of the slowest-moving fault in the region, such a
map would represent accurately the long-term hazard. In practice, this condition is
rarely met. Usually, a complete record of damaging earthquakes is available for only
the last one or two centuries, which is shorter than the complete seismic cycle for most
plate boundaries, including the secondary faults associated with them. Even regions with
exceptionally long written histories, such as China, Japan, and Italy, have insufficient
records because they contain faults with recurrence times of thousands to tens of
thousands of years.

Maps constructed in this way may give an erroneous picture of present-day hazard. A quiet
zone on such a map, representing low hazard, may delineate a seismic gap and actually be a
place of high present hazard. On the other hand, a region that recently has experienced a
damaging earthquake, and hence is represented as high hazard on the map, actually may be a
region of low hazard in the near future because it is now at an early stage in a new seismic cycle.
There are therefore two problems with such maps: incompleteness of geographical and tem-
poral coverage in the record, and a lack of identification of a time datumuponwhich to base the
hazard estimation.

The frequency–magnitude relation has often been used in attempts tomitigate the effects of
incomplete data coverage. This relationmay be determined by recording small earthquakes in a
region, and then extrapolated to calculate the recurrence time of potentially damaging earth-
quakes of larger magnitude. This method often has been used to estimate hazard at sites for
critical facilities, which otherwise have no record of destructive earthquakes. However, as
pointed out in Section 4.3.2, large potentially damaging earthquakes belong to a different
fractal set than small earthquakes and cannot be predicted with this extrapolation. The large
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earthquake that ruptures a given fault segment will typically be one to two orders of magnitude
larger than that predicted by an extrapolation of the size distribution of small earthquakes on
the same segment. It is only for a very large region that contains many active faults that this
extrapolation will give accurate results.

These difficulties have been overcome in recent years. The incompleteness of the
historic record may be remedied by the incorporation of geological data on fault slip
rates bolstered with dates of paleoseismic events determined by the excavation of faults.
The true nature of the earthquake size distribution has been recognized, and empirical
earthquake scaling laws allow recurrence times to be calculated even in the absence of
data on prehistoric events (Section 5.3.2). Strain accumulation rates obtained from GPS can
be used to estimate recurrence rates in the absence of fault slip-rate data. These devel-
opments form a basis for the calculation of long-term seismic hazard. This type of hazard
analysis provides an estimate of the geographical distribution of seismic hazard that is
independent of a time datum. With additional data on the occurrence time of the last large
earthquake on each fault segment and with proper consideration of the seismic cycle, an
analysis of time-dependent seismic hazard can be made, in which the hazard estimation is
specific to a particular time datum, namely the present. This determination is the basis for
probalistic seismic hazard analysis (PSHA), which quantifies the likelihood that ground
shaking at a given point will be exceeded during a given time period. The latter, a major
concern of engineering seismology, is beyond the scope of this book, but summaries can
be found in standard sources such as Cornell (1968).

7.5.2 Long-term earthquake hazard analysis

The work in California on long-term seismic hazard analysis will be used to illustrate this
methodology. Beginning in 1988, a series of Working Groups for California Earthquake
Probabilities (WGCEP) have produced a number of iterations of earthquake hazard ana-
lyses, each progressively more complete, sophisticated, and resultingly complex. These are
consensus products: they combine accommodation of a variety of expert opinions, com-
peting models, and parameter assumptions, all of which are dealt with by a logic-tree
structure that, in the more recent models, may contain thousands of branches. This
makes for an intricacy that, for the most recent model “Uniform California Earthquake
Rupture Forecast – 3” (UCERF3) is described in three voluminous reports (Field et al., 2014;
Field et al., 2015; Field et al., 2017) with multiple appendices. No attempt will be made here
to go into the inner workings of these models; only the basic ingredients and assumptions
will be discussed.

The earliest WGCEP reports treated only hazards from earthquakes occurring on the main
San Andreas Fault system. The faults were divided up into possible rupture segments, based on
past earthquake rupture lengths, or physical discontinuities such as bends and jogs, with each
weighted in probability according to expert opinion. Each segment was assumed to rupture in a
“characteristic” earthquake and its probability of rupturing in the following 30-year periodwas
assessed based on an elastic rebound renewal model conditional on its last rupture date, the
fault slip rate, or strain accumulation rate, and an empirically based probability density func-
tion of recurrence intervals.

As evidence has accumulated showing the poor record of the characteristic earthquake
model and the lack of predictability of segment boundaries in stopping ruptures (see
Section 5.4), more recentmodels have relaxed the segmentation assumption. In themost recent
model, UCERF3, segmentation is abandoned entirely.
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The basic building block of UCERF3 is a time-independent model (Field et al., 2014). It
begins with a fault model, which contains all mapped quaternary active faults in California.
Rather than assuming segmentation, the faults are divided into sections of length equal to
half the seismogenic depth. A supraseismogenic (large) earthquake is thus one that rup-
tures at least two sections, and it is assumed that these can occur by rupturing any
combination of adjoining sections. Each section’s slip rate is determined by geologic
measurements, where present, or by joint inversions of geodetic and geologic data (e.g.
Zeng and Shen, 2014). The moment release rate of each section is corrected for fault creep
in either of two ways. If the creep is shallow, then the seismogenic fault area is reduced
accordingly, and if creep occurs throughout the seismogenic depth then the slip rate is
reduced by application of a coupling coefficient. Several different such deformation mod-
els are assumed, which predict seismic moment release rates for California in the range
2.76–2.85x1019 Nm/yr.

Earthquakes are assumed to obey one of a number of slip-length magnitude-scaling
laws (e.g. Hanks and Bakun, 2008) and slip distributions, such as tapered or boxcar. Slip
is required to be smooth along fault strike. Earthquake recurrence rates are set by
paleoseismic recurrence rates where available, or by assuming a slip per event combined
with slip rate. Earthquakes are drawn from a magnitude frequency distribution (MFD),
which for the region as a whole is assumed to be a truncated GR MFD and for faults is
assumed to be a characteristic MFD, which is a truncated GR MFD with higher probabil-
ities for supraseismogenic earthquakes (see Section 4.3.2). The probability of multifault
ruptures is estimated from geologic data on the statistics of ruptures passing jogs of
various sizes (see Section 5.4.1). Earthquake activity elsewhere than on mapped faults is
determined from gridded seismicity rates using a truncated GR distribution with magni-
tude cutoffs from M 7.3 to 7.9.

These inputs and conditions are inverted to produce a map of the long-term partici-
pation rate of each fault section and off-fault areas in earthquakes above a certain
magnitude. The inversions are constrained to match the overall magnitude frequency
distribution for the model area. A version of the UCERF3 time-independent rupture
forecast model is shown in Figure 7.25(a). The black rectangles show the 2,606 fault
sections of UCERF fault model 3.1. Colors indicate the long-term rate at which each
area participates in M≥ 6.7 earthquakes, averaged over all 720 UCERF3 logic-tree
branches.

The UCERF3 long-term time-dependent hazard model calculates the probability of
each fault section participation in earthquakes greater than a given magnitude for the 30-
year period beginning in 2014 (Field et al., 2015). For this model the date of the previous
supraseismogenic rupture of each fault section or area is determined from a catalog of
historic or paleoseismically determined ruptures. For those sections where no informa-
tion is available a default date of 1875 is used. An elastic rebound renewal model is used,
with several values of aperiodicity. A Poisson branch was also included (to accommodate
group members who do not believe the elastic rebound theory has been verified). A
Brownian passage-time model recurrence distribution was used (Matthews et al., 2002).
This model has 5,760 logic-tree branches, which are averaged according to assigned
weighting factors. Results are shown in Figures 7.25(b) and 7.25(c) for M ≥ 6.7 and 7.7,
respectively.

In order to provide some OEF capabilities, a version of UCERF3 containing an ETAS
triggering model (Section 4.5.2) has also been developed (Field et al., 2017). This model,
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Fig. 7.25. (a) 3D perspective view of California, showing the 2,606 fault sections (black
rectangles) of UCERF fault model 3.1. Colors indicated the long-term rate at which each
area participates in a M≥ 6.7 earthquake, including aftershocks. (From Field et al.,
2014.) (b) Time-dependent UCERF3 model for M≥6.7. Scale is probability of each
section, aggregated in 0.1x0.1° cells, participating in that size earthquakes in the 30
years from 2014. (c), Time-dependent UCERF3 model for M≥7.7 (From Field et al.,
2015.) (A black and white version of this figure appears in some formats. For the
color version, please refer to the plate section.)
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which is an elaboration on Michael (2012), assumes Utsu-Omori aftershock statistics and
draws from the characteristic magnitude frequency distribution. It does not explicitly
include the effects of Coulomb stress loading. This model is intended to provide estimates
of the enhanced probability of triggered earthquake in the days to weeks following a major
event.
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Bécel, A., Delescluse, M., Nedimović , M. R., et al. 2017. Tsunamigenic structures in a creeping
section of the Alaska subduction zone. Nat. Geosci. 10: 609–613, doi: 10.1038/ngeo2990.

Beeler, N. M., and Lockner, D. A. 2003. Why earthquakes correlate weakly with the solid Earth
tides: Effects of periodic stress on the rate and probability of earthquake occurrence.
J. Geophys. Res.-Solid Earth 108(B8): doi: 10.1029/2001jb001518.

Beeler, N. M., Hickman, S. H., and Wong, T. F. 2001. Earthquake stress drop and laboratory-
inferred interseismic strength recovery. J. Geophys. Res. 106: 30701–30713

Beeler, N. M., Hirth, G., Thomas, A., and Buergmann, R. 2016. Effective stress, friction, and
deep crustal faulting. J. Geophys. Res.-Solid Earth 121(2): 1040–1059, doi: 10.1002/
2015jb012115.

References 387

https://www.cambridge.org/core/terms. https://doi.org/10.1017/9781316681473.011
Downloaded from https://www.cambridge.org/core. Stockholm University Library, on 19 Dec 2018 at 17:35:09, subject to the Cambridge Core terms of use, available at

https://www.cambridge.org/core/terms
https://doi.org/10.1017/9781316681473.011
https://www.cambridge.org/core


Beeler, N. M., Lockner, D. L., and Hickman, S. H. 2001. A simple stick-slip and creep-slip model
for repeating earthquakes and its implication for microearthquakes at Parkfield. Bull.
Seismol. Soc. Am. 91(6): 1797–1804, doi: 10.1785/0120000096.

Beeler, N. M., Tullis, T. E., and Goldsby, D. L. 2008. Constitutive relationships and physical basis
of fault strength due to flash heating. J. Geophys. Res.-Solid Earth 113(B1): doi: 10.1029/
2007jb004988.

Beeler, N. M., Tullis, T. E., and Weeks, J. D. 1994. The roles of time and displacement in the
evolution effect in rock friction. Geophys. Res. Lett. 21: 1987–1990.

Behr, W. M., and Platt, J. P. 2011. A naturally constrained stress profile through themiddle crust
in an extensional terrane. Earth Planet. Sci. Lett. 303(3–4): 181–192, doi: 10.1016/
j.epsl.2010.11.044.

Belardinelli, M. E., Bonafede, M., and Gudmundsson, A. 2000. Secondary earthquake fractures
generated by a strike-slip fault in the South Iceland Seismic Zone. J. Geophys. Res. 105:
13613–13630.

Belardinelli, M. E., Cocco, M., Coutant, O., and Cotton, F. 1999. Redistribution of dynamic stress
during coseismic ruptures: Evidence for fault interaction and earthquake triggering.
J. Geophys. Res.-Solid Earth 104: 14925–14945.

Bell, J. W., Caskey, S. J., Ramelli, A. R., and Guerrieri, l. 2004. Pattern and rates of faulting in the
central Nevada seismic belt, and paleoseismic evidence for prior beltlike behavior. Bull.
Seismol. Soc. Amer. 94: 1229–1254.

Bell, M. L., and Nur, A. 1978. Strength changes due to reservoir induced pore pressure and
stresses and application to Lake Oroville. J. Geophys. Res. 83: 4469–4483.

Bell, T. H., and Etheridge, M. A. 1973. Microstructures of mylonites and their descriptive
terminology. Lithos 6: 337–348.

Ben-David, O., and Fineberg, J. 2011. Static friction coefficient is not a material constant. Phys.
Rev. Lett. 106(25): doi: 10.1103/PhysRevLett.106.254301.

Ben-David, O., Cohen, G., and Fineberg, J. 2010a. The dynamics of the onset of frictional slip.
Science 330(6001): 211–214, doi: 10.1126/science.1194777.

Ben-David, O., Rubinstein, S. M., and Fineberg, J. 2010b. Slip-stick and the evolution of fric-
tional strength. Nature 463(7277): 76–79, doi: 10.1038/nature08676.

Bennett, M., Schatz, M. F., Rockwood, H., andWiesenfeld, K. 2002. Huygens’s clocks. P. Roy. Soc.
A-Math. Phy, 458(2019), 563–579, doi: 10.1098/rspa.2001.0888.

Bennett, R. A., Davis, J. L., and Wernicke, B. P. 1999. Present-day pattern of Cordilleran
deformation in the western United States. Geology 27: 371–374.

Bennett, R. A., Rodi, W., and Reilinger, R. 1996. Global Positioning System constraints on
fault slip rates in southern California and northern Baja, Mexico. J. Geophys. Res. 101: 21,
943–21, 960.

Ben-Zion, Y., and Rice, J. R. 1993. Earthquake failure sequences along a cellular fault zone in a
3-dimensional elastic solid containing asperity and non-asperity regions. J. Geophys. Res.-
Solid Earth 98(B8): 14109–14131, doi: 10.1029/93jb01096.

Ben-Zion, Y., and Rice, J. R. 1995. Slip patterns and earthquake populations along different
classes of faults in elastic solids. J. Geophys. Res.-Solid Earth 100: 12959–12983.

Ben-Zion, Y., and Shi, Z. Q. 2005. Dynamic rupture on a material interface with spontaneous
generation of plastic strain in the bulk. Earth Planet. Sci. Lett. 236(1–2): 486–496, doi:
10.1016/j.epsl.2005.03.025.

Ben-Zion, Y., Rice, J. R., and Dmowska, R. 1993. Interaction of the San Andreas fault creeping
segment with adjacent great rupture zones and earthquake recurrence at Parkfield.
J. Geophys. Res. 98: 2134–2144.

388 References

https://www.cambridge.org/core/terms. https://doi.org/10.1017/9781316681473.011
Downloaded from https://www.cambridge.org/core. Stockholm University Library, on 19 Dec 2018 at 17:35:09, subject to the Cambridge Core terms of use, available at

https://www.cambridge.org/core/terms
https://doi.org/10.1017/9781316681473.011
https://www.cambridge.org/core


Bergman, E. A. 1986. Intraplate earthquakes and the state of stress in oceanic lithosphere.
Tectonophysics 132: 1–35.

Bergman, E. A., and Solomon, S. 1988. Transform fault earthquakes in theNorthAtlantic: Source
mechanism and depth of faulting. J. Geophys. Res. 93: 9027–9057.

Bergman, E. A., and Solomon, S. C. 1980. Oceanic intraplate earthquakes – Implications for local
and regional intraplate stress. J. Geophys. Res. 85(NB10): 5389–5410, doi: 10.1029/
JB085iB10p05389.

Berkhemer, H., Zschau, J., and Ergunay, O. 1988. The German-Turkish project on earthquake
prediction research, concept and first results. Paper presented at Proceedings of the ECE/
UN Seminar on Prediction of Earthquakes, Lisbon.

Beroza, G. C. 1991. Near-source modeling of the Loma-Prieta earthquake – Evidence for
heterogeneous slip and implications for earthquake hazard. Bull. Seismol. Soc. Amer. 81:
1603–1621.

Beroza, G. C., and Ide, S. 2011. Slow Earthquakes and Nonvolcanic Tremor. In Ann. Rev. Earth
Planet. Sci, Vol 39, eds. R. Jeanloz and K. H. Freeman, pp. 271–296, doi: 10.1146/annurev-
earth-040809–152531.

Beroza, G. C., and Mikumo, T. 1996. Short slip duration in dynamic rupture in the presence of
heterogeneous fault properties. J. Geophys. Res.-Solid Earth 101(B10): 22449–22460, doi:
10.1029/96jb02291.

Berthaud, P., Baumberger, T., G’sell, C., and Hiver, J. M. 1999. Physical analysis of the state and
rate-dependent friction law: Static friction. Phys. Rev. B. 59: 14313.

Berthe, D., Choukroune, P., and Jegouzo, P. 1979. Orthogneiss, mylonite and non-coaxial
deformation of granites: The example of the South Armorican shear zone. J. Struct. Geol.
1: 31–42.

Bhat, H. S., Dmowska, R., Rice, J. R., and Kame, N. 2004. Dynamic slip transfer from the Denali to
Totschunda faults, Alaska: Testing theory for fault branching. Bull. Seismol. Soc. Am. 94(6):
S202–S213, doi: 10.1785/0120040601.

Bhattacharya, P., Rubin, A. M., Bayart, E., Savage, H. M., and Marone, C. 2015. Critical evaluation
of state evolution laws in rate and state friction: Fitting large velocity steps in simulated
fault gouge with time-, slip-, and stress-dependent constitutive laws. J. Geophys. Res.-
Solid Earth 120(9): 6365–6385, doi: 10.1002/2015jb012437.

Biasi, G. P., and Wesnousky, S. 2017. Bends and ends of surface ruptures. Bull. Seismol. Soc.
Amer. 107: 2543–2560, doi: 10.1785/0120160292.

Biasi, G. P., andWesnousky, S. G. 2016. Steps and gaps in ground ruptures: Empirical bounds on
rupture propagation. Bull. Seismol. Soc. Am. 106(3): 1110–1124, doi: 10.1785/0120150175.

Biegel, R. L., Wang, W., Scholz, C. H., Boitnott, G. N., and Yoshioka, N. 1992. Micromechanics of
rock friction. 1. Effects of surface-roughness on initial friction and slip hardening in
westerly granite. J. Geophys. Res.-Solid Earth 97: 8951–8964.

Bilek, S. L. 2010. The role of subduction erosion on seismicity. Geology 38(5): 479–480, doi:
10.1130/focus052010.1.

Bilek, S. L., and Engdahl, E. R. 2007. Rupture characterization and aftershock relocations for the
1994 and 2006 tsunami earthquakes in the Java subduction zone. Geophys. Res. Lett. 34
(20): doi: 10.1029/2007gl031357.

Bilek, S. L., and Lay, T. 2002. Tsunami earthquakes possibly widespread manifestations of
frictional conditional stability. Geophys. Res. Lett. 29(14): doi: 10.1029/2002gl015215.

Bilek, S. L., Engdahl, E. R., DeShon, H. R., and El Hariri, M. 2011. The 25 October 2010
Sumatra tsunami earthquake: Slip in a slow patch. Geophys. Res. Lett. 38, doi: 10.1029/
2011gl047864.

References 389

https://www.cambridge.org/core/terms. https://doi.org/10.1017/9781316681473.011
Downloaded from https://www.cambridge.org/core. Stockholm University Library, on 19 Dec 2018 at 17:35:09, subject to the Cambridge Core terms of use, available at

https://www.cambridge.org/core/terms
https://doi.org/10.1017/9781316681473.011
https://www.cambridge.org/core


Bilham, R. G., and Beavan, J. 1978. Tilts and strains on crustal blocks. Tectonophysics 52: 121–
138.

Bilham, R. G., and Williams, P. 1985. Sawtooth segmentation and deformation processes on the
southern San Andreas fault, California. Geophys. Res. Lett. 12: 557–560.

Bilham, R., and Yu, T. T. 2000. The morphology of thrust faulting in the 21 September 1999,
Chichi, Taiwan earthquake. J. Asian Earth Sci. 18(3): 351–367, doi: 10.1016/s1367-9120
(99)00071–1.

Bilham, R., Engdahl, R., Feldl, N., and Satyabala, S. P. 2005. Partial and complete rupture of the
Indo-Andaman plate boundary 1847–2004. Seismol. Res. Lett. 76(3): 299–311.

Bilham, R., Ozener, H., Mencin, D., et al. 2016. Surface creep on the North Anatolian Fault at
Ismetpasa, Turkey, 1944–2016, J. Geophys. Res., 121, doi: 10.1002/2016JB013394.

Bird, P., Kagan, Y. Y., and Jackson, D. D. 2002. Plate tectonics and earthquake potential
of spreading ridges and oceanic transform faults, Wiley Online Library: https://doi.org/
10.1029/GD030p0203.

Bizzarri, A. 2010. Pulse-like dynamic earthquake rupture propagation under rate-, state- and
temperature-dependent friction. Geophys. Res. Lett. 37, doi: 10.1029/2010gl044541.

Bjarnason, I. T., Cowie, P., Anders, M. H., Seeber, L., and Scholz, C. H. 1993. The 1912 Iceland
earthquake rupture – Growth and development of a nascent transform system. Bull.
Seismol. Soc. Amer. 83: 416–435.

Blanpied,M. L., Lockner, D. A., and Byerlee, J. D. 1992. An earthquakemechanismbased on rapid
sealing of faults. Nature 358: 574–6.

Blanpied, M. L., Lockner, D. A., and Byerlee, J. D. 1995. Frictional slip of granite at hydrothermal
conditions. J. Geophys. Res.-Solid Earth 100: 13045–13064.

Blanpied, M. L., Marone, C. J., Lockner, D. A., Byerlee, J. D., and King, D. P. 1998. Quantitative
measure of the variation in fault rheology due to fluid-rock interactions. J. Geophys. Res.
103: 9691–9712.

Blenkinsop, T. G. 1989. Thickness – Displacement relationships for deformation zones:
Discussion, J. Struct. Geol., 8: 1051–1054.

Boatwright, J. 1980. A spectral theory for circular seismic sources: Simple estimates of source
dimension, dynamic stress-drop and radiated seismic energy. Bull Seismol. Soc. Am. 70:
1–27.

Boatwright, J. 1985. Characteristics of the aftershock sequence of the Borah Peak, Idaho, earth-
quake determined from digital recordings of the events. Bull. Seismol. Soc. Am. 75: 1265–
1284.

Boatwright, J., and Choy, G. L. 1986. Teleseismic estimates of the energy radiated by shallow
earthquakes. J. Geophys. Res.-Solid Earth and Planets 91(B2): 2095–2112, doi: 10.1029/
JB091iB02p02095.

Bodin, P., and Brune, J. N. 1996. On the scaling of slip with rupture length for shallow strike-slip
earthquakes: Quasi-static models and dynamic rupture propagation. Bull. Seismol. Soc.
Amer. 86: 1292–1299.

Bodin, P., Bilham, R., Behr, J., Gomberg, J., and Hudnut, K. W. 1994. Slip triggered on southern
California faults by the 1992 Joshua-Tree, Landers, and Big-Bear earthquakes. Bull.
Seismol. Soc. Amer. 84: 806–816.

Boettcher, M. S., and Jordan, T. H. 2004. Earthquake scaling relations for mid-ocean ridge
transform faults. J. Geophys. Res.-Solid Earth 109(B12), doi: 10.1029/2004jb003110.

Boettcher, M. S., and McGuire, J. J. 2009. Scaling relations for seismic cycles onmid-ocean ridge
transform faults. Geophys. Res. Lett. 36, doi: 10.1029/2009gl040115.

390 References

https://www.cambridge.org/core/terms. https://doi.org/10.1017/9781316681473.011
Downloaded from https://www.cambridge.org/core. Stockholm University Library, on 19 Dec 2018 at 17:35:09, subject to the Cambridge Core terms of use, available at

https://www.cambridge.org/core/terms
https://doi.org/10.1017/9781316681473.011
https://www.cambridge.org/core


Boettcher, M. S., Hirth, G., and Evans, B. 2007. Olivine friction at the base of oceanic seismogenic
zones. J. Geophys. Res.-Solid Earth 112(B1): doi: 10.1029/2006jb004301.

Bohnenstiehl, D. R., Tolstoy, M., and Chapp, E. 2004. Breaking into the plate: A 7.6 Mw fracture-
zone earthquake adjacent to the Central Indian Ridge. Geophys. Res. Lett. 31(2): doi:
10.1029/2003gl018981.

Boitnott, G. N., Biegel, R. L., Scholz, C. H., Yoshioka, N., and Wang, W. 1992. Micromechanics of
rock friction 2. Quantitative modeling of initial friction with contact theory. J. Geophys.
Res.-Solid Earth 97: 8965–8978.

Boland, J. N., and Tullis, T. E. 1986. Deformation behavior of wet and dry clinopyroxenite in the
brittle to ductile transition region. In Mineral and Rock Deformation: Laboratory Studies
AGU Geophys. Mono, eds. B. E. Hobbs and H. C. Heard. Washington, DC: American
Geophysical Union, pp. 35–50.

Bolt, B. A. 1978. Earthquakes: A Primer. San Francisco: Freeman.
Boncio, P., Pizzi, A., Brozzetti, F., Pomposo, G., Lavecchia, G., Di Naccio, D., and Ferrarini, F. 2010.

Coseismic ground deformation of the 6 April 2009 L’Aquila earthquake. central Italy,
M(w)6.3, Geophys. Res. Lett., 37, doi: 10.1029/2010gl042807.

Boneh, Y, and Reches, Z. 2017. Geotribology – Friction, wear, and lubrication of faults.
Tectonophysics 733: 171–181: doi: 10.1016/jtecto.2017.11.022.

Boneh, Y., Chang, J. C., Lockner, D. A., and Reches, Z. 2014. Evolution of wear and friction along
experimental faults. Pure Appl. Geophys, 171(11): 3125–3141, doi: 10.1007/s00024-014–
0801-3.

Boneh, Y., Sagy, A., and Reches, Z. 2013. Frictional strength and wear-rate of carbonate faults
during high-velocity, steady-state sliding, Earth Planet. Sci. Lett. 381: 127–137, doi:
10.1016/j.epsl.2013.08.050.

Borghi, A., Aoudia, A., Javed, F., and Barzaghi, R. 2016. Precursory slow-slip loaded the 2009
L’Aquila earthquake sequence, Geophys. J. Int., 205(2): 776–784, doi: 10.1093/gji/
ggw046.

Bos, B., and Spiers, C. J. 2000. Effect of phyllosilicates on fluid-assisted healing of gouge-
bearing faults. Earth Planet. Sci. Lett. 184(1): 199–210, doi: 10.1016/s0012-821x(00)
00304–6.

Bos, B., and Spiers, C. J. 2002. Frictional-viscous flow of phyllosilicate-bearing fault rock:
Microphysical model and implications for crustal strength profiles. J. Geophys. Res.-Solid
Earth 107(B2): 2028, doi: 10.1029/2001jb000301.

Bose, M., Allen, R., Brown, H., et al. 2014. CISN ShakeAlert: An Earthquake Early Warning
demonstration systme for California. In Early Warnings for Geological Disasters –

Scientific methods and Current Practice, ed. E. W. A. J. Zschau, Springer, Berlin, Germany.
Böse, M., Felizardo, C., and Heaton, T. H. 2015. Finite-fault rupture detector (FinDer): Going

real-time in Californian ShakeAlert warning system. Seismol. Res. Lett. 86(6): 1692–1704.
Bouchon, M. 1982. The rupture mechanism of the Coyote Lake earthquake of 6 Aug. 1979

inferred from near field data. Bull. Seismol. Soc. Amer. 72: 745–757.
Bouchon,M. 1997. The state of stress on some faults of the SanAndreas systemas inferred from

near-field strong motion data. J. Geophys. Res. 102: 11731–11744.
Bouchon, M., Bouin, M. P., Karabulut, H., Toksoz, M. N., Dietrich, M., and Rosakis, A. J. 2001. How

fast is rupture during an earthquake? New insights from the 1999 Turkey earthquakes.
Geophys. Res. Lett. 28(14): 2723–2726, doi: 10.1029/2001gl013112.

Bouchon, M., Campillo, M., and Cotton, F. 1998. Stress field associated with the rupture of the
1992 Landers, California, earthquake and its implications concerning the fault strength at
the onset of the earthquake. J. Geophys. Res. 103: 21091–21097.

References 391

https://www.cambridge.org/core/terms. https://doi.org/10.1017/9781316681473.011
Downloaded from https://www.cambridge.org/core. Stockholm University Library, on 19 Dec 2018 at 17:35:09, subject to the Cambridge Core terms of use, available at

https://www.cambridge.org/core/terms
https://doi.org/10.1017/9781316681473.011
https://www.cambridge.org/core


Bouchon, M., Durand, V., Marsan, D., Karabulut, H., and Schmittbuhl, J. 2013. The long pre-
cursory phase of most large interplate earthquakes. Nat Geosci. 6(4): 299–302, doi:
10.1038/ngeo1770.

Bouchon, M., Karabulut, H., Aktar, M., Ozalaybey, S., Schmittbuhl, J., and Bouin, M. P. 2011.
Extended Nucleation of the 1999 Mw Izmit Earthquake. Science 331: 878–882.

Bouchon, M., Karabulut, H., Bouin, M. P et al. 2010. Faulting characteristics of supershear
earthquakes. Tectonophysics 493(3–4): 244–253, doi: 10.1016/j.tecto.2010.06.011.

Bouchon, M., Marsan, D., Durand, V., et al. 2016. Potential slab deformation and plunge prior
to the Tohoku, Iquique and Maule earthquakes. Nat. Geosci. 9(5): 380+, doi: 10.1038/
ngeo2701.

Bourne, S. J., Arnadottir, T., Beavan, J., et al. 1998. Crustal deformation of theMarlborough fault
zone in the South Island of NewZealand: Geodetic constraints over the interval 1982–1994.
J. Geophys. Res.-Solid Earth 103: 30147–30165.

Bourne, S. J., England, P. C., and Parsons, B. 1998. Themotion of crustal blocks driven by flow of
the lower lithosphere and implications for slip rates of continental strike-slip faults.
Nature 391: 655–659.

Bowden, F. P., and Tabor, D. 1950. The Friction and Lubrication of Solids: Part 1. Oxford:
Clarendon Press.

Bowden, F. P., and Tabor, D. 1964. The Friction and Lubrication of Solids. Part II. Oxford:
Clarendon Press.

Bowman, D. D., Ouillon, G., Sammis, C. G., Sornette, A., and Sornette, D. 1998. An observational
test of the critical earthquake concept. J. Geophys. Res.-Solid Earth 103: 24359–24372.

Bowman, J., Jones, T., Gibson, G., Corke, A., Thompson, R., and Comacho, A. 1988. Tennant
Creek earthquakes of 22 January 1988: Reactivation of a fault zone in the Proterozoic
Australian shield. Eos 69: 400.

Brace, W. F. 1960. An extension of the Griffith theory of fracture to rocks. J. Geophys. Res. 65:
3477–3480.

Brace, W. F. 1961. Dependence of the fracture strength of rocks on grain size. Penn. State Univ.
Min. Ind. Bull. 76: 99–103.

Brace, W. F. 1963. Behavior of quartz during indentation. J. Geol. 71(5): 581–595.
Brace, W. F. 1972. Laboratory studies of stick-slip and their application to earthquakes.

Tectonophysics 14: 189–200.
Brace, W. F. 1980. Permeability of crystalline and argillaceous rocks. Int. J. Rock Mech. Min. Sci.

17: 241–251.
Brace, W. F. 1984. Permeability of crystalline rocks –New in situmeasurements. J. Geophys. Res.

89(NB6): 4327–4330.
Brace, W. F., and Bombalakis, E. G. 1963. A note on brittle crack growth in compression.

J. Geophys. Res. 68: 3709–3713.
Brace, W. F., and Byerlee, J. D. 1966. Stick slip as a mechanism for earthquakes. Science 153:

990–992.
Brace, W. F., and Byerlee, J. D. 1970. California earthquakes – Why only shallow focus? Science

168: 1573–1575.
Brace, W. F., and Kohlstedt, D. 1980. Limits on lithospheric stress imposed by laboratory

experiments. J. Geophys. Res. 85: 6248–6252.
Brace,W. F., andMartin, R. J. 1968. A test of the law of effective stress for crystalline rocks of low

porosity. Int. J. Rock Mech. Min. Sci. 5: 415–426.
Brace, W. F., and Walsh, J. B. 1962. Some direct measurements of the surface energy of quartz

and orthoclase. Am. Mineral 47: 1111–1122.

392 References

https://www.cambridge.org/core/terms. https://doi.org/10.1017/9781316681473.011
Downloaded from https://www.cambridge.org/core. Stockholm University Library, on 19 Dec 2018 at 17:35:09, subject to the Cambridge Core terms of use, available at

https://www.cambridge.org/core/terms
https://doi.org/10.1017/9781316681473.011
https://www.cambridge.org/core


Brace, W. F., Paulding, B. W., and Scholz, C. H. 1966. Dilatancy in the fracture of crystalline rocks.
J. Geophys. Res. 71: 3939–3953.

Brady, B. T. 1969. A statistical theory of brittle fracture of rock materials. Int. J. Rock Mech. Min.
Sci. I. 6: 21–42.

Brantut, N., Heap, M. J., Baud, P., and Meredith, P. G. 2014. Rate- and strain-dependent brittle
deformation of rocks. J. Geophys. Res.-Solid Earth 119(3): 1818–1836, doi: 10.1002/
2013jb010448.

Brantut, N., Heap, M. J., Meredith, P. G., and Baud, P. 2013. Time-dependent cracking and brittle
creep in crustal rocks: A review. J. Struct. Geol. 52: 17–43, doi: 10.1016/j.jsg.2013.03.007.

Brantut, N., Schubnel, A., Corvisier, J., and Sarout, J. 2010. Thermochemical pressurization of
faults during coseismic slip. J. Geophys. Res.-Solid Earth 115, doi: 10.1029/2009jb006533.

Brantut, N., Stefanou, I., and Sulem, J. 2017. Dehydration-induced instabilities at intermediate
depths in subduction zones. J. Geophys. Res.-Solid Earth 122(8): 6087–6107, doi: 10.1002/
2017jb014357.

Braunmiller, J., and Nabelek, J. 1996. Geometry of continental normal faults: Seismological
constraints. J. Geophys. Res.-Solid Earth 101: 3045–3052.

Braunmiller, J., and Nabelek, J. 2008. Segmentation of the Blanco Transform Fault Zone from
earthquake analysis: Complex tectonics of an oceanic transform fault. J. Geophys. Res.-
Solid Earth 113(B7): doi: 10.1029/2007jb005213.

Brechet, Y., and Estrin, Y. 1994. The effect of strain rate sensitivity on dynamic friction of
metals, Scripta Met. Mater. 30: 1449–1454.

Bridgman, P. W. 1945. Polymorphic transitions and geological phenomena. Am. J. Sci. 243A:
90–97.

Briggs, R. W., Sieh, K., Meltzner, A. J., et al. Deformation and slip along the Sunda megathrust in
the great 2005 Nias-Simeulue earthquake. Science 311(5769): 1897–1901.

Brock, N. G. and Engelder, T. 1977. Deformation associated withmovement of MuddyMountain
overthrust in Buffington Window, Southeastern Nevada. Geol. Soc. Am. Bull. 88(11): 1667–
1677.

Brodsky, E. E. 2006. Long-range triggered earthquakes that continue after the wave train
passes. Geophys. Res. Lett. 33(15): L15313, doi: 10.1029/2006gl026605.

Brodsky, E. E., and Kanamori, H. 2001. Elastohydrodynamic lubrication of faults. J. Geophys.
Res.-Solid Earth 106(B8): 16357–16374, doi: 10.1029/2001jb000430.

Brodsky, E. E., andMori, J. 2007. Creep events slip less than ordinary earthquakes.Geophys. Res.
Lett. 34: L16309, doi: 16310.11029/12007GL030917.

Brodsky, E. E., and van der Elst, N. J. 2014. The Uses of Dynamic Earthquake Triggering. In
Ann. Rev. Earth Planet. Sci. Vol 42, ed. R. Jeanloz, pp. 317–339, doi: 10.1146/annurev-
earth-060313–054648.

Brodsky, E. E., Gilchrist, J. J., Sagy, A., and Collettini, C. 2011. Faults smooth gradually as
function of slip. Earth Planet. Sci. Lett. 302(1–2): 185–193, doi: 10.1016/j.epsl.2010.12.010.

Brodsky, E. E., Kirkpatrick, J. D., and Candela, T. 2016. Constraints from fault roughness on the
scale-dependent strength of rocks. Geology 44(1): 19–22.

Brown, K. M., and Fialko, Y. 2012. “Melt welt” mechanism of extreme weakening of gabbro at
seismic slip rates. Nature 488: 638–641, doi: 10.1038/nature11370.

Brown, S. R., and Scholz, C. H. 1985a. Closure of random elastic surfaces in contact. J. Geophys.
Res. 90: 5531–5545.

Brown, S. R., and Scholz, C. H. 1985b. Broad bandwidth study of the topography of natural rock
surfaces. J. Geophys. Res. 90: 12575–12582.

Brown, S. R., and Scholz, C. H. 1986. Closure of rock joints. J. Geophys. Res. 91: 4939–4948.

References 393

https://www.cambridge.org/core/terms. https://doi.org/10.1017/9781316681473.011
Downloaded from https://www.cambridge.org/core. Stockholm University Library, on 19 Dec 2018 at 17:35:09, subject to the Cambridge Core terms of use, available at

https://www.cambridge.org/core/terms
https://doi.org/10.1017/9781316681473.011
https://www.cambridge.org/core


Brown, S. R., Scholz, C. H., and Rundle, J. B. 1991. A simplified spring-block model of earth-
quakes. Geophys. Res. Lett. 18, 215–18,218:

Brudy, M., Zoback, M. D., Fuchs, K., Rummel, F., and Baumgartner, J. 1997. Estimation of the
complete stress tensor to 8 km depth in the KTB scientific drill holes: Implications for
crustal strength. J. Geophys. Res.-Solid Earth 102: 18453–18475.

Brudzinski, M. R., Thurber, C. H., Hacker, B. R., and Engdahl, E. R. 2007. Global prevalence of
double Benioff zones. Science 316(5830): 1472–1474, doi: 10.1126/science.1139204.

Bruhat, L., Barbot, S., and Avouac, J.-P. 2011. Evidence for postseismic deformation of the lower
crust following the 2004 Mw6.0 Parkfield earthquake. J. Geophys. Res.-Solid Earth 116, doi:
10.1029/2010jb008073.

Brun, J. P., and Cobbold, P. R. 1980. Strain heating and thermal softening in continental shear
zones: A review. J. Struct. Geol. 2: 149–158.

Brune, J. 1968. Seismicmoment, seismicity, and rate of slip alongmajor fault zones. J. Geophys.
Res. 73: 777–784.

Brune, J. 1970. Tectonic stress and the spectra of seismic shear waves from earthquakes.
J. Geophys. Res. 75: 4997–5009.

Brune, J. N. 1996. Particlemotions in a physical model of shallow angle thrust faulting. P. Indian
As-Math. Sci. – Earth and Planetary Sciences 105(2): L197–L206.

Brune, J. N. 2001. Fault normal dynamic loading and unloading: An explanation for
“non-gouge” rock powder and lack of fault-parallel shear bands along the San
Andreas Fault; EOS Transactions, American Geophysical Union. AGU Fall Meeting
Abstracts. 8. 0655.

Brune, J. N., Brown, S., and Johnson, P. A. 1993. Rupture mechanism and interface separation in
foam rubber models of earthquakes – A possible solution to the heat flow paradox and the
paradox of large overthrusts. Tectonophysics 218(1–3): 59–67, doi: 10.1016/0040–1951
(93)90259-m.

Brune, J., Henyey, T., and Roy, R. 1969. Heat flow, stress, and rate of slip along the San Andreas
fault, California. J. Geophys. Res. 74: 3821–3827.

Bucholc, M., and Steacy, S. 2016. Tidal stress triggering of earthquakes in Southern California,
Geophys. J. Int. 205(2) 681–693, doi: 10.1093/gji/ggw045.

Buck, W. R. 1988. Flexural rotation of normal faults. Tectonics 7: 959–973.
Buck, W. R., Lavier, L. L., and Poliakov, A. N. B. 2005. Modes of faulting at mid-ocean ridges,

Nature, 434(7034): 719–723, doi: 10.1038/nature03358.
Bufe, C. G., and Varnes, D. J. 1993. Predictive modeling of the seismic cycle of the greater San

Francisco Bay region. J. Geophys. Res.-Solid Earth 98: 9871–9883.
Burford, R. 1972. Continued slip on the Coyote Creek fault after the Borrego Mountain

earthquake. In The Borrego Mountain Earthquake of April 9, 1968, ed. US Geol. Surv. Prof.
Paper, pp. 105–111.

Burford, R. 1988. Retardations in fault creep rates before local moderate earthquakes along the
San Andreas fault system, central California. Pageoph 126: 499–529.

Burford, R., and Harsh, P. W. 1980. Slip on the San Andreas fault in central California from
alinement array surveys. Bull. Seismol. Soc. Am. 70: 1233–1261.

Burgmann, R., and Dresen, G. 2008. Rheology of the lower crust and upper mantle: Evidence
from rock mechanics, geodesy, and field observations. Ann. Rev. Earth Planet. Sci. 38: 531–
567, doi: 10.1146/annurev.earth.36.031207.124326.

Bürgmann, R., Pollard, D. D., andMartel, S. J. 1994. Slip distributions on faults – Effects of stress
gradients, inelastic deformation, heterogeneous host-rock stiffness, and fault interaction.
J. Struct. Geol. 16: 1675–1690.

394 References

https://www.cambridge.org/core/terms. https://doi.org/10.1017/9781316681473.011
Downloaded from https://www.cambridge.org/core. Stockholm University Library, on 19 Dec 2018 at 17:35:09, subject to the Cambridge Core terms of use, available at

https://www.cambridge.org/core/terms
https://doi.org/10.1017/9781316681473.011
https://www.cambridge.org/core


Bürgmann, R., Rosen, P. A., and Fielding, E. J. 2000. Synthetic aperture radar interferometry to
measure Earth’s surface topography and its deformation. Ann. Rev. Earth Planet. Sci. 28:
169–209, doi: 10.1146/annurev.earth.28.1.169.

Bürgmann, R., Schmidt, D., Nadeau, R. M., et al. 2000. Earthquake potential along the northern
Hayward fault, California. Science 289: 1178–1182.

Burnley, P. C., Green, H. W., and Prior, D. J. 1991. Faulting associated with the olivine to spinel
transformation in Mg2GeO4 and its implications for deep‐focus earthquakes. J. Geophys.
Res.-Solid Earth 96(B1): 425–443.

Burr, N., and Solomon, S. 1978. The relationship of source parameters of oceanic transform
earthquakes to plate velocity and transform length. J. Geophys. Res. 83: 1193–1205.

Burridge, R. 1973. Admissible speeds for plane strain self-similar shear cracks with friction but
lacking cohesion. Geophys. J. R.A.S. 35: 439–455.

Burridge, R., and Knopoff, L. 1967. Model and theoretical seismicity. Bull. Seism. Soc. Amer. 57:
341–362.

Burroughs, S. M., and Tebbens, S. F. 2001. Upper-truncated power laws in natural systems. Pure
Appl. Geophys. 158(4): 741–757.

Byerlee, J. D. 1967a. Frictional characteristics of granite under high confining pressure.
J. Geophys. Res. 72: 3639–3648.

Byerlee, J. D. 1967b. Theory of friction based on brittle fracture. J. Appl. Phys. 38: 2928–2934.
Byerlee, J. D. 1970. The mechanics of stick-slip. Tectonophysics 9: 475–486.
Byerlee, J. D. 1978. Friction of rocks. Pure Appl. Geophys. 116: 615–626.
Byerlee, J. D. 1990. Friction, overpressure, and fault normal compression.Geophys. Res. Lett. 17:

2109–12.
Byerlee, J. D., and Brace, W. F. 1968. Stick-slip, stable sliding, and earthquakes-effect of rock

type, pressure, strain rate, and stiffness. J. Geophys. Res. 73: 6031–6037.
Byerlee, J. D., and Savage, J. C. 1992. Coulombplasticity within the fault zone.Geophys. Res. Lett.

19: 2341–2344.
Bykov, V. G. 2014. Sine-Gordon equation and its application to tectonic stress transfer.

J. Seismol. 18(3): 497–510, doi: 10.1007/s10950-014–9422-7.
Byrne, D. E., Davis, D. M., and Sykes, L. R. 1988. Loci and maximum size of thrust earthquakes

and the mechanics of the shallow region of subduction zones. Tectonics 7: 833–857.
Cailleux, A. 1958. Etude quantitative de failles. Revue de Geomorphologie Dynamique IX(9–10):

129–145.
Caine, J. S., Evans, J. P., and Forster, C. B. 1996. Fault zone architecture and permeability

structure. Geology 24: 1025–1028.
Camacho, A., Vernon, R. H., and Fitz Gerald, J. D. 1995. Large volumes of anhydrous pseudo-

tachylyte in the Woodroffe Thrust, Eastern Musgrave Ranges, Australia, J. Struct. Geol.,
17(3): 371–383.

Campos, J., Madariaga, R., and Scholz, C. H. 1996. Faulting process of the August 8, 1993 Guam
earthquake: A thrust event in an otherwise weakly coupled subduction zone. J. Geophys.
Res. 101: 17,581–17,596.

Campus, P., and Das, S. 2000. Comparison of the rupture and radiation characteristics of
intermediate and deep earthquakes. J. Geophys. Res.-Solid Earth 105: 6177–6189.

Candela, T., and Brodsky, E. E. 2016. The minimum scale of grooving on faults. Geology 44(8):
603–606, doi: 10.1130/g37934.1.

Candela, T., Renard, F., Bouchon, M., Schmittbuhl, J., and Bodsky, E. E. 2011a. Stress Drop during
Earthquakes: Effect of Fault Roughness Scaling. Bull. Seismol. Soc. Amer. 101: 2369–2387,
doi: 10.1785/0120100298.

References 395

https://www.cambridge.org/core/terms. https://doi.org/10.1017/9781316681473.011
Downloaded from https://www.cambridge.org/core. Stockholm University Library, on 19 Dec 2018 at 17:35:09, subject to the Cambridge Core terms of use, available at

https://www.cambridge.org/core/terms
https://doi.org/10.1017/9781316681473.011
https://www.cambridge.org/core


Candela, T., Renard, F., Klinger, Y., Mair, K., Schmittbuhl, J., and Brodsky, E. E. 2012. Roughness
of fault surfaces over nine decades of length scales. J. Geophys. Res.-Solid Earth 117, doi:
10.1029/2011jb009041.

Candela, T., Renard, F., Schmittbuhl, J., Bouchon, M., and Brodsky, E. E. 2011b. Fault slip
distribution and fault roughness. Geophys. J. Int. 187: 959–968, doi: 10.1111/j.1365-
246X.2011.05189.x.

Cao, T., and Aki, K. 1985. Seismicity simulation with a mass-spring model and a displacement
hardening-softening friction law. Pageoph 122: 10–23.

Cao, T., and Aki, K. 1986. Effect of slip rate on stress drop. Pageoph 124: 515–530.
Carder, D. S. 1945. Seismic investigations in the Boulder Dam area, 1940–1945, and the influ-

ence of reservoir loading on earthquake activity. Bull. Seismol. Soc. Am. 35: 175–192.
Cardwell, R. K., Chinn, D. S., Moore, G. F., and Turcotte, D. L. 1978. Frictional heating on a fault

zone with finite thickness. Geophys. J. Roy. Astron. Soc. 52: 525–530.
Carlson, J. M., and Langer, J. S. 1989a. Properties of earthquakes generated by fault dynamics.

Phys. Rev. Lett. 62: 2632–2635.
Carlson, J. M., and Langer, J. S. 1989b. Mechanical model of an earthquake fault. Phys. Rev. A 40:

6470–6484.
Carlson, R. L., Hilde, T. W. C., and Uyeda, S. 1983. The driving mechanism of plate tectonics –

relation to age of the lithosphere at trenches. Geophys. Res. Lett. 10: 297–300.
Carpenter, B. M., Collettini, C., Viti, C., and Cavallo, A. 2016. The influence of normal stress and

sliding velocity on the frictional behaviour of calcite at room temperature: Insights from
laboratory experiments andmicrostructural observations.Geophys. J. Int. 205(1): 548–561,
doi: 10.1093/gji/ggw038.

Carpenter, B. M., Saffer D. M., and C. Marone. 2015. Frictional properties of the active San
Andreas Fault at SAFOD: Implications for fault strength and slip behavior. J. Geophys.
Res.-Solid Earth 120(7): 5273–5289, doi: 10.1002/2015jb011963.

Carter, N. L., and Kirby, S. 1978. Transient creep and semi-brittle behavior of crystalline rocks.
Pure Appl. Geophys. 116: 807–839.

Cartwright, J. A., Trudgill, B. D., andMansfield, C. S. 1995. Fault growth by segment linkage –An
explanation for scatter in maximum displacement and tracelength data from the
Canyonlands graben of SE Utah. J. Struct. Geol. 17(9): 1319–1326, doi: 10.1016/0191–
8141(95)00033-a.

Caskey, S. J., andWesnousky, S. G. 1997. Static stress changes and earthquake triggering during
the 1954 Fairview peak and Dixie valley earthquakes, central Nevada. Bull. Seismol. Soc.
Amer. 87: 521–527.

Castillo, D., and Hickman, S. H. 2000. Systematic near-field stress rotations adjacent to the
Carrizo Plain segment of the San Andreas fault, paper presented at Proceedings of the 3rd
conference on tectonic problems of the San Andreas fault system, School of Earth Sciences,
Stanford University.

Castle, R., Elliot, M., Church, J., and Wood, S. 1984. The Evolution of the Southern California
Uplift, 1955 through 1976. In US Geol. Surv. Prof. Paper 1342.

Causse, M., Cotton, F., and Mai, P. M. 2010. Constraining the roughness degree of slip hetero-
geneity. J. Geophys. Res. 115, doi: 10.1029/2009JB006747.

Cembrano, J., Jensen, E., Griffith, W. A., Stanton-Yonge, A., Mitchell, T., and Anzaldo, Y. 2018.
Self-similar displacement-lenth scaling of strike-slip faults in crystalline rocks:
Mechanical implications. J. Struct. Geol. In print.

Cessaro, R. K., and Hussong, D. M. 1986. Transform seismicity at the intersection of the
oceanographer fracture zone and the Mid-Atlantic ridge. J. Geophys. Res. 91: 4839–4853.

396 References

https://www.cambridge.org/core/terms. https://doi.org/10.1017/9781316681473.011
Downloaded from https://www.cambridge.org/core. Stockholm University Library, on 19 Dec 2018 at 17:35:09, subject to the Cambridge Core terms of use, available at

https://www.cambridge.org/core/terms
https://doi.org/10.1017/9781316681473.011
https://www.cambridge.org/core


Cetin, E., Cakir, Z., Meghraoul, M., Ergintav, S., and Akoglu, A. M. 2014. Extent and distribution of
aseismic slip on the Ismetpasa segment of the North Anatolian fault. turkey) from persis-
tent scatterer in In SAR. Geochem. Geophys. Geosyst 15: 2883–2894 doi: 2810.1002/
2014GC005307.

Challen, J. M., and Oxley, P. L. B. 1979. An explanation of the different regimes of friction and
wear using asperity deformation models. Wear 53: 229–243.

Chaussard, E., Burgmann, R., Fattahi, H., Johnson, C. W., Nadeau, R., Taira, T., and Johanson, I.
2015. Interseismic coupling and refined earthquake potential on the Hayward-Calaveras
fault zone. J. Geophys. Res.-Solid Earth 120(12): 8570–8590, doi: 10.1002/2015jb012230.

Cheloni, D., D’Agostino, N., D’Anastasio, E., et al. 2010. Coseismic and initial post-seismic slip
of the 2009 M-w 6.3 L’Aquila earthquake, Italy, from GPS measurements. Geophys. J. Int.
181(3): 1539–1546, doi: 10.1111/j.1365-246X.2010.04584.x.

Chen, A., Frohlich, C., and Latham, G. 1982. Seismicity of the forearc marginal wedge (accre-
tionary prism). J. Geophys. Res. 87: 3679–3690.

Chen, C. H., Tang, C.-C., Cheng, K.-C., et al. 2015. Groundwater-strain coupling before the 1999
M-W 7.6 Taiwan Chi-Chi earthquake. J. Hydrology 524: 378–384, doi: 10.1016/j.
jhydrol.2015.03.006.

Chen, J., Verberne, B. A., and Spiers, C. J. 2015a. Interseismic re-strengthening and stabilization
of carbonate faults by “non-Dieterich” healing under hydrothermal conditions. Earth
Planet. Sci. Lett. 423: 1–12, doi: 10.1016/j.epsl.2015.03.044.

Chen, J. Y., Verberne, B. A., and Spiers, C. J. 2015b. Effects of healing on the seismogenic potential
of carbonate fault rocks: Experiments on samples from the Longmenshan Fault, Sichuan,
China. J. Geophys. Res.-Solid Earth 120(8): 5479–5506, doi: 10.1002/2015jb012051.

Chen, L., and Talwani, P. 2001. Mechanism of initial seismicity following impoundment of the
Monticello Reservoir, South Carolina. Bull. Seismol. Soc. Amer. 91: 94–101.

Chen, T., and Lapusta, N. 2009. Scaling of small repeating earthquakes explained by interaction
of seismic and aseismic slip in a rate and state faultmodel. J. Geophys. Res.-Solid Earth 114,
doi: 10.1029/2008jb005749.

Chen, W. P., and Molnar, P. 1983. Focal depths of intracontinental and intraplate earthquakes
and their implications for the thermal and mechanical properties of the lithosphere.
J. Geophys. Res. 88: 4183–4215.

Chen, X., and Shearer, P. M. 2013. California foreshock sequences suggest aseismic triggering
process. Geophys. Res. Lett. 40(11): 2602–2607.

Chen, Y. 1988. Thermal model of oceanic transform faults. J. Geophys. Res. 93: 8839–8851.
Chernak, L. J., and Hirth, G. 2010. Deformation of antigorite serpentinite at high temperature

and pressure. Earth Planet. Sci. Lett. 296(1): 23–33.
Chernyshev, S. N., and Dearman, W. R. 1991. Rock Fractures. London: Butterworth-Heinemann

Ltd.
Chester, F. M. 1994. Effect of temperature on friction – Constitutive equations and experiments

with quartz gouge. J. Geophys. Res. 99: 7247–7261.
Chester, F. M. 1995. A rheologic model for wet crust applied to strike-slip faults. J. Geophys.

Res.-Solid Earth 100: 13033–13044.
Chester, F. M., and Chester, J. S. 2000. Stress and deformation along wavy frictional faults.

J. Geophys. Res. 105: 23,421–423,430.
Chester, F. M., and Higgs, N. G. 1992. Multimechanism friction constitutive model for ultrafine

quartz gouge at hypocentral conditions. J. Geophys. Res.-Solid Earth 97: 1859–1870.
Chester, F. M., and Logan, J. M. 1986. Implications for mechanical properties of brittle faults

from observations of the Punchbowl fault zone, California. Pageoph 124: 79–106.

References 397

https://www.cambridge.org/core/terms. https://doi.org/10.1017/9781316681473.011
Downloaded from https://www.cambridge.org/core. Stockholm University Library, on 19 Dec 2018 at 17:35:09, subject to the Cambridge Core terms of use, available at

https://www.cambridge.org/core/terms
https://doi.org/10.1017/9781316681473.011
https://www.cambridge.org/core


Chester, F. M., Biegel, R. L., and Evans, J. P. 1993. Internal structure and weakening mechanisms
of the San-Andreas fault. J. Geophys. Res.-Solid Earth 98: 771–786.

Chester, F. M., Friedman, M., and Logan, J. M. 1985. Foliated cataclasites. Tectonophysics 111:
134–146.

Chester, F. M., Rowe, C. D., Ujiie, K., Kirkpatrick, J. D., Regalla, C., Remitti, F., Moore, J. C., Toy, V.
G., Wolfson-Schwehr, M., and Bose, S. 2013. Structure and composition of the plate-
boundary slip zone for the 2011 Tohoku-oki earthquake. Science 342: 1208–1211, doi:
10.1126/science.1243719.

Chester, J. S., Chester, F. M., and Kronenberg, A. K. 2005. Fracture surface energy of the
Punchbowl fault, San Andreas system. Nature 437(7055): 133–136.

Chiaraluce, L. 2012. Unravelling the complexity of Apenninic extensional fault systems: A
review of the 2009 L’Aquila earthquake (Central Apennines, Italy). J. Struct. Geol. 42: 2–
18, doi: 10.1016/j.jsg.2012.06.007.

Chiaraluce, L., Chiarabba, C., Collettini, C., Piccinini, D., and Cocco, M. 2007. Architecture and
mechanics of an active low-angle normal fault: Alto Tiberina Fault, northern Apennines,
Italy. J. Geophys. Res.-Solid Earth 112(B10): doi.org/10.1029/2007JB005015.

Chinnery, M. A. 1961. Deformation of the ground around surface faults. Bull. Seismol. Soc. Am.
51: 355–372.

Chinnery, M. A. 1964. The strength of the earth’s crust under horizontal shear stress. J.
Geophys. Res. 69: 2085–2089.

Chlieh, M., Avouac, J.-P., Hjorleifsdottir, V.,et al. 2007. Coseismic slip and afterslip of the great
M-w 9.15 Sumatra-Andaman earthquake of 2004. Bull. Seismol. Soc. Am. 97(1): S152–S173,
doi: 10.1785/0120050631.

Chlieh, M., Avouac, J.-P., Sieh, K., Natawidjaja, D. H., and Galetzka, J. 2008. Heterogeneous
coupling of the Sumatran megathrust constrained by geodetic and paleogeodetic
measurements. J. Geophys. Res.-Solid Earth 113(B5): doi.org/10.1029/2007JB004981.

Chlieh, M., Perfettini, H., Tavera, H., et al. 2011. Interseismic coupling and seismic potential
along the Central Andes subduction zone. J. Geophys. Res.-Solid Earth 116(B12): doi.org/
10.1029/2010JB008166.

Choi, J. H., Edwards, P., Ko, K., and Kim, Y. S. 2016. Definition and classification of fault damage
zones: A review and a new methodological approach. Earth-Science Reviews 152: 70–87,
doi: 10.1016/j.earscirev.2015.11.006.

Chopra, P. N. 1997. High-temperature transient creep in olivine rocks.Tectonophysics 279(1–4):
93–111, doi: 10.1016/s0040-1951(97)00134–0.

Choy, G. L., and Boatwright, J. L. 1995. Global patterns of radiated energy and apparent stress.
J. Geophys. Res.-Solid Earth 100(B9): 18205–18228, doi: 10.1029/95jb01969.

Choy, G. L., and McGarr, A. 2002. Strike-slip earthquakes in the oceanic lithosphere:
Observations of exceptionally high apparent stress. Geophys. J. Int. 150(2): 506–523, doi:
10.1046/j.1365-246X.2002.01720.x.

Choy, G. L., McGarr, A., Kirby, S. H., and Boatwright, J. 2006. An overview of the global variability
in radiated energy and apparent stress. In Earthquakes: Radiated Energy and the Physics of
Faulting, eds. R. Abercrombie, A. McGarr, G. DiToro and H. Kanamori, pp. 43–57, doi:
10.1029/170gm01.

Christensen, D. H., and Ruff, L. 1983. Outer rise earthquakes and seismic coupling. Geophys.
Res. Lett. 10: 697–700.

Christie, J. M. 1960. Mylonitic rocks of the Moine thrust zone in the Assynt district, northwest
Scotland. Trans. Geol. Soc. Edinburgh 18: 79–93.

398 References

https://www.cambridge.org/core/terms. https://doi.org/10.1017/9781316681473.011
Downloaded from https://www.cambridge.org/core. Stockholm University Library, on 19 Dec 2018 at 17:35:09, subject to the Cambridge Core terms of use, available at

https://www.cambridge.org/core/terms
https://doi.org/10.1017/9781316681473.011
https://www.cambridge.org/core


Christie-Blick, N., and Biddle, K. T. 1985. Deformation and basin formation along strike-slip
faults. In Strike-slip deformation, basin formation, and sedimentation. Soc. Econ. Pal. Miner.
Spec. Publ. 37, eds. K. Biddle and N. Christie-Blick. pp. 1–34.

Cicerone, R. D., Ebel, J. E., and Britton, J. 2009. A systematic compilation of earthquake pre-
cursors. Tectonophysics 476(3–4): 371–396, doi: 10.1016/j.tecto.2009.06.008.

Cifuentes, I. 1989. The 1960 Chilean Earthquakes. J. Geophys. Res. 94: 665–680, doi: 10.1029/
JB094iB01p00665.

Cifuentes, I. L., and Silver, P. G. 1989. Low-frequency source characteristics of the great 1960
Chilean earthquake. J. Geophys. Res. 94: 643–663.

Cirella, A., Piatanesi, A., Cocco, M., Tinti, E., Scognamiglio, L., Michelini, A., Lomax, A., and
Boschi, E. 2009. Rupture history of the 2009 L’Aquila (Italy) earthquake from non-linear
joint inversion of strong motion and GPS data. Geophys. Res. Lett. 36, doi: 10.1029/
2009gl039795.

Cladouhos, T. T., and Allmendinger, R. W. 1993. Finite strain and rotation from fault-slip data.
J. Struct. Geol. 15(6): 771–784.

Cladouhos, T. T., and Marrett, R. 1996. Are fault growth and linkage models consistent with
power-law distributions of fault lengths? J. Struct. Geol. 18: 281–293.

Cloetingh, S., andWortel, R. 1986. Stress in the Indo-Australian plate. Tectonophysics 132(1–3):
49–67.

Cocco,M., andRice, J. R. 2002. Porepressure andporoelasticity effects inCoulombstress analysis
of earthquake interactions. J. Geophys. Res. 107: ESE 2-1-ESE 2-17, doi: 10.1029/
2000JB000138.

Cochard, A., and Madariaga, R. 1996. Complexity of seismicity due to highly rate-dependent
friction. J. Geophys. Res. 101: 25321–25336.

Cochran, E. S., Li, Y. G., Shearer, P. M., Barbot, S., Fialko, Y., and Vidale, J. E. 2009. Seismic and
geodetic evidence for extensive, long-lived fault damage zones. Geology 37(4): 315–318,
doi: 10.1130/g25306a.1.

Cochran, E. S., Vidale, J. E., and Tanaka, S. 2004. Earth tides can trigger shallow thrust fault
earthquakes. Science 306(5699): 1164–1166, doi: 10.1126/science.1103961.

Cockerham, R. S., and Eaton, J. P. 1984. The April 24, 1984 Morgan Hill earthquake and its
aftershocks. In The 1984 Morgan Hill, California, Earthquake, eds. J. Bennett and R.
Sherburne. Sacramento, California: Calif. Div. of Mines: Calif. Div. Mines and Geol. Spec.
Publ. 68, pp. 209–213.

Collettini, C. 2011. Themechanical paradox of low-angle normal faults: Current understanding
and open questions. Tectonophysics 510(3–4): 253–268, doi: 10.1016/j.tecto.2011.07.015.

Collettini, C., andHoldsworth, R. E. 2004. Fault zoneweakening and character of slip along low-
angle normal faults: Insights from the Zuccale fault, Elba, Italy. J. Geol. Soc. London 161:
1039–1051.

Collettini, C., and Sibson, R. H. 2001. Normal faults, normal friction. Geology 29: 927–930.
Collettini, C., Niemeijer, A., Viti, C., and Marone, C. 2009a. Fault zone fabric and fault weakness.

Nature 462(7275): 907–998, doi: 10.1038/nature08585.
Collettini, C., Viti, C., Smith, S. A. F., and Holdsworth, R. E. 2009b. Development of intercon-

nected talc networks and weakening of continental low-angle normal faults. Geology,
37(6): 567–570, doi: 10.1130/g25645a.1.

Collings, R., Lange, D., Rietbrock, A., et al. 2012. Structure and seismogenic properties of the
Mentawai segment of the Sumatra subduction zone revealed by local earthquake traveltime
tomography. J. Geophys. Res.-Solid Earth 117, doi: 10.1029/2011jb00846

References 399

https://www.cambridge.org/core/terms. https://doi.org/10.1017/9781316681473.011
Downloaded from https://www.cambridge.org/core. Stockholm University Library, on 19 Dec 2018 at 17:35:09, subject to the Cambridge Core terms of use, available at

https://www.cambridge.org/core/terms
https://doi.org/10.1017/9781316681473.011
https://www.cambridge.org/core


Colombelli, S., Zollo, A., Festa, G., and Picozzi, M. 2014. Evidence for a difference in rupture
initiation between small and large earthquakes.Nat. Commun. 5, doi: 10.1038/ncomms4958.

Conneally, J., Childs, C., and Walsh, J. J. 2014. Contrasting origins of breached relay zone
geometries. J. Struct. Geol. 58: 59–68.

Contreras, J., Anders, M. H., and Scholz, C. H. 2000. Growth of a normal fault system:
Observations from the LakeMalawi basin of the east African rift. J. Struct. Geol. 22: 159–168.

Cook, R. F. 1986. Crack propagation thresholds: A measure of surface energy. J. Mater. Res. 1:
852–860.

Cornell, C. A. 1968. Engineering seismic risk analysis. Bull. Seismol. Soc. Amer. 58: 1583–1606.
Cotton, F., and Coutant, O. 1997. Dynamic stress variations due to shear faults in a plane-

layered medium. Geophys. J. Int. 128: 676–688.
Cottrell, A. H. 1953. Dislocations and Plastic Flow in Crystals. Oxford: Clarendon Press.
Coward, M. P., Dewey, J. F., and Hancock, P. L. (eds.). 1987. Continental Extensional Tectonics.

London: Blackwell.
Cowie, P. A., and Roberts, G. P. 2001. Constraining slip rates and spacings for active normal

faults. J. Struct. Geol. 23(12): 1901–1915, doi: 10.1016/s0191-8141(01)00036–0.
Cowie, P. A., and Scholz, C. H. 1992a. Physical explanation for the displacement length

relationship of faults using a post-yield fracture mechanics model. J. Struct. Geol. 14:
1133–1148.

Cowie, P. A., and Scholz, C. H. 1992b. Growth of faults by accumulation of seismic slip.
J. Geophys. Res. 97(B7): 11085–11095.

Cowie, P. A., and Scholz, C. H. 1992c. Displacement-length scaling relationship for faults: Data
synthesis and discussion. J. Struct. Geol. 14: 1149–1156.

Cowie, P. A., and Shipton, Z. K. 1998. Fault tip displacement gradients and process zone
dimensions. J. Struct. Geol. 20(8): 983–997, doi: 10.1016/s0191-8141(98)00029–7.

Cowie, P. A., Knipe, R. J., and Main, I. G. 1996. Special issue: Scaling laws for fault and fracture
populations – Analyses and applications – Introduction. J. Struct. Geol. 18: R5–R11.

Cowie, P. A., Scholz, C. H., Edwards, M., and Malinverno, A. 1993. Fault strain and seismic
coupling on midocean ridges. J. Geophys. Res.-Solid Earth 98: 17911–17920.

Cowie, P. A., Vanneste, C., and Sornette, D. 1993. Statistical physicsmodel for the spacitemporal
evolution of faults. J. Geophys. Res.-Solid Earth 98(B12): 21809–21821, doi: 10.1029/
93jb02223.

Cowie, P., Phillips, R., Roberts, G., et al. 2017. Orogen-scale uplift drives episodic behaviour of
earthquake faults. Sci. Rep. 7: 44858.

Cowie, P., Scholz, C., Roberts, G. P., Walker, J. F., and Steer, P. 2013. Viscous roots of active
seismogenic faults revealed by geologic slip rate variations. Nat. Geosci. 6(12): 1036–1040.

Cox, S. J. D., and Scholz, C. H. 1988a. Rupture initiation in shear fracture of rocks: An experi-
mental study. J. Geophys. Res. 93: 3307–3320.

Cox, S. J. D., and Scholz, C. H. 1988b. On the formation and growth of faults: An experimental
study. J. Struct. Geol. 10: 413–430.

Crampin, S. 1987. Geological and industrial applications of extensive-dilatancy anisotropy.
Nature 328: 491–496.

Crampin, S., Evans, R., and Atkinson, B. K. 1984. Earthquake prediction: A new physical basis.
Geophys. J. R.A.S. 76: 147–156.

Crampin, S., Gao, Y., and Bukits, J. 2015. A review of retrospective stress-forecasts of earth-
quakes and eruptions. Phys. Earth Planet. Int. 245: 76–87, doi: 10.1016/j.pepi.2015.05.008.

Crampin, S., Volti, T., and Stefansson, R. 1999. A successfully stress-forecast earthquake.
Geophys. J. Int. 138(1): F1-F5, doi: 10.1046/j.1365-246x.1999.00891.x.

400 References

https://www.cambridge.org/core/terms. https://doi.org/10.1017/9781316681473.011
Downloaded from https://www.cambridge.org/core. Stockholm University Library, on 19 Dec 2018 at 17:35:09, subject to the Cambridge Core terms of use, available at

https://www.cambridge.org/core/terms
https://doi.org/10.1017/9781316681473.011
https://www.cambridge.org/core


Crider, J. G., and Peacock, D. C. P. 2004, Initiation of brittle faults in the upper crust: A review of
field observations. J. Struct. Geol. 26(4): 691–707, doi: 10.1016/j.jsg.2003.07.007.

Crider, J. G., and Pollard, D. D. 1998. Fault linkage: Three-dimensional mechanical interaction
between echelon normal faults. J. Geophys. Res.-Solid Earth 103: 24373–24391.

Crone, A. J., and Luza, K. V. 1986. Holocene deformation associated with the Meers fault,
southwestern Oklahoma. In The Slick Hills of Southwestern Oklahoma – Fragments
of an Aulachogen? ed. R. N. Donovan. Norman, Oklahoma: University of Oklahoma,
pp. 68–74.

Crone, A. J., Machette, M., Bonilla, M., Lienkaemper, J., Pierce, K., Scott, W., and Bucknam, R.
1987. Surface faulting accompanying the Borah Peak earthquake and segmentation of the
Lost River fault central Idaho. Bull. Seismol. Soc. Am. 77: 739–770.

Crone, A., and Machette, M. 1984. Surface faulting accompanying the Borah Peak earthquake,
central Idaho. Geology 12: 664–667.

Crook, C. N. 1984. Geodeticmeasurement of the horizontal crustal deformation associatedwith
the Oct. 15, 1979 Imperial Valley (California) earthquake. PhD thesis, University of London,

Crowell, J. C. 1984. Origin of late Cenozoic basins in southern California. In Tectonics and
Sedimentation. ed. W. Dickinson. Soc. Econ. Pal. Miner., pp. 190–204.

Cruden, D. M. 1970. A theory of brittle creep in rock under uniaxial compression. J. Geophys.
Res. 75: 3431–3442.

Cubas, N., Avouac, J. P., Leroy, Y. M., and Pons, A. 2013. Low friction along the high slip patch of
the 2011 Mw 9.0 Tohoku-Oki earthquake required from the wedge structure and
extensional splay faults. Geophys. Res. Lett. 40(16): 4231–4237, doi: 10.1002/grl.50682.

D’Agostino, N., Avallone, A., Cheloni, D., D’Anastasio, E., Mantenuto, S., and Selvaggi, G. 2008.
Active tectonics of the Adriatic region from GPS and earthquake slip vectors. J. Geophys.
Res.-Solid Earth 113(B12): doi: 10.1029/2008jb005860.

D’Agostino, N., Cheloni, D., Fornaro, G., Giuliani, R., and Reale, D. 2012. Space-time distribution
of afterslip following the 2009 L’Aquila earthquake. J. Geophys. Res.-Solid Earth 117, doi:
10.1029/2011jb008523.

Dahlen, F. A., and Barr, T. D. 1989. Frictional mountain building 1. Deformation andmechanical
energy budget. J. Geophys. Res. 94: 3906–3922.

Dahmen, K. A., Ben-Zion, Y., and Uhl, J. T. 2011. A simple analytic theory for the statistics of
avalanches in sheared granular materials. Nature Physics 7(7): 554–557, doi: 10.1038/
nphys1957.

Das, S. 1981. Three-dimensional rupture propagation and implications for the earthquake
source mechanism. Geophys. J. R.A.S. 67: 375–393.

Das, S. 1982. Appropriate boundary conditions for modeling very long earthquakes and phy-
sical consequences. Bull. Seismol. Soc. Am. 72: 1911–1926.

Das, S. 1993. The Macquarie Ridge earthquake of 1989. Geophys. J. Int. 115: 778–798.
Das, S., and Aki, K. 1977. Fault planes with barriers: A versatile earthquake model. J. Geophys.

Res. 82: 5658–5670.
Das, S., and Kostrov, B. 1983. Breaking of a single asperity: Rupture process and seismic

radiation. J. Geophys. Res. 88: 4277–4288.
Das, S., and Scholz, C. 1981a. Off-fault aftershock clusters caused by shear stress increase? Bull

Seismol. Soc. Am. 71: 1669–1675.
Das, S., and Scholz, C. 1981b. Theory of time-dependent rupture in the earth. J. Geophys. Res.

86: 6039–6051.
Das, S., and Scholz, C. H. 1983.Why large earthquakes do not nucleate at shallow depths.Nature

305: 621–623.

References 401

https://www.cambridge.org/core/terms. https://doi.org/10.1017/9781316681473.011
Downloaded from https://www.cambridge.org/core. Stockholm University Library, on 19 Dec 2018 at 17:35:09, subject to the Cambridge Core terms of use, available at

https://www.cambridge.org/core/terms
https://doi.org/10.1017/9781316681473.011
https://www.cambridge.org/core


Daub, E. G., Manning, M. L., and Carlson, J. M. 2010. Pulse-like, crack-like, and supershear
earthquake ruptures with shear strain localization. J. Geophys. Res.-Solid Earth 115, doi:
10.1029/2009jb006388.

Davidsen, J., Gu, C., and Baiesi, M. 2015. Generalized Omori-Utsu law for aftershock sequences
in southern California. Geophys. J. Int. 201(2): 965–978, doi: 10.1093/gji/ggv061.

Davies, G., and Brune, J. N. 1971. Global plate motion rates from seismicity data. Nature 229:
101–107.

Davis, D., Dahlen, F. A., and Suppe, J. 1983.Mechanics of fold-and-thrust belts and accretionary
wedges. J. Geophys. Res. 88: 1153–1172.

Davison, F., and Scholz, C. 1985. Frequency-moment distribution of earthquakes in the
Aleutian Arc: A test of the characteristic earthquake model. Bull. Seismol. Soc. Am. 75:
1349–1362.

Davy, P., Sornette, A., and Sornette, D. 1990. Some consequences of a proposed fractal nature of
continental faulting. Nature 348: 56–58.

Dawers, N. H., and Anders, M. H. 1995. Displacement–length scaling and fault linkage. J. Struct.
Geol. 17: 607–611.

Dawers, N. H., Anders, M. H., and Scholz, C. H. 1993. Growth of normal faults – Displacement–
length scaling. Geology 21: 1107–1110.

Day, S. M. 1982. Three-dimensional simulation of spontaneous rupture: The effect of nonuni-
form prestress. Bull. Seismol. Soc. Am. 72: 1881–1902.

Day, S. M., Yu, G., andWald, D. J. 1998. Dynamic stress changes during earthquake rupture. Bull.
Seismol. Soc. Amer. 88: 512–522.

De Paola, N., Hirose, T., Mitchell, T., Di Toro, G., Viti, C., and Shimamoto, T. 2011a. Fault
lubrication and earthquake propagation in carbonate rocks. In Multiscale and
Multiphysics Processes in Geomechanics: Results of the Workshop on Multiscale and
Multiphysics Processes in Geomechanics, ed. R. I. Borja, pp. 153–156.

De Paola, N., Hirose, T., Mitchell, T., Di Toro, G., Viti, C., and Shimamoto, T. 2011b. Fault
lubrication and earthquake propagation in thermally unstable rocks, Geology, 39: 35–38,
doi: 10.1130/G31398.1.

Deacon, R. F., and Goodman, J. F. 1958. Lubrication by lamilar solids. Proc. R. Soc. Lond. A Math.
Phys. Sci. 243 (1235): 464+, doi: 10.1098/rspa.1958.0013.

Delaney, P. T., Pollard, D. D., Ziony, J. I., andMcKee, E. H. 1986. Field relations between dikes and
joints – Emplacement processes and paleostress analysis. J. Geophys. Res.-Solid Earth and
Planets 91(B5): 4920–4938.

Delaplace, A., Schmittbuhl, J., andMaloy, K. J. 1999. High resolution description of a crack front
in a heterogeneous Plexiglas block. Physical Review E 60(2): 1337–1343, doi: 10.1103/
PhysRevE.60.1337.

DeMets, C., Gordon, R. G., Argus, D. F., and Stein, S. 1990. Current plate motions.Geophys. J. Int.
101: 425–478.

DeMets, C., Gordon, R. G., Stein, S., and Argus, D. F. 1987. A revised estimate of Pacific-North
America motion and implications for western North America Plate boundary tectonics.
Geophys. Res. Lett. 14: 911–914.

den Hartog, S. A. M., and Spiers, C. J. 2014. A microphysical model for fault gouge friction
applied to subduction megathrusts. J. Geophys. Res.-Solid Earth 119(2): 1510–1529, doi:
10.1002/2013jb010580.

den Hartog, S. A. M., Niemeijer, A. R., and Spiers, C. J. 2012. New constraints on megathrust slip
stability under subduction zone P-T conditions. Earth Planet. Sci. Lett. 353: 240–252, doi:
10.1016/j.epsl.2012.08.022.

402 References

https://www.cambridge.org/core/terms. https://doi.org/10.1017/9781316681473.011
Downloaded from https://www.cambridge.org/core. Stockholm University Library, on 19 Dec 2018 at 17:35:09, subject to the Cambridge Core terms of use, available at

https://www.cambridge.org/core/terms
https://doi.org/10.1017/9781316681473.011
https://www.cambridge.org/core


den Hartog, S. A. M., Niemeijer, A. R., and Spiers, C. J. 2013. Friction on subduction megathrust
faults: Beyond the illite-muscovite transition. Earth Planet. Sci. Lett. 373: 8–19, doi:
10.1016/j.epsl.2013.04.036.

denHartog, S. A., Saffer, D.M., and Spiers, C. J. 2014. The roles of quartz andwater in controlling
unstable slip in phyllosilicate-rich megathrust fault gouges. Earth Planets and Space 66
(78): doi: 10.1186/1880–5981-66–78.

Deng, J. S., and Sykes, L. R. 1997. Evolution of the stress field in southern California and
triggering of moderate-size earthquakes: A 200-year perspective. J. Geophys. Res.-Solid
Earth 102: 9859–9886.

Deng, J. S., Gurnis, M., Kanamori, H. et al. 1998. Viscoelastic flow in the lower crust after the
1992 Landers California earthquake. Science 282: 1689–1692.

Deng, Q., Wu, D., Zhang, P., and Chen, S. 1986. Structure and deformational character of strike-
slip fault zones. Pageoph 124: 203–224.

Denolle, M. A., and Shearer P. M. 2016. New perspectives on self-similarity for shallow thrust
earthquakes. J. Geophys. Res.-Solid Earth 121(9): 6533–6565, doi: 10.1002/2016jb013105.

Deplus, C., Diament, M., Hébert, H., et al. 1998. Direct evidence of active deformation in the
eastern Indian oceanic plate. Geology 26(2): 131–134.

DePolo, C. M. 2008. Quaternary Faults in Nevada, Nevada Bureau ofMines andGeologyMap 167.
Detrick, R., White R., and Purdy G. 1993. Crustal structure of North Atlantic fracture zones. Rev.

Geophys. 31(4): 439–458.
Dewey, J. F., and Bird, J. M. 1970. Mountain belts and the new global tectonics. J. Geophys. Res.

75: 2625–2647.
Di Luccio, F., Ventura, G., Di Giovambattista, R., Piscini, A., and Cinti, F. R. 2010. Normal faults

and thrusts reactivated by deep fluids: The 6 April 2009 M-w 6.3 L’Aquila earthquake,
central Italy. J. Geophys. Res.-Solid Earth 115, doi: 10.1029/2009jb007190.

Di Toro, G., and Pennacchioni, G. 2005. Fault plane processes and mesoscopic structure of a
strong-type seismogenic fault in tonalites (Adamello batholith, Southern Alps).
Tectonophysics 402(1–4): 55–80.

Di Toro, G., Goldsby, D. L., and Tullis, T. E. 2004. Friction falls towards zero in quartz rock as slip
velocity approaches seismic rates. Nature 427(6973): 436–439.

Di Toro, G., Han, R., Hirose, T., et al. 2011. Fault lubrication during earthquakes. Nature 471:
494–498, doi: 10.1038/nature09838.

Di Toro, G., Hirose, T., Nielsen, S., Pennacchioni, G., and Shimamoto, T. 2006. Natural and experi-
mental evidence of melt lubrication of faults during earthquakes. Science 311: 647–649.

Di Toro, G., Pennacchioni, G., and Nielsen, S. 2009. Pseudotachylytes and Earthquake Source
Mechanics. In Fault-Zone Properties and Earthquake Rupture Dynamics, ed. E. Fukuyama.
London: Academic Press, pp. 87–133.

Di Toro, G., Pennacchioni, G., and Teza, G. 2005. Can pseudotachylytes be used to infer earth-
quake source parameters? An example of limitations in the study of exhumed faults.
Tectonophysics 402(1–4): 3–20.

DiCapria, C. J., Simons, M., Kenner, S. J., and Williams, C. A. 2008. Post-seismic reloading and
temporal clustering on a single fault. Geophys. J. Int. 172: 581–592, doi: 10.1111/j.1365-
246X.2007.03622.x.

Dieterich, J. H. 1972. Time-dependent friction in rocks. J. Geophys. Res. 77: 3690–3697.
Dieterich, J. H. 1978. Time dependent friction and the mechanics of stick slip. Pure Appl.

Geophys. 116: 790–806.
Dieterich, J. H. 1979a. Modelling of rock friction: 1. Experimental results and constitutive

equations. J. Geophys. Res. 84: 2161–2168.

References 403

https://www.cambridge.org/core/terms. https://doi.org/10.1017/9781316681473.011
Downloaded from https://www.cambridge.org/core. Stockholm University Library, on 19 Dec 2018 at 17:35:09, subject to the Cambridge Core terms of use, available at

https://www.cambridge.org/core/terms
https://doi.org/10.1017/9781316681473.011
https://www.cambridge.org/core


Dieterich, J. H. 1979b. Modelling of rock friction: 2. Simulation of preseismic slip. J. Geophys.
Res. 84: 2169–2175.

Dieterich, J. H. 1981. Constitutive properties of faults with simulated gouge. In Mechanical
Behavior of Crustal Rocks. AGUGeophys. Mono., eds. M. F. N. Carter, J. Logan, and D. Sterns.
Washington, DC: American Geophysical Union, pp. 103–120.

Dieterich, J. H. 1986. A model for the nucleation of earthquake slip. In Earthquake Source
Mechanics. AGU Geophys. Mono., eds. S. Das, J. Boatwright, and C. Scholz. Washington,
DC: American Geophysical Union, pp. 37–49.

Dieterich, J. H. 1992. Earthquake nucleation on faults with rate-dependent and state-
dependent strength. Tectonophysics 211: 115–134.

Dieterich, J. H. 1994. A constitutive law for rate of earthquake production and its application to
earthquake clustering, J. Geophys. Res., 99: 2601–2618.

Dieterich, J. H., and Conrad, G. 1984. Effect of humidity on time- and velocity-dependent
friction in rocks. J. Geophys. Res. 89: 4196–4202.

Dieterich, J. H., and Kilgore, B. D. 1994. Direct observations of frictional contacts: New insights
for state-dependent properties. In Faulting, Friction, and Earthquake Mechanics, Part II,
eds. C. J. Marone and M. L. Blanpied. Basel: Birkhauser, pp. 283–302.

Dieterich, J. H., andKilgore, B. 1996. Implications of fault constitutive properties for earthquake
prediction. Proc. Natl Acad. Sci. USA 93: 3787–3794.

Dieterich, J. H., and Smith, D. E. 2009. Nonplanar Faults: Mechanics of Slip and Off-fault
Damage. Pure Appl. Geophys 166(10–11): 1799–1815, doi: 10.1007/s00024-009–0517-y.

Dmowska, R., Rice, J. R., Lovison, L. C., and Josell, D. 1988. Stress transfer and seismic
phenomena in coupled subduction zones during the earthquake cycle. J. Geophys. Res.
93: 7869–7885.

Doan, M. L., and Gary, G. 2009. Rock pulverization at high strain rate near the San Andreas fault.
Nat. Geosci. 2(10): 709–712, doi: 10.1038/ngeo640.

Dobson, D. P., Meredith, P. G., and Boon, S. A. 2002. Simulation of subduction zone seismicity by
dehydration of serpentine. Science 298(5597): 1407–1410.

Dodd, R. K., Eibeck J. C., Gibbon, J. D., and Morris, H. C. 1982. Solitons and Nonlinear Wave
Equations, London: Academic Press.

Dodge, D. A., Beroza, G. C., and Ellsworth, W. L. 1996. Detailed observations of California
foreshock sequences: Implications for the earthquake initiation process. J. Geophys. Res.-
Solid Earth 101: 22371–22392.

Doglioni, C. 1990. The global tectonic pattern. J. Geodyn. 12: 21–38.
Doglioni, C., Merlini, S., and Cantarella, G. 1999. Foredeep geometries at the front of the

Apennines in the Ionian Sea (central Mediterranean). Earth Planet. Sci. Lett. 168: 243–254.
Dokka, R. K., and Travis, C. J. 1990. Role of the eastern California shear zone in accommodating

Pacific-North-American plate motion. Geophys. Res. Lett. 17: 1323–1326.
Donath, F. A. 1961. Experimental study of shear failure in anisotropic rocks. Bull. Geol. Soc. Am.

72: 985–990.
Donnellan, A., and Lyzenka, G. A. 1998. GPS observations of fault afterslip and upper crustal

deformation following the Northridge earthquake. J. Geophys. Res. 103: 21,285–21,297.
Dor, O., Ben-Zion, Y., Rockwell, T. K., and Brune, J. 2006. Pulverized rocks in the Mojave section

of the San Andreas Fault Zone. Earth Planet. Sci. Lett. 245(3–4): 642–654, doi: 10.1016/j.
epsl.2006.03.034.

Dorbath, C., M. Gerbault, G. Carlier, andM. Guiraud. 2008. Double seismic zone of the Nazca plate
in northern Chile: High-resolution velocity structure, petrological implications, and thermo-
mechanical modeling. Geochem. Geophys. Geosystems 9, doi: 10.1029/2008gc002020.

404 References

https://www.cambridge.org/core/terms. https://doi.org/10.1017/9781316681473.011
Downloaded from https://www.cambridge.org/core. Stockholm University Library, on 19 Dec 2018 at 17:35:09, subject to the Cambridge Core terms of use, available at

https://www.cambridge.org/core/terms
https://doi.org/10.1017/9781316681473.011
https://www.cambridge.org/core


Doser, D. I. 1988. Source parameters of earthquakes in the Nevada seismic zone, 1915–43. J.
Geophys. Res. 93: 15001–15015.

Doser, D., and Kanamori, H. 1986. Depth of seismicity in the Imperial Valley region. 1977–83)
and its relationship to heat flow, crustal structure and the October 15, 1979 earthquake.
J. Geophys. Res. 91: 675–688.

Doser, I. 1986. Earthquake processes in the Rainbow Mountain–Fairview Peak–Dixie Valley,
Nevada, region 1954–1959. J. Geophys. Res. 91: 12572–12586.

Dreger, D. S., Oglesby, D. D., Harris, R., Ratchkovski, N., and Hansen, R. 2004. Kinematic and
dynamic rupture models of the November 3, 2002 Mw7.9 Denali, Alaska, earthquake.
Geophys. Res. Lett. 31(4): doi: 10.1029/2003gl018333.

Duan, B., and Oglesby, D. D. 2005. Multicycle dynamics of nonplanar strike‐slip faults.
J. Geophys. Res.-Solid Earth 110(B3): doi.org/10.1029/2004JB003298.

Duan, B., and Oglesby, D. D. 2006. Heterogeneous fault stresses from previous earthquakes and
the effect on dynamics of parallel strike‐slip faults. J. Geophys. Res.-Solid Earth 111(B5):
doi.org/10.1029/2005JB004138.

Dugdale, D. S. J. 1960. Yielding of steel sheets containing slits. Mech. Phys. Solids 8: 100–115.
Dunham, E. M. 2007. Conditions governing the occurrence of supershear ruptures

under slip-weakening friction. J. Geophys. Res.-Solid Earth 112(B7): doi: 10.1029/
2006jb004717.

Dunham, E. M., Kozdon, J. E., Belanger, D., and Cong, L. 2011. Earthquake ruptures on rough
faults, inmultiscale andmultiphysics processes in geomechanics: Results of the workshop
on multiscale and multiphysics processes. In Geomechanics, ed. R. I. Borja, pp. 145-+,
Berlin: Springer-Verlag.

Dunlap, W. J., Hirth, G., and Teyssier, C. 1997. Thermomechanical evolution of a ductile duplex.
Tectonics 16(6): 983–1000, doi: 10.1029/97tc00614.

Dunning, J. D., Petrovski, D., Schuyler, J., and Owens, A. 1984. The effects of aqueous chemical
environments on crack growth in quartz. J. Geophys Res. 89: 4115–4124.

Duquesnoy, T., Barrier, E., Kasser, M., et al. 1994. Detectionof creep along the Philippine fault –
1st results of geodetic measurements on Leyte Island, Central Philippine. Geophys. Res.
Lett. 21(11): 975–978, doi: 10.1029/94gl00640.

Durney, D. W., and Ramsay, J. G. 1973. Incremental strains measured by syntectonic crystal
growths. InGravity and Tectonics, eds. K. A. de Jong and R. Scholten. New York: JohnWiley,
pp. 67–96.

DuRoss, C. B., Personius, S. F., Crone, A. J., et al. 2016. Fault segmentation: New concepts from
the Wasatch Fault Zone, Utah, USA. J. Geophys. Res.-Solid Earth 121(2): 1131–1157, doi:
10.1002/2015jb012519.

Dziak, R. P., Fox, C. G., and Embley, R. W. 1991. Relationship between the seismicity
and geologic structure of the Blanco Transform Fault Zone. Marine Geophysical
Research 13(3): 203–208.

Eaton, J. P., O’Neill, M. E. and Murdock, J. N. 1970. Aftershocks of the 1966 Parkfield–Cholame,
California earthquake. A detailed study. Bull. Seismol. Soc. Am. 60: 1151–1197.

Eaton, J., Cockerham, R., and Lester, F. 1983. Study of the May 2, 1983 Coalinga earthquake and
its aftershocks, based on the U.S.G.S. seismic network in northern California. In The 1983
Coalinga, California, Earthquakes. Spec. Pub., eds. J. Bennet and R. Sherbume. Sacramento:
California Department of Conservation, Division of Mines, pp. 9–23.

Eberhart-Phillips, D., and Reyners, M. 1999. Plate interface properties in the northeast
Hikurangi subduction zone, New Zealand, from converted seismic waves. Geophysical
Research Letters, 26(16): 2565–2568, doi: 10.1029/1999gl900567.

References 405

https://www.cambridge.org/core/terms. https://doi.org/10.1017/9781316681473.011
Downloaded from https://www.cambridge.org/core. Stockholm University Library, on 19 Dec 2018 at 17:35:09, subject to the Cambridge Core terms of use, available at

https://www.cambridge.org/core/terms
https://doi.org/10.1017/9781316681473.011
https://www.cambridge.org/core


Eberhart-Phillips, D., Haeussler, P. J., and Freymueller, J. T., et al. 2003. The 2002 Denali fault
earthquake, Alaska: A large magnitude, slip-partitioned event. Science, 300(5622): 1113–
1118, doi: 10.1126/science.1082703.

Ebinger, C. J., and Hayward, N. J. 1996. Soft plates and hot spots: Views from afar. J. Geophys.
Res. 101: 21859–21976.

Edmond, J. M., and Paterson, M. S. 1972. Volume changes during the deformation of rocks at
high pressure. Int. J. Rock Mech. Min. Sci. 9: 161–182.

Eggler, D. H., and Ehmann, A. N. 2010. Rate of antigorite dehydration at 2 GPa applied to
subduction zones. Am. Mineral. 95(5–6): 761–769.

Einarsson, P., and Eiriksson, J. 1982. Earthquake fractures in the districts Land andRangarvellin
in the South Iceland seismic zone. Jokull 32: 113–120.

Einarsson, P., Bjornsson, S., Foulger, G., Stefansson, R., and Skaftadottir, T. 1981. Seismicity
pattern in the south Iceland seismic zone. In Earthquake Prediction, an International
Review. M. Ewing; Ser. 4, eds. D. Simpson and P. Richards. Washington, DC: American
Geophysical Union, pp. 141–152.

Einav, I., Rognon, P., Miller, T., and Sulem, J. 2018., Faults get colder through transient granular
vortices. Geophys. Res. Lett, 45: 2625–2632, doi: 10.1002/2017GL076029.

Ekstrom, G., and Romanowicz, B. 1990. The 23 May 1989 Macquarie Ridge earthquake: A very
broad band analysis. Geophys. Res. Lett. 17: 993–996.

Ekstrom, G., Stein, R. S., Eaton, J. P., and Eberhart-Phillips, D. 1992. Seismicity and geometry of a
110-km-long blind thrust-fault 1. The 1985 Kettleman Hills, California, Earthquake.
J. Geophys. Res.-Solid Earth 97: 4843–4864.

Elkhoury, J. E., Brodsky, E. E., and Agnew, D. C. 2006. Seismic waves increase permeability.
Nature 441(7097): 1135–1138, doi: 10.1038/nature04798.

Elliott, A. J., Dolan, J. F., and Oglesby, D. D. 2009. Evidence from coseismic slip gradients for
dynamic control on rupture propagation and arrest through stepovers. J. Geophys. Res.-
Solid Earth 114, doi: 10.1029/2008jb005969.

Elliott, D. 1976. The energy balance and deformation mechanisms of thrust sheets. Phil. Trans.
Roy. Soc. London Ser. A 283: 289–312.

Ellsworth, W. L. 2013. Injection-Induced Earthquakes. Science 341(6142): 142+, doi: 10.1126/
science.1225942.

Ellsworth, W. L., and Beroza, G. C. 1995. Seismic evidence for an earthquake nucleation phase.
Science 268: 851–855.

Ellsworth, W. L., and Bulut, F. 2018. Nucleation of the 1999 Izmit earthquake by a triggered
cascade of foreshocks. Nature Geoscience 11(7): 531–535, doi: 10.1038/s41561-018-
0145-1.

Ellsworth, W. L., Lindh, A. G., Prescott, W. H., and Herd, D. G. 1981. The 1906 San Francisco
earthquake and the seismic cycle. In Earthquake Prediction, an International Review. M.
Ewing; Ser. 4, eds. D. Simpson and P. Richards. Washington, DC: American Geophysical
Union, pp. 126–140.

Emmanuel, S., and Berkowitz, B. 2006. Suppression and stimulation of seafloor hydrothermal
convection by exothermic mineral hydration. Earth Planet. Sci. Lett. 243(3): 657–668.

Emter, C. 1997. Tidal triggering of earthquakes and volcanic events. In Tidal Phenomena,
Lecture Notes in Earth Sciences, vol. 66, ed. H. Wilhelm, W. Zurn and H. G. Wenzel. New
York: Springer, pp. 293–310.

Engdahl, E. R. 1977. Seismicity and plate subduction in the central Aleutians. In Island Arcs and
Deep Sea Trenches and Back-arc Basins. M. Ewing; Ser. 1, eds. I. M. Talwani and W. Pittman.
Washington, DC: American Geophysical Union, pp. 259–272.

406 References

https://www.cambridge.org/core/terms. https://doi.org/10.1017/9781316681473.011
Downloaded from https://www.cambridge.org/core. Stockholm University Library, on 19 Dec 2018 at 17:35:09, subject to the Cambridge Core terms of use, available at

https://www.cambridge.org/core/terms
https://doi.org/10.1017/9781316681473.011
https://www.cambridge.org/core


Engdahl, E. R., and Scholz, C. H. 1977. A double Benioff zone beneath the central Aleutians: An
unbending of the lithosphere. Geophys. Res. Lett. 4(10): 473–476.

Engdahl, E. R., Villaseñor, A., DeShon, H. R., and Thurber, C. H. 2007. Teleseismic relocation and
assessment of seismicity (1918–2005) in the region of the 2004 Mw 9.0 Sumatra–Andaman
and 2005 Mw 8.6 Nias Island great earthquakes. Bull. Seismol. Soc. Am. 97(1A): S43–S61.

Engelder, J. T. 1974a. Cataclasis and the generation of fault gouge.Geol. Soc. Am. Bull. 85: 1515–
1522.

Engelder, T. 1974b. Microscopic wear grooves on slickensides: Indicators of paleoseismicity.
J. Geophys. Res. 79: 4387.

Engelder, T. 2014. Stress regimes in the Lithosphere. New Jersey: Princeton University Press.
Engelder, T., and Scholz, C. H. 1976. The role of asperity indentation and ploughing in rock

friction – II. Influence of relative hardness and normal load. Int. J. Rock Mech. Min. Sci. and
Geomech. 13: 155–163.

Engelder, T., Logan, J., and Handin, J. 1975. The sliding characteristics of sandstone on quartz
fault gouge. J. Pure Appl. Geophys. 113: 69–86.

Engeln, J. F., Wiens, D. A., and Stein, S. 1986. Mechanisms and depths of Atlantic transform
earthquakes. J. Geophys. Res.-Solid Earth 91(B1): 548–577.

England, P. C., and McKenzie, D. P. 1982. A thin viscous sheet model for continental deforma-
tion. Geophys. J. R.A.S. 70: 295–321.

Engvik, A. K., Bertram, A., Kalthoff, J. F., Stockhert, B., Austrheim, H., and Elvevold, S. 2005.
Magma-driven hydraulic fracturing and infiltration of fluids into the damaged host rock,
an example from Dronning Maud Land, Antarctica. J. Struct. Geol. 27(5): 839–854.

Engvik, L., Stockhert, B., and Engvik, A. K. 2009. Fluid infiltration, heat transport, and healing of
microcracks in the damage zone of magmatic veins: Numerical modeling. J. Geophys. Res.-
Solid Earth 114: doi.org/10.1029/2008JB005880.

Erismann, T., Heuberger, H., and Preuss, E. 1977. Der Bimstein von Kofels (Tirol), ein Bergsturz-
“Frictionit.” Tschermaks Mineral. Petrogr. Mitt. 24: 67–119.

Escartin, J., Andreani, M., Hirth, G., and Evans, B. 2008. Relationships between the microstruc-
tural evolution and the rheology of talc at elevated pressures and temperatures. Earth
Planet. Sci. Lett. 268: 468–475.

Escartin, J., Hirth, G., and Evans, B. 1997. Nondilatant brittle deformation of serpentinites:
Implications for Mohr-Coulomb theory and the strength of faults. J. Geophys. Res. 102:
2897–2913.

Escartin, J., Smith, D. K., Cann, J., Schouten, H., Langmuir, C. H., and Escrig, S. 2008. Central role of
detachment faults in accretion of slow-spreading oceanic lithosphere.Nature455(7214): 790.

Eshelby, J. 1957. The determination of the elastic field of an ellipsoidal inclusion and related
problems. Proc. Roy. Soc. London Series A 241: 376–396.

Espinosa-Aranda, J. M., Cuellar, A., Garcia, G., et al. 2009. Evolution of theMexican Seismic Alert
System (SASMEX). Seismol. Res. Lett. 80: 694–706.

Etchecopar, A., Granier, T., and Larroque, J.-M. 1986. Origine des fentes en echelon: Propogation
des failles. R. Acad. Sci. Paris 302(II): 479–484.

Etheridge, M. A., Wall, V. J., Cox, S. F., and Vernon, R. H. 1984. High fluid pressures during
regional metamorphism: Implications for mass transport and deformation mechanisms.
J. Geophys. Res. 89: 4344–4358.

Evans, A. G. 1990. Perspective on the development of high-toughness ceramics. J. Amer.
Ceramics Soc. 73: 187–206.

Evans, A. G., Heuer, A. H., and Porter, D. L 1977. The Fracture Toughness of Ceramics. Canada:
Waterloo, pp. 529–556.

References 407

https://www.cambridge.org/core/terms. https://doi.org/10.1017/9781316681473.011
Downloaded from https://www.cambridge.org/core. Stockholm University Library, on 19 Dec 2018 at 17:35:09, subject to the Cambridge Core terms of use, available at

https://www.cambridge.org/core/terms
https://doi.org/10.1017/9781316681473.011
https://www.cambridge.org/core


Evans, B., and Goetze, C. 1979. Temperature variation of hardness of olivine and its implication
for polycrystalline yield stress, J. Geophys. Res., 84(NB10): 5505–5524, doi: 10.1029/
JB084iB10p05505.

Evans, J. P. 1990. Thickness displacement relationships for fault zones. J. Struct. Geol. 12(8):
1061–1065.

Evison, F. 1977. Fluctuations of seismicity before major earthquakes. Nature 266: 710–712.
Ewing, M., andHeezen, B. 1956. Some problems of Antarctic submarine geology inAntarctica. In

The International Geophysical Year. AGU Geophys. Mono., ed. A. Crary. Washington, DC:
American Geophysical Union, p. 75.

Fan, W. Y., and Shearer, P. M. 2016. Local near instantaneously dynamically triggered after-
shocks of large earthquakes. Science 353(6304): 1133–1136, doi: 10.1126/science.
aag0013.

Fattahi, H., and Amelung, F. 2016. InSAR observations of strain accumulation and fault creep
along the Chaman Fault system, Pakistan and Afghanistan. Geophys. Res. Lett. 43(16):
8399–8406, doi: 10.1002/2016gl070121.

Faulkner, D. R., and Rutter, E. H. 2001. Can the maintenance of overpressured fluids in large
strike-slip fault zones explain their apparent weakness? Oeology 29: 503–506.

Faulkner, D. R., Lewis, A. C., and Rutter, E. H. 2003. On the internal structure and mechanics of
large strike-slip fault zones: Field observations of the Carboneras fault in southeastern
Spain. Tectonophysics 367: 235–251.

Faulkner, D. R., Mitchell, T. M., Behnsen, J., Hirose, T., and Shimamoto, T. 2011. Stuck in the
mud? Earthquake nucleation andpropagation through accretionary forearcs.Geophys. Res.
Lett. 38, doi: 10.1029/2011gl048552.

Faulkner, D. R., Mitchell, T. M., Jensen, E., and Cembrano, J. 2011. Scaling of fault damage zones
with displacement and the implications for fault growth processes. J. Geophys. Res.-Solid
Earth 116, doi: 10.1029/2010jb007788.

Fedotov, S. A. 1965. Regularities in the distribution of strong earthquakes in Kamchatka, the
Kuriles, and northeastern Japan. Akad. Nauk USSR Inst. Fiz. Zeml.: Trudy 36: 66–95.

Felzer, K. R., Abercrombie, R. E., and Ekstrom G. 2004. A common origin for aftershocks,
foreshocks, andmultiplets. Bull. Seismol. Soc. Am. 94(1): 88–98, doi: 10.1785/0120030069.

Felzer, K. R., and Brodsky, E. E. 2006. Decay of aftershock density with distance indicates
triggering by dynamic stress. Nature 441(7094): 735–738, doi: 10.1038/nature04799.

Feng, R., and McEvilly, T. V. 1983. Interpretation of seismic reflection profiling data for the
structure of the San Andreas fault zone. Bull. Seismol. Soc. Am. 73: 1701–1720.

Ferrand, T. P., Hilairet, N., Incel, S., et al. 2017. Dehydration-driven stress transfer triggers
intermediate-depth earthquakes. Nat. Commun. 8: 15247, doi: 10.1038/ncomms15247.

Ferri, F., Di Toro, G., Hirose, T., and Shimamoto, T. 2010. Evidence of thermal pressurization in
high-velocity friction experiments on smectite-rich gouges. Terra Nova 22(5): 347–353,
doi: 10.1111/j.1365–3121.2010.00955.x.

Ferrill, D. A., Stamatakos, J. R., and Sims, D. 1999. Normal fault corrugation: Implications for
growth and seismicity of active normal faults. J. Struct. Geol. 21(8–9): 1027–1038, doi:
10.1016/s0191-8141(99)00017–6.

Festa, G., Picozzi, M., Caruso, A., et al. 2018. Performance of Earthquake Early Warning systems
during the 2016–2017 Mw 5–6.5 Central Italy Sequence. Seismol. Res. Lett. 89: 1–12, doi:
10.1785/0220170150.

Fialko, Y. 2004. Evidence of fluid-filled upper crust fromobservations of postseismic deforma-
tion due to the 1992 M(w)7.3 Landers earthquake. J. Geophys. Res.-Solid Earth 109(B8): doi:
10.1029/2004jb002985.

408 References

https://www.cambridge.org/core/terms. https://doi.org/10.1017/9781316681473.011
Downloaded from https://www.cambridge.org/core. Stockholm University Library, on 19 Dec 2018 at 17:35:09, subject to the Cambridge Core terms of use, available at

https://www.cambridge.org/core/terms
https://doi.org/10.1017/9781316681473.011
https://www.cambridge.org/core


Fialko, Y., and Khazan, Y. 2005. Fusion by earthquake fault friction: Stick or slip? J. Geophys.
Res.-Solid Earth 110(B12): doi: 10.1029/2005jb003869.

Field, E. H., Arrowsmith, R. J., Biasi, G. P., et al. 2014. Uniform California earthquake rupture
forecast, version 3 (UCERF3) – The time‐independent model. Bull. Seismol. Soc. Am. 104(3):
1122–1180.

Field, E. H., Biasi, G. P., Bird, P., et al. 2015. Long‐term time‐dependent probabilities for the third
Uniform California Earthquake Rupture Forecast (UCERF3). Bull. Seismol. Soc. Am. 105(2A):
511–543.

Field, E. H., Jordan, T. H., Jones, L. M., Michael, A. J., Blanpied, M. L., and Workshop, P. 2016. The
potential uses of operational earthquake forecasting. Seismol. Res. Lett.87(2): 313–322, doi:
10.1785/0220150174.

Field, E. H., Milner, K. R., Hardebeck, J. L., et al. 2017. A Spatiotemporal Clustering Model for
the Third Uniform California Earthquake Rupture Forecast. UCERF3-ETAS): Toward an
Operational Earthquake Forecast. Bull. Seismol. Soc. Am. 107(3): 1049–1081, doi:
10.1785/0120160173.

Fielding, E. J., Lundgren, P. R., Burgmann, R., and Funning, G. J. 2009. Shallow fault-zone
dilatancy recovery after the 2003 Bam earthquake in Iran. Nature 458(7234): 64–68, doi:
10.1038/nature07817.

Fisher, D. S. 1998. Collective transport in random media: From superconductors to earth-
quakes. Phys. Rep.– Review Section of Physics Letters 301(1–3): 113–150, doi: 10.1016/
s0370-1573(98)00008–8.

Fitch, T. J., and Scholz, C. H. 1971.Mechanism of underthrusting in southwest Japan: Amodel of
convergent plate interactions. J. Geophys. Res. 76: 7260–7292.

Fleitout, L., and Froidevaux, J. C. J. 1980. Thermal and mechanical evolution of shear zones.
J. Struct. Geol. 2: 159–164.

Fletcher, J. B. 1982. A comparison between the tectonic stress measured in situ and stress
parameters from induced seismicity at Monticello Reservoir, South Carolina. J. Geophys.
Res 87: 6931–6944.

Fletcher, R., and Pollard, D. D. 1981. An anticrackmechanism for stylolites.Geology 9: 419–424.
Fleuty, M. J. 1975. Slickensides and slickenlines. Geol. Mag. 112: 319–322.
Floyd, J. S., Mutter, J. C., Goodliffe, A. M. et al. 2001. Evidence for fault weakness and fluid flow

within an active low-angle normal fault. Nature 411(6839): 779–783.
Forsyth, D. W. 1992. Finite extension and low-angle normal faulting. Geology 20(1): 27–30.
Forsyth, D., and Uyeda, S. 1975. On the relative importance of driving forces of plate motion.

Geophys. J. R.A.S. 43: 163–200.
Fossen, H., and Hesthammer, J. 1997. Geometric analysis and scaling relations of deformation

bands in porous sandstone. J. Struct. Geol. 19(12): 1479–1493, doi: 10.1016/s0191-8141(97)
00075–8.

Fossen, H., Schultz, R. A., Shipton, Z. K., and Mair, K. 2007. Deformation bands in sandstone: A
review. J. Geol. Soc. London 164: 755–769, doi: 10.1144/0016–76492006-036.

Fox, C. G., Matsumoto, H., and Lau, T.-K. A. 2001. Monitoring Pacific Ocean seismicity from
autonomous hydrophone array. J. Geophys. Res., 106: 4183–4206.

Francis, T. J. G. 1981. Serpentinization faults and their role in the tectonics of slow spreading
ridges. J. Geophys.l Res. 86(NB12): 1616–1622, doi: 10.1029/JB086iB12p11616.

Frank, F.C. 1965.Ondilatancy in relation to seismic sources.Rev.Geophys. SpacePhys.3: 485–503.
Frank, W. B., Radiguet, M., Rousset, B., et al. 2015. Uncovering the geodetic signature of silent

slip through repeating earthquakes. Geophys. Res. Lett. 42(8): 2774–2779, doi: 10.1002/
2015gl063685.

References 409

https://www.cambridge.org/core/terms. https://doi.org/10.1017/9781316681473.011
Downloaded from https://www.cambridge.org/core. Stockholm University Library, on 19 Dec 2018 at 17:35:09, subject to the Cambridge Core terms of use, available at

https://www.cambridge.org/core/terms
https://doi.org/10.1017/9781316681473.011
https://www.cambridge.org/core


Frankel, A. 1991. High-frequency spectral falloff of earthquakes, fractal dimension of
complex rupture, b value, and the scaling of strength of faults. J. Geophys. Res. 96:
6291–6302.

Frankel, A. D. 2004. Rupture process of the M 7.9 Denali fault, Alaska, earthquake: Subevents,
directivity, and scaling of high-frequency ground motions. Bull. Seismol. Soc. Amer. 94:
S234-S255.

Fraser-Smith, A. C., Bernardi, A., McGill, P. R., Ladd, M. E., Helliwell, R. A., and Villard, O. G. 1990.
Low-frequencymagnetic-fieldmeasurements near the epicenter of theMs 7.1 Loma-Prieta
earthquake. Geophys. Res. Lett. 17: 1465–1468.

Fraser-Smith, A. C., McGill, P. R., Helliwell, R. A., and Villard, O. G. 1994. Ultra-low frequency
magnetic-field measurements in southern California during the Northridge earthquake of
17 January 1994. Geophys. Res. Lett. 21: 2195–2198.

Freed, A. M. 2005. Earthquake triggering by static, dynamic, and postseismic stress transfer.
Ann. Rev. Earth Planet. Sci. 33: 335–367, doi: 10.1146/annurev.earth.33.092203.122505.

Freed, A. M., and Burgmann, R. 2004. Evidence of power-law flow in the Mojave desert mantle.
Nature 430(6999): 548–551, doi: 10.1038/nature02784.

Freed, A. M., and Lin, J. 2001. Delayed triggering of the 1999 Hector Mine earthquake by
Viscoelastic stress transfer. Nature 411:180–183.

Freed, A. M., and Lin, J. 2002. Accelerated stress buildup on the southern San Andreas fault and
surrounding regions caused by Mojave Desert earthquakes. Geology 30: 571–574.

Freed, A. M., Burgmann, R., and Herring, T. 2007. Far-reaching transient motions after Mojave
earthquakes require broad mantle flow beneath a strong crust. Geophys. Res. Lett. 34(19):
doi: 10.1029/2007gl030959.

Freed, A. M., Burgmann, R., Calais, E., and Freymueller, J. 2006b. Stress-dependent power-law
flow in the upper mantle following the 2002 Denali, Alaska, earthquake. Earth Planet. Sci.
Lett. 252(3–4): 481–489, doi: 10.1016/j.epsl.2006.10.011.

Freed, A. M., Burgmann, R., Calais, E., Freymueller, J., and Hreinsdottir, S. 2006a. Implications of
deformation following the 2002 Denali, Alaska, earthquake for postseismic relaxation
processes and lithospheric rheology. J. Geophys. Res.-Solid Earth 111(B1): doi: 10.1029/
2005jb003894.

Freed, A. M., Hirth, G., and Behn, M. D. 2012. Using short-term postseismic displacements to
infer the ambient deformation conditions of the upper mantle. J. Geophys. Res.-Solid Earth
117, doi: 10.1029/2011jb008562.

Freiman, S. W. 1984. Effects of chemical environments on slow crack growth in glasses and
ceramics. J. Geophys. Res. 89: 4072–4076.

Freund, L. B. 1990. Dynamic Fracture Mechanics. New York: Cambridge University Press.
Friedman, M., Handin, J., and Alani, G. 1972. Fracture-surface energy of rocks. Int. J. Rock Mech.

Min. Sci. 9: 757–766.
Friedman, M., Logan, J., and Rigert, J. 1974. Glass-indurated quartz gouge in sliding-friction

experiments on sandstone. Bull. Geol. Soc. Am. 85: 937–942.
Friedrich, A. M., Wernicke, B. P., Niemi, N. A., Bennett, R. A., and Davis, J. L. 2003. Comparison of

geodetic and geologic data from theWasatch region, Utah, and implications for the spectral
character of Earth deformation at periods of 10 to 10 million years. J. Geophys. Res.-Solid
Earth 108(B4): doi: 10.1029/2001jb000682.

Frohlich, C. 1989. The nature of deep-focus earthquakes. Ann. Rev. Earth Planet. Phys. 17:
227–254.

Frohlich, C. 2006. Deep Earthquakes. Cambridge: Cambridge University Press, doi: 10.2277/
0521828694.

410 References

https://www.cambridge.org/core/terms. https://doi.org/10.1017/9781316681473.011
Downloaded from https://www.cambridge.org/core. Stockholm University Library, on 19 Dec 2018 at 17:35:09, subject to the Cambridge Core terms of use, available at

https://www.cambridge.org/core/terms
https://doi.org/10.1017/9781316681473.011
https://www.cambridge.org/core


Froment, B., McGuire, J. J., van der Hilst, R. D., et al. 2014. Imaging along-strike variations
inmechanical properties of the Gofar transform fault, East Pacific Rise. J. Geophys. Res.-
Solid Earth 119(9): 7175–7194, doi: 10.1002/2014jb011270.

Frye, K. M., and Marone, C. 2002. Effect of humidity on granular friction at room temperature.
J. Geophys. Res.-Solid Earth 107(B11): ETG 11-1–ETG 11-13, doi: 10.1029/2001jb000654.

Fukao, Y. 1979. Tsunami earthquakes and subduction processes near deep-sea trenches.
J. Geophys. Res. 84: 2303–2314.

Fulton, P. M., Brodsky, E. E., Kano, Y., et al. 2013. Low Coseismic Friction on the Tohoku-Oki
Fault Determined from Temperature Measurements. Science 342(6163): 1214–1217, doi:
10.1126/science.1243641.

Fulton, P. M., Saffer, D. M., Harris, R. N., and Bekins, B. A. 2004. Re-evaluation of heat flow data
near Parkfield, CA: Evidence for a weak San Andreas Fault. Geophys. Res. Lett. 31(15): doi:
10.1029/2003GLØ19378.

Fyfe, W. S., Price, N. J., and Thompson, A. B. 1978. Fluids in the Earth’s Crust. Amsterdam: Elsevier.
Gabuchian, V., Rosakis, A. J., Bhat, H. S., Madariaga, R., and Kanamori, H. 2017. Experimental

evidence that thrust earthquake ruptures might open faults. Nature 545: 336–338 doi:
10.1038/nature22045.

Galli, P., Galadini, F., and Calzoni, F. 2005. Surface faulting in Norcia (central Italy): A
“paleoseismological perspective.” Tectonophysics 403(1–4): 117–130, doi: 10.1016/j.
tecto.2005.04.003.

Gamond, J. F., and Giraud, A. 1982. Identification des zones de faille a l’aide des associations de
fractures de second ordre. Bull. Soc. Geol. France 24: 755–762.

Gan, W., Svarc, L., Savage, J. C., and Prescott, W. H. 2000. Strain accumulation across the eastern
California shear zone at latitude 36° 30′. N. J. Geophys. Res. 105: 16,229–16,236.

Gao, S. S., Silver, P. G., Linde, A. T., and Sacks, I. S. 2000. Annual modulation of triggered
seismicity following the 1992 Landers earthquake in California. Nature 406: 500–504.

Gao, X., and Wang K. 2014. Strength of stick-slip and creeping subduction megathrusts from
heat flow observations. Science 345(6200): 1038–1041.

Gao, X., and Wang, K. L. 2017. Rheological separation of the megathrust seismogenic zone and
episodic tremor and slip. Nature 543(7645): 416+, doi: 10.1038/nature21389.

Garfunkel, Z., and Ron, H. 1985. Block Rotation and Deformation by Strike-Slip Faults. 2. the
Properties of a Type of Macroscopic Discontinuous Deformation. J. Geophys. Res.-Solid
Earth and Planets 90. NB10): 8589–8602.

Gawthorpe, R. L., Jackson, C. A. L., Young, M. J., Sharp, I. R., Moustafa, A. R., and Leppard, C. W.
2003. Normal fault growth, displacement localisation and the evolution of normal
fault populations: The Hammam Faraun fault block, Suez rift, Egypt. J. Struct. Geol. 25:
883–895.

Geller, R. J., 1997. Earthquake prediction: A critical review. Geophys. J. Int. 131: 425–450.
Geller, R. J. Jackson, D. D., Kagan, Y. Y., and Mulargia, F. 1997. Geoscience – Earthquakes cannot

be predicted. Science 275: 1616–1617.
Gephardt, J. W., and Forsyth, D. W. 1984. An improved method for determining the regional

stress tensor using earthquake focal mechanism data. J. Geophys. Res. 89: 9305–9320.
Gershenzon, N. I., Bambakidis G., and Skinner, T. E. 2016. Sine-Gordon modulation solutions:

Application to macroscopic non-lubricant friction. Physica D-Nonlinear Phenomena 333:
285–292, doi: 10.1016/j.physd.2016.01.004.

Gerstenberger, M. C., Wiemer, S., Jones, L. M., and Reasenberg, P. A. 2005. Real-time forecasts of
tomorrow’s earthquakes in California. Nature 435(7040): 328–331, doi: 10.1038/
nature03622.

References 411

https://www.cambridge.org/core/terms. https://doi.org/10.1017/9781316681473.011
Downloaded from https://www.cambridge.org/core. Stockholm University Library, on 19 Dec 2018 at 17:35:09, subject to the Cambridge Core terms of use, available at

https://www.cambridge.org/core/terms
https://doi.org/10.1017/9781316681473.011
https://www.cambridge.org/core


Gerstenberger, M., McVerry, G., Rhoades, D., and Stirling, M. 2014. Seismic hazard modeling
for the recovery of Christchurch. Earthquake Spectra 30(1): 17–29, doi: 10.1193/
021913eqs037m.

Ghosh, A., Vidale, J. E., Peng, Z. G., Creager, K. C., and Houston, H. 2009a. Complex nonvolcanic
tremor near Parkfield, California, triggered by the great 2004 Sumatra earthquake.
J. Geophys. Res. 114, doi: 10.1029/2008JB006062.

Ghosh, A., Vidale, J. E., Sweet, J. R., Creager, K. C., Wech, A. G., and Houston, H. 2010. Tremor
bands sweep Cascadia. Geophys. Res. Lett. 37, doi: 10.1029/2009gl042301.

Gilbert, G. K. 1884. A theory of the earthquakes of the Great Basin, with a practical application.
Am. J. Sci. xxvii: 49–54.

Gilbert, G. K. 1909. Earthquake forecasts. Science XXIX: 121–138.
Gilbert, L. E., and Malinverno, A. 1988. A characterization of the spectral density of residual

ocean floor topography. Geophys. Res. Lett. 15(12): 1401–1404.
Gilbert, L., Scholz, C. H., and Beavan, J. 1994. Strain localization along the San Andreas fault:

consequences for loading mechanisms. J. Geophys. Res. 99: 975–984.
Giorgetti, C., Carpenter, B. M., and Collettini, C. 2015. Frictional behavior of talc-calcite mix-

tures. J. Geophys. Res.-Solid Earth 120(9): 6614–6633, doi: 10.1002/2015jb011970.
Gleason, G. C., and Green, H. W. 2009. A general test of the hypothesis that transformation-

induced faulting cannot occur in the lowermantle. Phys. Earth Planet. Int.172(1–2): 91–103,
doi: 10.1016/j.pepi.2008.06.019.

Goebel, T. H. W., Kwiatek, G., Becker, T. W., Brodsky, E. E., and Dresen, G. 2017. What
allows seismic events to grow big?: Insights from b-value and fault roughness
analysis in laboratory stick-slip experiments. Geology 45(9): 815–818, doi: 10.1130/
g39147.1.

Goebel, T. H. W., Schorlemmer, D., Becker, T. W., Dresen, G., and Sammis, C. G. 2013. Acoustic
emissions document stress changes over many seismic cycles in stick-slip experiments.
Geophys. Res. Lett. 40: 2049–2054, doi: 10.1002/grl.50507.

Goebel, T. H. W., Weingarten, M., Chen, X., Haffener, J., and Brodsky, E. E. 2017. The 2016Mw5.1
Fairview, Oklahoma earthquakes: Evidence for long-range poroelastic triggering at > 40 km
from fluid disposal wells. Earth Planet. Sci. Lett. 472: 50–61, doi: 10.1016/j.
epsl.2017.05.011.

Goetze, C. 1971. High temperature rheology ofWesterly granite. J. Geophys. Res.76: 1223–1230.
Goetze, C., and Evans, B. 1979. Stress and temperature in the bending lithosphere as

constrained by experimental rock mechanics. Geophysical Journal R. Astron. Soc. 59:
463–478.

Gold, R. D., and Cowgill, E. 2011. Deriving fault-slip histories to test for secular variation in slip,
with examples from the Kunlun and Awatere faults. Earth Planet. Sci. Lett. 301(1–2): 52–64,
doi: 10.1016/j.epsl.2010.10.011.

Goldfinger, C., Ikeda, Y., Yeats, R. S., and Ren, J. J. 2013. Superquakes and Supercycles. Seismol.
Res. Lett. 84(1): 24–32, doi: 10.1785/0220110135.

Goldfinger, C., Nelson, C. H., and Johnson, J. E. 2003. Holocene earthquake records from the
Cascadia subduction zone and northern San Andreas fault based on precise dating of
offshore turbidites. Ann. Rev. Earth. Planet Sci. 31: 555–578.

Goldfinger, C., Nelson, C. H., Morey, A. E., et al. 2012. Turbidite Event History – Methods and
Implications for Holocene Paleoseismicity of the Cascadia Subduction Zone, U. S. Geol.
Surv. Prof. Pap. 1661-F: 170.

Goldsby, D. L., and Tullis, T. E. 2002. Low frictional strength of quartz rocks at subseismic slip
rates. Geophys. Res. Lett. 29(17): 25-1–25-4, doi: 10.1029/2002gl015240.

412 References

https://www.cambridge.org/core/terms. https://doi.org/10.1017/9781316681473.011
Downloaded from https://www.cambridge.org/core. Stockholm University Library, on 19 Dec 2018 at 17:35:09, subject to the Cambridge Core terms of use, available at

https://www.cambridge.org/core/terms
https://doi.org/10.1017/9781316681473.011
https://www.cambridge.org/core


Goldsby, D. L., and Tullis, T. E. 2011. Flash Heating Leads to Low Frictional Strength of
Crustal Rocks at Earthquake Slip Rates. Science 334(6053): 216–218, doi: 10.1126/
science.1207902.

Gomberg, J. 2001. The failure of earthquake failure models, J. Geophys. Res.-Solid Earth, 106
(B8): 16253–16263, doi: 10.1029/2000jb000003.

Gomberg, J. 2010. Slow-slip phenomena in Cascadia from2007 and beyond: A review.Geol. Soc.
Amer. Bull. 122(7–8): 963–978.

Gomberg, J. 2018. Unsettled earthquake nucleation. Nature Geoscience 11(7): 463–464, doi:
10.1038/s41561-018-0149-x.

Gomberg, J., and Bodin, P. 1994. Triggering of the Ms = 5.4 Little Skull Mountain, Nevada,
earthquake with dynamic strains. Bull. Seismol. Soc. Amer. 84: 844–853.

Gomberg, J., Beeler, N. M., Blanpied, M. L., and Bodin, P. 1998. Earthquake triggering by transient
and static deformations. J. Geophys. Res.-Solid Earth 103: 24411–24426.

Gomberg, J., Beeler, N., and Blanpied, M. 2000. On rate-state and Coulomb failure models. J.
Geophys. Res.-Solid Earth 105: 7857–7871.

Gomberg, J., Blanpied, M. L., and Beeler, N. M. 1997. Transient triggering of near and distant
earthquakes. Bull. Seismol. Soc. Amer. 87: 294–309.

Gomberg, J., Bodin, P., Larson, K., and Dragert, H. 2004. Earthquake nucleation by transient
deformations caused by the M=7.9 Denali, Alaska, earthquake. Nature 427(6975): 621–
624, doi: 10.1038/nature02335.

Gomberg, J., Reasenberg, P. A., Bodin, P., and Harris, R. A. 2001. Earthquake triggering by
seismic waves following the Landers and Hector Mine earthquakes. Nature 411: 462–466.

Gomberg, J., Rubenstein, J. L., Peng, Z., Creager, K. C., Vidale, J. E., and Bodin, P. 2008.
Widespread Triggering of Nonvolcanic Tremor in California. Science 319: 173.

González, G., Salazar, P., Loveless, J. P., Allmendinger, R. W., Aron, F., and Shrivastava, M. 2015.
Upper plate reverse fault reactivation and the unclamping of the megathrust during the
2014 northern Chile earthquake sequence. Geology 43(8): 671–674.

Goodier, J. N. 1968.Mathematical theory of equilibrium cracks. In FractureV.II, ed. H. Liebowitz,
New York: Academic, pp. 1–66.

Goodier, J. N. and Field, F. A. 1963. Plastic energy dissipation in crack propagation. In Fracture of
Solids, eds. D. C. Drucker and J. J. Gilman. New York: Wiley, pp. 103–118.

Gordon, F., and Lewis, J. 1980. The Meckering and Caligari earthquakes of October 1968
and March, 1970. Geol Surv. Western Australia Bull 126: https://d28rz98at9flks.cloud
front.net/12254/Rec1968_142.pdf.

Gordon, R. G. 1998. The plate tectonic approximation: Plate nonrigidity, diffuse plate bound-
aries, and global plate reconstructions. Ann. Rev. Earth Planet. Sci. 26(1): 615–642.

Gorgun, E. 2013. Analysis of the b-values before and after the 23 October 2011 M-w 7.2 Van-
Ercis, Turkey earthquake. Tectonophysics 603: 213–221, doi: 10.1016/j.tecto.2013.05.030.

Gough, D. I., Fordjor, C. K., and Bell, J. S. 1983. A stress province boundary and tractions on the
North American plate. Nature 305: 619–621.

Govers, R., Furlong, K. P., van de Wiel, L., Herman, M. W., and Broerse, T. 2017. The geodetic
signature of the earthquake cycle at subduction zones: Model constraints on the deep
processes. Rev. Geophys. 55, doi: 10.1002/2017RG000589.

Granier, T. 1985. Origin, damping and pattern of development of faults in granite. Tectonics 4:
721–737.

Grant, L. B., and Sieh, K. 1994. Paleoseismic evidence of clustered earthquakes on the
San Andreas fault in the Carrizo Plain, California. J. Geophys. Res.-Solid Earth 99(B4):
6819–6841.

References 413

https://www.cambridge.org/core/terms. https://doi.org/10.1017/9781316681473.011
Downloaded from https://www.cambridge.org/core. Stockholm University Library, on 19 Dec 2018 at 17:35:09, subject to the Cambridge Core terms of use, available at

https://www.cambridge.org/core/terms
https://doi.org/10.1017/9781316681473.011
https://www.cambridge.org/core


Grapenthin, R., Johanson, I. A., and Allen, R. M. 2014. Operational real‐time GPS‐enhanced
earthquake early warning. J. Geophys. Res.-Solid Earth 119(10): 7944–7965.

Grapes, R. H. 1995. Uplift and exhumation of Alpine Schist, Southern Alps, New Zealand:
Thermobarometric constraints. N. Z. J. Geol. Geophys. 38: 525–533.

Grapes, R. H., and Downes, G. L. 2010. Charles Lyell and the great 1855 earthquake in New
Zealand: First recognition of active fault tectonics. J. Geol. Soc. London 167(1): 35–47, doi:
10.1144/0016–76492009-104.

Grapes, R. H., Sissons, B. A., andWellman, H.W. 1987.Widening of the Taupo volcanic zone, New
Zealand and the Edgecumbe earthquake of March, 1987. Geology 15: 1123–1125.

Grasso, J. R., and Sornette, D. 1998. Testing self‐organized criticality by induced seismicity.
J. Geophys. Res.-Solid Earth 103(B12): 29965–29987.

Green, H., Scholz, C., Tingle, T., Young, T., andKoczynski, T. 1992. Acoustic emissions produced
by anticrack faulting during the olivine→ spinel transformation. Geophys. Res. Lett. 19(8):
789–792.

Green, H. W. 2007. Shearing instabilities accompanying high-pressure phase transformations
and the mechanics of deep earthquakes. Proc. Nat. Acad. Sci. USA 104(22): 9133–9138, doi:
10.1073/pnas.0608045104.

Green, H. W., and Burnley, P. C. 1989. A new self-organizing mechanism for deep-focus earth-
quakes. Nature 341: 733–737.

Green, H.W., andHouston, H. 1995. Themechanics of deep earthquakes.Ann. Rev. Earth Planet.
Sci. 23: 169–213.

Green, H. W., Chen, W. P., and Brudzinski, M. R. 2010. Seismic evidence of negligible water
carried below 400-km depth in subducting lithosphere. Nature 467(7317): 828–831, doi:
10.1038/nature09401.

Green, H. W., Shi, F., Bozhilov, K., Xia, G., and Reches, Z. 2015. Phase transformation and
nanometric flow cause extremeweakening during fault slip.Nature Geoscience 8: 484–489.

Green, H. W., Young, T. E., Walker, D., and Scholz, C. H. 1990. Anticrack-associated faulting at
very high-pressure in natural olivine. Nature 348: 720–722.

Greenwood, J. A., and Williamson, J. B. P. 1966. Contact of nominally flat surfaces. J. Proc. Roy.
Soc. London 295: 300–319.

Gretener, P. E. 1977. On the character of thrust sheets with particular reference to the basal
tongues. Bull. Can. Pet. Geol. 25: 110–122.

Griffith, A. A. 1920. The phenomena of rupture and flow in solids. Trans. Roy. Soc. Phil. Ser. A
221: 163–198.

Griffith, A. A. 1924. The theory of rupture. In Proc. Ist. Int. Congr. Appl. Mech., eds. C. B. Biezeno
and J. M. Burgers. Delft: Tech. Boekhandel en Drukkerij J. Walter Jr., pp. 54–63.

Griggs, D. T., and Blacic, J. D. 1965. Quartz-anomalous weakness of synthetic crystals. Science
147: 292–295.

Grocott, J. 1981. Fracture geometry of pseudotachylyte generation zones: A study of shear
fractures formed during seismic events. J. Struct. Geol. 3: 169–178.

Gu, J. C. 1984. Frictional resistance to accelerating slip. Pageoph 122: 662–679.
Gu, J. C., Rice, J. R., Ruina, A. L., and Tse, S. T. 1984. Slip motion and stability of a single degree of

freedomelastic systemwith rate and state dependent friction. J. Mech. Phys. Sol. 32: 167–196.
Gudmundsson, G. H. 2006. Fortnightly variations in the flow velocity of Rutford Ice Stream,

West Antarctica. Nature 444(7122): 1063–1064, doi: 10.1038/nature05430.
Guidoboni, E., and Valensise, G. 2015. On the complexity of earthquake sequences: A historical

seismology perspective based on the L’Aquila seismicity (Abruzzo, Central Italy), 1315–
1915. Earthquakes and Structures 8(1): 153–184.

414 References

https://www.cambridge.org/core/terms. https://doi.org/10.1017/9781316681473.011
Downloaded from https://www.cambridge.org/core. Stockholm University Library, on 19 Dec 2018 at 17:35:09, subject to the Cambridge Core terms of use, available at

https://www.cambridge.org/core/terms
https://doi.org/10.1017/9781316681473.011
https://www.cambridge.org/core


Gulia, L., and Wiemer, S. 2010. The influence of tectonic regimes on the earthquake size
distribution: A case study for Italy. Geophys. Res. Lett. 37: 10305, doi: 10.1029/
2010GL043066.

Gulia, L., Tormann, T., Wiemer, S., Herrmann, M., and Seif, S. 2016. Short-term probabilistic
earthquake risk assessment considering time-dependent b values. Geophys. Res. Lett.
43(3): 1100–1108, doi: 10.1002/2015gl066686.

Gupta, A., and Scholz, C. H. 1998. Utility of elastic models in predicting fault displacement
fields. J. Geophys. Res. 103: 823–834.

Gupta, A., and Scholz, C. H. 2000a. A model of normal fault interaction based on observations
and theory. J. Struct. Geol. 22: 865–879.

Gupta, A., and Scholz, C. H. 2000b. Brittle strain regime transition in the Afar depression:
implications for fault growth and seafloor spreading. Geology 28: 1087–1090.

Gupta, H. K. 2002. A review of recent studies of triggered earthquakes by artificial water
reservoirs with special emphasis on earthquakes in Koyna, India. Earth-Science Reviews
58(3–4): 279–310, doi: 10.1016/s0012-8252(02)00063–6.

Gusev, A. A. 2013. High-frequency radiation from an earthquake fault: A review and a hypoth-
esis of fractal rupture front geometry. Pageoph 170: 65–93, doi: 10.1007/s00024-012–
0455-y.

Habermann, R. E. 1981. Precursory seismicity patterns: Stalking the mature seismic gap. In
Earthquake Prediction, an International Review. M. Ewing; Ser. 4, eds. D. Simpson and
P. Richards. Washington, DC: American Geophysical Union, pp. 29–42.

Habermann, R. E. 1988. Precursory seismic quiescence: Past, present, and future. Pageoph. 126:
277–318.

Hacker, B. R., Peacock, S. M., Abers, G. A., and Holloway, S. D. 2003. Subduction factory – 2. Are
intermediate-depth earthquakes in subducting slabs linked to metamorphic dehydration
reactions? J. Geophys. Res.-Solid Earth. 108(B1): doi: 10.1029/2001jb001129.

Hadley, K. 1973. Laboratory investigation of dilatancy and motion of fault surfaces at low
confining pressures. In Proc. Conf. Tect. Problems San Andreas Fault System. Publ. Geol.
Sci. vol. XIII, eds. R. Kovach and A. Nur. Stanford: Stanford University, pp. 427–435.

Hadley, K. J. 1975. Azimuthal variation of dilatancy. J. Geophys. Res. 80: 4845–4850.
Haeussler, P. J., Schwartz, D. P., Dawson, T. E., et al. 2004. Surface rupture and slip distribution

of the Denali and Totschunda faults in the 3November 2002M7.9 earthquake, Alaska. Bull.
Seismol. Soc. Am. 94(6): S23–S52.

Hafner, W. 1951. Stress distributions and faulting. Bull. Geol. Soc. Am. 62: 373–398.
Hagiwara, Y. 1974. Probability of earthquake occurrence as obtained from a Weibull distribu-

tion analysis of crustal strain. Tectonophysics 23: 313–318.
Hagstrum, J. T., Atwater, B. F., and Sherrod, B. L. 2004, Paleomagnetic correlation of late

Holocene earthquakes among estuaries in Washington and Oregon. Geochem. Geophys.
Geosystems 5, doi: 10.1029/2004GC000736.

Haines, A. J., and Holt, W. E. 1993. A procedure for obtaining the complete horizontal motions
within zones of distributed deformation from the inversion of strain-rate data. J. Geophys.
Res.-Solid Earth 98: 12057–12082.

Hall, S. S. 2011. Scientists on trial: At fault? Nature 477: 264–269, doi: 10.1038/477264a.
Han, J. G., Vidale, J. E., Houston, H., Chao, K., and Obara, K. 2014. Triggering of tremor and

inferred slow slip by small earthquakes at the Nankai subduction zone in southwest Japan.
Geophys. Res. Lett. 41(22): 8053–8060, doi: 10.1002/2014gl061898.

Han, R., Hirose, T., Shimamoto, T., Lee, Y., and Ando, J. 2011. Granular nanoparticles lubricate
faults during seismic slip. Geology 39(6): 599–602, doi: 10.1130/g31842.1.

References 415

https://www.cambridge.org/core/terms. https://doi.org/10.1017/9781316681473.011
Downloaded from https://www.cambridge.org/core. Stockholm University Library, on 19 Dec 2018 at 17:35:09, subject to the Cambridge Core terms of use, available at

https://www.cambridge.org/core/terms
https://doi.org/10.1017/9781316681473.011
https://www.cambridge.org/core


Han, R., Shimamoto, T., Hirose, T., Ree, J.-H., and Ando, J. 2007. Ultralow friction of carbonate
faults caused by thermal decomposition. Science 316: 878–881.

Hanks, T. C. 1971. Kuril trench-Hokkaido rise system – Large shallow earthquakes and simple
models of deformation. Geophys. J. Roy. Astron. Soc. 23(2): 173-&, doi: 10.1111/j.1365-
246X.1971.tb01811.x.

Hanks, T. C. 1977. Earthquake stress drops, ambient tectonic stresses and stresses that drive
plate motions. Pure Appl. Geophys. 115: 441–458.

Hanks, T. C. 1979. b values and ω−γ seismic source models: Implications for tectonic stress
variations along active crustal fault zones and the estimation of high frequency strong
ground motion. J. Geophys. Res. 84: 2235–2242.

Hanks, T. C. 1982. fmax. Bull. Seismol. Soc. Am. 72: 1867–1880.
Hanks, T. C., and Bakun, W. H. 2002. A bilinear source-scaling model for M-log A observations

of continental earthquakes. Bull. Seismol. Soc. Am. 92(5): 1841–1846, doi: 10.1785/
0120010148.

Hanks, T. C., and Bakun, W. H. 2008. M-log A observations for recent large earthquakes. Bull.
Seismol. Soc. Am. 98(1): 490–494, doi: 10.1785/0120070174.

Hanks, T. C., and Bakun, W. H. 2014. M-log A Models and Other Curiosities. Bull. Seismol. Soc.
Am. 104(5): 2604–2610, doi: 10.1785/0120130163.

Hanks, T. C., and Johnson, D. A. 1976. Geophysical assessment of peak accelerations. Bull.
Seismol. Soc. Am. 66: 959–968.

Hanks, T. C., and Raleigh, C. B. 1980. Stress in the lithosphere. J. Geophys. Res. 85: 6083–6435.
Hanks, T., and Kanamori, H. 1979. Amoment-magnitude scale. J. Geophys. Res. 84: 2348–2352.
Hanks, T., and McGuire, R. 1981. The character of high-frequency strong ground motion. Bull.

Seismol. Soc. Am. 71: 2071–2095.
Hanks, T., and Schwartz, D. 1987. Morphological dating of the pre-1983 fault scarp on the Lost

River fault at Doublesprings Pass road, Custer County, Idaho. Bull. Seismol. Soc. Am. 77:
837–846.

Hanmer, S. 1988. Great Slave Lake shear zone, Canadian shield – Reconstructed vertical profile
of a crustal-scale fault zone. Tectonophysics 149(3–4): 245–264.

Hanmer, S., Williams, M., and Kopf, C. 1995. Modest movements, spectacular fabrics in an
intracontinental deep-crustal strike-slip-fault: Striding–Athabasca mylonite Zone, NW
Canadian Shield. J. Struct. Geol. 17: 493–507.

Hardebeck, J. L., and Hauksson, E. 1999. Role of fluids in faulting inferred from stress field
signatures. Science 285: 236–239.

Hardebeck, J. L., and Michael, A. J. 2004. Stress orientations at intermediate angles to the San
Andreas Fault, California. J. Geophys. Res.-Solid Earth 109(B11): doi: 10.1029/2004jb003239.

Harris, R. A. 1998a. Forecasts of the 1989 Loma Prieta, California, earthquake. Bull. Seismol. Soc.
Amer. 88: 898–916.

Harris, R. A. 1998b. Introduction to special section: Stress triggers, stress shadows, and impli-
cations for seismic hazard. J. Geophys. Res.-Solid Earth 103: 24347–24358.

Harris, R. A. 2017. Large earthquakes and creeping faults. Rev. Geophys. 55: 169–198, doi:
10.1002/201/2016RG000539.

Harris, R. A., and Day, S. M. 1993. Dynamics of fault interaction: Parallel strike-slip faults.
J. Geophys. Res. 98: 4461–72.

Harris, R. A., and Day, S. M. 1999. Dynamic 3D simulations of earthquakes on en echelon faults.
Geophys. Res. Lett. 26(14): 2089–2092, doi: 10.1029/1999gl900377.

Harris, R. A., and Segall, P. 1987. Detection of a locked zone at depth on the Parkfield, California,
segment of the San Andreas fault. J. Geophys. Res. 92: 7945–7962.

416 References

https://www.cambridge.org/core/terms. https://doi.org/10.1017/9781316681473.011
Downloaded from https://www.cambridge.org/core. Stockholm University Library, on 19 Dec 2018 at 17:35:09, subject to the Cambridge Core terms of use, available at

https://www.cambridge.org/core/terms
https://doi.org/10.1017/9781316681473.011
https://www.cambridge.org/core


Harris, R. A., and Simpson, R. W. 1996. In the shadow of 1857 – The effect of the great Ft
Tejon earthquake on subsequent earthquakes in southern California. Geophys. Res. Lett.
23: 229–232.

Harris, R. A., and Simpson, R. W. 1998. Suppression of large earthquakes by stress shadows: A
comparison of Coulomb and rate-and-state failure. J. Geophys. Res. 103: 24439–24451.

Harris, R. A., and Simpson, R. W. 2002. The 1999M-w 7.1 Hector Mine, California, earthquake: A
test of the stress shadow hypothesis? Bull. Seismol. Soc. Am. 92(4): 1497–1512, doi:
10.1785/0120000913.

Harrison, T. M., Grove, M., Lovera, O. M., and Catlos, E. J. 1998. A model for the origin of
Himalayan anatexis and inverted metamorphism. J. Geophys. Res.-Solid Earth 103:
27017–27032.

Hartleb, R. D., Dolan, J. F., Kozaci, O., Akyuz, H. S., and Seitz, G. G. 2006. A 2500-yr-long
paleoseismologic record of large, infrequent earthquakes on the North Anatolian fault at
Cukurcimen, Turkey. Geol. Soc. Amer. Bull. 118: 823–840.

Hartzell, S., and Heaton, T. 1989. The fortnightly tide and the tidal triggering of earthquakes.
Bull. Seismol. Soc. Am. 79(4): 1282–1286.

Hasegawa, A., and Nakajima, J. 2017. Seismic imaging of slab metamorphism and genesis of
intermediate-depth intraslab earthquakes. Progress in Earth and Planetary Science 4(1): 12.

Hasegawa, A., Umino, N., and Takagi, A. 1978. Double-planed structure of the deep seismic
zone in the northeastern Japan Arc. Tectonophysics 47: 43–58.

Hashimoto, C., Noda, A., Sagiya, T., and Matsu’ura, M. 2009. Interplate seismogenic zones along
the Kuril-Japan trench inferred from GPS data inversion. Nat. Geosci. 2(2): 141–144.

Haskell, N. 1964. Total energy and energy spectral density of elastic wave radiation from
propagating faults. Bull. Seismol. Soc. Am. 54: 1811–1842.

Hauksson, E., Jones, L. M., and Hutton, K. 1995. The 1994 Northridge earthquake sequence
in California – Seismological and tectonic aspects. J. Geophys. Res.-Solid Earth 100: 12335–
12355.

Hauksson, E., Jones, L. M., Hutton, K., and Eberhartphillips, D. 1993. The 1992 Landers
earthquake sequence – Seismological observations. J. Geophys. Res.-Solid Earth 98:
19835–19858.

Hauksson, E. Jones, L. M., Davis, T. L., et al. 1988. The 1987 Whittier Narrows earthquake in the
Los Angeles metropolitan area, California. Science 239: 1409–1412.

Hayward, N. J., and Ebinger, C. J. 1996. Variation in the along-axis segmentation of the Afar rift
system. Tectonics 15: 244–257.

Hazzard, J. F., Young, R. P., and Maxwell, S. C. 2000. Micromechanical modeling of cracking and
failure in brittle rocks. J. Geophys. Res. 105: 16,683–16,698.

He, C. R., Wang, Z. L., and Yao, W. M. 2007. Frictional sliding of gabbro gouge under hydrother-
ynal conditions. Tectonophysics 445(3–4): 353–362, doi: 10.1016/j.tecto.2007.09.008.

Heap, M. J., Baud, P., Meredith, P. G., Bell, A. F., and Main, I. G. 2009. Time-dependent brittle
creep in Darley Dale sandstone. J. Geophys. Res. 114, doi: 10.1029/2008JB006212.

Hearn, E. H., and Thatcher, W. R. 2015. Reconciling viscoelastic models of postseismic and
interseismic deformation: Effects of viscous shear zones and finite length ruptures.
J. Geophys. Res.-Solid Earth 120(4): 2794–2819, doi: 10.1002/2014jb011361.

Hearn, E. H., McClusky, S., Ergintav, S., and Reilinger, R. E. 2009. Izmit earthquake postseismic
deformation and dynamics of the North Anatolian Fault Zone. J. Geophys. Res.-Solid Earth
114, doi: 10.1029/2008jb006026.

Heaton, T. H. 1990. Evidence for and implications of self-healing pulses of slip in earthquake
rupture. Phys. Earth Planet. Int. 64: 1–20.

References 417

https://www.cambridge.org/core/terms. https://doi.org/10.1017/9781316681473.011
Downloaded from https://www.cambridge.org/core. Stockholm University Library, on 19 Dec 2018 at 17:35:09, subject to the Cambridge Core terms of use, available at

https://www.cambridge.org/core/terms
https://doi.org/10.1017/9781316681473.011
https://www.cambridge.org/core


Heinrich, P., Piatanesi, A., Okal, E., andHebert, H. 2000. Near-fieldmodeling of the July 17, 1998
tsunami in Papua New Guinea. Geophys. Res. Lett. 27: 3037–3040.

Heki, K. 2004. Space geodetic observation of deep basal subduction erosion in northeastern
Japan. Earth Planet. Sci. Lett. 219(1–2): 13–20, doi: 10.1016/s0012-821x(03)00693–9.

Heki, K., and Enomoto, Y. 2015. Mw dependence of the preseismic ionospheric electron
enhancements. J. Geophys. Res.: Space Physics 120(8): 7006–7020.

Heki, K., andMiyazaki, S. 2001. Plate convergence and long-term crustal deformation in Central
Japan. Geophys. Res. Lett. 28(12): 2313–2316, doi: 10.1029/2000gl012537.

Helmstetter, A., and Sornette, D. 2002. Subcritical and supercritical regimes in epidemicmodels
of earthquake aftershocks. J. Geophys. Res.-Solid Earth 107(B10): ESE 10-1–ESE 10-21, doi:
10.1029/2001jb0001580.

Helmstetter, A., and Sornette, D. 2003a. Bath’s law derived from the Gutenberg-Richter law and
from aftershock properties. Geophys. Res. Lett. 30(20): doi: 10.1029/2003gl018186.

Helmstetter, A., and Sornette, D. 2003b. Foreshocks explained by cascades of triggered seismi-
city. J. Geophys. Res.-Solid Earth 108(B10): doi: 10.1029/2003jb002409.

Helmstetter, A., Sornette, D., and Grasso, J. R. 2003. Mainshocks are aftershocks of conditional
foreshocks: How do foreshock statistical properties emerge from aftershock laws.
J. Geophys. Res.-Solid Earth 108(B1): 2046, doi: 10.1029/2002jb001991.

Hemelsdael, R., and Ford, M. 2016. Relay zone evolution: A history of repeated fault propaga-
tion and linkage, central Corinth rift, Greece. Basin Research 28(1): 34–56, doi: 10.1111/
bre.12101.

Henry, C., Das, S., and Woodhouse, J. H. 2000. The great March 25, 1998, Antarctic Plate earth-
quake: Moment tensor and rupture history. J. Geophys. Res.-Solid Earth 105: 16097–16118.

Henstock, T. J., and Levander, A. 2000. Lithospheric evolution in the wake of the Mendocino
triple junction: Structure of the San Andreas Fault system at 2 Ma. Geophys. J. Int. 140:
233–247.

Henstock, T. J., Levander, A., and Hole, J. A. 1997. Deformation in the lower crust of the San
Andreas fault system in northern California. Science 278: 650–653.

Herrendorfer, R., van Dinther, Y., Gerya, T., and Dalguer, L. A. 2015. Earthquake supercycle in
subduction zones controlled by the width of the seismogenic zone.Nature Geoscience 8(6):
471–473, doi: 10.1038/ngeo2427.

Herz, A. V. M., and Hopfield, J. J. 1995. Earthquake cycles and neural reverberations – Collective
oscillations in systems with pulse-coupled threshold elements. Phys. Rev. Lett. 75: 1222–
1225.

Heslot, F., Baumberger, T., Perrin, B., Caroli, B., and Caroli, C. 1994. Creep, stick-slip, and
dry-friction dynamics – Experiments and a heuristic model. Phys. Rev. E 49: 4973–4988.

Heuret, A., Lallemand, S., Funiciello, F., Piromallo, C., and Faccenna, C. 2011. Physical charac-
teristics of subduction interface type seismogenic zones revisited. Geochem. Geophys.
Geosystems 12, doi: 10.1029/2010gc003230.

Hickman, S., and Zoback, M. 2004. Stress orientations and magnitudes in the SAFOD pilot hole.
Geophys. Res. Lett. 31(15): doi.org/10.1029/2004GL020043.

Higgs, N. G. 1981. Mechanical properties of ultrafine quartz, chlorite, and bentonite in envir-
onments appropriate to upper-crustal earthquakes. PhD, Texas AandM.

Hill, D. P., Reasenberg, P. A., Michael, A., et al. 1993. Seismicity remotely triggered by the
magnitude 7.3 Landers, California, earthquake. Science 260: 1617–1623.

Hill, E. M., Barbot, S., Lay, T., et al. 2015. The 2012M(w)8.6Wharton Basin sequence: A cascade of
great earthquakes generated by near-orthogonal, young, oceanicmantle faults. J. Geophys.
Res.-Solid Earth 120(5): 3723–3747, doi: 10.1002/2014jb011703.

418 References

https://www.cambridge.org/core/terms. https://doi.org/10.1017/9781316681473.011
Downloaded from https://www.cambridge.org/core. Stockholm University Library, on 19 Dec 2018 at 17:35:09, subject to the Cambridge Core terms of use, available at

https://www.cambridge.org/core/terms
https://doi.org/10.1017/9781316681473.011
https://www.cambridge.org/core


Hino, R., Inazu, D., Ohta, Y., et al. 2014. Was the 2011 Tohoku-Oki earthquake preceded by
aseismic preslip? Examination of seafloor vertical deformation data near the epicenter.
Marine Geophysical Research 35(3): 181–190, doi: 10.1007/s11001-013–9208-2.

Hirata, T. 1989. Fractal dimension of fault systems in Japan: Fractal structure in rock fracture
geometry at various scales. Pageoph 131: 157–170.

Hirose, T., and Shimamoto, T. 2005. Growth ofmolten zone as amechanismof slipweakening of
simulated faults in gabbro during frictional melting. J. Geophys. Res. 110: B05202.

Hirose, T., Mizoguchi, K., and Shimamoto, T. 2012. Wear processes in rocks at slow to high slip
rates. J. Struct. Geol. 38: 102–116, doi: 10.1016/j.jsg.2011.12.007.

Hirth, G., and Tullis, J. 1992. Dislocation creep regimes in quartz aggregates. J. Struct. Geol. 14:
145–159.

Hirth, G., and Tullis, J. 1994. The brittle-plastic transition in experimentally deformed quartz
aggregates. J. Geophys. Res.-Solid Earth 99(B6): 11731–11747, doi: 10.1029/93jb02873.

Hirth, G., Teyssier, C., and Dunlap, W. J. 2001. An evaluation of quartzite flow laws based on
comparisons between experimentally and naturally deformed rocks. Int. J. Earth Sciences
90(1): 77–87, doi: 10.1007/s005310000152.

Hjörleifsdóttir, V., Kanamori, H., and Tromp, J. 2009. Modeling 3‐Dwave propagation and finite
slip for the 1998 Balleny Islands earthquake. J. Geophys. Res.-Solid Earth 114(B3): B03301,
doi.org/10.1029/2008JB005975.

Hobbs, B. E., Ord, A., and Teyssier, C. 1986. Earthquakes in the ductile regime? Pageoph 124:
309–336.

Hodgkinson, K. M., Stein, R. S., and King, G. C. P. 1996. The 1954 rainbow Mountain–Fairview
Peak–Dixie Valley earthquakes: A triggered normal faulting sequence. J. Geophys. Res.-Solid
Earth 101: 25459–25471.

Holdsworth, R. E. 2004. Weak faults–rotten cores. Science 303(5655): 181–182.
Hollingsworth, J., Ye, L., and Avouac, J. P. 2017. Dynamically triggered slip on a splay fault in the

Mw 7.8, 2016 Kaikoura (New Zealand) earthquake. Geophys. Res. Lett. 44: 3517–3525, doi:
10.1002/2016GL072228.

Holt, W. E., Chamot-Rooke, N., Le Pichon, X., Haines, A. J., Shen-Tu, B., and Ren, J. 2000. Velocity
field in Asia inferred from Quaternary fault slip rates and Global Positioning System
observations. J. Geophys. Res.-Solid Earth 105: 19185–19209.

Horowitz, F., and Ruina, A. 1985. Frictional slip patterns generated in a spatially homogeneous
elastic fault model. Eos 66: 10279–10298.

Houston, H. 2015. Low friction and fault weakening revealed by rising sensitivity of tremor to
tidal stress. Nature Geoscience 8(5): 409+, doi: 10.1038/ngeo2419.

Houston, H., Benz, H. M., and Vidale, J. E. 1998. Time functions of deep earthquakes from
broadband and short-period stacks. J. Geophys. Res.-Solid Earth 103: 29895–29913.

Hreinsdottir, S., and Bennett, R. A. 2009. Active aseismic creep on the Alto Tiberina low-angle
normal fault, Italy. Geology 37(8): 683–686.

Hreinsdottir, S., Freymueller, J. T., Fletcher, H. J., Larsen, C. F., and Burgmann, R. 2003.
Coseismic slip distribution of the 2002 M(w)7.9 Denali fault earthquake, Alaska,
determined from GPS measurements. Geophys. Res. Lett. 30(13): doi: 10.1029/
2003gl017447.

Hsieh, P. A., and Bredehoeft, J. D. 1981. A reservoir analysis of the Denver earthquakes – A case
of induced seismicity. J. Geophys. Res 86(NB2): 903–920, doi: 10.1029/JB086iB02p00903.

Hsu, Y. J., Bechor, N., Segall, P., Yu, S. B., Kuo, L. C., and Ma, K. F. 2002. Rapid afterslip following
the 1999 Chi-Chi, Taiwan earthquake. Geophys. Res. Lett. 29(16): doi: 10.1029/
2002gl014967.

References 419

https://www.cambridge.org/core/terms. https://doi.org/10.1017/9781316681473.011
Downloaded from https://www.cambridge.org/core. Stockholm University Library, on 19 Dec 2018 at 17:35:09, subject to the Cambridge Core terms of use, available at

https://www.cambridge.org/core/terms
https://doi.org/10.1017/9781316681473.011
https://www.cambridge.org/core


Hsu, Y. J., Segall, P., Yu, S. B., Kuo, L. C., andWilliams, C. A. 2007. Temporal and spatial variations
of post-seismic deformation following the 1999 Chi-Chi, Taiwan earthquake. Geophys.
J. Int., 169(2): 367–379, doi: 10.1111/j.1365-246X.2006.03310.x.

Hsu, Y. J., Simons, M., Yu, S. B., Kuo, L. C., and Chen, H. Y. 2003. A two-dimensional dislocation
model for interseismic deformation of the Taiwanmountain belt. Earth Planet. Sci. Lett.211
(3–4): 287–294, doi: 10.1016/s0012-821x(03)00203–6.

Hu, M. S., and Evans, A. G. 1989. The cracking and decohesion of thin-films on ductile
substrates. Acta Metall. 37: 917–925.

Huang, J., and Turcotte, D. L. 1990. Evidence for chaotic fault interactions in the seismicity of
the San-Andreas fault and Nankai trough. Nature 348: 234–236.

Hubbard, J., Barbot, S., Hill, E. M., and Tapponnier, P. 2015. Coseismic slip on shallow decolle-
ment megathrusts: Implications for seismic and tsunami hazard. Earth-Science Reviews
141: 45–55, doi: 10.1016/j.earscirev.2014.11.003.

Hubbert, M. K., and Rubey, W. W. 1959. Role of fluid pressure in the mechanics of overthrust
faulting. Bull. Geol. Soc. Am. 70: 115–166.

Hudnut, K., Seeber, L., and Pacheco, J. F. 1989. Cross-fault triggering in the November 1987
Superstition Hills earthquake sequence, southern California. J. Geophys. Res. Lett. 16:
199–202.

Hull, J. 1988. Thickness-displacement relationships for deformation zones. J. Struct. Geol. 10:
431–435.

Hundley-Goff, E., and Moody, J. 1980. Microscopic characteristics of orthoquartzite from
sliding friction experiments, I. Sliding surfaces. Tectonophysics 62: 279–299.

Hurwitz, S., Sohn, R. A., Luttrell, K., and Manga, M. 2014. Triggering and modulation of geyser
eruptions in Yellowstone National Park by earthquakes, earth tides, and weather.
J. Geophys. Res.-Solid Earth 119(3): 1718–1737, doi: 10.1002/2013jb010803.

Husseini, M. 1977. Energy balance for motion along a fault. Geophys. J. R.A.S. 49: 699–714.
Hyndman, R. D. 2013. Downdip landward limit of Cascadia great earthquake rupture.

J. Geophys. Res.-Solid Earth 118(10): 5530–5549, doi: 10.1002/jgrb.50390.
Hyndman, R. D., and Wang, K. 1993. Thermal constraints on the zone of major thrust earth-

quake failure: The Cascadia subduction zone. J. Geophys. Res. 98: 2039–2060.
Hyndman, R. D., McCrory, P. A., Wech, A., Kao, H., and Ague, J. 2015. Cascadia subducting plate

fluids channelled to fore-arc mantle corner: ETS and silica deposition. J. Geophys. Res.-
Solid Earth 120(6): 4344–4358, doi: 10.1002/2015jb011920.

Ida, Y. 1972. Cohesive force across tip of a longitudinal shear crack and Griffith’s specific
energy balance. J. Geophys. Res. 77: 3796–3805.

Ida, Y. 1973. Stress concentration and unsteady propagation of longitudinal shear cracks.
J. Geophys. Res. 78: 3418–3429.

Ide, S. 2010. Striations, duration, migration and tidal response in deep tremor. Nature 466
(7304): 356-359.

Ide, S., and Aochi, H. 2005. Earthquakes as multiscale dynamic ruptures with heterogeneous
fracture surface energy. J. Geophys. Res. 110, doi: 10.1029/2004JB003591.

Ide, S., and Beroza, G. C. 2001. Does apparent stress vary with earthquake size? Geophys. Res.
Lett. 28(17): 3349–3352, doi: 10.1029/2001gl013106.

Ide, S., Baltay, A., and Beroza, G. C. 2011. Shallowdynamic overshoot and energetic deep rupture
in the 2011M-w9.0 Tohoku-Oki earthquake. Science 332(6036): 1426–1429, doi: 10.1126/
science.1207020.

Ide, S., Beroza, G. C., Shelly, D. R., and Uchide, T. 2007. A scaling law for slow earthquakes,
Nature, 447(7140): 76–79.

420 References

https://www.cambridge.org/core/terms. https://doi.org/10.1017/9781316681473.011
Downloaded from https://www.cambridge.org/core. Stockholm University Library, on 19 Dec 2018 at 17:35:09, subject to the Cambridge Core terms of use, available at

https://www.cambridge.org/core/terms
https://doi.org/10.1017/9781316681473.011
https://www.cambridge.org/core


Ide, S., Imamura, F., Yoshida, Y., and Abe, K. 1993. Source characteristics of the Nicaraguan
tsunami earthquake of September 2, 1992. Geophys. Res. Lett. 20(9): 863–866.

Ide, S., Yabe, S., and Tanaka, Y. 2016. Earthquake potential revealed by tidal influence on
earthquake size–frequency statistics, Nature Geoscience, 9: 834–838.

Igarashi, T., Matsuzawa, T., and Hasegawa, A. 2003. Repeating earthquakes and interplate
aseismic slip in the northeastern Japan subduction zone. J. Geophys. Res.-Solid Earth
108(B5): 2249, doi: 10.1029/2002jb001920.

Ihmle, P. F., and Jordan, T. H. 1994. Teleseismic search for slow precursors to large earthquakes.
Science 266: 1547–1551.

Ihmle, P. F., Harabaglia, P., and Jordan, T. H. 1993. Teleseismic detection of a slow precursor to
the great 1989 Macquarie Ridge earthquake. Science 261(5118): 177–183, doi: 10.1126/
science.261.5118.177.

Iio, Y. 1995.Observations of a slow emergent phase generated by microearthquakes –

Implications for earthquake nucleation and propagation. J. Geophys. Res.-Solid Earth 100
(B8): 15333–15349, Doi: 10.1029/95jb01150.

Ikari, M. J., Ito, Y., Ujiie, K., and Kopf, A. J. 2015. Spectrumof slip behaviour in Tohoku fault zone
samples at plate tectonic slip rates. Nature Geoscience 8(11): 870+, doi: 10.1038/
ngeo2547.

Ikari, M. J., Kameda, J., Saffer, D. M., and Kopf, A. J. 2015. Strength characteristics of Japan
Trench borehole samples in the high-slip region of the 2011 Tohoku-Oki earthquake.
Earth Planet. Sci. Lett. 412: 35–41

Ikari, M. J., Marone, C., and Saffer, D. M. 2011.On the relation between fault strength and
frictional stability. Geology 39(1): 83–86, doi: 10.1130/g31416.1.

Ikari, M. J., Marone, C., Saffer, D. M., and Kopf, A. J. 2013. Slip weakening as a mechanism for
slow earthquakes. Nat. Geosci. 6(6): 468–472, doi: 10.1038/ngeo1818.

Imamura, A. 1937. Theoretical and Applied Seismology. Tokyo: Maruzen.
Imber, J., Holdsworth, R. E., Smith, S. A. F., Jefferies, S. P., and Collettini, C. 2008. Frictional-

visous flow, seismicity and the geology of weak faults: A review and future directions. In
The Internal Stucture of Fault Zones: Implications for Mechanical and Fluid Flow Properties,
eds. C. A. J. Wibberley, W. Kurz, J. Imber, R. E. Holdsworth and C. Collettini, The Geological
Society of London, doi: 10.1144/SP299.10.

Incel, S., Hilairet, N., Labrousse, L., John, T., Deldicque, D., Ferrand, T., Wang, Y. B., Renner, J.,
Morales, L., and Schubnel, A. 2017. Laboratory earthquakes triggered during eclogitization
of lawsonite-bearing blueschist. Earth Planet. Sci. Lett. 459: 320–331, doi: 10.1016/j.
epsl.2016.11.047.

Irwin, G. R. 1958. Fracture. In Handbuch der Physik, ed. S. Flugge. Berlin: Springer-Verlag, pp.
551–590.

Irwin, W. P., and Barnes, I. 1975. Effects of geological structure and metamorphic fluids on
seismic behavior of the San Andreas fault system in central and northern California.
Geology 3: 713–716.

Isacks, B. L., and Barazangi, M. 1977. Geometry of Benioff zones. Island arcs, deep sea Trenches
and Back-arc Basins, 99–114: doi: 10.1029/ME001.

Isacks, B. L., Oliver, J., and Sykes, L. R. 1968. Seismology and the new global tectonics. J. Geophys.
Res. 73: 5855–5899.

Isacks, B., and Molnar, P. 1971. Distribution of stresses in the descending lithosphere from a
global survey of focal‐mechanism solutions of mantle earthquakes. Rev. Geophys., 9(1):
103–174.

References 421

https://www.cambridge.org/core/terms. https://doi.org/10.1017/9781316681473.011
Downloaded from https://www.cambridge.org/core. Stockholm University Library, on 19 Dec 2018 at 17:35:09, subject to the Cambridge Core terms of use, available at

https://www.cambridge.org/core/terms
https://doi.org/10.1017/9781316681473.011
https://www.cambridge.org/core


Ishibashi, K. 1981. Specification of soon-to-occur seismic faulting in the Tokai District,
central Japan, based on seismotectonics. In Earthquake Prediction: An International
Review, eds. D. W. Simpson and P. G. Richards. Washington, DC: Amer. Geophys. Union,
pp. 297–332.

Ishibashi, K. 1988. Two categories of earthquake precursors, physical and tectonic, and their
role in intermediate-term earthquake prediction. Pageoph 126: 687–700.

Ishibashi, K. 2004. Status of historical seismology in Japan. Annals of Geophysics 47:
339–368.

Ishlinski, A. Y., andKraghelsky, I. V. 1944. On stick-slip in friction.ZhurTekhn. Fiz. 14: 276–282.
Israelachvili, J. N., McGuiggan, P. M., andHomola, A.M. 1988. Dynamic properties ofmolecularly

thin liquid films. Science 240(4849): 189–191, doi: 10.1126/science.240.4849.189.
Ito, A., Fujie, G., Miura, S., Kodaira, S., Kaneda, Y., and Hino, R. 2005. Bending of the subducting

oceanic plate and its implication for rupture propagation of large interplate earthquakes
off Miyagi, Japan, in the Japan Trench subduction zone. Geophys. Res. Lett. 32(5): doi:
10.1029/2004gl022307.

Ito, T., and Zoback, M. D. 2000. Fracture permeability and in situ stress to 7 kmdepth in the KTB
Scientific Drillhole. Geophys. Res. Lett. 27: 1045–1048.

Ito, Y., and Obara, K. 2006. Very low frequency earthquakes within accretionary prisms are very
low stress-drop earthquakes. Geophys. Res. Lett. 33(9): L09302.

Ito, Y., Hino, R., Suzuki, S., et al. 2013. Episodic slow slip events in the Japan subduction zone
before the 2011 Tohoku-Oki earthquake. Tectonophysics 600: 14–26, doi: 10.1016/j.
tecto.2012.08.022.

Ito, Y., Obara, K., Shiomi, K., Sekine, S., and Hirose, H. 2007. Slow earthquakes coincident with
episodic tremors and slow slip events Science 315: 503–506.

Iyer, K., Rupke, L. H., Morgan, J. P., and Grevemeyer, I. 2012. Controls of faulting and reaction
kinetics on serpentinization and double Benioff zones.Geochem, Geophys., Geosystems 13,
doi: 10.1029/2012GC004304.

Jackson, D., and Kagan, Y. 2006. The 2004 Parkfield earthquake, the 1985 prediction,
and characteristic earthquakes: Lessons for the future. Bull. Seismol. Soc. Am. 96(4B):
S397–S409.

Jackson, J. A. 1987. Active normal faulting and crustal extension. In Continental Extensional
Tectonics, eds. M. Coward, J. Dewey, and P. Hancock. London: Blackwell, pp. 3–18.

Jackson, J., and McKenzie, D. 1988. The relationship between plate motions and seismic
moment tensors, and the rates of active deformation in the Mediterranean and Middle
East. Geophys. J. R.A.S. 93: 45–73.

Jackson, J., and McKenzie, D. 1999. A hectare of fresh striations on the Arkitsa Fault, central
Greece. J. Struct. Geol. 21: 1–6.

Jackson, J., and Molnar, P. 1990. Active Faulting and Block Rotations in the Western Transverse
Ranges, California. J. Geophys. Res.-Solid Earth and Planets 95(B13): 22073–22087.

Jacob, K. H. 1984. Estimates of long-term probabilities for future great earthquakes in the
Aleutians. Geophys. Res. Lett. 11: 295–298.

Jacob, K. H., Armbruster, J., Seeber, L., Pennington, W., and Farhatulla, S. 1979. Tarbella reser-
voir, Pakistan: A region of compressive tectonics and reduced seismicity upon initial
reservoir filling. Bull. Seismol. Soc. Am. 69: 1175–1192.

Jaeger, J. C., and Cook, N. G. W. 1976. Fundamentals of Rock Mechanics. London: Chapman and
Hall.

Jaeger, J. C., Cook, N. G. W., Zimmerman, R. G. 2007. Fundamentals of Rock Mechanics, 4th edn.
Malden; Blackwell.

422 References

https://www.cambridge.org/core/terms. https://doi.org/10.1017/9781316681473.011
Downloaded from https://www.cambridge.org/core. Stockholm University Library, on 19 Dec 2018 at 17:35:09, subject to the Cambridge Core terms of use, available at

https://www.cambridge.org/core/terms
https://doi.org/10.1017/9781316681473.011
https://www.cambridge.org/core


Jankaew, K., Atwater, B. F., Sawai, Y., Choowong, M., Charoentitirat, T., Martin, M. E., and
Prendergast, A. 2008. Medieval forewarning of the 2004 Indian Ocean tsunami in Thailand.
Nature 455(7217): 1228–1231.

Jaoul, O., Tullis, J. A., and Kronenberg, A. K. 1984. The effect of varying water content on the
creep behavior of Heavitree quartzite. J. Geophys. Res. 89: 4289–4312.

Jara, J., Socquet, A., Marsan, D., and Bouchon, M. 2017. Long-term interactions between inter-
mediate depth and shallow seismicity in North Chile subduction zone. Geophys. Res. Lett
44: 9283–9292, doi: 10.1002/2017GL075029.

Jarrard, R. D. 1986a. Relations among subduction parameters. Rev. Geophys. 24: 217–284.
Jarrard, R. D. 1986b. Causes of compression and extension behind trenches. Tectonophysics

132: 89–102.
Jaumé, S. C., and Lillie, R. J. 1988. Mechanics of the Salt Range–Potwar Plateau, Pakistan: A fold

and thrust belt underlain by evaporites. Tectonics 7: 57–71.
Jaumé, S. C., and Sykes, L. R. 1992. Changes in state of stress on the southern San Andreas fault

resulting from the California earthquake sequence of April to June 1992. Science 258:
1325–1328.

Jaumé, S. C., and Sykes, L. R. 1996. Evolution of moderate seismicity in the San Francisco Bay
region, 1850 to 1993: Seismicity changes related to the occurrence of large and great
earthquakes. J. Geophys. Res.-Solid Earth 101: 765–789.

Jaumé, S. C., and Sykes, L. R. 1999. Evolving towards a critical point: A review of accelerating
seismic moment/energy release prior to large and great earthquakes. Pure Appl. Geophys.
155: 279–305.

Ji, C., Helmberger, D. V., Wald, D. J., and Ma, K. F. 2003. Slip history and dynamic implications of
the 1999 Chi-Chi, Taiwan, earthquake. J. Geophys. Res.-Solid Earth, 108(B9): doi: 10.1029/
2002jb001764.

Jiang, J., and Lapusta, N. 2017. Deeper penetration of large earthquakes on seismically quies-
cent faults. Science 352: 1293–1297, doi: 10.1126/science.aaf1496.

Jiao, W. J., Silver, P. G., Fei, Y. W., and Prewitt, C. T. 2000. Do intermediate- and deep-focus
earthquakes occur on preexisting weak zones? An examination of the Tonga subduction
zone. J. Geophys. Res.-Solid Earth 105(B12): 28125–28138, doi: 10.1029/2000jb900314.

Johnson, A. M., Fleming, R. W., and Cruikshank, K. M. 1994. Shear zones formed along long,
straight traces of fault zones during the 28 June Landers, California, earthquake. Bull.
Seismol. Soc. Amer. 84: 499–510.

Johnson, J. M., and Satake, K. 1997. Estimation of seismic moment and slip distribution of the
April 1, 1946, Aleutian tsunami earthquake. J. Geophys. Res.-Solid Earth 102: 11765–11774.

Johnson, K. M., Hsu, Y. J., Segall, P., and Yu, S. B. 2001. Fault geometry and slip distribution of the
1999 Chi-Chi, Taiwan earthquake imaged from inversion of GPS data. Geophys. Res. Lett.
28(11): 2285–2288, doi: 10.1029/2000gl012761.

Johnson, T. L. 1981. Time dependent friction of granite: Implications for precursory slip on
faults. J. Geophys. Res. 86: 6017–6028.

Johnson, T. L., and Scholz, C. H. 1976. Dynamic properties of stick-slip friction in rock.
J. Geophys. Res. 81: 881–888.

Johnson, T. L., Wu, F. T., and Scholz, C. H. 1973. Source parameters for stick-slip and for
earthquakes. Science 179: 278–280.

Johnston, A. C. 1996a. Seismic moment assessment of earthquakes in stable continental
regions 1. Instrumental seismicity. Geophys. J. Int. 124: 381–414.

Johnston, A. C. 1996b. Seismic moment assessment of earthquakes in stable continental
regions 2. Historical seismicity. Geophys. J. Int. 125: 639–678.

References 423

https://www.cambridge.org/core/terms. https://doi.org/10.1017/9781316681473.011
Downloaded from https://www.cambridge.org/core. Stockholm University Library, on 19 Dec 2018 at 17:35:09, subject to the Cambridge Core terms of use, available at

https://www.cambridge.org/core/terms
https://doi.org/10.1017/9781316681473.011
https://www.cambridge.org/core


Jolivet, R., Lasserre, C., Doin, M. P., Peltzer, G., Avouac, J. P., Sun, J., and Dailu, R. 2013. Spatio-
temporal evolution of aseismic slip along the Haiyuan fault, China: Implications for
fault frictional properties. Earth Planet. Sci. Lett. 377: 23–33, doi: 10.1016/j.
eps1.2013.07.020.

Jones, L. M. 1988. Focalmechanisms and the state of stress on the SanAndreas fault in Southern
California. J. Geophys. Res. 93: 8869–8892.

Jones, L. M., and Molnar, P. 1979. Some characteristics of foreshocks and their possible rela-
tionship to earthquake prediction and premonitory slip on faults. J. Geophys. Res. 84:
3596–3608.

Jonsson, S., Segall, P., Pedersen, R., and Bjornsson, G. 2003. Post-earthquake ground move-
ments correlated to pore-pressure transients. Nature 424(6945): 179–183, doi: 10.1038/
nature01776.

Jordan, P. 1988. The rheology of polymineralic rocks – An approach. Geol. Runds. 77: 285–294.
Jordan, T., Chen, Y.-T., Gasparini, P., et al. 2011. Operational Earthquake Forecasting: State of

Knowledge and Guidelines for Implementation. Ann. Geophys. 54(4): 315–391.
Jordan, T., Marzocchi, W., Michael, A., and Gerstenberger, M. 2014. Operational earthquake

forecasting can enhance earthquake preparedness, Seism. Res. Lett. 85(5): 955–959.
Jordan, T. H. 2013. Lessons of L’Aquila for operational earthquake forecasting, Seism. Res. Lett.

84(1): 4–7.
Jordan, T. H., and Jones, L. M. 2010. Operational earthquake forecasting: Some thoughts onwhy

and how. Seismol. Res. Lett. 81(4): 571–574.
Jung, H., Green, H.W., andDobrzhinetskaya, L. F. 2004. Intermediate-depth earthquake faulting

by dehydration embrittlement with negative volume change. Nature 428(6982): 545–549,
doi: 10.1038/nature02412.

Kaduri, M., Gratier, J. P., Renard, F., and Lasserre, C. 2017. The implications of fault zone
transformation on aseismic creep: Example of the North Anatolian Fault, Turkey: Rock
transformation and aseismic creep. J. Geophys. Res. doi: 10.1002/2016JB013803.

Kagan, Y. Y. 1991. Likelihood analysis of earthquake catalogues. Geophys. J. Int., 106(1):
135–148, doi: 10.1111/j.1365-246X.1991.tb04607.x.

Kagan, Y. Y., and Jackson, D. D. 1991. Seismic gap hypothesis – 10 years after. J. Geophys. Res.-
Solid Earth 96: 21419–21431.

Kagan, Y. Y., and Jackson, D. D. 2000. Probabilistic forecasting of earthquakes. Geophys. J. Int.
143(2): 438–453.

Kagan, Y., and Knopoff, L. 1978. Statistical study of the occurrence of shallow earthquakes.
Geophys. J. R.A.S. 55: 67–86.

Kaiser, A., Balfour, N., Fry, B., et al., 2017. The 2016 Kaikōura, New Zealand, Earthquake:
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abyssal hill, 311
accelerating rate models, 205
accretionary wedge, 288
acoustic emission, 24, 25, 116, 325
aftershocks, 197–199

migration, 199
of deep earthquakes, 325
off-fault, 199, 202, 209
Omori law, 197
productivity
deep earthquakes, 325
oceanic vs. continental, 198
subduction zones, 198

scaling laws, 198
Utsu model, 197

afterslip, 146, 172, 242, 295
afterslip model, 242
Amontons’ laws, 43
Andaman Sea, 291
Anderson’s theory of faulting, 98
angle of internal friction, 15
anti-crack model, 325
anti-cracks, 325
apparent friction, 201
apparent stress, 159, 170, 178, 312, 320
Archard equation, 63
asperities, 44, 269
attractor, 275

Bakken shale, 329
barrier zone, oceanic transform, 317
barriers, 15, 160, 164, 267
Basin and Range Province, 15
Båth’s law, 197, 209

bi-material effect, 302
block-slider system, 89, See spring-slider system
bookshelf faults, 102
boudinage, 131
Bowden and Tabor. See friction: adhesion theory
brittle ductile transition. See brittle plastic

transition
brittle strain, calculation of, 283
brittle tectonics, 97, 166
brittle-plastic transition, 35, 137, 147
Brownian passage-time model, 378
Brune flip, 192
Brune formula, 282
buoyancy, negative, of slab, 323
Burgers vector, 37
Burridge and Knopoff model, 276
b-value, 185, 186, 200, 214, 317, 325, 349, See also

precursors:b-value
Byerlee’s law, 53

Cajon Pass borehole, 158
California plate boundary, 233
cataclasite, 41, 108, 114, 127, 128, 131, 132, 133,

137, 140, 141, 147, 149, 333
cataclastic flow, 37, 140
cellular automata, 277
centroid time shift, 314
CGPS, 231
chaotic cycle, 276
characteristic earthquake model, 186, 186, 269,

372, 377
chiki, 343
clastic dikes, 142
clock advance, 205
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clustering
earthquake, 200

coalescence of faults, 120
Cocos Ridge, 307
coefficient of friction, 45
coefficient of internal friction, 15
complexity, 277
compound earthquake, 295
conditionally stable, 80, 198, 225, 304,

317
conjugate faults, 98, 117
conjugate planes, 15
contact theory, 46–48, 241
Corinth Rift, 125
corner frequency, 177
Coulomb fracture surface, 98
Coulomb plasticity, 143
Coulomb stress function, 201,

218
Coulomb–Mohr criterion. See fracture criteria:

Coulomb criterion
coupled oscillators, 207
coupled patches
transform faults, 317

COV, 251, 264
crack extension force, 8
crack models
CFTT model, 14, 111, 119
Dugdale-Barenblatt, 13, 106
elastic, 12, 172

crack modes, 7
creep
brittle, 32
primary, 33
tertiary, 33

creeping faults, 154, 155–157
creeping section
San Andreas fault, 153

critical crack spacing, 126
critical dilatant strain, 28, 35
critical slip distance, 72
scaling of, 96

critical stress intensity factor. See fracture
toughness

CTOA model. See crack models: CFTT model

da Vinci, Leonardo, 43
damage zone, 6, 112, 114, 115, 117, 127,

128, 129, 131, 133, 134, 135, 136,
137, 164

decarbonization, 68
decollement, 100, 191
deep slip model, 239
deformation bands, 115
dehydration embrittlement, 321
detachment, 101, 311
dikes, 20
dilatancy, 24, 246, 358
anisotropy, 24

hardening, 28, 29, 226, 364, 366, 368, 369, 371,
457

recovery postseismic, 246
dilatant microcracks, 113
direct effect, 74
directivity effect, 190, 210
double-couple source, 168
ductile shear zones, 32, 137, 158, 241
ductility, 35
Dugdale-Barenblatt model. See crack models:

Dugdale-Barenblatt
duplex, 160

earthquake cycles
cluster, 271
nested, 269
quasiperiodic, 251, 258
size-predictable, 248
supercycles, 271, 293
time-predictable, 248

Earthquake early warning, 339, 373–374
earthquake lights, 343
earthquake prediction, 230, 337–340
Intermediate- and short-term, 339
long-term, 339

earthquake scaling regimes, 181
earthquake swarms, 197, 200
earthquakes
Alaska
Alaskan 1964, 259
Denali 2002, 9, 210

Armenia
Spitak 1988, 362

California
Borrego Mountain 1968, 204
Elmore Ranch/Superstition Hills, 1987, 205
Loma Prieta 1989, 344, 362, 373
Morgan Hill 1984, 154
Owens Valley 1872, 166
Parkfield 1966 and 2004, 154, 199, 227, 244,

360, 372, See Parkfield earthquake cycle
San Fernando and Northridge 1971 and 1994,

234
San Francisco 1906, 228, 344

Chile
Antofagasta 1995, 357
Chile 1960, 236, 279, 353
Illapel 2015, 301
Iquique 2014, 287, 351, 354
Maule 2008, 357

China
Tangshan 1976, 362

Colombia–Equador, 266
Colorado
Denver, 326

deep
Bolivia, 326
Okhotsk, 326
Tonga, 326
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Indonesia
Java 1994 and 2006, 296
Mentawai 2010, 296, 301
Nias-Simeulue 2004, 293
Sumatra-Andaman 2004, 214, 291–294

Iran
Bam 2003, 246
Dasht-e-Bayez 1968, 160

Italy
Amatrice 2016, 196
L’Aquila 2009, 192–196, 199, 352, 369–371,
375

Norcia 2016, 196
Umbria-Marche 1997, 192

Japan
Genroko 1703, 259
historical, 342
Izu 1978, 1980, 361
Jogan 869, 270
Kanto 1923, 259
Kobe 1995, 361
Nankaido 1946, 219, 236, 352
Niigata-ken-Chuetsu 2004, 374
Nobi 1891, 167, 197, 230
Tango, 231, 342
Tohoku-oki 2011, 16, 181, 214, 269, 301, 351,
354

Tonankai 1944, 219, 352
Kurils
doublet-2006-2007, 294–295

Mexico
Oaxaca 1978, 345

Nevada, 272
New York
Blue Mountain Lake, 149, 200, 357

New Zealand
Hope fault 1888, 167
Kaikoura 2016, 163

Nicaragua 1992, 298
oceanic
Balleny Islands 1998, 319
Macquarie Ridge 1989, 353
Tasman Sea 2004, 319
Wharton Basin 2012, 210, 319

Ohio
Youngstown, 327

Oklahoma
induced by fluid injection, 328

Peru
Pisco 2007, 295

Taiwan
Chengkung 2003, 156, 242
Chi-Chi 1999, 191, 360

Turkey
Izmit 1999, 373
Van-Ercis 2011, 352

East Pacific Rise, 310
Eastern California shear zone, 207, 235
effective stress, 18, 225

law of, 18

law, for friction, 61
elastic rebound theory, 228
en echelon segments, 118
en echelon tension crack arrays, 22
energy release rate. See crack extension force
entrainment threshold, 207
ETAS model, 209, 348, 357, 375, 378, See also

statistical clustering theories
ETS, 81, 214
exhaustion process, 324
extensional fracture. See tension crack

fabric softening, 146
fault coalescence, 120
fault core, 127
fault nucleation, 25
fault pinning, 122
fault roughness anisotropy, 129
fault surface separation. See Brune flip
fault tip taper, 111, 115, 119
faults
Africa
Asal Rift, 124
Malawi rift, 120

Alaska
Denali, 102, 189
Totshunda, 102, 189

California
Calaveras, 102, 153
Cleghorn, 158
Elsinore, 102
Hayward, 153
Imperial, 204
Punchbowl, 6, 127
San Andreas, 127, 137, 204, 233
San Gabriel, 127
San Jacinto, 102
Volcanic Tablelands, 109

Chile
Atacama, 135

China
Haiyuan, 155

Israel
Dead Sea transform, 274

Italy
Alto-Tiberina, 155
Apennines, 239, 274
Zuccale, 57, 155

New Zealand
Alpine, 102
Awatere, 135
Marlborough, 102

North Carolina
Blue Ridge thrust, 138

oceanic
transforms, 254. See transform faults

Oregon
Flower Pit, 128

Pakistan
Chaman, 155
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faults (cont.)
Philippines
Philippine, 155

Scotland
Moine thrust, 138

Spain
Carboneras, 127, 156

Taiwan
Chelungpu, 191
Longitudinal Valley, 156, 242

Turkey
North Anatolian, 157, 207, 253, 272

Utah
normal faults, 109
Wasatch, 258, 273

Fenton Hill, 328
flash heating, 65, 71
flower structures, 161
fluxion structure, 142
focal mechanism, 280
inversion for stress directions, 281

foliation, 142
foreshocks, 199, 291–294
fractal
dimension
fault topography, 129
joint surfaces, 48

sets
earthquakes, 181
faults, 110

size distributions
earthquakes, 183
fault gouge, 131
faults, 123
subfaults, 123
wear detritus, 64

topography
faults, 128

fractal earthquake models, 188
fracture criteria, 14
Coulomb criterion, 15
Griffith criterion, 16
Irwin criterion, 10
modified Griffith criterion, 16
tensile strength criterion, 15

fracture energy, 9
fracture mechanics, 7
of faults, 109

fracture toughness, 9
friction laws
adhesion theory, 44–46
Aharonov-Scholz model, 6, 8, 76–80,

147
elastic contact theory, 48–49
rate and state, 198, 225, 363
rate and state friction, 5

friction of rocks
carbonates, 84
granitic rock, 83
halite, 88

phyllosilicates, 86
ultramafics, 83

friction stability transition, , 301, 310
friction-plastic transition, 57, 58, 88, 91–94,

147

Gorda Plate, 318
grain size effect on strength. See scale effect on

strength
grain size reduction, 57
graphite, 53, 56, 60, 156
Griffith crack, 6
Griffith theory, 3
ground motion spectra, 188
Guerrero seismic gap, 374
Gutenberg-Richter relation, 123, 185, 208, 276,

See also fractal:size distribution

Hall-Petch relations, 29, 130
healing, fault, 246
healing, frictional, 72, 90
heat flow anomaly, San Andreas fault,

157
heterogeneity of rock, 28
Hopf bifurcation, 80
horsetail fan, 105
hot spots, frictional, 67
Hubbert–Rubey Theory, 100
humidity, effect on friction, 60
Hurst exponent, 128
Huygens’ clocks, 207
hydraulic fracturing, 99
hydrodynamic lubrication, 192
hydrological effects, 247
hydrolytic weakening, 31
hypocenter, 172

imbricate fans, 161
Indian Ocean, 278
Indian Ocean seismicity, 319
InSAR, 192, 233, 371
intermediate- and deep- focus earthquakes,

321
intermediate principal stress, effect of,

25
intraplate earthquakes, 312, 318
intraplate vs. interplate earthquakes, 182
inverse Omori Law, 209, 348
Italian Apennines, 274

jogs, 159, 267
joints, 22
Juan de Fuca Ridge, 310

Kostrov formula, 282
Kuramoto model, 207

large earthquakes, 180
LFEs and VLFs, 214, 219
limit cycle, 275
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linear elastic fracture mechanics. See fracture
mechanics

lineation, 142
linkage, hard and soft, 121
localization

acoustic emission, 25
aseismic slip, 302
ductile shear zones, 146
Riedel shears, 57
strain, 143

lock-up angle, 103
Long Valley caldera, 210
low-angle normal faults, 102, 155
lubrication, by water, 60
Lyell, Charles, 166, 261, 337

maturity, fault, 164
mean field models, 277
Mendocino Triple Junction, 318
Mentawai islands, 271
metastable wedge, of olivine, 325
Mid-Atlantic Ridge, 310
mid-ocean ridge seismicity, 309
migration, aftershocks, 371
mineralized halo, 20, 114
Mohr circle, 15
Mohr envelope, 16
Monticello Reservoir, 334
mylonites, 2, 42, 57, 61, 93, 147, 149, 239

Nankai earthquake cycle, 249–251
Navier–Coulomb criterion. See fracture criteria:

Coulomb criterion
Nazca Ridge, 307
Nevada seismic belt, 272
nucleation, 17
nucleation phase, 82, 287, 349

Obriemoff experiment, 6
OBS, 317
oceanic transform fault earthquakes, 312
olivine to spinel transition, 321
Omori law, 197, 198, 348, See aftershocks: Omori

law
operational earthquake forecasting, 20,

210
oscillatory stable sliding, 80, 225
outer rise

bending, 318
faults, 323
normal fault earthquakes, 294

overlap/spacing, 119
overpressure, 101, 152, 225

paleoseismology, 236
Parkfield earthquake cycle, 251–253
Peierls creep law, 241
period doubling, 225, 226
phase locking, 208
phase portrait, 274

phase response diagram, 226
phyllosilicate friction, 53–56, 86, 152
plasticity, 35, 93, 139, 148
plastosphere, 3, 140, 148, 230, 238
Plate Boundary Observatory, 372
polymorphic phase change, 324
poroelastic effect, 201, 205, 246
coupled, 15

poroelastic recovery, 14
poroelastic relaxation, 242
porphyroblasts, 138
porphyroclasts, 42, 138, 146
postseismic viscoelastic relaxation, 204
powder lubrication, 68
power law size distribution. See fractal: size

distributions
precursors
b-value, 350–352, 371
dilatancy, 18
electrical and magnetic, 362
foreshocks, 291–294, See also foreshocks
hydrological and geochemical, 17
seismic velocity changes., 17
seismicity patterns, 16
slow seismic, 353
slow slip, 352–357
tectonic and physical, 339

preferred crystallographic orientation, 143
pressure solution, 113, 140
principle slip surface, 302
probability gain, 375
process zone, 11, 20, 21, 22, 27, 28, 32, 106, 108,

113, 114, 115, 117, 133, 135
process zone wake, 114
protolith, 138
pseudotachylyte, 70, 140, 147
pull-apart basins, 122, 161, 317
pulverized rocks, 135
pump-seal mechanism, 226
push-ups, 161

radiation efficiency, 170
Rangely experiment, 95
R-curve, 20, 115
real area of contact, 44, 90, 92
recurrence time, calculation of, 285
recurrence times, earthquakes, 248, 254
relay ramps, 118, 119
repeating earthquakes, 154, 227
ridge-push, 319
Riedel shears, 57, 106, 142
ring cracks, 63
rockbursts, 137, 335
rupture models
avalanche, 175, 252
crack-like, 171–175
elastic crack, 171
pulse-like, 266
uniform slip, 265
variable slip, 264
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rupture models (cont.)
wrinkle pulse, 135, 175, 302

S wave splitting, 371
SAFOD borehole, 154
sandpile model, 126, 276, 340
Savage and Wood inequality, 170
scale effect on strength, 29, 115
scale invarience, stress-drop, 178
scaled energy, 294, 296
scaling laws
deformation bands, 115
earthquakes, 181
fault core thickness, 131
faults, 109
fracture energy, 183
process zones, joints, 20
relay ramps, 119
seismic moment, 179
slow slip events, 225
veins, 20

schizosphere, 3, 35, 133, 140, 147, 148, 149, 151,
159, 180, 180, 230

sea anchor force, 304
seamounts, affect on subduction, 237, 307
secondary faults, 135
segmentation, 159, 249–251, 253, 260
seismic coupling
analysis, 284
Nankai, 219
oceanic transform faults, 315
small scale variations, 307
subduction zones, 303

seismic coupling coefficient, 267, 285
subduction zones, 303, 306

seismic efficiency, 326
seismic flux, 285
seismic flux accumulation rate, 285
seismic flux release rate, 285
seismic gap, 228, 340
seismic hazard
long-term, 377
probabilistic, 377
time dependent, 377

seismic moment, 168
seismogenic layer, 149
seismogenic window, 83, 298, 354
oceanic faults, 311, 314
subduction zones, 299, 305

self-organized critical phenomena, 126
self-organized criticality, 277, 336, 340
self-similar, 106, 109, 129, 185
semibrittle, 36
semibrittle flow. See cataclastic flow
serpentinite, 84, 154, 155, 312, 322
in creeping section, 154
in oceanic transform faults, 157, 316
North Anatolian fault, 157

ShakeAlert, 374
shallow slip surge, 287, 291, 301

shear heating, 146
Shumagin Islands, 307
size distributions. See fractal:size distributions
characteristic earthquake, 186
cumulative, 123
earthquakes, 183
exponential, 123
lognormal, 277
periodic, 123
power law. See fractal:size distribution

Skempton’s coefficient, 201, 333
slab-pull force, 304
slickenlines, 128, 130
slickensides, 128
slip weakening, 72, 226, 267
slip-patch model, 117
slip-predictable model, 248
slow earthquakes, 214–227
slow slip events, 200
mechanism of, 15
nonperiodic, 15
periodic, 14
trigger of large earthquake, 216
Whillans Ice Stream, 222

small earthquakes, 180
smectite-illite transition, 300
soft linkage, 121
solitons, 226
Soultz-sous-Forets, France, 328
splay fault, 102
split Hopkinson bar, 135
spring-slider system, 80, 80, 274–277
Spyropoulos-Scholz-Shaw model, 123
stability regimes, frictional, 80
stability transitions, 83, 221
stages in seismic cycle, 230
static fatigue, 32, 33, 34, 35, 198, 312, 348, See
statistical clustering theories, 12
branching models, 209
ETAS models, 209

step, 159
stepover, 160
stick-slip, 5, 71–73
regular, 71

strange attractor, 276
streaks, 216
stress concentration, 3, 172
stress intensity factor, 8, 172
stress measurements, borehole, 151
stress shadow, 118, 119, 121, 122, 124, 203, 267,

345
stress singularity, 10
stress, crustal, 151
stress-corrosion, 31, 32, 32, 58, 63, 363
stress-drop
dynamic, 175
static, 168

strong faults, 152
strong plastosphere model, 239
stylolite, 325
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subcritical crack growth, 7, 31, 198, 205
subduction zone variability, 303
subduction zones

Cascadia, 214, 221, 259
Chile, 303
Hikurangi, 221
Hokkaido, 261, 271
Izu-Bonin, 306
Japan, 269
Marianas, 303
Mexican, 216
Nankai, 219, 219, 236
Sagami trough, 259
Sunda, 271, 307

subfaults, 159
superplastic, 325
superplasticity, 140
supershear. See velocity:rupture:supershear
surface energy, 5

earthquakes, 2, 169, 170
effect of water, 60
in vacuum, 7
specific, 2, 11

surface topography, 47, 52, 53, 96
faults, 48, 96, 128
seafloor, 306

synchronized faults, 207
syntectonic recrystallization, 140

talc, 53, 57, 58, 84, 86, 153, 155
Taupo rift zone, 274
tension crack, 19
tension gash arrays, 105, 143, 143
theoretical strength, 2
thermal model, of oceanic transform faults, 314
thermal parameter, of subducted slabs, 325
thermal pressurization, 64, 301
thermal runaway instability, 67, 320, 322, 325, 326
thermal weakening, 178
thermoelastic instability, 67
tidal modulation, ice streams, 222
time-predictable model, 248, 250
Tokai gap, 372
transform faults

Blanco, 317
Chain, 316
Charlie-Gibbs, 316
Eltanin, 317
Gofar, 317
Romache, 316
Vema, 316

transformational faulting, 321

tremor, non-volcanic, 214
tremor, tidal response, 218
triggering, 200
dynamic, 13
sensitivity of hydrothermal areas, 213

of large earthquakes, 12
static, 10
tidal, 213

tsunami data, 259
tsunami earthquakes, 352–357

UCERF3, 377
ultracataclasite, 131
unbending, plate, 323
unclamping, 203
uplifted marine terraces, 236, 258, 342

vein aperture, 20
velocity
particle, 90
rupture, 90, 172
limiting value, 172
supershear, 90, 135, 136, 174, 175, 190
tsunami earthquakes, 302

velocity neutral, 83
velocity strengthening, 73, 79, 83, 86, 172, 226,

242, 244, 267, 292
clay minerals, 86

velocity weakening, 73, 79, 172, 225, 274,
300

viscoelastic coupling model, 239
viscoelastic relaxation, 241
Voight and Reuss model, 56
volumetric strain, 22
von Mises–Taylor criterion, 37
VP/VS. See precursors:seismic velocity changes

Wadati-Benioff zones, 321
double, 322

Wallace Creek, 255, 266
Wallace cycle, 272
weak faults, 152–155
weak San Andreas fault hypothesis, 157–159
wear, theory of, 61
WGCEP, 377
Whillans Ice Stream, 222
Whipple Mountains, 151
wing crack, 18, 35, 105
Wrightwood, 256
wrinkle pulse. See rupture models:wrinkle pulse

Zener–Stroh mechanism, 37
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